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ABSTRACT OF THE DISSERTATION

Surface constraints on the global ocean overturning circulation: Southern Ocean vs
North Atlantic

by

Shantong Sun

Doctor of Philosophy in Oceanography

University of California San Diego, 2019

Professor Ian Eisenman, Chair

This thesis explores the physical connections between surface processes and the global
ocean overturning circulation, which is a critical component of the climate system.

Chapter 2 discusses the influence of Southern Ocean surface buoyancy forcing on the
global deep ocean stratification. It shows that Southern Ocean surface buoyancy forcing exerts a
strong control on the global deep ocean stratification below 2000 m depth.

Chapter 3 investigates the impact of Southern Ocean surface buoyancy forcing on the
depth of the Atlantic Meridional Overturning Circulation (AMOC). It concludes that diapycnal

mixing diminishes the influence of Southern Ocean surface buoyancy forcing on the AMOC depth
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and that the North Atlantic surface conditions can have a substantial influence on the AMOC
depth.

Chapter 4 explores the influence of North Atlantic surface conditions on the Southern
Ocean circulation. It highlights the importance of North Atlantic surface conditions in shaping
the AMOC vertical structure.

Chapter 5 develops a framework that connects the AMOC depth to the surface density
distributions in both the Southern Ocean and the North Atlantic.

Chapter 6 examines the role of the Southern Ocean in the AMOC variability. It highlights
the importance of the Indo-Pacific ocean when the overturning circulation is not in steady state.
Using a variety of models, it shows that changes in the Indo-Pacific component of the overturning
circulation can compensate changes in the AMOC. This compensation decreases as the variability
timescale becomes longer.

Chapter 7 is on a somewhat different subject. It investigates the influence of sea ice
velocity biases on the simulated Antarctic sea ice extent trend during recent decades. It uses
a state-of-the-art coupled climate model with the simulated ice velocity field replaced with
a satellite-derived observational estimate to show that correcting the ice velocity bias could

substantially improve the simulated Antarctic sea ice extent changes.
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Chapter 1

Introduction

By redistributing heat and carbon around the globe, the global ocean overturning circula-
tion is a critical component of the climate system (e.g., Buckley and Marshall, 2016). Changes
in the global ocean overturning circulation have been frequently cited to contribute to climate
variability on timescales from decades (e.g., Zhang and Zhang, 2015) to thousands of years (e.g.,
Sigman et al., 2010).

Historically, the global ocean overturning circulation is depicted as two separate cells
stacked vertically in a two-dimensional depth-latitude space (Figure 1.1): an upper cell that is
associated with northward transport of warm surface water and subsequent southward transport of
the North Atlantic Deep Water (NADW) that forms near Greenland; and a lower cell that spreads
the Antarctic Bottom Water (AABW) formed near Antarctica through the abyssal ocean.

This two-dimensional schematic in Figure 1.1 highlights the importance of Southern
Ocean processes in ventilating the deep ocean (e.g., Marshall and Speer, 2012). Indeed, both
observations and theories have recognized the Southern Ocean as a key player in constraining the
global ocean overturning circulation (see schematic in Talley, 2013). Building on the residual-
mean theory for the Southern Ocean overturning circulation, the overturning circulation has been

connected to the surface buoyancy forcing as well as wind stress forcing in the Southern Ocean
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Figure 1.1: A two-dimensional schematic of the global ocean overturning circulation. This two
dimensional perspective represents the globally zonal-integrated overturning circulation (e.g.
Lumpkin and Speer, 2007).

(Marshall and Radko, 2003). Surface processes in the Southern Ocean have been suggested to
play a significant role in controlling the global ocean overturning circulation (e.g., Ferrari et al.,
2014)

On the other hand, the North Atlantic surface conditions have also been suggested to
have substantial influence on the global ocean overturning circulation. For example, Muglia and
Schmittner (2015) suggested that a stronger Northern Hemisphere westerly wind would lead to an
increase in northward salt transport in the North Atlantic, more active NADW formation, and thus
a deeper Atlantic Meridional Overturning Circulation (AMOC) at the Last Glacial Maximum
(LGM).

In Chapter 2 to 5, I will explore the surface constraints on the steady-state global ocean
overturning circulation, with a focus on the deep ocean stratification and the AMOC depth,
using a combination of numerical simulations and idealized theories. I will develop a number of
conceptual models to connect the global ocean overturning circulation to surface processes in the

Southern Ocean as well as in the North Atlantic.



However, the ocean is never in steady state due to the long response timescales of the
deep ocean (e.g., Zhang et al., 2013). In Chapter 6, I will discuss the trasient responses of the
global ocean overturning circulation. I will highlight the importance of the Indo-Pacific basin in
the transient response of the global ocean overturning circulation.

The last science chapter (Chapter 7) of this dissertation is on a different subject: sea ice.
I will use a comprehensive coupled global climate model to investigate the influence of sea ice
velocity biases on the Antarctic sea ice extent trends in the past three decades. Finally, I will end
with concluding remarks on the extent to which the Southern Ocean and the North Atlantic each

constrain the AMOC in Chapter 8.



Chapter 2

The influence of Southern Ocean surface
buoyancy forcing on glacial-interglacial
changes in the global deep ocean

stratification

2.1 Introduction

During the Last Glacial Maximum (LGM), the climate was characterized by a colder
global-mean temperature and lower atmospheric CO; concentration compared with today (e.g.,
Clark et al., 2009). An enhanced stratification of the deep ocean (below ~1000m depth) has been
proposed as a key contributor to the lower atmospheric CO; concentration at the LGM by acting
as a more effective carbon trap (Bouttes et al., 2009; Adkins, 2013). The deep ocean stratification
also influences the strength of the abyssal overturning circulation, which has been invoked to
explain reduced CO; outgassing and hence a lower CO, concentration at the LGM (Sarmiento

and Toggweiler, 1984; Anderson et al., 2009; Sigman et al., 2010).



As a large-scale feature that is closely tied to the global ocean overturning circulation, the
processes that maintain the stratification of the deep ocean (including both abyssal and mid-depth
regions) have attracted substantial attention for many years. Studies by Munk (1966) and Munk
and Wunsch (1998) proposed that the deep stratification and overturning circulation are controlled
to first order by a balance between the vertical advection and diffusion of buoyancy. More
recent studies have suggested that Southern Ocean processes play a key role in closing the global
overturning circulation and setting the deep ocean stratification (Marshall and Speer, 2012; Wolfe
and Cessi, 2010).

Nikurashin and Vallis (2011, 2012) combined these ideas in a conceptual model, in which
the surface density was specified in the Southern Ocean. In this model, the abyssal stratification
associated with the abyssal overturning circulation, i.e., the lower cell that spreads Antarctic
Bottom Water (AABW) throughout the global ocean below ~3000m, is essentially set by the
Southern Ocean surface density profile with some modulation by the competing wind-driven and
eddy-driven overturning circulations in the Southern Ocean.

Above the abyssal overturning circulation and below the main thermocline (typically
from 3000m to 1000m depth in the Atlantic Ocean), diapycnal mixing is relatively weak (Kunze
et al., 2006). The stratification in this mid-depth region is associated with the nearly adiabatic
pole-to-pole overturning circulation (i.e., the upper cell) (Wolfe and Cessi, 2011) that spreads
NADW southward from the North Atlantic and spreads Antarctic Intermediate Water (AAIW)
northward from the Southern Ocean (Talley, 2013; Lozier, 2012). The stratification at this depth
is modulated by surface buoyancy and momentum forcing conditions in both the Southern Ocean
and the North Atlantic (Wolfe and Cessi, 2011).

Though these idealized modeling studies are conceptually illuminating, the applicability
of their predictions to the real ocean is limited. Most of these studies employ idealized topography,
a single ocean basin, and a single thermodynamic variable (rather than including both temperature

and salinity), which leads to an overturning circulation that is split into two isolated cells (e.g.



Wolfe and Cessi, 2010, 2011; Munday et al., 2013). However, a property-based reconstruction of
the overturning circulation suggests that the upper and lower cells are in fact actively coupled
and follow a three-dimensional pathway through all of the major ocean basins (Talley, 2013).
Additionally, idealized modeling studies tend to employ restoring to a fixed buoyancy profile
over a prescribed time scale at the ocean surface, which may not accurately reflect the surface
buoyancy fluxes in regions where they are dominated by freshwater fluxes, such as the Southern
Ocean (Cerovecki et al., 2011; Stewart et al., 2014).

The present study is the first (as far as the authors are aware) to investigate the influence
of the Southern Ocean surface forcing on the global deep ocean stratification in the relatively
realistic setting of a comprehensive climate model. In Section 2.2, we describe the experimental
setup, which consists of three ocean-only climate model simulations that are designed to isolate
the influence of the Southern Ocean surface forcing on the changes in the global deep ocean
stratification between the LGM and the Pre-industrial (PI) climate. In Section 2.3, we present the
model simulation results and discuss the relative roles of the Southern Ocean and the Northern
Hemisphere surface forcing in setting the global deep ocean stratification. In Section 2.4, we
use a conceptual model to interpret the results from the climate model simulations. Concluding

remarks are provided in Section 2.5.

2.2 Experimental Design

We use a state-of-the-art climate model, the National Center for Atmospheric Research
(NCAR) Community Earth System Model version 1.1.2 (CESM1.1.2), which we run in a configu-
ration with only the ocean component active and the atmosphere, sea ice, and land runoff specified
from two previous coupled simulations. One coupled simulation represents the PI climate (Gent
et al., 2011), and the other coupled simulation represents the LGM climate (Brady et al., 2013).

Further information about the model setup and forcing is included in Appendix A.1.



We perform three experiments that share the same model configuration (including the
same PI ocean bathymetry) but have different ocean surface forcing: one control run (PI) is forced
by PI surface conditions, a second control run (LGM) is forced by LGM surface conditions,
and a test run (Test) is forced by LGM surface conditions in the Southern Ocean and PI surface

conditions elsewhere. More precisely,

Frest = YFp1 + (1 —Y)FLowM,

where 7y is O to the south of 40°S, 1 to the north of 30°S, and increases linearly from O to 1
between 40°S and 30°S. Here Fpy and F gMm denote the surface forcing fields derived from the PI
and LGM coupled runs, respectively, and Fres denotes the surface forcing fields used for Test run
(see Appendix A for further details). In each case, the coupled model output is used to construct
surface forcing fields that repeat every 30 years.

All three runs are initialized from the same initial conditions obtained from the PI
coupled run. The length of each integration is listed in the Appendix table Al along with
the trend during the last 120 years of the global volume-average temperature, ideal age, and
Atlantic Meridional Overturning Circulation (AMOC) maximum (defined as the maximum total
overturning circulation streamfunction below 500m in the Atlantic Ocean including contribution
from both the mean flow and the parameterized eddies). Although the trends are nonzero, Table
Al indicates that all three runs are close to equilibration (see also Figures A3 and A6, as well
as discussions in Section A.2 in Appendix A). Note that all simulations are initiated from the
PI coupled run, so the PI ocean-only run equilibrates more rapidly than the Test and LGM runs.
Unless otherwise noted, the results presented in this study are averaged over the last 20 years of
each model run.

Figure 2.1 shows the zonal-mean surface buoyancy flux (B) in each simulation, along with
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Figure 2.1: Zonal mean surface buoyancy flux for the three model runs along with its heat and
freshwater components.The total buoyancy flux from the Test run is plotted for comparison in
panels a and c as a blue dashed line.

its heat (Byr) and freshwater (Brw) components defined as

0
B = Bur+ Brw = —068% +BSgOrw, (2.1)

where g is the gravitational acceleration, pg is a reference density, ¢, is the specific heat of
seawater, S is the ocean surface salinity, o is the thermal expansion coefficient, B is the saline
contraction coefficient, Qg is the net air-sea heat flux (positive for ocean heat gain), and Qpw is
the net freshwater flux (positive for ocean freshwater gain). The freshwater flux is approximately

fixed by the prescribed forcing in each run. It is mainly associated with sea ice melting and



freezing, river runoff, precipitation, and evaporation, and all but the last of these fields are fully
specified in the simulations. The surface heat flux in these simulations, on the other hand, more
closely resembles a restoring boundary condition (cf. Haney, 1971a). The freshwater flux does
include a “weak restoring” component to avoid unbounded local salinity trends under mixed
boundary conditions (Griffies et al., 2009), but this component does not appear to substantially
influence the results presented here, as discussed in Appendix A.1. Figure 2.1 shows that south of
45°S, the buoyancy flux is mostly dominated by the freshwater flux !, implying that the Southern
Ocean is subject to a surface buoyancy flux that is approximately fixed, i.e., independent of ocean
state.

Note that the form of the surface buoyancy flux (restoring boundary condition or fixed
buoyancy flux) has been shown to strongly influence the response of the deep ocean to surface
forcing perturbations. In an eddy-resolving channel model, Abernathey et al. (2011) found
different sensitivities of the overturning circulation to surface wind stress between simulations
with fixed buoyancy flux and those with restoring boundary conditions, as was similarly found in

a conceptual model by Stewart et al. (2014).

2.3 CESM simulation results

2.3.1 Stratification and overturning circulation

We first discuss the mean stratification and overturning circulation in the Test simulation,
introducing a conceptual decomposition of the domain into three dynamically distinct regions
in order to facilitate interpretation of the results. We focus our analysis on the Atlantic basin
because, due to the formation of the NADW, the Northern Hemisphere surface forcing is expected

to have more influence on the deep ocean stratification in the Atlantic basin than in the Pacific

I'The freshwater flux due to frazil ice formation in the ocean only model is not accounted here. If the frazil ice
contribution is considered, the freshwater flux in the Test run would slightly differ from the LGM run. See Chapter 3
for more information.
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Figure 2.2: (a) Buoyancy forcing averaged between 25°W and 35°W in the Southern Ocean
in the Test run, plotted in units of 10~8m? / s3. (b) Meridional section of 6, (shading) from
the Test run, averaged zonally between 25°W and 35°W. The residual overturning circulation
streamfunction in the Atlantic Ocean, calculated on G, surfaces and then mapped back to depth
coordinates, is included as black contours with arrows indicating the direction of flow. (c)
Schematic of the isopycnals (shading) and overturning circulation (black lines with arrows).
Purple arrows in the Southern Ocean indicate the direction of buoyancy flux, with ocean
buoyancy loss indicated by upward arrows. The northern boundary of the ACC is indicated
in panels b and ¢ by a red dash-dotted line. The thick gray lines represent the isopycnals
that separate these 3 regions (p; and py). Here p; is defined as the density of the isopycnal
surface that separates the upper and lower overturning circulation cells, and p; is defined
more approximately as the density of the isopycnal below which the isopycnal surfaces are
approximately flat and hence are not substantially affected by the near-surface wind-driven
circulation.

and Indian basins. A meridional section of G, (i.e., potential density referenced to 2000 dbar) that

is zonally averaged between 25°W and 35°W in the Test run is presented in Figure 2.2b, with the

residual overturning circulation streamfunction in the Atlantic Ocean included as black contours.
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By comparing the overturning circulation streamfunction to the potential density, we
identify three distinct isopycnal regions in the Atlantic Basin which are separated by isopycnal
surfaces py and p;. This is shown schematically in Figure 2.2c. Here p is defined as the density
of the isopycnal that separates the upper and lower overturning circulation cells. As shown in
Figure 2.2a, it also coincides with the border between the regions of buoyancy loss and gain in
the Southern Ocean in the long-term mean, which is approximately 10° south of the westerly
wind maximum in the Atlantic Sector of the Southern Ocean. We define p; as the uppermost
isopycnal surface that outcrops in the Southern Ocean but not in the Northern Hemisphere in the
long-term mean. Below p1, the isopycnal surfaces are nearly flat in Figure 2.2b, implying that
they are not substantially affected by the surface wind-driven circulation.

In Region 3, isopycnals outcrop only in regions in the Southern Ocean where the ocean
loses buoyancy at the surface (Figure 2.2b). Region 3 coincides with the depths spanned by the
counterclockwise lower overturning circulation cell (y < 0). In Region 2, which represents the
mid-depth ocean, isopycnals outcrop only in regions in the Southern Ocean where the ocean
gains buoyancy in the long-term mean (Figure 2.2b), although they occasionally outcrop in the
high-latitude North Atlantic during the winter season. In both Region 2 and Region 3, isopycnals
are approximately flat except in the Southern Ocean, and hence they do not appear to be affected
by the wind-driven circulation except in the Southern Ocean.

Region 1 spans from the top of Region 2 to the surface. Here isopycnals outcrop in both
the Southern Ocean and the high-latitude North Atlantic in the long-term mean, and the influence
of the wind-driven circulation becomes apparent particularly in the subpolar gyre of the North
Atlantic (40 —60°N). In the PI and LGM model runs, we identify analogous regions and adjust
the potential densities p; and p» to match the isopycnals that separate them (see Figure A8 for

the PI and LGM).
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Figure 2.3: Left: Stratification (represented by the squared Brunt-Viisili frequency N?) av-
eraged laterally between 20°S and 20°N in the Atlantic Ocean. Right: Temperature-Salinity
diagram for the three runs averaged between 20°S and 20°N in the Atlantic Ocean. Contours
of 0, are indicated. The differences in 6, between 500m and 1500m are 0.99, 0.89, and 1.01
kg/ m? in the PI, Test, and LGM runs, respectively; the differences between 2500 and 4000m

are 0.09, 0.20, and 0.27 kg/m?, respectively.

2.3.2 Role of Southern Ocean surface forcing

We now compare the basin-average stratification in the Atlantic basin between 20°S and
20°N. The result is presented in Figure 2.3 as the squared Brunt-Viisili frequency N2, which is

reported in CESM and calculated as N2 = —i%, where G, is the potential density referenced

Po dz
to the local pressure. The Test run closely reproduces the deep ocean stratification of the LGM
run below approximately 2000m, but not between 500m and 1500m. This indicates that the

influence of the Southern Ocean on the deep stratification extends much higher in depth level than
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previously thought (e.g., Nikurashin and Vallis, 2012), approximately 1000m above the boundary
between the upper and lower overturning cells in the Atlantic. The stratification in the other major
ocean basins largely supports this conclusion, suggesting that the surface forcing in the Southern
Ocean is responsible for the enhanced global deep ocean stratification during the LGM in CESM
(see Appendix A.2 for more details).

Next, we examine the thermal and haline components of the deep ocean density strat-
ification. Figure 2.3b shows a temperature-salinity (T-S) diagram, averaged laterally over the
Atlantic basin between 20°S and 20°N. This figure indicates that the density difference between
2500m (triangles) and 4000m (stars) is much smaller in the PI run than in the Test and LGM runs,
consistent with Figure 2.3a. However, the deep ocean temperature and salinity stratification in
the Test run is strikingly different from the LGM run, having a negative rather than positive deep
salinity stratification that more closely resembles the PI run. Though the density stratification is
more dynamically relevant, the temperature and salinity stratifications are also important because
they influence the stored heat and solubility of the abyssal waters, thereby affecting the capacity
for carbon storage in the ocean.

Hence Figure 2.3 implies that although North Atlantic surface forcing does not substan-
tially affect the deep ocean density stratification, it does strongly influence the global deep ocean
temperature and salinity profiles. This occurs in such a way that the deep ocean temperature
and salinity differences between the simulations have cancelling contributions to the deep ocean
density stratification. This may be because both isopycnal advection and diffusion can influence
the temperature and salinity along isopycnals between the Southern Ocean surface and the abyssal
ocean, whereas the deep ocean density stratification is constrained by the Southern Ocean surface
forcing. Consequently, there is a degree of freedom in how temperature and salinity vary with

depth in the deep ocean.
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2.4 Conceptual model

Previous idealized studies (e.g., Nikurashin and Vallis, 2012) suggested that the density
stratification in what we identify as Region 3 is constrained by the surface buoyancy forcing in the
Southern Ocean. This is because surface buoyancy restoring essentially fixes the density gradient
at the surface, and the approximately constant isopycnal slope in the Southern Ocean maps this
surface density gradient to the abyssal ocean density stratification. In Region 2, however, they
suggested that the stratification is substantially influenced by North Atlantic surface forcing as
well, in contrast with the result presented in Section 3.

In this section we adapt the zonally-integrated conceptual model of Nikurashin and
Vallis (2011) to investigate why the stratification in Region 2 in the CESM simulations appears
to be largely controlled by the Southern Ocean alone. As discussed below, we find that the
approximately fixed surface buoyancy flux in the Southern Ocean exerts a strong control over the
density stratification in both Region 3 and Region 2, even though Region 2 contains the southward
flow of the NADW.

As derived in the Appendix A.3.1, the deep ocean stratification (N?) can be related to
the Southern Ocean surface buoyancy forcing in the conceptual model via a buoyancy budget
equation:

KLyLy, 0 B(—z/s)

N2 V@ =v() L (2.2)

This states that the net diffusively-driven upwelling across a given depth (or isopycnal surface) in
the interior basin [left-hand side of Equation (2.2)] is equal to the net export of NADW below
that depth at the northern end of the basin (y*) plus the net transformation from lighter to denser
water at the Southern Ocean surface due to the zonal-mean surface buoyancy flux (B). Here K is
the diapycnal diffusivity, L, and L, are the meridional and zonal length scales of the basin (as in
Figure 2.2b), y* is the residual overturning circulation streamfunction at the northern boundary

of the basin (i.e., at y = Ly), and s is the isopycnal slope in the Southern Ocean. Note that positive
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values of B here correspond to positive buoyancy input to the ocean and that the isopycnal slope
(s) is negative.

Motivated by Figure 2.1, we model the surface buoyancy forcing as a fixed flux that varies
with latitude, B = B(y). In Equation (2.2), B is evaluated at the location at which an isopycnal
lying at depth z north of the Southern Ocean outcrops at the Southern Ocean surface, y = —z/s (cf.
Figure 2.2¢). In order to simplify the conceptual model, we assume that both K and s are constant.
We find that s is approximately identical among the three simulations discussed above (cf. Gent
and Danabasoglu, 2011), which is consistent with the assumption of constant isopycnal slope
in the conceptual model. In Appendix A.3.2, we present a more general analysis that allows the
isopycnal slope to change in response to the strength of of overturning circulation. Note that the
depth dependence of k has been shown to be important for aspects of the deep ocean stratification,
especially close to the depth of bottom topography (Mashayek et al., 2015).

Region 3 is defined to lie below the southward flow of NADW, so y* vanishes in this

region (see Figure A8). Equation (2.2) in Region 3 thus can be written as

d 2\ _ B(=z/s)

Figure 2.3a shows that the stratification at the ocean bottom (Ngot) is close to zero in all three
simulations, i.e., Ngot ~ 0. Therefore, the stratification N at any depth z within Region 3 is
equal to the vertical integral of the right-hand side of Equation (2.3) from the ocean bottom
up to that depth, and hence it is solely determined by the Southern Ocean surface buoyancy
forcing. Because BLgm = Bres in Figure 2.1c, it follows that Nf gy, ~ N4, throughout Region
3 in Figure 2.3, where the subscripts indicate the model run. It should be emphasized that this
is true only because the buoyancy forcing takes the form of a fixed flux in Equation (2.2): if a
relaxation boundary condition were applied as in previous idealized modeling studies (e.g., Wolfe

and Cessi, 2011; Nikurashin and Vallis, 2012), then the deep ocean stratification may be impacted
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by inter-hemispheric effects, as shown by Fuckar and Vallis (2007) and in Equation (A7) in the
appendix.

This argument does not extend to Region 2, because the southward flow of NADW is
nonzero there, so the y* term in Equation (2.2) does not vanish. Instead, it can be shown that
in order to produce a substantial difference between the Test and LGM stratification in Region
2, a very large change in y* would be required, which is much larger than the difference in y*
between the LGM and PI simulations. Rearranging Equation (2.2) and taking the difference

between the LGM and Test simulations, we obtain

a k k
KLyLy 3% (NEom(2) — Niegt(2)) = NEm(2)Wiom (@) — Niegt (2) Wies (2) (2.4)

in Region 2. Here we have neglected the difference between the Test and LGM fixed surface
buoyancy fluxes in the Southern Ocean, By gm — Brest, because Figure 2.1c¢ shows this term to be
small.

At the boundary between Region 2 and Region 3 (~3000m depth), Figure 2.3a indicates
that the stratification at this depth is approximately equivalent between the LGM and Test
simulations, i.e., AN% = NfGM — N%est ~ (. Qualitatively, in order for the terms on the right-hand
side of Equation (2.4) to produce a vertical change in AN? of order N2, the difference between the
NADW transports (AY* = Yy 5y — Wes) in Region 2 must be large. Scaling arguments suggest
that this requires Ay* ~ kL, L,/H>, where H, ~ 1000m is the vertical thickness of Region 2
(see Appendix A for details). For typical oceanic parameter values, this requires a change in the
NADW transport streamfunction Ay* of O(10Sv). However, the strength of the streamfunction
in this region is less than 10 Sv in the LGM and Test simulations, with the difference between the
two being only Ay* ~ 2 Sv. Thus in the absence of extreme perturbations to the high-latitude
northern hemisphere surface forcing, the Southern Ocean essentially controls the stratification

throughout Region 2, consistent with the CESM result (Figure 2.3). This is also true when we
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relax the assumption of constant isopycnal slope (see Appendix A.3.2).

In Region 1, where the isopycnals outcrop in both the Southern Ocean and the North
Atlantic, the ocean stratification is expected to be affected by a variety of processes, including
the wind-driven gyre circulation and surface forcing in the high northern and southern latitudes
(Wolfe and Cessi, 2011).

Conceptually, the analysis above suggests that the stratification in Region 3 is constrained
by the requirement that all buoyancy loss by density classes at the surface in the Southern Ocean
south of the outcrop position of p, must be balanced outside of the Southern Ocean by the net
interior diffusive buoyancy flux across p;. This argument can almost be extended to Region
2, except that the injection of NADW also contributes to the buoyancy budget in this region.
However, as the southward NADW transport in Region 2 needs to change by much more than it
does between the LGM and PI runs to substantially impact the stratification, this contribution
from NADW can thus be thought of as essentially constant. Consequently, the surface buoyancy
flux in the Southern Ocean provides a strong control of the stratification up to ~2000m depth, as
the CESM simulations indicate. This stands in contrast with previous idealized modeling studies
(e.g., Nikurashin and Vallis, 2012; Wolfe and Cessi, 2011), where the stratification in the depth
range that we identify as Region 2 is affected by the Northern Hemisphere surface forcing as
well.

We emphasize that this conceptual model provides only an approximate qualitative picture
of the effect of Southern Ocean surface buoyancy forcing on the global deep ocean stratification.
The simplifications involved in the conceptual model make it difficult to find direct quantitative
points of contact with the CESM simulations. For example, as shown in Figure A4 and A5 of
the Appendix, the stratification profiles in the Pacific and Indian Oceans look different from the
Atlantic. Understanding of this difference would require knowledge of the 3-dimensional global
overturning circulation, which is not included in the zonal-mean representation of the conceptual

model.
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2.5 Summary

The CESM ocean-only simulations presented here suggest that surface buoyancy forcing
in the Southern Ocean largely controls the response of the abyssal stratification to LGM conditions.
This is superficially consistent with previous understanding (Nikurashin and Vallis, 2011, 2012).
However, we furthermore find that this control extends up to approximately 2000m depth, which
is close to the core of the upper overturning circulation cell in the Atlantic. This is much shallower
than expectations based on previous idealized modeling studies, which found the stratification
above the abyssal ocean (i.e., the mid-depth) to be substantially affected by North Atlantic surface
forcing (e.g., Nikurashin and Vallis, 2012; Wolfe and Cessi, 2011). We interpret the simulation
results using a zonally-integrated conceptual model. The analysis suggests that the control of the
Southern Ocean surface buoyancy forcing over the global deep ocean stratification relies crucially
on the Southern Ocean surface buoyancy flux being dominated by approximately fixed freshwater
fluxes. This is in contrast with previous idealized modeling studies (e.g., Nikurashin and Vallis,
2012; Wolfe and Cessi, 2011), in which the control of the Southern Ocean surface buoyancy
forcing over the global deep ocean stratification relies on restoring thermal fluxes. This change
in the form of the surface buoyancy forcing extends the control of the Southern Ocean surface
forcing up to the core of the NADW overturning circulation cell.

In contrast to deep ocean density stratification, however, we find that although North
Atlantic surface forcing does not substantially affect the deep ocean stratification, it does strongly
influence the global deep ocean temperature and salinity profiles. In other words, the North
Atlantic forcing causes temperature and salinity changes which have cancelling contributions to
the density. The temperature and salinity stratifications are important because they influence the
stored heat and solubility of the abyssal waters, thereby affecting the capacity for carbon storage
in the ocean.

In this study we used the ocean component of a single comprehensive climate model,
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and it is possible that other models may exhibit different responses to similar changes in the
surface forcing. For example, the response may depend on the choice of parameterization scheme
for unresolved mesoscale eddies (e.g., Munday et al., 2013) and gravity currents (e.g., Legg
et al., 2009). Running CCSM3.5 at an eddy-permitting resolution, Bryan et al. (2014) found
that simulated Southern Ocean processes are substantially different than a standard-resolution
simulation. The parametrization of diapycnal mixing induced by tidally-generated internal
waves may also need to be modified to accurately simulate the LGM ocean (Green et al., 2009).
Furthermore, it should also be noted that we are unable to isolate the influence of the Southern
Ocean surface wind forcing in the model as it is varied together with the surface buoyancy forcing.

In conclusion, these results suggest that Southern Ocean surface freshwater forcing is
largely responsible for the global deep ocean stratification differences between the LGM and PI
climates. Considering the influence of deep ocean stratification on CO; outgassing (e.g., Bouttes
et al., 2009; Adkins, 2013), this implies that Southern Ocean surface freshwater forcing plays
a central role in glacial-interglacial changes in atmospheric CO; concentration. It also implies
that Southern Ocean surface freshwater forcing may have a strong influence on the deep ocean

stratification and CO; storage in future climate change scenarios.

Acknowledgments

This work was supported by National Science Foundation grant OCE 1357078. With-
out implying their endorsement, we thank Till Wagner, Shang-Ping Xie, Paola Cessi, Maxim
Nikurashin, and Tim Merlis for helpful comments and discussions. We are also grateful to
Frank Bryan and David Bailey for technical help with the CESM model setup. Files related
to the setup of the CESM simulations, as well as processed model output, are available at
http://eisenman.ucsd.edu/code.html. Unprocessed model output is available by request from the

corresponding author.

19



This chapter, in full, is a reprint of the material as it appears in Geophysical Research
Letters, “The influence of southern ocean surface buoyancy forcing on glacial-interglacial changes
in the global deep ocean stratification”, by S. Sun, 1. Eisenman, and A. L. Stewart (2016). The

dissertation author was the primary investigator and author of this paper.

20



Chapter 3

Does Southern Ocean surface forcing shape

the global ocean overturning circulation?

3.1 Introduction

In the modern climate, the deep Atlantic Ocean below 2000m is filled with Antarctic
Bottom Water (AABW) as well as North Atlantic Deep Water (NADW) (Talley, 2013). At the
Last Glacial Maximum (LGM) ~21,000 years ago, however, paleoclimate proxy data suggests
that NADW was absent below 2000m depth with an expanded volume occupied by AABW (e.g.,
Lund et al., 2011; Burke et al., 2015). This suggests that the Atlantic Meridional Overturning
Circulation (AMOC), which is the Atlantic branch of the global ocean overturning circulation
that spreads NADW southward from the North Atlantic, was shallower at the LGM compared
with modern conditions. Attempts to simulate this difference with climate models have yielded
mixed results (e.g., Otto-Bliesner et al., 2007; Muglia and Schmittner, 2015). For example, in
the Paleoclimate Model Intercomparison Project Phase 3 (PMIP3), all models except for the
Community Climate System Model version 4 (CCSM4) simulated a deeper AMOC in simulations

of the LGM compared to simulations of the preindustrial (PI) climate (Muglia and Schmittner,
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2015).

Because the deep ocean is the largest carbon reservoir in the land-atmosphere-ocean sys-
tem (Sarmiento and Gruber, 2002), rearrangement of deep water masses could lead to substantial
variations in the atmospheric CO, concentration (Sigman et al., 2010), which was approximately
80 ppm lower at the LGM than during the PI period (Monnin et al., 2001). Using an Earth
System Model of Intermediate Complexity, Brovkin et al. (2007) suggested that expansion of
the carbon-rich AABW at the LGM can draw down the atmospheric CO; level by 10-20 ppm.
Furthermore, because mixing is most vigorous below 2000 m, the shoaling of the water mass
boundary between AABW and NADW at the LGM has been suggested to have substantially
reduced the mixing between the two water masses (Ferrari et al., 2014), which is a major source
of leakage for abyssal carbon in the modern ocean (Lund et al., 2011). This reduced vertical
mixing between AABW and NADW may have further enhanced the ability of the abyssal ocean
to trap carbon and contribute to the lower atmospheric CO; levels at the LGM (Lund et al., 2011).

Based on analyses of model simulations and paleoclimate proxy data from the LGM,
Ferrari et al. (2014) suggested that the shallower AMOC at the LGM is dynamically linked to
changes in the surface buoyancy forcing in the Southern Ocean. This idea is further supported by a
pair of idealized modeling studies which suggested that a broader region of surface buoyancy loss
in the Southern Ocean, associated with the expansion of Antarctic sea ice, leads to a shallower
AMOC at the LGM (Burke et al., 2015; Watson et al., 2015). Both studies are based on an
idealized, two-dimensional, residual-mean model of the global ocean overturning circulation
(Nikurashin and Vallis, 2011, 2012). In this two-dimensional view, the overturning circulation is
composed of two overturning circulation cells: an upper cell (i.e., the AMOC) that is associated
with the southward transport of NADW and occupies roughly the upper 3000 m in the modern
Atlantic ocean, and a lower cell that spreads AABW northward from the Southern Ocean. The two
overturning circulation cells diverge at the Southern Ocean surface where the surface buoyancy

forcing changes sign.
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Ferrari et al. (2014) suggested that the depth of the AMOC can thereby be inferred from
the surface buoyancy flux in the Southern Ocean under two approximations: (1) fixed isopycnal
slope in the Southern Ocean and (2) adiabatic circulation in the upper Southern Ocean so that the
residual-mean overturning circulation follows isopycnal contours. They predicted that a 500 km
equatorward expansion of sea ice, which is consistent with paleoclimate proxy reconstructions of
the LGM (e.g., Gersonde et al., 2003, 2005), would expand the buoyancy loss region equatorward
in the Southern Ocean and imply shoaling of the AMOC by 500 m.

Though conceptually illuminating, the applicability of the geometric argument of Ferrari
et al. (2014) to the real ocean remains uncertain. Their approximation that the isopycnal slope in
the Southern Ocean is insensitive to surface forcing perturbations is only qualitatively supported in
observations (Boning et al., 2008) and models (Viebahn and Eden, 2010; Gent and Danabasoglu,
2011). More importantly, observations suggest that there is substantial diapycnal mixing over
rough topography in the Southern Ocean (e.g., Naveira Garabato et al., 2004; Wu et al., 2011;
Whalen et al., 2012; Mashayek et al., 2017), which is at odds with the adiabatic approximation for
the Southern Ocean circulation. In the present study, three simulations that were carried out with
the ocean component of a state-of-the-art climate model are analyzed to investigate the extent to
which changes in Southern Ocean surface buoyancy forcing alone can explain the shoaling of the

AMOC at the LGM.

3.2 Description of simulations

Three simulations were carried out with a configuration of the National Center for Atmo-
spheric Research Community Earth System Model version 1.1.2 (NCAR CESM1.1.2) in which
only the ocean is active, with the atmosphere, sea ice, and land runoff specified using output
from previous coupled CCSM4 simulations of the PI (Gent et al., 2011) and LGM climates

(Brady et al., 2013). The ocean component of CESM1.1.2 (Danabasoglu et al., 2012), which is
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identical to CCSM4, is run with a horizontal resolution of nominally 1°, with unresolved eddies
parameterized using the Gent-McWilliams scheme (Gent and Mcwilliams, 1990). There are 60
vertical levels with thicknesses ranging from 10 m at the surface to 250 m at the ocean bottom.
Vertical convection is represented by the non-local K-profile parameterization (Large et al., 1994),
in which diapycnal diffusivity is parameterized to account for processes including convective
instability, internal wave breaking, double diffusion, and tidally-driven mixing. Except in regions
of deep convection or in the boundary layer, the dominant term in the diapycnal diffusivity is due
to the parameterized tidally-driven mixing, which scales inversely with the density stratification
(Jayne, 2009).

The three ocean-only simulations share the same model configuration, including the same
PI ocean bathymetry, except that they have different surface forcing: one control run (called PI)
is forced by PI surface conditions, a second control run (called LGM) is forced by LGM surface
conditions, and a test run (called Test) is forced by LGM surface conditions south of 40°S and
PI surface conditions north of 30°S, with a linear transition from LGM to PI conditions in the
region between 40°S and 30°S. These simulations were originally carried out as part of Chapter
2, where more details can be found.

All three simulations are identically initialized from the end of the coupled PI run. As a
result, the PI ocean-only simulation equilibrates most rapidly, and it is run for 510 years. The Test
and LGM simulations are run for 1020 and 1440 years, respectively. At the end of the simulations,
all three runs have approximately equilibrated (see Appendix B.1). Unless otherwise noted, the
analyses in this study use 5-day mean model output during the last 20 years of each model run.

The zonal-mean wind stress forcing and wind stress curl are plotted in Figure B1. The
westerly wind stress forcing in the Southern Ocean is shifted equatorward without much change in
intensity at the LGM compared with PI (cf. Brady et al., 2013). Note that this is in contrast to an
LGM simulation with an earlier version of the coupled model (Otto-Bliesner et al., 2006). Figure

B2 shows the zonal-mean surface buoyancy flux in the Southern Ocean in the three ocean-only
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simulations. Close to Antarctica, the buoyancy flux is negative mainly due to brine rejection
from sea ice formation. The LGM simulation has colder global ocean temperature than the Test
simulation, which appears to lead to more frazil ice formation in the Southern Ocean and hence
stronger buoyancy loss close to Antarctica. Consequently, the latitude where surface buoyancy
flux changes sign differs slightly between the LGM and Test simulations: the region of negative
buoyancy flux extends approximately 3.4° and 2.5° latitude farther equatorward in the LGM and

Test simulations, respectively, compared to the PI simulation.

3.3 Simulation results

3.3.1 Meridional Overturning Circulation streamfunction

Here we calculate the Meridional Overturning Circulation (MOC) streamfunction Y in 6,

coordinates as:

1 T rx. O
wro) ==z [ [ [ vzt (Ghryan — o) dedra, G.1)
Xw v Zbot

where G is the potential density referenced to 2000 dbar, 6} is the 6, field reported by the model,
x is the longitudinal displacement, y is the latitudinal displacement, z is depth with zpo the depth
of the ocean bottom, T = 20 years is the averaging period, # is the Heaviside step function, and
v, 1s the total meridional velocity that includes both the Eulerian-mean flow and the eddy-bolus
contribution due to the parameterized mesoscale and submesoscale eddies. In the Atlantic basin,
V is integrated from the western boundary (x,,) to the eastern boundary (x.). In the Southern
Ocean, we integrate zonally around the globe along each latitude circle. We calculate the MOC
streamfunction  in Equation (3.1) using 5-day mean model output, which may be short enough
to resolve much of the temporal variability that contributes to the overturning circulation (cf.

Ballarotta et al., 2013).
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Figure 3.1: Overturning circulation streamfunction mapped to depth coordinates in (a,c,e) the
Southern Ocean and (b,d,f) the Atlantic ocean. In each panel, the streamline that separates the
upper and lower overturning circulation cells (y=0) is plotted as a thick black contour. Three
isopycnals near this streamline in the Southern Ocean are plotted as green dashed lines. The
maximum depth of the surface mixed layer (MML) is plotted as a purple dotted line. The contour
interval is 3 Sv; additional contours at -4.5 Sv and -1.5 Sv are also included in the Atlantic as
dash-dotted lines. To remove noise at the grid scale, the overturning circulation streamfunction
is smoothed using a five-point (~ 2.5° latitude) running mean along isopycnal contours; the
unsmoothed version is included in the Appendix as Figure BS. (g,h) The MOC depth, defined as
the depth of the streamline {/=0, is plotted for comparison among the three simulations. The
cyan dash-dotted line at 1.5km depth in the Southern Ocean indicates the approximate MML in
the plotted latitude range. Note that the axis ranges in these panels differ from the panels above:
the vertical ranges are adjusted to focus on the differences between the simulations, and the
horizontal range in the Atlantic ends at 20°N due to the zero streamline not extending north of
this latitude in the PI simulation.

The MOC streamfunction on 6, coordinates can be mapped to depth coordinates using the

mean depth of each isopycnal. Here, we define the mean depth of an isopycnal 2(y,5,) implicitly
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via

x¢ r2(y,02) 1 T rxe (0
/ / dxdz = —/ / / H (63(x,y,2.,1) — ) dxdzdr, 3.2)
Xy Y7 T 0 Xw v Zbot

bot

following Nurser and Lee (2004), i.e., the total cross-sectional area below Z at latitude y is
equal to the cross-sectional area of fluid denser than 6,. We use this definition instead of the
time- and zonal-mean isopycal depth because of the unstable density stratification in regions
where convection occurs (Nurser and Lee, 2004). Therefore, the MOC streamfunction in depth
coordinates, s, can be written as {(y,z) = ¥(y,2(y,62)) = W(y,62), using z = 2(y,62). We use
the mean isopycnal depth Z to similarly define the mean potential density in depth coordinates,
62(y,z), such that 6, = 6, at z = 2(y,02).

The MOC streamfunction in the three simulations is plotted on depth coordinates in Figure
3.1 (and on o, coordinates in Figure B4). For purely adiabatic flow in steady state, {/ is constant
along 6, contours. Hence the deviation of \y from &, contours in Figure 3.1 (and equivalently
deviations from horizontal contours in Figure B4) in the Southern Ocean implies the presence
of diapycnal mixing. Qualitatively similar features of flow crossing isopycnals in the Southern
Ocean also occur in the 1/6° Southern Ocean State Estimate (Mazloff et al., 2013, their Fig. 1),
a 1/10° CESM simulation (Bishop et al., 2016, their Fig. 8), and a 1/10° CCSM3.5 simulation
(Newsom et al., 2016, their Fig. 7).

We quantify the diapycnal mixing in the Southern Ocean that occurs in the three simula-
tions analyzed here in Appendix B.3. Specifically, we compare the MOC streamfunction at 30°S
with the water mass transformation due to surface buoyancy forcing, following the framework
of Walin (1982). We find that diapycnal mixing plays a dominant role in Southern Ocean water
mass transformation. This finding is similar to the results of Newsom et al. (2016).

However, because the isopycnals vary both longitudinally and temporarily due to both
standing eddies (cf. Tréguier et al., 2007) and the time-varying buoyancy forcing in the Southern
Ocean, diapycnal mixing that occurs in some regions of Figure 3.1 could be caused by mixed

layer eddies (Marshall et al., 1999; Karsten et al., 2002) or water mass transformation due to

27



surface buoyancy forcing (see Figure B2). We construct an upper bound on the density classes
impacted directly by mixed layer processes and surface forcing by defining the maximum depth
of the mixed layer (MML) (cf. Marshall et al., 1999; Iudicone et al., 2008). Specifically, we
define the MML as the densest isopycnal at each latitude that ever occurs within the mixed layer
at any longitude and any time during the 20-year averaging period (purple line in Figure B4),
which is then mapped to depth coordinates (purple dotted line in Figure 3.1). Hence isopycnals
below the MML are not affected by mixed layer dynamics or surface transformation. Note that
the MML is generally deeper than the mixed layer depth as reported directly in the CESM model
output, where it is defined as the shallowest depth where the local, interpolated vertical buoyancy
gradient matches the maximum buoyancy gradient within the full column (Large et al., 1997).
Due to the occurrence of deep convection close to Antarctica in the model, the MML reaches the

seafloor south of 60°S (Figure 3.1).

3.3.2 MOC depth and shoaling of the AMOC

In this study, we define the MOC depth as the depth of the streamline \y = O (thick solid
line in Figure 3.1), which separates the upper and lower overturning circulation cells. In the PI
run, the AMOC extends approximately over the upper 3000 m. This is roughly consistent with
modern observations (Lozier, 2012). The AMOC is approximately 500 m shallower in the LGM
run, which is forced by the LGM surface conditions globally (Figure 3.1h). This shoaling in the
LGM run compared with the PI run approximately matches the depth change predicted by Ferrari
et al. (2014). Note that it is smaller than the 1000 m shoaling suggested by some paleo-proxy
reconstructions (e.g., Lund et al., 2011), and it is approximately 200 m larger than in the coupled
CCSM4 simulations (cf. Muglia and Schmittner, 2015), although the deep ocean circulation in
the coupled CCSM4 LGM simulation does not appear to be fully equilibrated (Marzocchi and
Jansen, 2017).

In the Test run, which has LGM surface conditions only in the Southern Ocean and PI
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surface conditions elsewhere, the geometric argument of Ferrari et al. (2014) predicts that the
AMOC depth should be similar to the LGM run. However, in contrast with this expectation,
the AMOC in the Test run is only approximately 250 m shallower than in the PI run, which
is half as much shoaling as in the LGM run. The AMOC depth changes in these simulations
appear to be largely explained by the MOC depth differences in the Southern Ocean (Figure B6),
consistent with the approximately uniform changes in the AMOC depth throughout the Atlantic
basin between the three simulations (Figure 3.1h). In contrast with Jansen and Nadeau (2016),
who attributed differences in the AMOC depth to changes in the abyssal stratification that occur
due to surface buoyancy loss in the Southern Ocean, here the abyssal stratification in the Test run
is similar to the LGM run (Sun et al., 2016).

Note that we use 65 in this analysis rather than neutral density, even though adiabatic
motion occurs on local neutral surfaces and hence neutral density is better conserved (McDougall,
1987). This choice is made because the calculation of neutral density involves a pre-labeled
global reference dataset that is derived from observations (Jackett and McDougall, 1997), which
is not available for the LGM and Test simulations. For this and other reasons, the 6, coordinate
is often used in studies of the overturning circulation in climate model simulations (e.g., Gent
and Danabasoglu, 2011; Bishop et al., 2016; Newsom et al., 2016). To test the sensitivity of
our results to this choice, we also perform the above calculations using a different potential
density coordinate (G1), and the results appear not to be substantially different. For example,
the difference in the AMOC depth at 30°S between the Test and LGM runs calculated on 6
coordinates is 262 m, which is very close to the value of 250 m calculated on 6, coordinates (cf.
Figure 3.1h). We also examine the influence of model equilibrium on our results in Appendix
B.1. The results suggest that the model is approximately equilibrated, and that the difference in
AMOC depth between the Test and LGM simulations is substantially larger than any adjustments

that would likely occur if the simulations were run longer.
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Figure 3.2: (a-c) MOC streamfunction components W(30°S,0,), 0*°P(5,), and ¢4i*(o,),
mapped to depth coordinates using the mean isopycnal depth at 30°S (see details in Section
3.4), with corresponding potential densities G, labelled on the right axis, for each simulation.
The three solid curves in each panel can be interpreted as follows: the black line shows the
simulated overturning circulation streamfunction at 30°S, the blue line (¢*°P) shows the MOC
streamfunction that would occur at 30°S if the circulation were purely adiabatic below zgf in
the Southern Ocean, and the red line (¢41%P) shows the difference between ¢ and ¢*°P. Hence
¢%4i2P quantifies the along-isopycnal change in the MOC streamfunction due to diapycnal mixing
below zef=-1.5 km in the Southern Ocean. The ([)diap curve in the Test run is repeated for
comparison in panels (a) and (c) as a dash-dotted red line. The MOC depths corresponding to
W(30°S,6,) and ¢'°P are indicated in each panel by the blue and black squares, respectively. (d)
Contribution to the inter-simulation differences in the MOC depths (black) due to changes in
shapes of isopycnals and surface forcing (blue) and due to changes in deviations of the MOC
depth from isopycnals (red). See Section 3.4 for definitions of 8D, §D'°P, and %2, In order
to avoid the influence of grid-level noise, the smoothed MOC streamfunction shown in Figure
3.1is used here. An equivalent figure that instead uses the raw unsmoothed MOC streamfunction
is included in the Appendix (Figure B10).
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Figure 3.3: Schematic of the conceptual model used to derive the scaling relationships for the
Southern Ocean MOC. The streamline that separates the upper and lower overturning circulation
cells (=0) is indicated by a thick black line, with arrows indicating the flow direction near the
surface. The gray dashed line indicates the isopycnal that connects z = 0 at the latitude where
buoyancy forcing changes sign. The diapycnal velocity (®) is indicated by purple arrows, and
the isopycnal flow (v,) at the northern edge of the Southern Ocean is represented by a blue arrow.
The directions of the overturning circulation in each overturning circulation cell are indicated by
gray circle arrows. Volume conservation implies that —v; Dlisp=§ where S is the latitudinal
integration across the Southern Ocean of & along the isopycnal contour associated with D's°P
(gray dashed line). Depth in this schematic is referenced such that the top of the figure (z=0 km)
is at the base of the maximum range of the surface mixed layer, rather than the sea surface. This
is to exclude the effects of temporal and zonal variations in the isopycnal depth and diapycnal
mixing due to mixed layer eddies (see Section 3.3.1).

3.4 Interpretation of the MOC depth changes

The Southern Ocean MOC depth in the Test run is approximately the same as in the

LGM run throughout the upper 1500 m (Figure 3.1g), consistent with the two runs having similar
surface buoyancy forcing (Figure B2). Below 1500m, however, the Test run diverges from the
LGM run in Figure 3.1g. This can be caused by the small changes in the isopycnal slope (see
Figures B7 and B8, as well as Section B.2), by the presence of diapycnal mixing (see Figure B9
and Section B.3), or by both. In this section, we derive a scaling relationship which we use to

attribute the contributions to the differences in AMOC depth between the simulations that arise
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due to differences in surface forcing, isopycnal slope, diapycnal mixing, and isopycnal upwelling.
The MOC streamfunction at the northern edge of the Southern Ocean (30°S; black lines

in Figure 3.2a-c) can be expressed as
W(30°S,02) = 0" (02) +¢P(02), (3.3)

where 0'°P(c5) = y(y,5) |2(y,62):Zref denotes the value of the MOC streamfunction at a reference
depth z¢. By default we take z..f = —1.5 km to be just below the MML (purple dotted lines in
Figure 3.1). Hence ¢'°P(c,) represents the MOC streamfunction that would occur at 30°S if the
circulation were purely adiabatic below z.¢ (blue lines in Figure 3.2a-c). We define ¢diap (02)
as the difference between y(30°S,67) and ¢'°P(c7) (red lines in Figure 3.2a-c), and hence it
represents the MOC streamfunction component associated with diapycnal mixing below zgf in

the Southern Ocean. The MOC depth at 30°S (black squares in Figure 3.2a-c) is
D =%(30°S,05), (3.4)

where 673 is defined to satisfy y(30°S,05) = 0.
If the circulation is purely adiabatic, as in Ferrari et al. (2014), the MOC depth can be
predicted using the depth of the isopycnal that intersects the streamline \y = 0 at the base of the

surface mixed layer (blue squares in Figure 3.2a-c), i.e., D = D'S°P, where
DiSP = 2(30°S,65%), (3.5)

and 65" is defined to satisfy ¢isop (65*) = 0. This is indicated by the gray dashed line in Figure 3.3,
and it is constrained by the slope of this isopycnal contour, as well as surface buoyancy forcing
and mixed layer processes in the Southern Ocean.

However, due to diapycnal mixing, the simulated MOC depth is deeper than D'°P (see
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Figure 3.3). In analogy with Equation (3.3), this can be written as
D — Q)isop + Q)diap’ (36)

where D% is defined here as the contribution to the MOC depth due to the presence of dipayncal

mixing. As can be seen from Figure 3.3, volume conservation requires that
qdiap _ —S /vy, (3.7)

where S is the diapycnal velocity ® integrated latitudinally along the isopycnal contour in the
Southern Ocean (the gray dashed line south of 30°S in Figure 3.3), and v, denotes the residual-
mean meridional velocity at the northern edge of the Southern Ocean. Note that vy < 0 near the
streamline {y = 0, so Equation (3.7) implies a positive value of D% This relationship (3.7)
arises because there can be no residual flow across the y = 0 streamline.

Equations (3.6)-(3.7) show that the MOC depth can be modified below the surface mixed
layer by changes in the isopycnal slope (D*S°P), the intensity of diapycnal mixing (), and the
strength of meridional flow in the Southern Ocean (v;). This implies that surface forcing in
the Northern Hemisphere (such as in the North Atlantic) can affect the MOC depth through its
influence on the interhemispheric AMOC strength (v;) (e.g., Nikurashin and Vallis, 2012), but
only if diapycnal mixing in the Southern Ocean is non-negligible (S # 0).

Thus, differences in the MOC depth between any two simulations (8D) can be attributed
to changes in D'°P and Diap;

D = §DSP 4 §pliap, (3.8)

where & denotes the difference in the value of a variable between the two simulations, and

(3.9)

R Q)dlap Q)dlap (
S Vs

XY Svs)
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where the overline denotes the average between the two simulations being compared and the
approximate equality becomes exact in the limit of small differences dv, and 8.

We consider the contributions of §2'5°P and §D%2P to changes in the MOC depth in Figure
3.2d following Equation (3.8). We find that changes in D% between the three simulations are
larger than D'°P, implying that diapycnal mixing plays a dominant role in setting the MOC depth.
This result is largely insensitive to the choice of z..¢ (Figure B11). A decomposition of dpdiap
into 85 and &v, following Equation (3.9), reveals that changes in D% are mostly due to changes
in the diapycnal flow 85 (Figure B14). Therefore, we conclude that the MOC depth changes
in these simulations arise primarily due to differences in diapycnal flow (85), with somewhat
smaller but still substantial contributions from changes in the buoyancy forcing integrated through
the surface mixed layer and isopycnal slope (D'S°P). A minor contribution (less than 10% of
the total MOC depth changes) comes from changes in isopycnal upwelling (dv,). The diapycnal
transport may be approximated in terms of the simulated diapycnal diffusivity and stratification
(cf. Munk, 1966). We find that differences in the diapycnal diffusivity profiles between the three
simulations (Figure B12), which occur due to differences in the density stratification between the
three simulations, are consistent with the diapycnal transport differences (Appendix B.3).

The diapycnal diffusivity profiles in the Southern Ocean that are computed by the model
(Figure B12) are within the range of observational estimates from Waterhouse et al. (2014, their
Fig. 7) and Watson et al. (2013). This suggests that effects of diapycnal mixing on the MOC depth
similar to what we find in these simulations may plausibly be expected in nature. Previous studies
have suggested that numerical discretization of the nonlinear advection terms in tracer equations
can cause substantial numerical diapycnal mixing (e.g., Griffies et al., 2000; Hill et al., 2012), but
we find that numerical mixing does not appear to contribute substantially to the diapycnal mixing

in these simulations (see Appendix B.3 and Figure B13).
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Figure 3.4: Schematic diagrams illustrating theories for how Southern Ocean buoyancy forcing
influences the global ocean circulation. (a-b) PI ocean. (c-d) LGM ocean. Panels on the left
side (a,c) represent the theory that the circulation is adiabatic in the Southern Ocean (Ferrari
et al., 2014). In this case, the AMOC depth can be predicted from the Southern Ocean surface
buoyancy forcing (arrows above the Southern Ocean surface; upward for buoyancy loss and
downward for buoyancy gain). Panels on the right side (b,d) correspond to the case of a
circulation that is more diabatic in the Southern Ocean, as suggested by our findings as well
as in situ measurements (e.g., Whalen et al., 2012). In this case, the AMOC depth is sensitive
to the amount of diapycnal mixing in the Southern Ocean (purple double arrows), which is
influenced by the surface forcing outside the Southern Ocean through its effect on the Southern
Ocean density stratification. Hence the AMOC depth cannot be predicted from the Southern
Ocean surface buoyancy forcing alone; this is indicated as a red question mark in panel d. The
gray dashed line in each panel represents the isopycnal that outcrops in the Southern Ocean at
the latitude where surface buoyancy flux changes sign. This schematic represents an idealized
two-dimensional view of the overturning circulation; the rearrangement of the three-dimensional

overturning circulation associated with the AMOC shoaling may also play an important role (cf.

Ferrari et al., 2014). As in Figure 3.3, the depth is referenced here to the base of the surface
mixed layer.
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3.5 Summary and discussion

Paleoclimate proxy data suggests that the AMOC was shallower by approximately 1000
m at the LGM than during the PI period (e.g., Lund et al., 2011; Burke et al., 2015). Previous
studies have suggested that this shoaling is dynamically linked to the expansion of the region of
negative surface buoyancy forcing in the Southern Ocean (Ferrari et al., 2014; Watson et al., 2015;
Burke et al., 2015). In this study, we analyze three ocean-only CESM simulations to investigate
the influence of Southern Ocean surface forcing on the depth of the AMOC. In contrast to
expectations based on these previous studies (Ferrari et al., 2014; Watson et al., 2015; Burke
et al., 2015), we find that applying LGM surface forcing in the Southern Ocean and PI forcing
elsewhere causes the AMOC to shoal only about half as much as when LGM surface forcing is
applied globally.

We explain the AMOC depth changes through variations in the MOC depth at the northern
edge of the Southern Ocean. We develop a scaling relation that determines this depth as a
function of Southern Ocean buoyancy forcing, diapycnal mixing, and isopycnal upwelling. We
use this scaling relation to show that the AMOC depth changes in the CESM simulations arise
primarily due to changes in diapycnal transport and isopycnal slope in the Southern Ocean, with
a minor contribution from changes in isopycnal upwelling. Therefore, the AMOC depth can
be influenced by any processes that affect the buoyancy budget in the surface mixed layer, the
isopycnal slope, diapycnal mixing rates, and isopycnal upwelling in the Southern Ocean. These
processes, in addition to buoyancy forcing in the Southern Ocean, include the wind stress forcing
in the Southern Ocean and surface forcing in the North Atlantic (e.g., Muglia and Schmittner,
2015). The buoyancy loss rate in the Southern Ocean could also affect the AMOC depth by
changing the stratification and hence modifying the diapycnal mixing rate in the Southern Ocean
(cf. Jansen and Nadeau, 2016; Marzocchi and Jansen, 2017).

The influence of diapycnal mixing on the AMOC depth is shown schematically in Figure
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3.4. The isopcynal contour that outcrops in the Southern Ocean where the surface buoyancy
forcing changes sign (gray dashed line in each panel) also outcrops in the North Atlantic, which
occurs due to issues associated with multiple ocean basins that have different density structures
(not shown in this single-basin view). Hence North Atlantic surface forcing can influence the
stratification around this isopycnal contour in the Southern Ocean (cf. Nikurashin and Vallis,
2012; Sun et al., 2016). Note that changes in the isopycnal upweling in the Southern Ocean,
which we find to cause less than 10% of the MOC depth difference between the LGM and Test
simulations (see Section 3.4), can also be affected by North Atlantic surface forcing changes (e.g.,
Wolfe and Cessi, 2011; Sun and Liu, 2017). In the case with no diapycnal mixing in the Southern
Ocean (left column of Figure 3.4), the {y = 0 streamline (blue cells) follows exactly along the
isopycnal contour in the Southern Ocean, so the MOC depth at 30°S is influenced only by the
location where the surface buoyancy forcing changes sign as well as the slope of the isopycnal
contour, and the stratification does not play a role. In the diabatic case (right column in Figure
3.4), by contrast, the stratification can influence the level of diapcynal mixing close to the {y =0
streamline, and hence changes in North Atlantic surface forcing can modify the MOC depth at
30°S. Using an idealized setup that has only one basin, Jansen (2017) shows that the Northern
Hemisphere surface forcing has a modest effect on the AMOC depth and contributes only ~15%
of the AMOC depth shoaling in his simulations of the LGM (compare “LGM dTSH” and “LGM”
with “PI” in his Table 1). This suggests that the influence of North Atlantic surface forcing on the
AMOC depth changes may depend on the complexity of the model.

There are some caveats associated with the model used in this study. The nominal 1°
ocean resolution in CESM does not resolve eddies, which have been shown to be important
in the response of the Southern Ocean circulation to perturbations in the surface forcing (e.g.,
Abernathey et al., 2011; Munday et al., 2013), nor does it resolve the near coastal processes in
the Antarctic regions, which have been suggested to be important for the simulation of AABW

production (e.g., Snow et al., 2016; Newsom et al., 2016). Nonetheless, the present study
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highlights the importance of diapycnal mixing in the Southern Ocean, which has typically been
neglected in previous conceptual model studies of the deep ocean stratification (e.g., Nikurashin
and Vallis, 2011; Stewart et al., 2014; Sun et al., 2016). Diapycnal mixing in the Southern Ocean
can be neglected in these studies as long as the diapycnal transport below the surface mixed layer
in the Southern Ocean is small compared to the ocean basins to the north, such that the buoyancy
budget is predominantly balanced between the Southern Ocean surface buoyancy forcing and
diapycnal mixing in the basins north of the Southern Ocean. This appears to apply for the world
oceans mainly because the Southern Ocean is much smaller than the total area of the basins north
of it. However, the results of the present study suggest that diapycnal mixing in the Southern
Ocean must be considered in order to describe the influence of Southern Ocean surface forcing
on the depth of the AMOC.

A number of factors further complicate the adiabatic picture presented in Ferrari et al.
(2014). First, Schmittner et al. (2015) suggest that the global-mean diapycnal diffusivity was
larger at the LGM by a factor of three compared to the present ocean as a result of the lower sea
level, which shifts tidal mixing from shallow coastal regions into the deep ocean. This implies a
possibly even larger influence of diapycnal mixing on the AMOC depth at the LGM than was
found here. Second, Muglia and Schmittner (2015) find that a number of other current climate
models simulate a deeper AMOC under LGM forcing, in contrast to CCSM4. These models
have expanded Southern Ocean sea ice cover in their LGM simulations (Marzocchi and Jansen,
2017, their Figure 3) but nonetheless do not simulate a shoaling of the AMOC, implying that the
connection between Southern Ocean surface forcing and AMOC depth may not be a robust result
among current climate models. Third, the buoyancy forcing tends to be weak in the vicinity of
the latitude of zero buoyancy forcing (Figure B2). Therefore, the overturning circulation close to
the zero-buoyancy flux region could be overwhelmed by processes in the surface mixed layer (cf.
Marshall et al., 1999; Karsten et al., 2002) or by standing eddies associated with the complex

three-dimensional structure of the Southern Ocean circulation (Tréguier et al., 2007), further
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weakening the link between Southern Ocean surface buoyancy forcing and the AMOC depth and
highlighting the role of other processes within and outside the Southern Ocean.

In summary, this study used CESM ocean-only simulations to investigate the influence of
Southern Ocean surface forcing on the AMOC depth, which is believed to play an important role
in glacial-interglacial changes in atmospheric CO,. The results suggest that the AMOC depth is
sensitive to both Southern Ocean and North Atlantic surface buoyancy forcing due to diapcynal

mixing in the Southern Ocean.
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Chapter 4

Sensitivity of the Antarctic Circumpolar
Current transport to surface buoyancy

conditions in the North Atlantic

4.1 Introduction

The Antarctic Circumpolar Current (ACC) is the world’s largest current system. Driven
at least partly by the Southern hemisphere westerly wind, the ACC is associated with strongly
titled surfaces of constant density, i.e., isopycnals. Through the tilting isopycnals, deep water
upwells and ventilates at the Southern Ocean surface (e.g., Marshall and Speer, 2012; Talley,
2013), providing an effective connection between the surface and deep ocean. Consequently,
the ACC is uniquely important for global water mass formation (e.g., Talley, 2013; Lamy et al.,
2015), air-sea exchanges and redistribution of heat, fresh water, and anthropogenic carbon (e.g.,
Toggweiler and Russell, 2008; Ito et al., 2010; Tamsitt et al., 2016), and thus for the global climate
system.

The ACC is an important part of the global ocean overturning circulation (e.g., Marshall
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and Speer, 2012; Talley, 2013). In a two-dimensional zonally-integrated view, the global ocean
overturning circulation is composed of an upper overturning circulation cell, which is due
to the Atlantic Meridional Overturning Circulation (AMOC) and is associated with sinking
of the North Atlantic Deep Water (NADW) in the high-latitude North Atlantic, and a lower
overturning circulation cell, which is associated with the Antarctic Bottom Water (AABW)
formation (Lumpkin and Speer, 2007). Through the ACC, the two overturning circulation cells
are coupled to each other, forming a complex three-dimensional structure of the global ocean
overturning circulation (Talley, 2013; Ferrari et al., 2014).

In the pycnocline model by Gnanadesikan (1999), the global pycnocline depth and Tacc
are linked to processes in the Southern Ocean including surface wind forcing and meso-scale
eddies and also to processes outside of the Southern Ocean including deep water formation in
the high-latitude North Atlantic and global diapycnal diffusivity. Recent studies using eddy-rich
models find that the ACC is largely in an eddy saturated state (e.g., Munday et al., 2013; Bishop
et al., 2016), in which additional power input from a stronger wind forcing can be balanced by an
intensification of eddies without changing the mean circumpolar flow (Hogg, 2010). Consistent
with those eddy-rich simulations, no significant relationship between the ACC transport with
changes in the magnitude or position of the wind stress is identified in the Coupled Model
Intercomparison Project (CMIP) Phase 5 (e.g., Meijers et al., 2012; Downes and Hogg, 2013).
In contrast to the relative insensitivity of Tacc to local processes in the Southern Ocean, the
remote effects have been suggested to have noticeable influence on the ACC (Munday et al., 2011;
Fuckar and Vallis, 2007). Using an ocean general circulation model (OGCM) with an idealized
setup, Fuckar and Vallis (2007) found that Tacc varies substantially in response to changes in the
surface buoyancy conditions in the North Atlantic, implying a great sensitivity of the Taxcc to the
NADW formation.

The strong sensitivity of the ACC transport to the NADW formation in Fuckar and Vallis

(2007) appears to contradict some studies using coupled comprehensive climate models (e.g.,
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Wang et al., 2011). By analyzing multiple model simulations from the CMIP 3, which predict
consistent weakening of the AMOC in response to anthropogenic activities in the 21st century,
Wang et al. (2011) concluded that changes in the AMOC have very minor influence on the ACC
transport. The conclusion of Wang et al. (2011) is consistent with some recent studies that
emphasize the critical role played by the Southern Ocean processes in determining the global
deep ocean stratification (Nikurashin and Vallis, 2011; Wolfe and Cessi, 2010; Sun et al., 2016)
and global ocean overturning circulation (Ferrari et al., 2014). However, the complexity of the
comprehensive climate models makes it hard to compare directly with Fuckar and Vallis (2007).
In particular, the intensification and poleward shift of the westerly wind over the Southern Ocean
in Wang et al. (2011) might have counteracted the influence of the AMOC on the ACC transport.

In this study, we revisit the influence of the North Atlantic surface buoyancy conditions
on the ACC transport using an OGCM in an idealized configuration. A series of numerical
simulations are performed. Two conceptual models are used to interpret the simulation results.
We find that the sensitivity of the ACC transport to North Atlantic surface buoyancy conditions

strongly depends on the simulated vertical structure of the AMOC.

4.2 Model and results

4.2.1 Model setup

We employ the Massachusetts Institute of Technology General Circulation Model (MIT-
gcm; Marshall et al., 1997) to integrate the hydrostatic primitive equations. The model has
a flat-bottom rectangular geometry with a reentrant channel to the south (Figure 4.1a). The
semi-enclosed basin represents an idealized Atlantic Ocean, and the reentrant channel represents
the Southern Ocean. The model has 25 vertical levels, of which the thickness ranges from 10
m at the surface to 250 m at the ocean bottom. The domain is 2800 m deep, 3200 km wide in

the zonal direction, and 8000 km long in the meridional direction. This is half as deep, half as
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Figure 4.1: (a) Bathymetry of the basin. The black thick line indicates the idealized continents.
The gray thick line indicates the submarine sill that represents the Drake passage. The gray arrow
indicates the direction of the ACC. (b) Surface wind stress forcing (t(y)) which is symmetric
about the equator (y = 4000 km) in the meridional and uniform in the zonal direction. (c)
Profile of the symmetric reference temperature (7p(y); blue solid line) in Equation (4.1). The
zonal-mean surface temperature at 87 = 0.5°C (i) is plotted as red dashed line for comparison.
The northern boundary of the reentrant channel is plotted in each panel as gray dotted lines. The
zero position of T and T are plotted in panels (b) and (c) as gray dash-dotted lines.

wide, and half as long as the Atlantic in the real ocean in order to perform sufficient amount of
simulations on limited computing resources. A submarine sill of 2060 m depth is placed in the
reentrant channel to represent the Drake passage. This submarine sill also provides the bottom
form stress that balances the momentum input into the ACC from surface wind forcing (Munk
and Palmén, 1951). Consistent with the Cartesian grid, a beta plane is adopted and the Coriolis
parameter varies linearly in the meridional direction, i.e., f(y) = fo+ By, with fo = —8 x 107371,
B=2.0x10"""m~!s~!, and y is a Cartesian coordinate that corresponds to latitude.

The horizontal resolution of the model is 80 km. The unresolved mesoscale eddies are
represented by the advective form of the Gent and McWilliams (GM) parameterization (Gent

and Mcwilliams, 1990) with a mixing coefficient Koy = 488m? /s following Wolfe and Cessi
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(2011). The GM parameterization is implemented using the boundary-value problem scheme of
Ferrari et al. (2010) that parameterizes the diabatic component of eddy flux at the surface layer of
ocean where eddy motions become horizontal. The diabatic eddy flux in the surface mixed layer
is ignored in Fuckar and Vallis (2007), and this has been suggested by Wolfe and Cessi (2010) to
lead to a large residual-mean flow in the Southern Ocean.

The density of seawater is linearly dependent on temperature with a constant thermal
expansion coefficient 2.0x 10~*K~!. The seawater salinity is kept at 35g/kg. We adopt a constant
background vertical diffusivity of 2 x 107>m? /s to diffuse the temperature vertically. This small
vertical diffusivity is used because we are focusing on the upper overturning circulation cell, which
is located above the bottom topography and can be considered to be approximately adiabatic (e.g.,
Wolfe and Cessi, 2011). The lower overturning circulation, which is associated with the export of
AABW, is not well-resolved in this model. The momentum is dissipated via Laplacian viscosity,
biharmonic viscosity, vertical viscosity, and bottom drag with coefficients A, = 1.0 x 10*m? /s,
A4 =5.0x10"%m?/s, A, =3.0x 1073m?/s, and r = 4.1 x 10~%s~!, respectively. Convection is
handled by the K-Profile Parameterization (KPP) scheme (Large et al., 1994). Therefore, the
actual vertical diffusivity and viscosity can be different from the background value depending on
the state of hydrostatic stability.

The wind stress forcing is symmetric with respect to the equator (y = 4000 km) and is
uniform in the zonal direction (Figure 4.1b). The surface temperature is relaxed to a profile (7;(y))

that is expressed as

Ty(y) = To(y) + 8pe 200/L= 1) (4.1)

where Ty(y) is the symmetric reference temperature profile and is given in Figure 4.1c, Ly is
the meridional width of the basin, and 87 controls how much warmer the surface ocean in the
North Atlantic is than the Southern Ocean. The relaxation time scale is 10 days and is close to
that concluded by Haney (1971b) from observations. Because of this fast-restoring boundary

condition, the surface density is essentially specified in the Southern Ocean (see Figure 4.1c
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and Figure 4.2) and the ACC transport is determined by the isopycnal slope, which is coupled
to the overturning circulation based on the residual-mean theory in Marshall and Radko (2003).
Previous studies have shown that the AMOC strength scales linearly with the shared surface
density range between the Southern Ocean and the North Atlantic (Nikurashin and Vallis, 2012;
Wolfe and Cessi, 2011). Therefore, by changing the surface density in the North Atlantic and
keeping the surface density largely unchanged in the Southern Ocean, the strength of the AMOC is
varied. Throughout this study except for Section 4.4, we have kept the other processes unchanged,
including surface wind forcing, eddy diffusivity, and diapycnal diffusivity.

Accordingly, 87 determines the shared density range between the Southern Ocean and the
North Atlantic, and consequently it controls the intensity of the AMOC (Wolfe and Cessi, 2011;
Nikurashin and Vallis, 2012). At &7 = 0°C, the temperature forcing is symmetric with respect
to the equator. By increasing 87, the shared density between the Southern Ocean and the North
Atlantic is reduced such that the AMOC is weakened (see Figure 4.2; Wolfe and Cessi, 2011;
Nikurashin and Vallis, 2012), along with a slight increase in the lower overturning circulation cell
due to the contraction of the upper cell (cf. Jansen and Nadeau, 2016). Beyond 87 ~ 5°C, there
is no shared density between the North Atlantic and the Southern Ocean, and the pole-to-pole

overturning circulation disappears.

4.2.2 Simulation results

A series of simulations are performed to test the sensitivity of Tacc to the surface buoyancy
condition in the North Atlantic, which is achieved by varying d7 systematically. Each simulation
is initiated from a motionless state and is run for over 3500 years until approximate equilibrium,
at which the linear trend of Taxcc over the last 100 years is less than 1 Sv/century (1 Sv=10m? /9).

The last 50 years of each simulation is used for the following analysis.
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Figure 4.2: Residual-mean overturning circulation streamfunction (color shading) y(y,0)
remapped to height coordinate at 87 = 1°C (a) and 87 = 4°C (b), plotted in units of Sv. The
gray solid lines represent the mean depth of isotherms that is defined by Equation (4.3) and
labeled in unit of °C. Five isotherms from panel (a) are plotted in panel (b) as green dashed lines
to show the change of isopycnal slope. The northern boundary of the reentrant Southern Ocean
is plotted as gray dotted lines.
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The residual-mean overturning circulation streamfunction is defined as:

1 ) Lx Z;(x,y,e,t)
W(y,0) = — / / / vydzdd, 4.2)
toJo Jo J-H

where x and z are Cartesian coordinates that correspond to longitude and depth, ¢ is time, H is the
depth of the basin, L, is the zonal width of the basin, #yp = 50 years, 0 is potential temperature,
(x,y,0,t) represents the height of isotherm 6, and v, is the residual velocity that includes both
Eulerian-mean velocity and eddy bolus velocity due to the GM parameterization. Figure 4.2 shows
two examples of the residual-mean overturning circulation streamfunction that are remapped to

height coordinate using the the zonal-mean time-mean depth of each isotherm

— 1 o1 [L
C0:0) = [ o [ Cnyendzavar, @3)
toJo Lx.Jo

for 07 = 1°C and 07 = 4°C, respectively. The clockwise pole-to-pole overturning circulation is
an idealized representation of the AMOC. It is substantially reduced at 87 = 4°C compared to
Or = 1°C as expected. The lower overturning circulation cell is not well resolved because of the
low diapycnal diffusivity used in our model.

The intensity of the pole-to-pole overturning circulation (;) is defined as the maximum
streamfunction that connects the Southern Ocean and the North Atlantic, i.e., the minimum of the

maximum streamfunction at each latitude below the surface wind-driven gyre:
y; = min{max{y(y,0 < 3°C),0},y} for 1200km < y < 7000km, 4.4)

where the operator max{ f(u1, ), } and min{ f(u;,u2),1n } represent the maximum and mini-
mum of the function f(u;,u) with respect to the dimension u, for a constant uj, respectively.
This is defined for 8 < 3°C in order to exclude the wind-driven gyre circulation. Because the

isopycnal slope is more relevant to local overturning circulation as discussed in Section 4.3, we
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also define the intensity of the Southern Ocean residual-mean overturning circulation () as

y, = max{y(L;,0)}, 4.5)

where Ly = 1200 km represents the northern boundary of the reentrant Southern Ocean. Variations
of y; and Y, with respect to 87 are given in Figure 4.3a. At 87 = 5°C, v, is reduced to
around 1.2 Sv although the pole-to-pole overturning circulation disappears as the shared density
range between the North Atlantic and the Southern Ocean is reduced to zero. The difference
between the locally defined y, and the pole-to-pole overturning circulation is due to a local
clockwise overturning circulation between y = 1200 km and y = 2000 km (Figure 4.2). This local
overturning circulation is a remanent of the wind-driven overturning circulation (sometimes called
“Deacon cell”). It is likely due to the constant eddy thickness diffusivity adopted in our model,
which might underestimate the effect of eddies in compensating the wind-driven overturning
circulation (cf. Gent and Danabasoglu, 2011; Gent, 2016).

The circumpolar transport of the ACC with respect to changes in ; is plotted in Figure
4.3b. From &7 = 0.5°C to 87 = 5.0°C, y, decreases from 2.6 Sv to 1.2 Sv and Tacc increases
from 62 Sv to 76 Sv. In comparison, Tacc increases from 25 Sv to 125 Sv in Fuckar and Vallis
(2007, their Figure 3) for a similar change of the temperature forcing. To exclude the possibly
geometrical influence due to the different size of model domain, we will normalize the ACC
transport in the following discussions with a reference ACC transport (see details below).

Wolfe and Cessi (2010) attributed the large sensitivity of Tacc observed in Fuckar and
Vallis (2007) to their strong residual-mean overturning circulation in the Southern Ocean. How-
ever, the magnitude of the residual-mean overturning circulation in our simulation (see Figure
4.3a) is actually close to or even larger than Fuckar and Vallis (2007, their Figure 2). Therefore,
the strong sensitivity of Tacc to the North Atlantic surface forcing in Fu€kar and Vallis (2007) can

not be explained by the magnitude of the residual-mean overturning circulation in the Southern
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Figure 4.3: (a) Variation of the magnitude of the AMOC (y;) and Southern Ocean overturning

circulation (W) with changes in d7. (b) Variation of the ACC transport Tacc with respect to the

decrease of yy. The x-axis is reversed because Y decreases with d7.
Ocean. As seen in Figure 4.2, the clockwise pole-to-pole overturning circulation is limited to the
upper 1 km in both cases of Figure 4.2. In comparison, the AMOC in Fuckar and Vallis (2007)
reaches around 2500 m in their symmetric forcing case (corresponding to 87 = 0°C in our study)
and then shoals upward substantially to a shallower depth as the surface temperature increases in
the North Atlantic (their Figure 2). Therefore, the different sensitivity of the ACC transport is
likely related to the different vertical structure of the overturning circulation as explained in the

next section using conceptual models.

4.3 Conceptual models

In this section, we develop a 2.5-layer conceptual model and a continuously stratified
conceptual model of the Southern Ocean circulation based on the residual-mean theory of Marshall

and Radko (2003) in order to understand the influence of the overturning circulation structure on
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the ACC transport. The 2.5-layer conceptual model can be considered to be a generalization of the
pycnocline model of Gnanadesikan (1999). A similar multi-layer generalization of Gnanadesikan
(1999) is developed for the Atlantic basin by Marshall and Zanna (2014). Different from Marshall
and Radko (2003), in which the overturning circulation is part of the solution, we specify the
overturning circulation streamfunction as an input for our conceptual model in order to discuss
the response of the ACC transport to variations in the overturning circulation. In the conceptual
models of this section, we use a shifted coordinate (y; = y — Ly) for analytical convenience. The
subscript for y, is dropped in the discussion hereafter for notation conciseness, i.e., the origin of

the y axis is at the northern boundary of the Southern Ocean in this section.

4.3.1 2.5-layer conceptual model

In this subsection, a 2.5-layer conceptual model is developed that includes two active
layers (p1 and p7) and an abyssal layer (p3), where the zonal flow is blocked by bottom topgraphy,
as shown in the schematic Figure 4.4. The three layers, which are separated by two pycnoclines,
respectively represent intermediate water, deep water, and bottom water from top to bottom.
The stratification across the two pycnoclines is respectively noted as g} and g}, where g} =
g(p2—p1)/po. &5 = g(p3 — P2)/pPo. and py is the reference density. The two active layers outcrop
through the surface mixed layer in the Southern Ocean. For simplicity, we keep the outcropping
position of the two pycnoclines y = —L; and y = —L; unchanged, i.e., we assume L; and L, to
be constant. In the continuously stratified model, we will relax the assumption of constant L and
L.

The AMOC is carried by the top two layers. Following Marshall and Radko (2003), we
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define the residual-mean overturning circulation streamfunction for our layer model as

L, 0O
" :/O /h vdzdx = i+, 4.6)
—ni

Ly 0O
and yp = / / vdzdx =y + 3.
0 —hy

where !

0 _
v =L / | Vdz, Wi =L, (4.7)
-1
0 _
28 ELx/h vdz, and ;= Lowhh.
—n2

Here, the overbar means zonal average, primes represent deviations from zonal average, Y
represent the Eulerian-mean overturning circulation, y* represents the eddy-driven overturning
circulation, v is meridional velocity, & denotes pycnocline depth, W = W' + y* represents the
residual-mean overturning circulation streamfunction associated with the two pycnoclines, and
L, is the longitudinal width of the Southern Ocean. The subscript 1 and 2 indicate the layer each
variable refers to (see Figure 4.4). Physically, y; and y, represent the net meridional volume
transport above the upper and lower pycnoclines, respectively. Because we assume that the
overturning circulation is carried by the top two layers and that the circulation to be adiabatic

below the surface mixed layer, we should obtain

y =Y, (4.8)

and y, =0,

- / 12 -
by = L (Vi + V50 = R)) = Ly (Vs + (] —v5)h ) = L (wzh; + ;{;651) = LKy, and note v, # 0 in

order to balance the southward mean flow below the submarine sill such that the residual-mean meridional transport
in the bottom layer is zero.
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where W is a constant that defines the intensity of the AMOC and represents the effects of North
Atlantic surface buoyancy conditions in our conceptual model.
In the Southern Ocean, the Eulerian zonal-mean momentum balance in steady state within

the reentrant Southern Ocean is

oF
—foV:a—Z,witthgatz:O, (4.9)

where the nonlinear Reynolds terms and horizontal frictional forces have been neglected (Marshall
and Radko, 2003), F represents vertical momentum flux, and Ty represents surface wind stress.
For analytical simplicity, To and fj are assumed to be constant. The pressure gradient force is
not present due to the absence of meridional boundaries in the Southern Ocean. The balance in
Equation (4.9) is valid as long as it is above the submarine sill. Vertical integration of Equation

(4.9) gives the expression of the Eulerian-mean overturning circulation streamfunction (W)

0 ToLy
v, = Lx/ Vdz = ———= for — hy, >z > —h;, (4.10)
z pOfO

if the vertical momentum flux below the surface mixed layer is also neglected. Here, A, is the
depth of the submarine sill at the Drake passage, and #,, is the depth of surface mixed layer.

Therefore, we can express WT and \p;r as

ot ToLi
_ oyt = Joke 4.11
V) =V, 00/ ( )

i.e., the Eulerian-mean overturning circulation streamfunction is given by the surface Ekman
transport that is driven by the westerly wind over the Southern Ocean.

Following Gnanadesikan (1999), we can parameterize the eddy-driven overturning circu-

52



lation (W] and y3) in Equation (4.7) as

W =L, Kcmsi, (4.12)

and \II; :Lx KGM S2,

where 51 and s are respectively the slope of the upper and lower pycnocline, and K¢/ 1s the GM
thickness diffusivity, which is assumed to be constant in this section. This assumption (constant
Kgm) is relaxed in Section 4.4.2, where we discuss the potential influence of a more realistic
representation of Kgn on the results.

Combining Equation (4.6), (4.8), (4.11), and (4.12), we have the expression for the

residual-mean overturning circulation associated with the two pycnoclines

TOLx

Yy = +LiKoms1 =, (4.13)
Pofo
ToL
and o = _ 0% + Ly Kgmsz = 0.
Pofo

From Equation (4.13), we obtain the expression for the slope of the two pycnoclines as

¥
s1(F) =s2 + , 4.14)
( ) LxKGM
T0
and s) =——.
pofoKam

The parentheses in s;(¥) means that s is subject to changes with respect to variations in .
Because we keep the wind stress forcing (Tp) and eddy effect (Kgm) constant, s is also constant
here. This implies an invariant depth of the lower pycnocline (/4,), 1.e., hy is constant with respect

to W (Figure 4.4), which is relaxed in the continuously stratified model in the next subsection.
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From thermal wind balance, the zonal velocity at each layer can be expressed as

g ony (W, y)

= Uy — = 4.15
Uy =up o oy (4.15)
/ /
g5 9h5(y)
and up, = —==
2 fo 9y
where

h’l (W,0) =m(¥)=—-L;s1(¥) and h’z(O) =hy = —Lys. (4.16)

Integrating Equation (4.15) with respect to latitude and depth, we have the circumpolar

transport of the ACC as

0 —h 0 1
Tacc('P) :/ / uzdz+/ widz| dy = —=— g} h (W) +g) h%} . 4.17)
~Ly |/ —h —hy 2fo

To obtain Equation (4.16) and (4.17), the assumption of 4,, < h is used. This assumption
is true in both simulations and the real ocean. For example in the real ocean, 4,, is normally of
order 100m, but 4, is at around 1000m. Because /; is constant here, changes in Taocc can only be

caused by variations in A1, i.e.,

1
ATacc (‘P) = Tacc (lP) — Tacc (0) ~ —%gll h (O)Ahl (‘P), (4.18)

where the changes are evaluated with respect to ¥ = 0,
h1(0) = =Ly 51(0) = —Lis2, (4.19)

and
LY

Ahy (W) = i (W) = h1(0) = —Li [s1(¥) —51(0)] = “LKant’ (4.20)

which is obtained by combining Equation (4.14) and Equation (4.16).
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Ekman transport — Pycnocline ----Bottom of mixed layer = AMOC

Figure 4.4: Schematic of the 2.5-layer model. A mixed layer (dash-dotted line) of depth 4, is
included that carries the Ekman transport (green arrow) in the Southern Ocean. The density
of the three layers are pi, py, and p3 from top to bottom. The three layers are separated by
two pycnoclines that are indicated as blue lines. The two pycnoclines outcrop at surface in the
Southern Ocean at y = —Lj and y = —L;, respectively. The depth of the two pycnoclines are
z= —hy and z = —hy, respectively. The northern boundary of the Southern Ocean is represented
by the gray dotted line (y = 0). The thin gray sinusoidal line indicates the sea surface. The solid
black line represents the bottom topography and the idealized Antarctica continent. The AMOC
is carried by the top two layers and are represented by the thick gray lines with arrows indicating
the directions of the overturning circulation. The streamfunction for the top pycnocline is noted
as Y1, and the streamfunction for the bottom pycocline is noted as y,. Only the southern
hemisphere is plotted here.

Hereafter, the parentheses in 2(0) and Ah(\W) will be dropped for conciseness. Dividing

Equation (4.18) by Tacc(0), we have

ATACC(\P)N 2g’1h1Ah1 . 2h1Ah1
Tacc(0)  gi\hi+ghh3  hi+h3/ry’

(4.21)

where ry = g} /g5 is usually larger than 1 and defines the vertical structure of ocean density

stratification in our 2.5-layer model.
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Substituting Equation (4.20) into Equation (4.21), we have

ATacc(¥) _ 2m L)L,

~— . (4.22)
Tacc(0) Kom [/’l% + h%/rg]
Substituting L; from Equation (4.19) into Equation (4.22), we have
ATacc (¥ 2hn2 ¥
TACC(O ) 2 p“}:"z — _RT, (4.23)
0 i
where h; is evaluated at ¥ = 0,
2
R= : (4.24)
I+z
8"h

represents the sensitivity of the ACC transport to the intensity of overturning circulation, r, =

hy/hy represents the vertical structure of the overturning circulation, and

r=%/y" (4.25)

is the residual-mean overturning circulation streamfunction normalized by the wind-driven
overturning circulation streamfunction that is defined in Equation (4.11). The negative sign in
Equation (4.23) indicates that the ACC transport decreases for a stronger overturning circulation
consistent with Figure 4.3b. The variable I" is a simplified representation of the North Atlantic
surface buoyancy forcing in our conceptual model. For a larger r;,, the upper pycnocline is deeper
and the ACC transport is more sensitive to the changes in the overturning circulation intensity
and thus is more sensitive to surface forcing in the North Atlantic.

For parameters relevant to our MITgem simulations at 87 = 0.5°C in Section 4.2, ¥/L, =
0.5 m?/s, fo =8x1072s71, 19 = 0.1N/m2, and pyp = 1000kg/m?, the dependence of the
relative change of circumpolar transport of the ACC (ATxcc/Tacc) on these two non-dimensional

parameters rg and 7y, is presented in Figure 4.5. With slight change of the structure of the
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Figure 4.5: Plot of ATxcc(W)/Tacc(0) with respect to two nondimensional parameters r, and
rp at I' = 0.4. The nondimensional parameter r, represents the shape of stratification, and ry,
defines the structure of the overturning circulation. A larger r, represents a stronger stratification
in the mid-depth compared to the abyss. A larger r, indicates that the overturning circulation
has a deeper structure.
overturning circulation, the response of Tacc to changes in the overturning circulation intensity
can be substantially different. As an example, if we take Tacc(0) = 100Sv, r, = 2.0, and

W¥/L, = 0.5m?/s (corresponding to ~10 Sv in the real ocean), Tacc('P) can be 81 Sv at r;, = 0.4

but is only 60 Sv at r;, =0.7.

4.3.2 Continuous stratification

In the 2.5-layer conceptual model above, we use two pycnoclines to represent the upper
overturning circulation cell. By warming the surface North Atlantic in our simulations, the
overturning circulation structure is shifted to warmer temperatures (see Figure 4.6). As a result,

the depth associated with the zero-streamfunction (i.e., sz in our 2.5-layer model) becomes

57



100

200

Depth (m)

400

Potential temperature 6 (°C)
o

Y L L S o p=1C ]
: : g L — gp=2°C
: : ; L — y=3°C

500
: : : Sr=4°C
600 : -3 (b) - -
-2 -1 0 1 2 3 4 -2 -1 0 1 2 3 4
Overturning circulation streamfunction ¢ (Sv) Overturning Circulation streamfunction ¢ (Sv)

Figure 4.6: Residual-mean overturning circulation at the northern edge of the reentrant Southern
Ocean on depth coordinate (a) and 0 coordinate (b). For clarity, only 4 runs are plotted.

shallower as dr increases, although there is no significant change in the depth and potential
temperature that is associated with the maximum overturning circulation streamfunction. This
appears to account for the reduced sensitivity of the ACC transport to AMOC intensity for
higher &7 (Figure 4.3b), which cannot be resolved by our simplified 2.5-layer conceptual model.
Therefore, in order to make better comparison with our MITgcm simulations, we extend the
2.5-layer model to continuous stratification. Although the conceptual model below is presented
in terms of density, we present our figures on potential temperature coordinate (e.g., Figures 4.7
and 4.8) for better comparison with the MITgcm simulations.

In the Southern Ocean, we specify the surface density structure (py(y)) similar to the
MITgcm simulations. The flow is assumed to be adiabatic again. With the surface wind stress
forcing (t(y)) and the GM diffusivity (Kgm) specified, the residual-mean overturning circulation
streamfunction (Y(p)) in continuous stratification can be expressed as (Marshall and Radko,

2003; Nikurashin and Vallis, 2011)

W(p)/l’ :KGMS(pay)_pZ(—)}))))v (426)
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Figure 4.7: (a) Residual-mean overturning circulation streamfunction defined by Equation
(4.34) for different r,f at ¢ = 0.5 and A = 10. Larger rz means that the overturning circulation
is associated with higher density or lower potential temperature. The overturning circulation is
only defined between -3°C and 0°C here. The result would not change if a different potential
temperature range is used. (b) Normalized changes in the ACC transport (normalized by the
ACC transport at y = 0) with respect to changes in the normalized AMOC intensity (Equation
(4.42)) predicted by the continuously stratified conceptual model. Each line corresponds to a
line in Panel (a) of the same color. The wind stress forcing and Kgy are doubled at ri =0.3 and
shown as blue squares and circles, respectively. This is discussed in Section 4.4.1.

where both the wind stress forcing (T) and isopycnal slope (s) vary with latitude. This is the
continuously stratified version of Equation (4.13). The isopycnal slope can be calculated from

Equation (4.26) as

_ (y)
s(p,y) = {¢(p)+ ” f(y)} /Kom, (4.27)

where ¢(p) = ¥(p)/Ly. Then the depth of each isopycnal can be found by integrating Equation

(4.27) as
7(y')
Pof ()

which can be inverted to give the density structure p(y,z) (see Figures 5 and 6 of Marshall and

Y / / Y /
z(p,y) Z/y‘(p)S(p,y)dy :/y,(p) {¢(p)+ }/KGMd)U (4.28)

Radko (2003) for examples). Here, ys(p) represents the outcropping latitude of each isopycnal

(p) at the Southern Ocean surface. Applying the thermal wind balance and assuming a no-slip
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Figure 4.8: (a) Residual-mean overturning circulation streamfunction defined by Equation
(4.34) for different A at ¢y = 0.5 and rﬁ = 0.4. This resembles the changes in the overturning
circulation streamfunction in Figure 4.6b. Lower A means that the overturning circulation is
associated with more isotherms/isopycnals. (b) Normalized changes in the ACC transport with
respect to the AMOC intensity normalized by the Eulerian-mean overturning circulation as
predicted by the continuously stratified conceptual model. Each line corresponds to a line in
Panel (a) of the same color.

boundary condition in the bottom, we can calculate the ACC transport as

0 0 Z a /
g 9p(,7)
T = dz dzd 4.29
ACC /—Ls /—H/—H FOpo  dy o (429)

where L; is the meridional width of the reentrant channel, H is the depth of the ocean, and
—Lg <y <0 defines the range of the Southern Ocean as in Figure 4.4. From Equation (4.28) and
(4.29), we can see that the ACC transport is a function of only the residual-mean overturning
circulation if we keep the wind stress forcing (t(y)) and eddy thickness diffusivity (Kgm) constant.
The potential influence of wind stress forcing and eddy thickness diffusivity on the result is
discussed in Section 4.4.1.

For simplicity, we adopt a form of surface density that linearly depends on y in the
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Southern Ocean, i.e.,
ps(y) = —Ap% +p,, for —L;<y<O, (4.30)
Y

where

ps(o) = Pr (4.31)

and Ap represents the density contrast across the Southern Ocean. The surface wind stress forcing

is taken to be linear as well that resembles Figure 4.1b in the Southern Ocean,
©(y) =t0(/Ls+1), for —L;<y<0, (4.32)

where

To=0.1N/m?. (4.33)

The residual-mean overturning circulation streamfunction is assumed to be

Y(p) = L(p) = LudoM (x(p)) exp (—A&(p)*) , (4.34)
where
p) = p? 1__2"12, (4.35)
and
M(y) = —tanh(5(x — 1)) x tanh(5y) (4.37)
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for

P <p<ppn- (4.38)

The function M(y) is to ensure that y disappears for density outside of the density range defined
by Equation (4.38), and its form would not affect the result qualitatively. Here, p;; = ps(0) is
the lightest isopycnal associated with the overturning circulation, pj, = ps(—L) is the densest
isopycnal associated with the overturning circulation, ¢g sets the magnitude of overturning
circulation streamfunction, A sets the spread of the streamfunction in density space (see Figure
4.8a for examples),

pa = pn +7rilp —pnl, (4.39)

where rz is a nondimensional number (similar to r; in Section 4.3a) that controls the position of

maximum streamfunction in the density space (see Figure 4.7a for examples). A larger A means
smaller spread of the overturning circulation in the density space (Figure 4.8a), and a larger rﬁ
means that the overturning circulation is associated with denser isopycnals (Figure 4.7a). The
two nondimensional parameters A and rfl together control the vertical structure of the overturning
circulation streamfunction in density space. We note that the forms of p,(y), T,, and y(p) are
chosen for illustrative purpose and will not affect our results qualitatively.

Consistent with the 2.5-layer conceptual model, we define the intensity of the overturning

circulation (¢,,) as

Om = Win/Ly = max{y(p)}/Ly, for p;; <p <ppn, (4.40)

which represents the AMOC intensity and parameterizes the influence of the North Atlantic
surface buoyancy condition on the overturning circulation intensity. Associated with the maximum

streamfunction \,,, we also define a normalized AMOC intensity as

T =Wn/V, (4.41)
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where
L
+_ Tt (4.42)
Pofo

Now we explore the dependence of the ACC transport on the overturning circulation intensity
(¢,,,) and structure (rZ) with constant wind stress forcing and eddy thickness diffusivity. In Figure
4.7b, we plot the relative changes in the ACC transport with respect to changes in both ¢,,, and rZ.

The relative change in Tacc is defined as

T, -T —
R ACC | 0 ACC|¢m—0’ (4.43)

Tacc|o,—0

where TACC|¢m:O represents the ACC transport at ¢,, = 0 and is a constant. This is similar to the
definition in Equation (4.21). Figure 4.7b shows that variations of the ACC transport in response
to changes in the overturning circulation intensity are strongly sensitive to the vertical structure
of the overturning circulation, which is controlled by rf. For a larger rﬁ, variations in ¢,, are
associated with changes in the overturning circulation on denser isopycnals, which means that
changes in ¢, can affect the zonal-velocity distribution over a larger depth range and result in a
bigger change in the ACC transport.

The sensitivity of the ACC transport can also be affected by A, which sets the spread of
streamfunction on density space. In Figure 4.8a, we plot the overturning circulation streamfunc-
tion for different A to resemble the changes in the overturning circulation in Figure 4.6. The
response of the ACC transport to AMOC intensity changes is plotted in Figure 4.8b, in which the
sensitivity of the ACC transport to AMOC intensity is higher for smaller A, which corresponds to
a larger spread of the streamfunction in the density space. This explains the reduced sensitivity of
the ACC transport in our MITgcm simulations for higher 87 (compare Figure 4.3b & Figure 4.6
with Figure 4.8).
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Figure 4.9: (a) Variation of the ACC transport with the AMOC intensity at the northern edge
of the Southern Ocean in the MITgcm simulations. The ACC transport is referenced to and
then normalized by the ACC transport at 87 = 4°C. The AMOC intensity is normalized by
Yyt = —;‘;%, ie., [ =wy,/y", where y; is defined in Equation (4.5). From left to right, the
four points in each set of simulation corresponds to 87 = 4°C, 3°C, 2°C, and 1°C. Here, “t x n”
means that the wind stress forcing is multiplied by » in the Southern Ocean (“T x 17 represents
the simulations discussed in Section 4.2), and “20km” refers to the simulation at 20km resolution
that is discussed in Section 4.4.3. (b) Normalized overturning circulation streamfunction at the
northern edge of the reentrant Southern Ocean on 8 coordinate at 7 = 1°C. (c) Normalized
overturning circulation streamfunction at the northern edge of the reentrant Southern Ocean on
depth coordinate at 87 = 1°C. The result is not significantly different for other choices of d7.

4.4 Discussion

4.4.1 Magnitude of wind stress forcing and Kgv

The 2.5-layer model in Section 4.3.1 (Equation (4.23)) suggests that the response of
the ACC transport to changes in the North Atlantic surface forcing is independent of the wind
stress forcing (t) and eddy thickness diffusivity (Kgnm). We now test whether this is true in the
continuously stratified conceptual model and the MITgcm simulations.

In the continuously stratified model, we double the wind stress forcing (T x 2) and eddy
thickness diffusivity (Kgm X 2) but keep the overturning circulation structure (controlled by A and
rz) unchanged (rZ = 0.3 in Figure 4.7a). Although the intensity of the ACC and AMOC varies
substantially in response to changes in the T and Kgym (not shown), we find that the response of

the normalized ACC transport to changes in the AMOC intensity is shown to be independent of
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the wind stress forcing and eddies (Figure 4.7b), consistent with the 2.5-layer conceptual model.

However, this is not true in the MITgcm simulations because variations in the wind stress
forcing and eddies could change the structure of the overturning circulation (e.g., Marshall et al.,
2017). Using the same model setup as Section 4.2, another 3 sets of simulations are performed
with increased wind stress forcing in the Southern Ocean. Each set of simulations contains 4 runs
with 87 = 1°C, 2°C, 3°C, and 4°C respectively. We show that the sensitivity of the ACC transport
to the AMOC intensity increases with wind stress forcing (Figure 4.9a) while the AMOC is shifted
to colder potential temperature (Figure 4.9b) and deeper depth (Figure 4.9¢) in the Southern
Ocean, i.e., the overturning circulation structure changes with wind stress forcing. This increased
sensitivity with wind can be reproduced by our continuously stratified conceptual model if the
changes in the overturning circulation structure is considered such as by increasing rz (Figure
4.7).

We note that the conceptual models are developed just to interpret the influence of the
AMOC structure on the ACC transport variations and thus should not be considered as complete
models for the ACC or the overturning circulation in the Southern Ocean. To make a complete
conceptual model, the influence of surface forcing on the intensity and structure of the overturning
circulation needs to be parameterized. Therefore, in order to use our conceptual models to
interpret model results, such as the different sensitivity at different wind stress forcing, the
overturning circulation structure should be adjusted along with the model simulations such that

they are dynamically in concert with each other.

4.4.2 State-dependent Kgn

In the conceptual model above, a constant GM thickness diffusivity is used. In this
subsection, we relax this assumption and make it proportional to the isopycnal slope as suggested
by Visbeck et al. (1997), i.e.,

Kom = k|s|, (4.44)

65



where k is a positive scaling constant. As a result, the isopycnal slope in Equation (4.14) becomes

To
= 2 4.45
2 Polfolk (+:49)

v
andslz— S%_ﬁ
X

The change in /1 with ¥ in Equation (4.20) can be expressed as

Ay (%) = —Ly [51 (%) — 52(0)] (4.46)

= —m(0) [1-/(T-T)].

where I is the nondimensional residual-mean overturning circulation intensity that is defined in

Equation (4.25). Substitute Equation (4.46) in to Equation (4.21) and we have

ATacc(W) =2k
Tacc h2 +h3/rg

[1 ~J/a —r)] , (4.47)

where the parenthesis in 4 (0) is dropped again for conciseness. For the upper overturning

circulation cell discussed in this paper, 0 < I' < 1. Thus, we would obtain by Taylor expansion

ATACC (lP)

1
~ —~T, 4.48
Tacc 2 (448)

where R is defined in Equation (4.24) and the terms of order O(I'?) and higher are dropped.
Therefore, for a more realistic representation of Kgy that evolves with the model states, the
sensitivity of the ACC transport to the overturning circulation is reduced by 50%. Similar results

can be obtained for our continuously stratified conceptual model (not shown). This implies that
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the ACC sensitivity to the overturning circulation could also be reduced in OGCM simulations if
the eddy is resolved or parameterized with a more realistic scheme (cf. Gent and Danabasoglu,
2011), as is also evidenced by the next subsection.

It is suggested by previous model studies that the eddy thickness diffusivity has a vertical
structure that peaks at the top and bottom of the water column (e.g., Fig. 7 of Abernathey et al.,
2013). This depth dependence of the eddy diffusivity is not resolved in our parameterization of
the eddy thickness diffusivity, and it has been shown to have noticeable influences on the structure
and magnitude of the overturning circulation (Chapman and Sallée, 2017). Future studies should
employ more realistic representations of the eddy diffusivity. However, the discussion in this
section suggests that a different parameterization of the eddy diffusivity would not change our

results qualitatively.

4.4.3 Model resolution

Previous studies suggested that the ACC and the Southern Ocean overturning circula-
tion can behave differently in response to surface forcing perturbations in models from coarse
resolution to eddy-resolving resolution (e.g., Munday et al., 2013; Morrison and Hogg, 2013;
Abernathey et al., 2011). Using an ocean basin similar to this study, Munday et al. (2013) showed
that the ACC reaches eddy saturation when the model resolution is 1/2° and finer, consistent with
Morrison and Hogg (2013). Here, the influence of model resolution on our results is tested with a
set of experiments at 20km resolution. The resolution of 20km is chosen to represent the scenario
with eddy saturation while it would not require too much computing resources.

In the 20km resolution experiments, the GM thickness diffusivity is 20m? /s that represents
an adiabatic sub-grid scale closure for the turbulent dissipation of potential temperature (cf.
Munday et al., 2013; Roberts and Marshall, 1998). We also have a smaller biharmonic viscosity
(A4) of 1.0 x 101?m? /s compared to the coarse-resolution simulations in Section 4.2 to damp

the sub-grid noise close to the boundary and a small harmonic viscosity (A;,) of 2.0 x 10°m? /s
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(cf. Griffies and Hallberg, 2000). The other parameters and model geometry follow the coarse-
resolution model setup.

The model is spun up from rest and run for 500 years at 87 = 1°C. At the end of the
500 years, another three experiments are branched out with 87 as 2°C, 3°C, and 4°C. These four
experiments are continued for another 500 years. Because eddies are permitted at this resolution
that could enhance the Southern Ocean ventilation (e.g. Kamenkovich et al., 2017), it takes shorter
time for the deep ocean to reach equilibrium (cf. Wolfe and Cessi, 2011). At the end of each
simulation, the trend of ACC transport is less than 1Sv/Century.

Different from the coarse-resolution runs, in which the changes in potential temperature
space are consistent with changes in the depth space when the wind stress forcing increases, the
overturning circulation in the 20km-resolution simulations is shifted to warmer isotherms but
deeper depth (Figure 4.9). This discrepancy is due to the much smaller meridional temperature
gradient in the Southern Ocean in the 20km-resolution simulations (the temperature contrast
across the Southern Ocean is reduced by 1°C; not shown), which results from the higher eddy
activity that enhances meridional heat flux across the ACC.

In the continuously stratified conceptual model, a fixed surface density structure is assumed
at the Southern Ocean surface, which is not true when comparing the 20km-resolution simulations
to the coarse resolution runs. Therefore, the overturning circulation in depth space is a better
indicator than that in the potential temperature space for comparing sensitivity of the ACC to the
AMOC intensity here. Figure 4.9¢ implies that the sensitivity of the ACC transport is at least larger
than the simulation in Section 4.2 (“T X 1” in Figure 4.9) because the overturning circulation
is located at a deeper depth. However, the sensitivity in the 20km-resolution simulations is
significantly smaller than expected (Figure 4.9a). This is due to the higher eddy activity in the
20km-resolution simulations that is more efficient in compensating the changes in the overturning
circulation. Thus, a smaller change in the isopycnal slope is expected for increasing &7 at this

resolution compared to the coarse ones, consistent with what is concluded from the conceptual
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models that use a state-dependent eddy thickness diffusivity (Section 4.4.2). This implies that the
sensitivity of the ACC to the surface conditions in the North Atlantic could be even smaller if the

eddy is fully resolved.

4.5 Summary

The sensitivity of the circumpolar transport of the ACC to the North Atlantic surface
buoyancy conditions is explored in a sector configuration of an ocean general circulation model.
Because a fast restoring buoyancy boundary condition, which strongly constrains the surface
buoyancy structure at the Southern Ocean surface, is used in this study, the ACC transport is
determined by the isopycnal slope that is coupled to the overturning circulation. By changing
the surface buoyancy in the North Atlantic, the shared buoyancy contour between the North
Atlantic and the Southern Ocean is varied, and consequently the strength of the overturning
circulation is modified. We find that the sensitivity in our simulations is substantially weaker
than previous study by Fuckar and Vallis (2007). We propose that the different sensitivity relies
on the different vertical structure of the simulated AMOC. For different depth of the simulated
overturning circulation, the response of the ACC transport to changes in the strength of the
overturning circulation varies substantially.

The results are interpreted using a 2.5-layer conceptual model and a continuously stratified
conceptual model based on the residual-mean theory of the overturning circulation (Marshall and
Radko, 2003). We show that the sensitivity depends on the vertical structure of the overturning
circulation. Conceptually, this is true because a deeper change in the overturning circulation can
affect more isopycnals by changing their slope, which leads to larger changes in the circumpolar
transport of the ACC. The wind stress forcing and eddies can affect this sensitivity by modifying
the structure of the overturning circulation.

Considering that the structure of the overturning circulation varies substantially among
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different climate models especially in simulations of the LGM (e.g., Otto-Bliesner et al., 2007;
Muglia and Schmittner, 2015), the sensitivity of the ACC transport is expected to vary significantly
among different climate models. This has implication for discussions regarding the response of
the ACC in simulations of the future climate change or paleo-climate variations.

The above analyses are based on coarse resolution model simulations, in which the
mesoscale eddies are parameterized. We test the influence of model resolutions on the result by
performing a set of eddy-permitting simulations and find that the sensitivity is smaller due to the
higher eddy activity at this resolution. This implies that the sensitivity of the ACC transport to
North Atlantic surface forcing is likely to be low in the real world, considering that the influence
of the North Atlantic surface forcing on the ACC transport relies on changes in the isopycnal
slope, which has been shown to be rather insensitive to external forcing perturbations in both
observations (Boning et al., 2008) and model simulations (Gent and Danabasoglu, 2011).

In this study, we have focused on the upper overturning circulation cell that is assumed to
be separated from the lower AABW overturning circulation cell. However, in the real ocean, the
two overturning circulation cells are coupled to each other, forming a complex three-dimensional
structure of the global overturning circulation (Talley, 2013). It is possible that the North Atlantic
surface condition could impose a larger influence on the ACC through changes in the AABW
overturning circulation, which has been shown to be able to significantly impact the ACC transport
(Gent et al., 2001), than what is concluded in this paper. Future studies should address this by
running a more complex model that resolves the three-dimensional structure of the overturning

circulation.
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Chapter 5

What sets the depth of the Atlantic

Meridional Overturning Circulation?

5.1 Introduction

The meridional overturning circulation in the Atlantic ocean is composed of two overturn-
ing circulation cells: an upper cell, normally referred to as the Atlantic Meridional Overturning
Circulation (AMOC), which advects the North Atlantic Deep Water (NADW) southward from the
North Atlantic, and a lower cell that transports the Antarctic Bottom Water (AABW) northward
from the Southern Ocean (e.g., Lumpkin and Speer, 2007). In the modern climate, the upper
cell extends to approximately 3,000 m below the surface (Lozier, 2012). At the Last Glacial
Maximum (LGM) about 21,000 years ago, however, studies based on paleoclimate proxy data
suggest that the AMOC depth was substantially shallower (e.g., Lund et al., 2011), although this
is debated (Gebbie, 2014). This shoaling of the AMOC has been suggested to contribute to the
lower atmospheric CO; at the LGM by increasing the carbon storage in the ocean (e.g., Watson
et al., 2015; Ferrari et al., 2014).

There have been concerted efforts to simulate the glacial-interglacial changes in the
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AMOC depth using comprehensive coupled climate models, which have led to widely varied
results (e.g., Otto-Bliesner et al., 2007; Muglia and Schmittner, 2015). For example, in the
Paleoclimate Model Intercomparison Project Phase 3 (PMIP3), only the NCAR Community
Climate System Model (CCSM4) simulated a shallower AMOC at the LGM compared with
the simulated preindustrial (PI) climate, and most of the other models simulated a deeper and
stronger AMOC at the LGM (Muglia and Schmittner, 2015). Previous studies have attributed the
deeper AMOC in simulations of the LGM in most of the PMIP3 models to a range of different
processes, including a stronger Northern Hemispheric westerly wind due to the presence of the
Laurentide Ice Sheet (Muglia and Schmittner, 2015), unrealistically low levels of simulated
Antarctic sea ice formation (Marzocchi and Jansen, 2017), and a nonlinear response of the climate
system to boundary conditions (Oka et al., 2012; Klockmann et al., 2018). The situation is further
complicated by the possibility that these simulations are not in equilibrium with the surface
forcing, which has been suggested in some previous studies (Zhang et al., 2013; Marzocchi and
Jansen, 2017).

Much progress has been made toward understanding the deep ocean circulation based on
numerical simulations and theoretical arguments (e.g., Gnanadesikan, 1999; Nikurashin and Vallis,
2012; Marshall and Speer, 2012). By assuming an adiabatic circulation in the Southern Ocean,
Ferrari et al. (2014) proposed a geometric model in which the AMOC depth is dynamically linked
to the extent of surface buoyancy loss near the coast of Antarctica, which approximately coincides
with the region covered by sea ice in summer. This suggests that a shallower AMOC necessarily
accompanies an expansion of Southern Ocean sea ice at the LGM. However, it was later shown in
a climate model that diabatic processes in the Southern Ocean, which were neglected in Ferrari
et al. (2014), diminish the influence of Southern Ocean surface buoyancy forcing and cause the
AMOC depth to depend on other factors as well (Sun et al., 2018).

The surface buoyancy loss rate in the Southern Ocean has also been proposed to set the

AMOC depth, based on a balance between the Southern Ocean surface buoyancy loss and the
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interior diapycnal buoyancy gain across the boundary between the two overturning circulation
cells (Jansen and Nadeau, 2016). This idea neglects the contribution from diapycnal mixing in the
Southern Ocean to the buoyancy budget (cf. Sun et al., 2018) and is based on a zonally-integrated
perspective of the global ocean overturning circulation that neglects any potential contribution
from the Indo-Pacific ocean (cf. Newsom and Thompson, 2018). Thus it remains unclear the
extent to which the surface buoyancy loss rate in the Southern Ocean could be used to predict the
AMOC depth in the real ocean.

In addition to Southern Ocean processes, North Atlantic processes have also been sug-
gested to influence the AMOC depth (e.g., Muglia and Schmittner, 2015; Wolfe and Cessi, 2014;
Sun and Liu, 2017; Cessi, 2018). For example, Muglia and Schmittner (2015) suggested that
a stronger Northern Hemisphere westerly wind would lead to an increase in northward salt
transport in the North Atlantic, more active NADW formation, and thus a deeper AMOC in
climate model simulations. In an idealized modeling study, Wolfe and Cessi (2014) found a
nonlinear dependence of the AMOC depth and strength on the range of surface density shared
between the North Atlantic and the Southern Ocean. This highlights the connections between the
simulated surface density and the overturning circulation, although the application of this idea to
the real ocean may be limited by their simplified representation of the global ocean overturning
circulation.

The goal of this study is to create a framework for understanding what sets the AMOC
depth and use it to identify the key processes responsible for the wide spread among climate
model simulations of the AMOC depth at the LGM compared with the PI climate. To address this,
we use a global ocean-only model with surface forcing based on previous coupled climate model
simulations, as described in Section 5.2. We find that by modifying the surface restoring timescale,
we can evaluate the relative importance of surface buoyancy flux compared with surface density
in constraining the AMOC depth, which we investigate in Section 5.3. The results suggest that

the AMOC depth is directly connected to the surface density field in both the North Atlantic and
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Figure 5.1: Eulerian-mean overturning circulation streamfunction in the Atlantic Ocean ()
simulated with the PMIP3 coupled models (left) and with the MITgcm ocean-only model forced
with the surface fields from the PMIP3 runs (right). The thick black contour in each panel
indicates the zero streamline that separates the upper and lower overturning circulation cells in
the Atlantic Ocean.

the Southern Ocean. In Section 5.4, we demonstrate this connection using a set of simulations
with idealized perturbations to the surface density field, as well as a geometric model that relates
the AMOC depth to surface density in both regions. Further discussion and comparisons with
previous theories for the AMOC depth are provided in Section 5.5. The findings are summarized

in Section 5.6.

5.2 Reproducing AMOC changes in the PMIP3 simulations

In this section, we describe the ocean-only simulations and evaluate how well they

reproduce the AMOC depths in the PMIP3 simulations.

75



5.2.1 Overturning circulation in PMIP3 simulations

PMIP3 is an effort to simulate the climate at several past time periods including the LGM
in a number of different comprehensive climate models (Braconnot et al., 2012). For the LGM
simulations, the models use prescribed glacial forcing conditions including orbital parameters,
specified ice sheets, and atmospheric CO; levels. Details can be found in Braconnot et al. (2012).

Because most of the PMIP3 models, including MPI-ESM and MIROC-ESM, do not report
the eddy bolus velocity in the simulation output, we use the Eulerian-mean overturning circulation
streamfunction in this analysis to represent the AMOC in all of the PMIP3 models. We define the

climatological Eulerian-mean overturning circulation streamfunction in the Atlantic Ocean () as

Z Xe
V(y,z) = —/ / v(x,y,2)dxdz. (5.1
Zbot ¥ Xw

where x is longitudinal displacement, y is latitudinal displacement, z is depth with z;,; the depth
of the ocean bottom, v is meridional velocity, the bar refers to a time-average over the final 100
years of each PMIP3 simulation, and w, and x, are the western and eastern boundaries of the
basin.

We define the AMOC depth (D) as the depth of the zero-contour of ¥ in the Atlantic
(thick black contours in Fig. 5.1) averaged between 30°S and the equator, as in Sun et al. (2018),
1.e.,

1 0
p=-p / , Lo) (5.2)

where L, represents the meridional distance between 30°S and the equator and  is the depth of

the streamline Y = O at meridional location y such that

V(»,C(») =0. (5.3)

We limit the definition to the South Atlantic because the lower overturning circulation cell is

76



weak in the Northern Hemisphere and the cell boundary is not well defined in some simulations
(see, e.g., the MIROC-ESM LGM simulation in Fig. 5.1).

In this study we focus on three of the PMIP3 models: CCSM4, MPI-ESM, and MIROC-
ESM. These models were selected because they are the only ones that reported enough simulation
output data for us to create the surface forcing fields for the ocean-only simulations that are
described in the next subsection. All three of the models have a nominal ocean resolution of
1°. These models broadly cover each of the three possibilities for AMOC depth differences
between the LGM and PI climates (Fig. 5.1): CCSM4 simulates a shallower AMOC at the LGM,
MPI-ESM simulates a similar AMOC at the LGM as the PI climate, and MIROC-ESM simulates

a deeper AMOC at the LGM.

5.2.2 Model setup

Investigations such as this into the processes that set the AMOC depth in different climate
models can be complicated by differences in the representations of the physics in the models
and what output each model reports. In order to explore the physical constraints on the AMOC
depth, here we use a single ocean-only model with surface forcing based on the PMIP3 coupled
climate model simulations. This approach follows Huber and Zanna (2017), who used a similar
methodology to evaluate preindustrial climate states and future climate change projections.

We use the Massachusetts Institute of Technology General Circulation Model (MITgcm;
Marshall et al., 1997), which integrates the hydrostatic primitive equations. The model is
configured to run at a relatively coarse resolution (2.8° x 2.8), which allows for a relatively large
number of simulations without too large computational costs. The model has an approximately
realistic bathymetry that is equivalent to what was used by Huber and Zanna (2017). There are 15
layers in the vertical with thickness ranging from 50 m at the top to 690 m at the bottom. We
use a vertical diffusivity that is a function of depth and varies from 3x10~>m? /s at the surface

to 1.3 x 10~*m? /s at the transition depth of 2,000 m (Bryan and Lewis, 1979). Momentum is
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dissipated via Laplacian viscosity and vertical viscosity with coefficients A, = 2.0 x 10°m? /s and
A, = 1.0 x 10~3m? /s, respectively. Unresolved eddies are represented using the skew-flux form
of the Gent and McWilliams (GM) parameterization with an eddy thickness diffusivity of 1,000
m? /s (Griffies, 1998). Convection is represented by an implicit vertical diffusion with diffusivity
of 100 m? /s whenever the stratification is unstable. We use a nonlinear equation of state for the
ocean (Jackett and Mcdougall, 1995). All simulations performed in this study are integrated for
at least 6,000 years in order to approximately achieve steady states, using the tracer acceleration
method (Bryan, 1984). Note that the tracer acceleration method can distort the transient response,
but it is not expected to substantially affect the equilibrium solution (Danabasoglu et al., 1996).

The model is forced with the mean climatological seasonal cycle during the last 100 years
from each of the PMIP3 simulations. Specifically, we use the PMIP3 monthly-mean surface wind
stress vector for the momentum forcing in the MITgem simulations, and the buoyancy boundary

conditions at the sea surface are given by

¢ 0y . .
Onet = — pot—:w— 0") + Qs (5.42)

O
S=——(S—8)+S5* (5.4b)

Lsalt

Here, the superscript “*” indicates climatological monthly-mean fields from the PMIP3 simula-
tions, O is sea surface temperature, S is sea surface salinity, fg and 7, are the restoring timescales
for temperature and salinity, Qe 1S the net surface heat flux with positive values indicating fluxes
that warm the ocean, and S represents the surface salt flux. The surface salt flux in the PMIP3
simulations is diagnosed as the net freshwater flux from precipitation, evaporation, and sea ice
melting and freezing scaled by the reference salinity of 35g/kg. The thickness of the top layer is
8,=50 m, and the reference sea water density and specific heat capacity are pp=1035 kg/m?* and
cp =39941°C kg 1.

We use the form of boundary conditions in Equation (5.4a) and (5.4b), rather than mixed
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boundary conditions which have a relaxation boundary condition for temperature and a flux
boundary condition for salinity (Stommel, 1961) as have been used in some previous ocean
model studies. By varying the restoring timescales (fg and fg,¢), this form of buoyancy boundary
conditions allows us to explore the relative importance of the surface density versus the surface
buoyancy flux, as described in the next section. Unless otherwise specified, we use relaxation
timescales for surface temperature and salinity of 7g=2 months and #,;=3 months, respectively,
which are the same as Huber and Zanna (2017) and similar to the timescale implied by Haney
(1971a).

We performed MITgcem simulations with surface forcing fields specified from each of
the six PMIP3 simulations in Fig. 5.1. The Eulerian-mean AMOC streamfunction is plotted in
Fig. 5.1 for the PMIP3 simulations (left) and for the MITgcm simulations (right). The results in
Fig. 5.1 indicate that the MITgcm simulations capture the AMOC depth changes between the PI
and LGM climates in the PMIP3 simulations. However, each of the MITgcm simulations can
be seen to underestimate the AMOC depth and strength in the corresponding PMIP3 simulation,
which is similar to the results of Huber and Zanna (2017, their Figure 2b). This underestimate may
be due to differences in the physical representations and parameters in the MITgcm simulations
compared with each PMIP3 model, as was discussed for preindustrial and future simulated
climates by Huber and Zanna (2017, their Figure 4). For example, we use a GM thickness
diffusivity of 1000 m?/s in order to suppress grid noise at the relatively coarse resolution in
MITgcm, and this is about three times larger than the default background value in each of the
three PMIP3 models (Danabasoglu et al., 2012; Watanabe et al., 2010; Exarchou et al., 2015).
This larger GM thickness diffusivity can weaken and shoal the AMOC due to its effect on the
compensation of the wind-driven overturning circulation in the Southern Ocean (Marshall et al.,
2017). Additionally, the Nordic Seas overflows, which have been suggested to deepen the AMOC
depth in model simulations (Danabasoglu et al., 2010; Nakano and Suginohara, 2002; Marsland

et al., 2003), are not represented in MITgcm but are parameterized in each of the three PMIP3
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Figure 5.2: (a-c) Difference in the annual-mean surface density between the PMIP3 simulated
LGM and the PI climates (LGM minus PI) in CCSM4, MPI-ESM, and MIROC-ESM. In each
panel, the global average has been subtracted to highlight the regional distributions. (d) Annual-
mean zonal-mean values of the surface density differences. The zonal averages are calculated
over the full range of longitudes south of 33°S but only in the Atlantic Ocean north of 33°S,
with a gray dashed line indicating 33°S. As in the other panels, the global-mean values have
been subtracted from each curve. The negative surface density difference in the Nordic Seas
(north of 60°) is associated with an extended sea ice coverage at the LGM that reduces heat loss
to the atmosphere; the impacts of the Nordics Seas are discussed in Section 5.5d.

models. This could also contribute to the underestimated depth and strength of the AMOC in the
MITgcm simulations. In the following analysis, we will focus on changes in the AMOC depth
between the PI and LGM climates, which are better reproduced in the MITgcem simulations than

the AMOC depth in each climate.
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5.3 Relative importance of surface density compared with sur-
face buoyancy flux

Previous work suggested that diapycnal processes in the upper ocean could diminish the
influence of Southern Ocean surface buoyancy forcing on the AMOC depth (Sun et al., 2018).
Therefore, in this section, we use the ocean-only MITgcm configuration described in Section 5.2.2
to investigate the possibility that the global surface density distribution is the dominant factor in
determining the inter-model spread of the AMOC depth among the PMIP3 models (cf. Nikurashin
and Vallis, 2012; Wolfe and Cessi, 2014; Sun and Liu, 2017). Figure 5.2 shows the difference in
surface density between the simulated LGM and PI climates in the three PMIP3 models. The
surface density difference field in each model tends to be more positive in the subpolar North
Atlantic (40°N-60°N) than in the Southern Ocean. This applies most in MIROC-ESM, which
simulates a deepening of the AMOC at the LGM, and least in CCSM4, which has a shoaling
of the AMOC at the LGM. Indeed, the other PMIP3 models that simulate a deeper AMOC at
the LGM also tend to have surface density changes at the LGM in the Atlantic compared to the
Southern Ocean that resemble MIROC-ESM (not shown). This suggests the possible importance
of this feature of the simulated surface density field for explaining the inter-model differences in
AMOC depth among the PMIP3 models.

Here we evaluate the importance of the surface density distribution compared with the
surface buoyancy flux for constraining the AMOC depth. We do this by varying the restoring
timescales in Equation (5.4). As illustrated in Fig. 5.3 and further discussed in Appendix C, with
strong relaxation (small 79 and #g,), the surface density simulated in MITgcm approximately
reproduces the prescribed surface density, but the surface buoyancy flux simulated in MITgcm
tends to differ substantially from the PMIP3 simulations (Appendix C.1). With weak relaxation
(large 79 and f4y;), on the other hand, the surface buoyancy fluxes approximately match but the

surface densities tend to differ substantially between the MITgcm simulations and the PMIP3
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Figure 5.3: Zonal-mean (a) surface buoyancy flux and (b) surface density in the CCSM4 PMIP3
simulation of the LGM climate (dotted lines) and in the MITgcm run with surface forcing drawn
from the CCSM4 PMIP3 simulation (solid lines). The differences in the zonal-mean (c¢) surface
buoyancy flux and (d) surface density between the CCSM4 PMIP3 simulation MITgcm runs
are also shown. The runs with stronger relaxation tend to more closely reproduce the surface
density and less closely reproduce the surface buoyancy flux, as described in the text. Here the
surface buoyancy flux is calculated as F' = g/po(0Qnet/cp — poPS), where g is gravitational
acceleration, o is the thermal expansion coefficient, and B is the haline contraction coefficient

simulations (Appendix C.2).

In addition to the six MITgcm simulations described in Section 5.2.2 above (fg=2 months
and f,;=3 months: “medium’), here we discuss the results of a set of six simulations with
stronger relaxation (fg=12 days and 7,,;=18 days: “strong”) and a set of six simulations with
weaker relaxation (fg=10 months and 7,,;=15 months: “weak”).

The MITgcm runs with strong relaxation and the MITgem runs with medium relaxation

largely reproduce the LGM—-PI AMOC depth difference in the PMIP3 simulations (Fig. 5.4b),
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Figure 5.4: Comparison between the PMIP3 simulations and the three sets of MITgem simula-
tions with varied relaxation timescales in terms of (a) the LGM and PI AMOC depth and (b) the
LGM-PI AMOC depth difference. The colors of the circles and diamonds in each panel indicate
the PMIP3 simulation that was used for the surface forcing, and the gray symbols indicate the
level of relaxation. The blue dotted line in each panel represents equality between the quantities
on the vertical and horizontal axes.

although the MITgcm simulations underestimate the AMOC depth in all of the PMIP3 simulations
(Fig. 5.4a). The MITgcm runs with weak relaxation underestimate the AMOC deepening at the
LGM by 700 m for MIROC-ESM, simulate a shoaling of 300 m at the LGM for MPI-ESM, and
overestimate the shoaling at the LGM by 240 m for CCSM. The MITgcm runs with medium
relaxation closely reproduce the AMOC depth changes for both MPI-ESM and MIROC-ESM
within 50 m, but they overestimate the shoaling for CCSM by 230 m at the LGM. The MITgcm
runs with strong relaxation reproduce the AMOC depth changes for CCSM and MPI-ESM within
50 m, but they overestimate the AMOC deepening by 350 m for MIROC-ESM.

Hence the results in Fig. 5.4b show that the simulations with weak relaxation, which
most closely reproduce the surface buoyancy flux in the PMIP3 simulations, do a substantially
worse job of reproducing the LGM-PI changes in the AMOC depth than the simulations with
stronger relaxation, which most closely reproduce the surface density distribution in the PMIP3

simulations. This suggests that the simulated LGM-PI changes in AMOC depth in the PMIP3
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Figure 5.5: Salinity perturbation distributions in (a) the North Atlantic (Py) and (b) the Southern
Ocean (Ps).
simulations is closely connected to the simulated surface density field. This stands in contrast
with previous emphases on surface buoyancy flux in controlling the AMOC depth (e.g., Ferrari

et al., 2014; Jansen and Nadeau, 2016), which is further discussed in Section 5.5.

5.4 How the surface density constrains the AMOC depth

In this section, we investigate how the surface density field constrains the AMOC depth.
We carry out a series of idealized perturbation simulations with MITgcm and then construct a
geometric model that relates the AMOC depth to the surface density field in the North Atlantic as

well as the Southern Ocean.

5.4.1 Idealized perturbation runs

We carry out a series of simulations with perturbed surface density fields in the North
Atlantic and the Southern Ocean, since these are the two regions where the deep ocean primarily
ventilates. The MITgem simulation with the surface forcing derived from the CCSM4 PMIP3
PI run is adopted as the reference simulation, except that in this series of simulations we use

a very strong relaxation (fg = 6 days and #,,;=9 days) such that the simulated surface density
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closely follows the restoring surface density. We perturb the surface density by adding a salinity

perturbation (AS™) to the restoring surface salinity field S*:

AS* = AS Py + AS§Ps, (5.5)

where ASY, and AS§ are scalar parameters with units of g/kg that control the magnitude of the
salinity perturbations, and Py and Ps are dimensionless fields that represent the geographical
distribution of the salinity perturbations. As indicated in Fig. 5.5, the North Atlantic perturbation
field (Py) is 1 to the north of 40°N in the Atlantic Ocean and decays southward to a value of
0 at 20°N, and the Southern Ocean perturbation field (Ps) is 1 to the south of 40°S and decays
northward to a value of 0 at 20°S. We use salinity instead of temperature to perturb the surface
density because the haline contraction coefficient (B) is relatively constant with respect to varying
temperature and salinity. For example, if the temperature varies from -2°C to 10°S and the salinity
remains at 35 g/kg at the sea surface, B varies from 7.93x10~% to 7.65x10~4(g/kg) ~!, whereas
the thermal expansion coefficient o varies from 0.4x10™* to 1.67x10~* °C~!. Consequently, a
salinity perturbation represents roughly the same surface density perturbation in the North Atlantic
as in the Southern Ocean. In the following discussions, we will assume B = 7.8 x 10™%(g/kg) !
to translate the salinity perturbations to density perturbations.

Four sets of perturbation runs are performed (Table 5.1): North Atlantic, Southern Ocean,
Symmetric, and Antisymmetric. The perturbations are uniform in the high latitudes (Fig. 5.5),
which ensures that the deep convection occurs at approximately the same locations in the North
Atlantic and the Southern Ocean as the salinity perturbations are varied. As a result, changes in
the density of NADW and AABW in their source locations follow the surface perturbations in the
greater North Atlantic and the Southern Ocean regions, respectively. This is indicated in Fig. 5.6,
which shows that changes in the density of the NADW core and AABW are approximately equal

to the values of the surface perturbations (Fig. 5.6b).
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Figure 5.6: (a) Temperature-salinity diagram for the North Atlantic perturbation runs. This
diagram is obtained by averaging the time-averaged temperature and salinity fields on constant
depth levels between 20°S and 20°N in the Atlantic Ocean. Water masses with temperature
higher than 6°C are not shown. The dots represent the isopycnal that separates the two over-
turning circulation cells in the Atlantic Ocean (defined in Equation (5.8)). Contours of &, are
indicated as gray dotted lines. (b) Potential density of the NADW core and AABW in the
North Atlantic perturbation runs with ASy, > —0.1g/kg. The NADW core is characterized by a
salinity maximum in the temperature-salinity diagram for the deep ocean, and it is defined here
as the maximum salinity in the diagram plotted in panel a. The density of AABW is defined as
the maximum of the potential density profile averaged between 20°S and 20°N in the Atlantic
Ocean. For the runs with AS}, < —0.1 g/kg that are not included here, the NADW core is too
fresh and too shallow, and there is no interior salinity maximum in the temperature-salinity
diagram. The blue dashed line in panel b represents equality between the vertical and horizontal
plotted quantities, and the red dashed line represents zero density response.
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Figure 5.7: The isopycnal overturning circulation streamfunction mapped to depth coordinates
in the Atlantic Ocean in each of the North Atlantic perturbation runs (). The value of the
salinity perturbation parameter in g/kg is indicated in each panel. The thick black line in each
panel represents the isopycnal contour of potential density p that separates the two overturning
circulation cells in the Atlantic Ocean. Note that the overturning circulation streamfunction in
each of the Southern Ocean perturbation runs (not shown) is approximately equivalent to the
North Atlantic perturbation run with the opposite perturbation parameter value, e.g., the Southern
Ocean perturbation run with AS5 = 0.6 g/kg has an overturning circulation streamfunction
approximately equivalent to the North Atlantic perturbation run with ASy, = —0.6 g/kg.
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Table 5.1: Summary of the four sets of perturbation runs discussed in Section 5.4. The first
column indicates the name of the set, the second column indicates the range of values scaling
the perturbation to the North Atlantic salinity, and the third column indicates the range of
values scaling the perturbation to the Southern Ocean salinity. These represent the full ranges
over which the AMOC reaches the Southern Ocean but does not reach the ocean bottom:
for ASy, > 0.3 g/kg in the North Atlantic perturbation runs, AS§ < —0.3 g/kg in the Southern
Ocean perturbation runs, and ASy > 0.15 g/kg in the Antisymetric perturbation runs, the
AMOC reaches the ocean bottom; and for ASy, < —0.6g/kg in the North Atlantic perturbation
runs, AS§ > 0.6g/kg in the Southern Ocean perturbation runs, and ASy, < —0.3g/kg in the
Antisymetric perturbation runs, the AMOC does not reach the Southern Ocean.

Perturbation runs \ ASy (g/kg) \ AS5 (g/kg)

North Atlantic -0.6100.3 0
Southern Ocean 0 -0.3100.6
Symmetric -0.6t00.3 | ASs=ASy
Antisymmetric -0.3t00.1 | AS5 = —ASy,
4000
Predictions N=0.5poB(ASy — ASS)
@ North Atlantic perturbation ® North Atlantic perturbation
35004 @ Southern Ocean perturbation ® Southern Ocean perturbation
Symmetric perturbation I 0.1 Symmetric perturbation L
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Figure 5.8: (a) The AMOC depth (as defined in Equation (5.9)) in the four sets of perturbation
runs. The gray dashed line represents the AMOC depth predicted by Equation (5.18) with
A = (1/2)poB(ASy — ASS). Each error bar represents the depth range among all locations
(y) between 30°S and the equator of the zero streamline (§(y)) in Equation (5.9). (b) The
difference in density between the isopycnal, which separates the upper and lower cells, and the
Southern Ocean perturbation, AP — Apg, in the four sets of perturbation runs. The gray dashed
line represents the equality A = Ap — Aps = (1/2)poB(ASy — AS5). In both panels, all of the
Symmetric perturbations runs (orange dots) are clumped in a small part of the plot and overlap
each other.
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In the analysis of the PMIP3 simulations above, we used the Eulerian-mean overturning
circulation streamfunction () to represent the overturning circulation because most of the PMIP3
models did not report the eddy bolus velocity. Here, because MITgem does report this, we instead
analyze the isopycnal overturning circulation streamfunction (), which includes contributions
from both the mean flow and the parameterized eddies. The isopycnal overturning circulation
streamfunction () provides a more accurate representation of the overturning circulation (e.g.,
Karsten and Marshall, 2002). It is not substantially different from the Eulerian-mean in the
Atlantic basin (except in regions of deep convection) due to the relatively small role played
there by eddies, but it differs more substantially in the Southern Ocean where eddies play a
larger role (e.g., Marshall and Radko, 2003). We calculate the isopycnal overturning circulation

streamfunction on 6; coordinates (where 6, is the potential density referenced to 2,000 dbar) as

1 T rx. rO
W(y;GZ) :__/ / / vr(xa)/7z7t)j{(cl2(x7y7z7t)_GZ)dZdXdla (5.6)
T Jo Xw Zbot

where T=100 years is the averaging period, # is the Heaviside step function, v, is the total
meridional velocity that includes both the eulerian-mean flow and the eddy-bolus contribution due
to the parameterized eddies, and 6} is the o, field calculated by the model at each location. The
isopycnal overturning circulation streamfunction y is then mapped to depth coordinates using the
mean depth of each isopycnal. Following Nurser and Lee (2004), we define the mean depth of a

given isopycnal Z(y, o7 ) implicitly via

Xe 2())»62) 1 T Xe 0 p
/ / dxdz = —/ / H(02(x,y,2,t) — Oy )dxdzdt, (5.7)
Xw 7 T 0 Jxw Jzpot

bot

such that the cross-sectional area below Z at latitude y is equal to the cross sectional area of fluid
denser than 5. The resulting streamfunction for each North Atlantic perturbation simulation is
plotted in Fig. 5.7.

We define the potential density of the isopycnal that separates the two overturning circula-
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tion cells in the Atlantic Ocean (p) implicitly as

0
/ Vat (5, 5)dy = 0. (5.8)
30°S

This isopycnal represents the water mass boundary between NADW and AABW (dots in
Fig. 5.6a).
Next, we define the AMOC depth as the mean depth of the isopycnal contour p between

30°S and the equator

1 [0 .
y J —Ly

where L, represents the meridional distance between 30°S and the equator as used above. The
AMOC depth defined here (H) is somewhat different from that defined using the Eulerian-mean
overturning circulation (D in Equation (5.2)). However, the response of the AMOC depth to
surface perturbations is approximately equivalent between the two definitions (not shown).

In response to increasing salinity perturbation in the North Atlantic or decreasing salinity
perturbation in the Southern Ocean, the AMOC becomes deeper (Fig. 5.8). These results suggest

a symmetry between the North Atlantic and the Southern Ocean perturbation runs:
H(ASy = AS,AS5 =0) ~ H(ASy = 0,ASg = —AS), (5.10)

where the left-hand side of the expression represents one of the the North Atlantic perturbation
runs, the right-hand side of the expression represents one of the Southern Ocean perturbation
runs, and AS is any value of the salinity perturbation. In the following section, we construct a

geometric model to explore the reasons for this symmetry.
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Figure 5.9: Contours of the isopycnal that separates the two overturning circulation cells (p),
with potential density zonally averaged in the Atlantic Ocean (north of 33°S) and in the Atlantic
sector of the Southern Ocean (south of 33°S) in the Southern Ocean perturbation runs (dashed)
and the North Atlantic perturbation runs (solid). Only a subset of the runs are included for clarity.
The red line represents the control run, which is equivalent to the North Atlantic perturbation run

ASy = 0 and the Southern Ocean perturbation runs ASs = 0. The gray dashed line represents
33°S.
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Figure 5.10: Schematic diagrams illustrating the proposed connections between the AMOC
depth differences between the LGM and PI climates and the surface density changes in the
North Atlantic and the Southern Ocean. (a) If the surface density change from the PI to the
LGM in the Southern Ocean (Aps) is larger than in the North Atlantic (Apy), then the isopycnal
boundary (p) that separates the two overturning circulation cells will outcrop in the Southern
Ocean at a latitudinal location that is more equatorward by AH /s (Equation (5.14)). Assuming
the isopycnal slope remains approximately constant in the Southern Ocean, this means that the
AMOC will be shallower by AH (Equations (5.30) and (5.18)) at the LGM. (b) If Apy is smaller
than Apy, then p will outcrop in the Southern Ocean at a location that is more poleward by
AH /s and the AMOC will be deeper by AH at the LGM.
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5.4.2 Geometric model

The depth of the isopycnal p that separates the two overturning circulation cells at the
northern boundary of the Southern Ocean is related to its outcropping latitudinal location (y,) and

mean slope (s) in the Southern Ocean as

H = (yp—Yo)s, (5.11)

where yq represents the latitudinal location of the northern boundary of Southern Ocean.

For the control run (AS}, = AS§ = 0), the isopycnal boundary satisfies

ps(v;) =P, (5.12)

where p§ is the zonal-mean surface density in the Southern Ocean as a function of latitudinal
location in the control run, and yj is the outcropping location of the isopycnal boundary p¢ in the
Southern Ocean.

For a given perturbation run, the zonal-mean Southern Ocean surface density changes by
approximately Apg == poBAS compared with the control run, and hence the isopycnal boundary

outcrops at the location y,’j that satisfies

ps(vh) + Aps = pP. (5.13)

We define the shift in the potential density of the isopycnal boundary in the perturbation run
compared with the control run as Ap = p? — p€.

Assuming that the isopycnal slope stays approximately constant under perturbations to
the Southern Ocean surface density (e.g., Boning et al., 2008; Gent and Danabasoglu, 2011) and

combining Equations (5.11), (5.12), and (5.13), the difference in the AMOC depth between a
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given perturbation run and the control run can be written as

AH =5 (y} — )

A
oo (5.14)

(dpg/dy) |y‘,,' 7

where a Taylor expansion of p§ at y© is used to obtain the last approximation and
A=Ap—Aps (5.15)

represents the change in the density of the isopycnal boundary (Ap) minus the surface density
perturbation in the Southern Ocean (Apg). Equation (5.14) states that the change in AMOC depth
in the perturbation runs is determined by the specified changes in the Southern Ocean surface
density (Aps), the surface meridional density gradient in the Southern Ocean in the control run
(dp§/dy), the approximately invariant slope of the isopycnal p in the Southern Ocean (s), and the
simulated changes in the density of the isopycnal boundary (Ap). This applies because A, along
with the meridional surface density gradient, determines the shift in the outcropping latitude of p,
which is associated with changes in the AMOC depth through Equation (5.11). The approximate
invariance of the isopycnal slope is indicated in Fig. 5.9 and is discussed in Section 5.5c.

Under the approximation that the AMOC depth remains constant in the tropical Atlantic
Ocean, if the Southern Ocean surface density does not change then the change in the AMOC
depth will be

AH = D(p° +Ap) — D), (5.16)

where D is the inverse function of the vertical density profile in the control run p¢(z), D(p°) =z,
which is obtained by averaging the vertical density profile in the Atlantic Ocean between 30°S
and the equator. In runs with perturbed Southern Ocean surface density, if we approximate that

the isopycnal slope in the Southern Ocean is constant such that the surface density in the Southern
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Ocean (p§(y)) maps to the deep ocean along isopycnals via

p(2) = ps(vo — zs), (5.17)

then we can generalize the expression for the change in AMOC depth to be

AH = D(p¢ +A) — D(p°). (5.18)

The changes in p in the perturbation runs compared with the control runs are expected to
be expressible in terms of the specified surface density perturbations in the Southern Ocean and
the North Atlantic, i.e.,

AP =TI(Aps,Apw), (5.19)

where Apy = poPASy, represents the surface density perturbation in the North Atlantic. Note
that this expression also implies that the change in p compared with the Southern Ocean surface
density perturbation, A, is also a function of the surface density perturbations in the Southern
Ocean and the North Atlantic. Next, we investigate the form of the function IT(Apgs, Apy) in the

perturbation runs.

Symmetric perturbation runs

In the Symmetric perturbation runs, the surface densities in the North Atlantic and the
Southern Ocean are perturbed by the same amount, Aps = Apy. Because the deep ocean ventilates
only in the North Atlantic and the Southern Ocean, this is expected to shift the density uniformly
by Apy without any dynamical consequence, with the possible exception of regions close to the

ocean surface in the low-latitude Atlantic and in the Indo-Pacific where mixing with the surface
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water may have some impacts. Therefore, we expect that the changes in p will be approximately

AP =TI(Aps,Aps) = Aps, (5.20)

and therefore

A=Ap—Aps = 0. (5.21)

This suggests no changes in the AMOC depth based on Equation (5.14), i.e.,

AH = 0. (5.22)

Figure 5.8 (orange dots) indicates that this is indeed approximately the case in the Symmetric
perturbation runs.
North Atlantic perturbation runs

In the North Atlantic perturbation runs, Aps = 0 and hence Ap is a function only of Apy.
This can be written as

AP =T1(0,Apy) = IT; (Apw), (5.23)

and changes in p compared with the specified Southern Ocean surface density changes similarly
satisfy

A =TI, (Apw), (5.24)

where IT; is an unknown function that satisfies Iy (0) = 0.

Southern Ocean perturbation runs

In the Southern Ocean perturbation runs, Apy = 0 and hence Ap is a function only of

Aps. The forcing of a given Southern Ocean perturbation run with (Apy = 0,Aps = Ap) is
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equivalent to the sum of a North Atlantic perturbation run with (Apy = —Ap,Aps = 0) and
a Symmetrical perturbation run with (Apy = Aps = Ap). Approximating that the Symmetric
perturbation modifies the density field with no consequence for the AMOC depth, as above,
implies that the change in the density of the isopycnal that separates the two cells in this Southern

Ocean perturbation run will be

Ap =TI1(Aps,0) = ITi (—Aps) + Aps. (5.25)

This implies that the change in p relative to the Southern Ocean surface density perturbation

satisfies

A= Hl(—Aps). (526)

in the Southern Ocean perturbation runs. Figure 5.8 (compare red and blue dots) indicates that

this is approximately the case.

Antisymmetric perturbation runs

Similar to the Southern Ocean perturbation runs, a given Antisymmetric perturbation
run with (Apy = Ap,Aps = —Ap) can be approximately decomposed into the sum of a North
Atlantic perturbation run with (Apy = 2Ap,Aps = 0) and a Symmetric perturbation run with
(Apy = —Ap,Aps = —Ap). Therefore, we expect the change in the density of the isopycnal Ap

in the Antisymmetric perturbation runs to be approximately

Aﬁ = H1(2ApN) — ApN, (527)

with the change in p relative to the Southern Ocean surface density perturbation being

A =TI, (2Apy). (5.28)
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This can be seen to be approximately the case in the Antisymmetric perturbation runs by compar-

ing the green and blue dots in Fig. 5.8.

Synthesis

Taken together, this suggests that A can be expressed as
A=T1,(Apy — Aps). (5.29)

In other words, this implies that the change in the potential density p of the isopycnal boundary
relative to the Southern Ocean surface density perturbation is a function of the difference between
the surface density perturbation in the North Atlantic and the surface density perturbation in the
Southern Ocean. This is shown to be the case in the simulations in Fig. 5.8b.

Therefore, the difference in the AMOC depth between a given perturbation run and the

control run can be written from Equation (5.14) as

s
AH ~ —— T} (Apy — Aps).- (5.30)
(dps/dY) |ye

This indicates that changes in the AMOC depth can be attributed to the differences between the
perturbations to the North Atlantic surface density and the Southern Ocean surface density, which
is shown to be the case in the simulations in Fig. 5.8a.

We use the results of the perturbation simulations to determine the actual form of IT;. The

scatter plot of A vs Apy —Aps in Fig. 5.8b suggests that

A=~ = (Apy — Aps) . (5.31)

| =
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Combined with Equation (5.29), this implies
1
IT, (Ap) = S 4P (5.32)
for a given density perturbation Ap. Combined with the definition A = AP — Apg, this implies

Ap = (Apy +Aps).- (5.33)

| =

This indicates that the change in the isopycnal boundary density (p) is given by the average
between the change in surface density in the North Atlantic and in the Southern Ocean. This
result is in contrast with previous theoretical studies that have assumed p to be the maximum
surface density in the North Atlantic, and hence that AP depends solely on North Atlantic surface
conditions (e.g., Nikurashin and Vallis, 2012).

Combining Equations (5.18) and (5.33), along with the density profile (p(z)) in the
Atlantic Ocean for the control run, we can predict the variations in the AMOC depth in response
to surface density perturbations. This prediction of the geometric model (gray dashed lin in
Fig. 5.8a) is shown to be consistent with the perturbation runs.

This implies that the changes in the AMOC depth simulated in the PMIP3 models can
be approximately understood in terms of how the variations in the surface density field compare
between the North Atlantic and the Southern Ocean. As illustrated in the schematic Fig. 5.10, if
the surface density change from the PI to the LGM climate in the Southern Ocean (Apy) is larger
than the North Atlantic (Apy), the isopycnal boundary (p) that separates the two overturning
circulation cells will outcrop in the Southern Ocean at a lower latitude and thus the AMOC will
be shallower at the LGM by AH (Equations (5.14), (5.30), and (5.18)). On the other hand, if Apg
is smaller than Apy, then p will outcrop in the Southern Ocean at a higher latitude and thus the

AMOC will be deeper at the LGM.
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Figure 5.11: (a-c) Annual-mean frequency of convective adjustments in the North Atlantic
perturbation runs described in Section 5.4a above, which use the CCSM4 PMIP3 PI run as the
reference simulation. (d-f) As in the upper panel, except using the MPI-ESM PMIP3 PI run as
the reference simulation. This frequency indicates the annual-mean column-integrated number
of convective instability events in the MITgcm representation of mixing from static instability,

and hence it indicates the horizontal locations of deepwater formation.

3500
--- Predictions 0.15 N=0.5poB(ASy — ASS)
Corrected predictions A ® North Atlantic perturbation
@ North Atlantic perturbation N 0.10 A= 0.5(Apnapw + Dpansw) — Bps
3000 4 7 7 .
/ . P °
/S |@a o005 P
€ /| E 4
= / o -
2500 4 S % | x o000 ®
B S o
y
3 % S 0.5
/ o
Q /q |
02000 Y ol Q. _ o -
s 5 g -0
< . 3§ I o
g < -0.15- ‘
1500 T ’ T 2= o
I = —0.20
.
—0.25
1000 +— . - - - - - - - .
-0.6 -0.4 -0.2 0.0 0.2 -0.6 -0.4 -0.2 0.0 0.2

Salinity perturbation ASy — AS< (g/kg)

Figure 5.12: As in Fig. 5.8 but using the MPI-ESM PMIP3 PI run as the reference simulation
rather than the CCSM4 PMIP3 PI run, and considering only North Atlantic perturbation runs.
Here corrected predictions for ASy — AS§ > 0 are made using Equation (5.34) (orange “+”),
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which draw on the density of NADW and AABW diagnosed from the simulations.
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5.5 Discussion

5.5.1 What sets the density of the isopycnal boundary between the two

overturning circulation cells (p)?

In the MITgcm runs described in Section 5.4a above that have surface forcing from the
CCSM4 PMIP3 PI simulation plus a specified perturbation, the convection sites in the North
Atlantic do not move substantially in response to the surface density perturbations. This is shown
in Fig. 5.11a-c. Here we test the extent to which this depends on the reference simulation by
carrying out another set of MITgcm runs that have surface forcing from the MPI-ESM PMIP3
PI simulation plus the same specified perturbation fields as in the North Atlantic perturbation
runs described in Section 5.4a. We find that in these runs, the convection sites shift from the
eastern North Atlantic to the south of Greenland in response to the perturbations as ASy; increases,
especially when ASy, > 0. This is shown in Fig. 5.11d-f. Whether the convection sites shift in
response to a uniform high-latitude perturbation field is expected to depend on factors including
the deep ocean stratification in the reference simulation and the strength of the surface perturbation.
Due to the shifted North Atlantic convection sites in the perturbed MPI-ESM simulations, the
change in the NADW density is expected to differ from Apy. Indeed, we find that when ASy, > 0,
the simulated value of A = Ap — Apg is lower than the value predicted by Equation (5.31), and
the simulated change in AMOC depth is smaller than the change predicted by Equation (5.18), as
shown in Fig. 5.12.

These results suggest that changes in the isopycnal boundary density Ap follow

21
Ap = 7 (ApNADW +ApPaABW), (5.34)

rather than (5.33), with pxapw and paasw the density of NADW and AABW diagnosed from

the simulation. With A = Ap — Aps and Equation (5.18), this change in the expression for Ap
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revises the prediction for the changes in the AMOC depth. This is indicated in Fig. 5.12a as the
“corrected predictions”. It should be emphasized, however, that unlike the predictions that draw
on Equation (5.33), these corrected predictions that draw on Equation (5.34) require the density
of NADW and AABW to be diagnosed from the GCM simulation results.

Note that if the the Southern Ocean surface density profile changes by the same amount

as paaBw, then Equation (5.31) is replaced by
1
A= E(APNADW — ApAABW)- (5.35)

In this case, the geometric model presented here (Equation (5.14)) suggests that the AMOC depth
will be correlated with the density difference between the NADW and AABW, as has been found
in some climate model studies (e.g., Galbraith and de Lavergne, 2018).

The results shown in Fig. 5.12 imply that the isopycnal boundary that separates the two
overturning circulation cells is determined by the densities of the NADW and AABW water
masses, and that under a given perturbation, the change in the density of the isopycnal boundary
between the two cells is approximately equal to the average of the changes in the densities of
the two water masses (Equation (5.34)). This is expected to result from the vertical mixing
between the two water masses in the Atlantic Ocean (see Fig. 5.6a). Given that the isopycnal
boundary moves between 1,500m and 3,000m (Figs. 5.8a and 5.12a), the relationship in Equation
(5.34) appears to be relatively insensitive to the value of the diapycnal diffusivity (see Figs. 5.8b
and 5.12b), which varies in this configuration of MITgcm from 3 x 10~>m? /s at the surface to
1.3 x 10~*m? /s below 2,000m depth.

The finding here that the density of the isopycnal separating the two cells (p) is related to
both North Atlantic and Southern Ocean conditions (Equation (5.34)) is in contrast with previous
theoretical studies that explicitly or implicitly assume that p is the maximum surface density

in the North Atlantic (e.g., Nikurashin and Vallis, 2012; Ferrari et al., 2014; Thompson et al.,
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2016), which would imply Ap = Apnapw. This previous assumption was based on a simplified
viewpoint of the overturning circulation which ignored the temporal and longitudinal variations
of the density fields, in which case only isopycnals above p could outcrop in both the Southern
Ocean and the North Atlantic (e.g., Nikurashin and Vallis, 2012). In a more realistic setup, water
masses below P can also outcrop in the North Atlantic even though their isopycnals do not outcrop

in the time-mean zonally-integrated overturning circulation streamfunction.

5.5.2 Comparison with previous studies

Previous studies have differed on whether the surface of the North Atlantic or the Southern
Ocean dictates the depth of the boundary between the upper and lower ocean circulation cell. The
present study suggests that it is both.

The geometric model developed in Section 5.4 relies on the spatial uniformity of the
high-latitude surface density differences in the idealized perturbation runs. This can be applied to
other GCM simulations by approximating that the NADW potential density (pnapw) 1S equal to
the maximum zonal-mean wintertime surface density in the subpolar North Atlantic (p,,;) and
the AABW potential density (paapw) 1s equal to the maximum zonal-mean surface density in
the Southern Ocean (p;;2), PNADW = Pm1 and paaBw = Pm2. Under these approximations, the

geometric model (5.34) predicts that

(Pm1 + Pm2) (5.36)

| =

o=

will be the potential density of the isopycnal separating the two overturning circulation cells,
p’ ~ p. According to the geometric model, the shift in the outcropping latitude of the isopycnal p’
in the Southern Ocean will explain the change in the AMOC depth changes between simulations
of the PI and LGM climates. Indeed, in Fig. 5.13e we show that the shift in the outcropping

latitude of the predicted isopycnal boundary (p’) is approximately consistent with the shift in the
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outcropping latitude of the actual simulated isopycnal boundary (p) in the perturbation runs, and
in Fig 5.13f we show that it explains over 90% of the variance in the simulated AMOC depth
differences between the PI and LGM climates among the PMIP3 simulations and the MITgcm
ocean-only runs described in Section 5.3.

Next, we compare the framework developed in the present study with the implications
of two previous influential theoretical studies that each proposed a separate way in which the

Southern Ocean surface buoyancy forcing alone controls the AMOC depth.

Ferrari et al. (2014)

Ferrari et al. (2014) approximate the circulation in the Southern Ocean to be adiabatic,
and based on this and several other assumptions they propose that the AMOC depth is determined
by the transition latitude (y;) where the Southern Ocean surface buoyancy flux changes sign. Here
we test this idea using the simulations described in the present study.

In response to surface perturbations in the North Atlantic perturbation runs, the overturning
circulation varies in the Southern Ocean, and there are changes in the Southern Ocean surface
buoyancy forcing associated with this due to the surface temperature and salinity being relaxed
toward specified values. As a result, the transition latitude (y;) of the Southern Ocean surface
buoyancy flux shifts in response to surface perturbations (Fig. 5.13a).

Ferrari et al. (2014) posited that the isopycnal boundary P outcrops at y;. However, we find
that the shift in the transitional latitude y; differs substantially from the outcropping latitude of
the isopycnal boundary p (Fig. 5.13a). We find that the AMOC depth is not substantially related
to y;, with the shift in the transition latitude (y;) explaining only 16% of the variance in simulated
AMOC depth differences between the PI and LGM climates among the PMIP3 simulations and
the MITgcm ocean-only runs described in Section 5.3. Previous work (Sun et al., 2018) used
CESM ocean-only simulations to attribute the discrepancy between the Southern Ocean surface

buoyancy flux and the AMOC depth to the diapycnal processes in the Southern Ocean, which
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were neglected in Ferrari et al. (2014).

Jansen and Nadeau (2016)

Jansen and Nadeau (2016) used idealized model simulations with a single basin that
represents the Atlantic ocean to suggest that the rate of surface buoyancy loss across the surface
of the Southern Ocean determines the AMOC depth. This was based on the approximation
that the total surface buoyancy loss in the Southern Ocean is balanced by the interior buoyancy
gain through diapycnal mixing associated with the lower overturning circulation cell outside the

Southern Ocean, which can be written as

@z//Ka%b(x,y,H’)dxdy. (5.37)

Here ‘B is buoyancy loss integrated over all ocean locations to the south of 60°S and hence is
expected to include most of the negative buoyancy flux associated with deep water formation in
the Southern Ocean, b(x,y,z) represents three dimensional buoyancy field (b = —g(p — po)/po)s
and the integration on the right-hand-side is performed along the upper boundary of the lower
circulation cell (z = H'(x,y)) across all locations to the north of 30°S. We examined the extent to
which B can be used to predict the mean value of H' in the simulation results.

In the North Atlantic perturbation runs as well as the Southern Ocean perturbation runs,
the deep ocean stratification remains approximately the same as in the control run because the
perturbations in the Southern Ocean are spatially uniform. Thus, H' can be predicted from the
vertical profile of the diagnosed integrated interior diapycnal buoyancy flux simulated in the
Atlantic and Indo-Pacific basins. We find that the depth (H') where the buoyancy balance in
Equation (5.37) applies is substantially shallower in the perturbation simulations than the actual
simulated AMOC depth (Fig. 5.13c). This difference may be due to diabatic processes in the

Southern Ocean that are neglected in Equation (5.37). In the MITgcm simulations, the integrated
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interior diapycnal fluxes, which support the interior diapycnal transformation of water masses,
increase upward (cf. Munk, 1966). Therefore, neglecting diabatic processes in the Southern
Ocean, especially in the surface mixed layer (cf. Marshall et al., 1999), may be expected to result
in an overestimatation of the interior buoyancy gain and an underestimation of the AMOC depth
based on Equation (5.37).

Hence the difference between H' and the actual AMOC depth is expected to depend
on the amount of diapycnal mixing in the Southern Ocean, which is a function of the density
stratification. In the perturbation runs, which all have approximately the same deep ocean
stratification, this difference is fairly uniform (Fig. 5.13c) such that changes in the AMOC depth
between simulations are approximately consistent with changes in H'. However, the deep ocean
stratification varies among the PMIP3 simulations and the MITgcm ocean-only runs described
in Section 5.3. Consequently, the difference between H’' and the simulated AMOC depth is not
uniform in these runs. Consistent with this, we find that changes in the surface buoyancy forcing
in the Southern Ocean have only limited ability to explain the changes in the AMOC depth among

the simulations plotted in Fig. 5.13d (correlation of > = 0.46).

5.5.3 Isopycnal slope

Varations of the isopycnal slope in response to surface perturbations in simulations that
use a single-basin model with a flat bottom (e.g., Wolfe and Cessi, 2014) tend to be larger than in
the MITgcm simulations presented here. In these single-basin models, the contributions to the
Southern Ocean overturning circulation due to standing eddies are minimal (e.g., Wolfe and Cessi,
2014, their Fig. 13), and the isopycnal slope can be connected to the Southern Ocean overturning

circulation through residual-mean theory using (Marshall and Radko, 2003)

Tyl
= + KgmSLy, (5.38
4 Pof GM»Lx )
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where T, represents the zonally-averaged zonal wind stress forcing, L, is the length of a latitude
circle in the Southern Ocean, Kgy is the GM thickness diffusivity, and f is the Coriolis parameter.
Note that KgmsL, is a representation of the transient eddies. Based on this relationship, the
isopycnal slope in the North Atlantic perturbation runs would be expected to become smaller
in order to balance the more positive Southern Ocean overturning circulation streamfunction
(Fig. 5.14).

However, the MITgcm simulations in this study have a more realistic setup with two
basins and a non-flat bottom, and in these simulations standing eddies can contribute a substantial
component to the Southern Ocean overturning circulation (e.g., Tréguier et al., 2007; Ballarotta
et al., 2013). Therefore, changes in the Southern Ocean overturning circulation can be balanced
by an enhancement of the standing eddy contributions, which are not represented in Equation
(5.38), thereby allowing the isopycnal slope to stay approximately constant.

Additionally, the Southern Ocean overturning circulation streamfunction associated with
the isopycnal p is approximately constant in the North Atlantic perturbation runs, especially for
ASy < 0.3 (Fig. 5.14b). This approximately constant streamfunction associated with p reflects a
similar contribution from the Indo-Pacific Ocean among the idealized perturbation runs, which
in turn is due to the approximately constant deep ocean stratificaiton in the Indo-Pacific basin
(Equation (5.17)). This, together with the standing eddies, contributes to the approximately

constant slope of the isopycnal contour p in the idealized perturbation runs (Fig. 5.9.

5.5.4 Nordic Seas

In the MITgcem simulations of the present study, NADW is formed exclusively in the sub-
polar North Atlantic. This is consistent with previous climate model studies that have emphasized
the impact of the subpolar North Atlantic on the AMOC (e.g., Yeager and Danabasoglu, 2014).
However, recent observations suggest that the southward branch of the AMOC originates mainly

from the Nordic Sea overflows, rather than from deep convection in the subpolar North Atlantic
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(Lozier et al., 2019).

At the LGM, sea ice in the Northern Hemisphere has been suggested to have covered the
Nordic Seas, thereby reducing the heat loss from the ocean to the atmosphere in these regions
(e.g., Brady et al., 2013, their Fig. 10). This may have caused a decrease in surface density at the
LGM, which may plausibly have contributed to shoaling of the AMOC. The lack of representing

of such processes is a caveat of the present study.

5.6 Summary

Paleoclimate proxy data suggest that the AMOC was approximately 1,000 m shallower
at the LGM compared with the current climate (e.g., Lund et al., 2011). Some previous studies
have connected this change to variations in surface buoyancy forcing in the Southern Ocean
(Ferrari et al., 2014; Jansen and Nadeau, 2016), and others have alternatively connected it to
surface conditions in the North Atlantic (e.g., Muglia and Schmittner, 2015; Oka et al., 2012).
A concerted effort to simulate the LGM climate in comprehensive models (PMIP3) has yielded
widely varied results for the LGM-PI difference in AMOC depth, with the majority of models
simulating a deeper and stronger AMOC at the LGM (e.g., Muglia and Schmittner, 2015). The
causes for this inter-model spread and relatedly for the discrepancy between the model simulations
and proxy reconstructions have remained unresolved.

The present study examines the simulated surface density field and AMOC depth in the
PMIP3 simulations of the PI and LGM climates. Based on the findings presented here, we suggest
that the changes in the AMOC depth are directly connected to changes in the surface density
fields in the North Atlantic and the Southern Ocean. We demonstrate this using simulations with
an ocean-only model with varying restoring strengths in the surface forcing.

Next, using a series of ocean-only model simulations that have idealized perturbations to

the surface salinity field, in concert with a geometric model of the overturning circulation, we
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propose a way to quantify the connection between the AMOC depth and the simulated surface
density field in both the North Atlantic and the Southern Ocean(Equations (5.14) and (5.35)). The
resulting theory predicts AMOC depth changes between different simulated climates based on the
change in the densities of NADW and AABW waters as well as the surface density distribution
and isopycnal slope in the Southern Ocean.

Hence the viewpoint proposed in this study allows a two-step process for identifying the
AMOC depth. First, a potential density representing the average between NADW and AABW is
selected. Next, assuming that the isopycnal of this density has a constant slope in the Southern
Ocean and is horizontal elsewhere, the depth of this isopycnal outside the Southern Ocean is
identified as the AMOC depth using the isopycnal slope and its outcropping latitude in the
Southern Ocean. This method is shown to provide an accurate estimate of the change in AMOC
depth between the LGM and PI simulations in a range of different models and surface forcing
fields. The viewpoint presented here sheds light on how changes in surface forcing in both the
North Atlantic and the Southern Ocean influence the AMOC depth changes between two climate
states.

There are a number of caveats that should accompany these results. This study focuses on
models, which offer an incomplete picture of the real world. Furthermore, the coarse resolution
ocean-only simulations do not resolve eddies, which have been suggested to be important for the
response of the Southern Ocean circulation to surface perturbations (e.g., Munday et al., 2013).
The model also does not resolve coastal processes in the North Atlantic and the Southern Ocean,
which have been suggested to be important for the formation of NADW and AABW (e.g., Snow
et al., 2016).

In conclusion, the results in this study highlight the close connection of the simulated
surface density in both the North Atlantic and the Southern Ocean to the depth of the AMOC.
This implies that any process that affects the density of NADW, the density of the AABW, or the

Southern Ocean surface density distribution should be expected to influence the AMOC depth.
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Such processes may include surface buoyancy forcing, wind stress forcing, and mixed layer

processes in both high-latitude and low-latitude regions.
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Figure 5.13: (a) Shift in the outcropping latitude of P (y,) versus the shift in transition latitude
(y;) of the zonal-mean surface buoyancy flux in the Southern Ocean. The circles represent the
simulation results from the North Atlantic perturbation runs, and the dashed line represents the
prediction of the conceptual model in Ferrari et al. (2014). (b) Change in the AMOC depth
between the simulated PI and LGM climates versus the shift in the transition latitude (y;) of the
zonal-mean surface buoyancy flux in the Southern Ocean. Results from the PMIP3 simulations
and the MITgcm ocean-only runs described in Section 5.3 are plotted. (c¢) AMOC depth versus
the net surface buoyancy loss in southern high latitudes, which is computed by integrating across
all ocean locations to the south of 60°S, similar to Marzocchi and Jansen (2017). The circles
represent the simulation results from the North Atlantic perturbation runs, and the dashed line
represents the AMOC depth predicted from the buoyancy balance as in Marzocchi and Jansen
(2017), which is expressed in Equation (5.37) of the main text. (d) As in panel b, but with
the change in net surface buoyancy loss to the south of 60°S between the simulated PI and
LGM climates plotted on the horizontal axis. (e) The shift in the outcropping latitude of the
isopycnal boundary p versus the shift in the outcropping latitude of the isopycnal p’, which is
defined in Equation (5.36). The circles represent the simulation results from the North Atlantic
perturbation runs, and the dashed line represents the prediction based on this study, which
implies equality between the two plotted quantities. Shifts in both quantities are calculated as
differences compared with the reference simulation of the perturbation runs (ASy = 0). (f) As in
panel b, but with the shift in the outcropping latitude of the isopycnal p’ between the simulated
PI and LGM climates plotted on the horizontal axis. In the lower row (panels a, c, e), only the
eight North Atlantic perturbation runs with ASy < 0.1 g/kg are plotted because the outcropping
latitude y, defined using the zonal-mean surface density reaches the Antarctic continent in the
other runs. Correlation coefficients between the plotted quantities are included in the lower row.
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Figure 5.14: The isopycnal overturning circulation streamfunction in the North Atlantic pertur-
bation runs at (a) 30°S in the Atlantic basin and (b) 50°S in the Southern Ocean. The overturning
circulation streamfunction in the Southern Ocean is calculated according to Equation (5.6) with
the zonal integral expanded to include all longitudes around the globe. The dots represent the
depth of the p isopycnal. Note that the dots in panel b do not closely correspond with the depth
where the streamfunction is zero because the depth of the p isopycnal is defined as the average
between 30°S and the equator in the Atlantic Ocean.
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Chapter 6

How important is the Southern Ocean for
the Atlantic Meridional Overturning

Circulation variability?

6.1 Introduction

In Chapter 2-5, we have focused our discussions on the equilibrium solution of the global
ocean overturning circulation. However, the ocean is never in steady state due to the long response
time scales of deep ocean (e.g., Zhang et al., 2013). Indeed, previous studies have suggested
that the Atlantic Meridional Overturning Circulation (AMOC) could vary over broad time scales,
ranging from months to thousands of years (e.g., Zhao and Johns, 2014; Sigman et al., 2010).
These variability associated with the AMOC may have substantial consequences for the climate
by modifying the meridional oceanic heat transport and sea surface temperature. For example,
changes in the AMOC and the associated heat convergence have been suggested to play an
essential role in driving the decadal variability of upper ocean heat content in the subpolar North

Atlantic (e.g., Zhang and Zhang, 2015).
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In an idealized one-basin setup for the ocean (e.g., Chapter 4), the North Atlantic Deep
Water (NADW) exiting the Atlantic must upwell in the Southern Ocean, even if the global ocean
overturning circulation is not in steady state. This implies that the strength of the AMOC at
the southern boundary (30°S) of the Atlantic Ocean is equal to the Southern Ocean overturning

circulation and can be expressed as

1L,
pof

Y= + KGmSLy, 6.1)

based on the residual-mean theory of the overturning circulation (see Chapter 4). Here, ¥
represents the AMOC streamfunction, T refers to the zonal-mean wind stress, pg 1s the reference
density of seawater, f is the Coriolis parameter, Kgym represents the eddy thickness diffusivity, s is
the isopycnal slope, and L, represents the width of the ocean. All these parameters are evaluated
at 30°S.

This suggests a stronger AMOC if the Southern Ocean surface wind stress forcing is
strengthened (e.g., Toggweiler and Samuels, 1995), although eddies in the Southern Ocean could
act to partially compensate this effect (e.g., Abernathey et al., 2011; Bishop et al., 2016). However,
this idea contradicts the current climate model simulations, which robustly predict the AMOC to
decline in the 21% century mainly due to warming in the North Atlantic (Gregory et al., 2005),
despite that a stronger westerly is consistently simulated in these models (Yin, 2005). This
contradiction appears to suggest an overestimated link between the Southern Ocean and the
AMOC changes.

On decadal and multidecadal time scales, the AMOC strength variability has been linked
to processes in the subpolar North Atlantic (e.g., Buckley and Marshall, 2016). Using a coupled
ice-ocean model, Yeager and Danabasoglu (2014) showed that the multidecadal variability of
AMOC could be mostly attributed to variations in surface buoyancy forcing in the Labrador Sea.

On mcuh longer time scales (e.g., >1000 years), on the other hand, the Southern Ocean has been
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Figure 6.1: A schematic of the NADW pathways based on Talley (2013). In the Southern
Ocean, a major part of NADW flows approximately along isopycnals and outcrop close to
Antarctica (e.g., Tamsitt et al., 2017), where it is transformed to AABW. Changes in colors
along the pathways indicate water mass transformation, and the density of water mass increases
from warm to cold colors.
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emphasized to play a significant role in the AMOC variability (e.g., Ferrari et al., 2014; Watson
et al., 2015; Thompson et al., 2019). For example, using an idealized box model, Thompson
et al. (2019) related the Southern Ocean surface forcing to the millenial variability of the AMOC
and the North Atlantic surface temperature during the last glacial period. These studies together
suggest an increasing importance of the Southern Ocean processes on the AMOC variability from
short to long time scales.

In this study, we will explore the importance of the Southern Ocean to the AMOC
variability and show that this importance depends on the time scales associated with the AMOC
variability. We will highlight the importance of the inter-basin overturning circulation from the

Atlantic to the Indo-Pacific basins (Figure 6.1) in balancing the AMOC variability.
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6.2 Global ocean overturning circulation in the warming cli-
mate

Climate models consistently predict a weakening of the AMOC in the 21% century in
response to CO; forcing (Cheng et al., 2013). This weakening of the AMOC appears to contradict
the strengthening of the Southern Hemisphere westerly wind in the warming climate (e.g.,
Yin, 2005), which shall drive a stronger upwelling in the Southern Ocean (e.g., Toggweiler and
Samuels, 1995). In order to reoncile this contradiction, here we will analyze the transient response
of the global ocean overturning circulation to increasing CO; forcing in a fully-coupled climate
model. We will look at the existing simulations from both the CESM Large Ensemble (“LENS”)
(Kay et al., 2015) and the CCSM4 Abrupt CO; quadrupling (“4xCO2”) experiments, which is
part of phase 5 of the Coupled Model Intercomparison Project (CMIPS) (Taylor et al., 2012).
Note that CCSM4 is a subset of CESM1, i.e., “LENS” and “4xCO2” largely share the same code.

The model reports the residual-mean overturning circulation streamfunction in both

“LENS” and “4xCQO2”, which is defined as

1 T rx. rz
v (y,2) = ——/ / / (v(x,y,2,1) +V'(x,y,2,1)) dzdxdt. (6.2)
T 0 Xw v Zbot

Here, x is longitudinal displacement, y is latitudinal displacement, z is depth with zpo the depth
of ocean bottom, 7T is the average period, v is meridional velocity, V' is the parameterized eddy
bolus velocity, and y, is the residual-mean overturning circulation streamfunction. For the global
ocean, the integration is along the latitude circle; for the Atlantic or Indo-Pacific ocean, the
integration is from the western boundary (x,,) to the eastern boundary (x,.). The residual-mean

overturning circulation streamfunction Y, is an approximation to the isopycnal overturning
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Figure 6.2: Ensemble-mean residual-mean overturning circulation streamfunction of the At-
lantic (left) and Global (right) oceans in the CESM LENS. The top two panels are averaged
between 2006-2015, the middle two panels are averaged between 2091-2100, and the bottom
two panels are the changes from 2006-2015 to 2091-2100. Because the standing eddies are
not accounted in Equation (6.2), the wind driven “Deacon cell” is still present in the Southern
Ocean.
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Figure 6.3: (a) Ensemble-mean variations of the AMOC and GMOC strength at 30°S in the
21% century, simulated by the “LENS”. (b) Scatter plot of the GMOC strength vs the AMOC
strength. The green line represents a linearly fitted straight line

circulation streamfunction (), which is usually calculated in isopycnal coordinate

1 T rx. O
‘lf(y,b) = _T/O / / (v(x,y,z,t) +V’(x,y,z,t)) ﬂ(b—b'(x,y7z,t)) dzdxdt, (6.3)
Xw Zbot

and can be remapped back to depth coordinate using the mean isopycnal depth (Nurser and Lee,
2004). In the above equation, H represents the Heaviside equation, b is buoyancy that is linearly
related to density as b = —g(p — po)/po, and &’ is the buoyancy field. The isopycnal overturning
circulation is a more accurate description of the overturning circulation that is responsible for
buoyancy redistribution (cf. Marshall and Radko, 2003). Except for regions where strong currents
exist (e.g., Southern Ocean), the residual-mean overturning circulation streamfunction , is a
good approximate to the isopycnal overturning circulation streamfunction y (Ballarotta et al.,
2013).

We present the CESM LENS ensemble-mean residual-mean overturning circulation
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Figure 6.4: Variations of the AMOC (a) and GMOC (b) strength at 30°S in the “4xCQO2”
experiments. The “Control” run refers to the pre-industrial run by CCSM4 as part of the CMIPS.
The “4xCO2” experiments start from year 251 of the “Control” run.

streamfunction averaged in 2006-2015 and 2091-2100 in Figure 6.2. In response to the continued
warming, the AMOC is substantially weaker at the end of the 21 century (left panels in Figure
6.2). This weakening of the AMOC stands in contrast with what happens to the global-integrated
overturning circulation (GMOC hereafter) in the Southern Hemisphere (right panels in Figure
6.2), where only minimal changes are observed. The changes in the Southern Hemisphere GMOC
are largely consistent with the stronger westerly wind in the warming climate, which drives
stronger upwelling in the Southern Ocean (Toggweiler and Samuels, 1995).

We quantify the strength of the AMOC and GMOC using their respective maximum
residual-mean streamfunction at 30°S (Figure 6.3). The latitude 30°S is outside of the Southern
Ocean and the GMOC streanfunction evaluated here is not substantially affected by the missing
standing eddies in Equation (6.2). Therefore, the GMOC at 30°S shall largely reflect the strength
of the isopycnal overturning circulation in the Southern Ocean.

Contrary to what we expect from a single-basin model, the AMOC variations differ

substantially from the Southern Ocean. In the climate simulations for the 21 century, the GMOC

118



weakens by only 30% of the AMOC changes at 30°S (Figure 6.3). Similar features are also
observed in the “4xCO2” experiments (Figure 6.4): the AMOC changes substantially in response
to the abrupt CO; forcing, but the GMOC is barely different from the run without the abrupt CO,
forcing.

By definition, the GMOC is a combination of the overturning circulation in the Atlantic
and Indo-Pacific basins. Therefore, the different response between the GMOC and AMOC
suggests an important role of the Indo-Pacific overturning circulation (PMOC) in the AMOC
variability: changes in the PMOC could compensate the AMOC variations such that the GMOC
stays largely unchanged. In the next section, we will run an ocean-only model to see how this
compensation happens and how this compensation depends on the time scales of the AMOC

variability.

6.3 Dependence of the inter-basin compensation on variabil-
ity timescales

In this section, we will carry out a number of experiments using an ocean-only model,
which is configured in an idealized two-basin setup. We will discuss the response of the global

ocean overturning circulation to perturbations that vary on a range of time scales.

6.3.1 Model setup

We use the Massachusetts Institution of Technology General Circulation Model (MITgcm;
Marshall et al., 1997) to integrate the hydrostatic primitive equations. The domain is a spherical
sector that spans 144° in latitude (72°S-72°N) and 180° in longitude (Figure 6.5). The geometrical
configuration has two idealized basins that are joined by a reentrant channel. The reentrant chanel

is an idealized representation of the Southern Ocean and spans from 72°S to 44°S. The wider

119



60

40

20 A

—20

Latitude [deg]

—40

—60

20 40 60 80 100 120 140 160

Longitude [deg]

Figure 6.5: Geometry of the domain used in the ocean-only simulations. The black represents
continent; the white denotes ocean at 4000 m deep; and the gray shading represents the submarine
sill at the Drake passage.

basin (120° wide) is an idealized representation of the Indo-Pacific ocean, and the narrower one
(60° wide) represents the Atlantic Ocean. A landmass is added between 52°N and 72°N in the
northern Indo-Pacific ocean to create a buoyancy forcing asymmetry between the two basins,
such that deep water only forms in the Atlantic ocean.

We use a 2° horizontal grid resolution. The unresolved eddies are represented using the
skew-flux form of the Gent and McWilliams parameterization with an eddy thickness diffusivity
of 1000 m? /s (Griffies, 1998). The bottom is flat and 4000 m deep except for a sill (gray shading
in Figure 6.5) in the periodic channel. The sill is 1500 m high above the bottom and decays
longitudinally as a gausian function. There are 30 vertical levels of thickness increasing from
20 m at the surface to 250 m at the bottom. The equation of state is linear and depends only on
temperature with a constant thermal expansion coefficient 2.0 x 10~*K~!. The vertical diffusivity
that we use is a function of depth and varies from 2.0 x 10~>m? /s at the surface to 1.0x 10~#m? /s
with a transition depth of 2000 m (Bryan and Lewis, 1979). Convection is represented by an
implicit vertical diffusion with diffusivity of 100 m? /s whenever the stratification is unstable.

The surface wind stress forcing is steady and zonally uniform (Figure 6.6a). The surface
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Figure 6.6: Surface wind stress forcing (a) and restoring temperature profile (b) in the MITgecm
ocean-only simulations.

temperature is restored to a prescribed temperature fields Ty(x,y,7):

Ts(x,y,t) = T,(y) + ATy (x, ,1), (6.4)

where T, is symmetric latitudinally and uniform in the zonal (Figure 6.6b); AT refers to the the
perturbation that is added to the restoring surface temperature and will be discussed in the next
subsection. The restoring time scale is 20 days.

Similar to the above section, we quantify the meridional overturning circulation (MOC)

strength at 30° but using the isopycnal overturning circulation streamfunction:

Wamoc = max (ya(30°S,b)), (6.52)

Womoc = max (WG (30°S,b)), (6.5b)

where Y4 and Y represent the isopycnal overturning circulation streamfunction calculated over
the Atlantic and Global ocean. To reflect the contributions from the Indo-Pacific, we define the

PMOC strength as the PMOC streamfunction (yp) associated with the isopycnal that the AMOC
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Figure 6.7: Isopycnal overturning circulation streamfunction in the (a) Atlantic, (b) Indo-
Pacific, and (c) Global ocean at oo = 0 in the equilibrium runs. The isopycnal overturning

circulation streamfunction is mapped back to depth coordinate using the mean isopycnal depth
for presentation (see Chapter 3).

reaches maximum, i.e.,

lIIPMOC = WP(3OOS7bm), (66)

where b,, satisfies

\|IA(3OOS,bm) = lPAMoc. (6.7)

6.3.2 Results and discussions

Two sets of simulations are performed: (1) Equilibrium runs and (2) Periodic perturbation
runs. In the equilibrium runs, A7j is steady in time and we will discuss the equilibrium solution
of the overturning circulation to constant perturbations. In the periodic perturbation runs, ATj is
sinusoidal in time and we will discuss the dependence of the AMOC variability on the associated

time scales.

Equilibrium runs

In the equilibrium runs, the perturbation ATs(x,y,?) is expressed as

oT,(y), x<60°(Atlantic)
AT(x,y,1) = (6.8)

0, x > 60° (Indo-Pacific)
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Figure 6.8: (a) Variations of the MOC strength in the equilibrium runs, evaluated at 30°S. (b)
Scatter plot of the GMOC vs the AMOC strength. The straight black line is linearly fitted to the
scatter plot with a slope 0.76.

where o varies from O to 1. At the maximum perturbation, o = 1, the surface temperature at the
northern boundary of the Atlantic is still colder than that of the Indo-Pacific. This ensures that no
deepwater is formed in the Indo-Pacific basin. For each equilibrium run, we initialize the model
from a motionless state and continue for over 5,000 years until the model approximately reaches
a steady state. We present the isopycnal overturning circulation streamfunction (y) for oo =0
in Figure 6.7. This largely represents the overturning circulation streamfunction in the current
climate.

For increasing temperature (larger o) in the North Atlantic, the shared surface buoyancy
between the North Atlantic and the Southern Ocean is decreasing. Thus, the AMOC weakens as o
increases (Figure 6.8a) (e.g., Nikurashin and Vallis, 2012). However, different from the transient
response in the climate model simulations in Section 6.2, the GMOC varies by around 76% of
the AMOC changes, i.e., the PMOC changes only compensate 24% of the AMOC changes. This
compensation is much smaller than the transient responses in the CESM “LENS” runs and implies
a larger role of the Southern Ocean processes in determining the AMOC strength in steady state.

In the following subsection, we wil discuss the dependence of the inter-basin compensation on
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Figure 6.9: (a) Variations of the MOC strength at 30°S in the periodic perturbation run at
T = 1000 years. (b) Scatter plot of the GMOC strength vs the AMOC strength at 30°S. A
straight black line is fitted to the gray dot with a slope 0.43. (c) Integrated surface heat loss to
the south of 60°S in the periodic perturbation run at 7 = 1000 years. The MOC strength and
heat loss is calculated annually and then smoothed with a 5-year moving mean.

the time scales associated with the AMOC variability by applying periodic perturbations in the

North Atlantic.

Periodic perturbation runs

In the periodic perturbation runs, the surface temperature perturbation

T,(y)sin (), x < 60° (Atlantic)
ATs(x,y,1) =4 (7) (6.9)

0, x > 60° (Indo-Pacific)

where 7 varies from 50 years to 2000 years and sets the time scale of the AMOC variability. For
each perturbation run, we initialize from the equilibrium run at o = 0 and continue for either
1000 or 27 years, whichever is longer.

Figure 6.9 presents an example of the MOC strength variations at 30°S in the periodic
perturbation run at 7 = 1000 years. In response to the sinusoidal surface temperature pertur-
bations in the North Atlantic, both the AMOC and GMOC vary sinusoidally. In contrary to
the equilibrium runs, the GMOC varies by only 43% of the AMOC changes, i.e., the PMOC

conpensates 57% of the AMOC changes. This is similar to the transient responses in the CESM
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standard deviation (STD) of Wamoc and Wgmoc with respect to the STD of the integrated heat

flux to the south of 60°S.
“LENS” runs. We integrate the surface heat flux in the Southern Ocean to the south of 60°S
(Figure 6.9). This integrated heat flux varies due to changes in the upwelling rate of deepwater
and reflects the water mass transformation rate in the Southern Ocean.

We carry out a number of perturbation runs with varying perturbation time scales (7)
and quantify the inter-basin compensation for varying 7" (Figure 6.10). For AMOC variability
on time scales less than 500 years, the inter-basin compensation level could reach 80%. This
suggests a minimal role of Southern Ocean processes in the AMOC variability on multidecadal
or centennial time scales, consistent with previous studies that usually attributes the multidecadal
AMOC variability to North Atlantic processes (e.g., Yeager and Danabasoglu, 2014). As the
perturbation time scale 7 increases, the inter-basin compensation level gets smaller but is still
as high as around 50% at 7=2000 years. This raises some alarms when we use the Southern
Ocean processes to interpret the AMOC variability even on paleo-climate time scales (e.g., the
Dansgaard-Oeschger events during the last glacial period).

We calculate the standard deviation of the MOC variability and the integrated heat flux to
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Figure 6.11: Zonal-mean temperature differences between years of maximum AMOC and
minimum AMOC (max - min) for (a,b) 7 = 250 years and (c,d) 7 = 1000 years. The zonal-
average is performed over the Atlantic longitude (0-60°; a & c¢) and the Indo-Pacific longitude
(60°-180°; b & d) separately. The red dashed line in each panel represents 30°S, the southern
boundary of the short continent.

the south of 60°S (Figure 6.10b). The results suggest a much stronger connection between the
Southern Ocean surface buoyancy forcing and the GMOC, rather than the AMOC. This implies
that the Southern Ocean surface forcing maybe not suitable to be used to predict the AMOC
changes when the ocean is not in steady state (cf. Ferrari et al., 2014).

We compare the zonal-mean temperature between the maximum and minimum AMOC
phases at 7 = 250 years as well as 7 = 1000 years (Figure 6.11). At 7 = 250 years, almost

all of the isopycnal adjustments take place to the north of 30°S. This stands in contrast with

the case at 7 = 1000 years, where significant adjustments of the isopycnals are observed in the
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Southern Ocean. The difference between the two cases suggest a two-timescale problem: a fast
response that is associated with the inter-basin transport of deepwater and a slow response that is
associated with the adjustment of the isopycnal slopes in the Southern Ocean. Note that changes
in the isopycnal slopes in the Southern Ocean are related to variations in the global upwelling rate
of deepwater and thus the GMOC (Equation (6.2)). The inter-basin transport is accomplished
through a geostrophic exchange transport between the Atlantic and Indo-Pacific basins to the
south of Africa (Figure 6.1), which is determined by the isopycnal depth difference between these
two basins (Jones and Cessi, 2016). And this fast adjustment is associated with advection and
wave processes that could occur in less than a decade (compare the blue and green lines in Figure
6.9a). In comparison, the adjustment of the Southern Ocean isopycnal slope is controlled by
diapycnal mixing and Southern Ocean eddies, and it occurs on millenial time scales (e.g., Allison
etal., 2011).

Therefore, for high-frequency variability of the AMOC, the PMOC compensates the
AMOC changes through an inter-basin transport between the Atlantic and Indo-Pacific basins.
As the AMOC variability time scale increases, the Southern Ocean upwelling begins to respond
and the inter-basin compensation decreases. In the next section, we will reproduce this using a

1.5-layer reduced gravity model and a two-box model to illustrate this process.

6.4 Conceptual models

The two-timescale problem, as described above, can be best illustrated using a 1.5-layer
reduced gravity model, which could simulate both the inter-basin transport and the adjustment of
the pycnoclines (cf. Jones and Cessi, 2016). We will also try simplifying the reduced gravitiy
model further to a two-box model based on the residual-mean theory, with each of the two box
representing the two ocean basins, respectively. We will use these two conceptual models to

reproduce the dependence of inter-basin compensation on the AMOC variability time scales.
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6.4.1 1.5-layer reduced gravity model

The 1.5-layer reduced gravity model share the same model geometry as the MITgecm
simulations (Figure 6.5). The active layer represents the upper branch of the AMOC that flows
northward in the Atlantic Ocean and sinks in the North Atlantic. The momentum equation of the

1.5-layer model is

—

oii -
M G V(@) + [ x i = —g'Vh+ A2+ —— — 1, 6.10)
ot p()h

where the layer thickness # is calculated from the continuity equation

oh K
§+V-(hﬁ) :V'(KGMVh)+Z+We_WNADW~ (6.11)

Here, ii is velocity, g’ = 0.02m/s? is the reduced gravity, Kgy = 1000m? /s is the eddy thickness
diffusivity, k¥ = 2.0 x 107>m? /s is the diapycnal diffusivity. We use both laplacian dissipation
(A = 1.0 x 10*m? /s) and bottom friction (r = 1.0 X 107%s 1 to dissipate the momentum. The
bottom friction is implemented to roughly represents the effect of baroclinic instability, in order to
avoid an unrealistic strong zonal flow in the Southern Ocean. The NADW formation, 12 Sv in the
equilibrium runs, is represented with a uniform vertical velocity (wnapw) over a 5 degree latitude
band in the North Atlantic close to the northern boundary. The water mass transformation in the
Southern Ocean is parameterized by restoring the layer thickness toward hp,;j; =10 m between
72°S and 62°8S,

We = — (hmin — h), (6.12)

where the restoring time scale A linearly increases northward from 10 days at 72°S to 100 days at
62°S. A fast restoring is also used (3600 s) when the layer thickness is below A, to ensure a
postive h. For simplicity, the wind stress forcing deays to zero outside the Southern Ocean. The

model is integrated forward using the 3™ order Adams-Bashforth method.

128



Consistent with Equation (6.5a), we define the MOC strength at 30°S in the 1.5-layer

model as

x| oh

Wamoc = (vh — KGMa_) dx, (6.13a)
0 y
X oh

YeMmoc = (Vh — KGMB_) dx, (6.13b)
X1 y

Yomoc = Yamoc + ¥emoc- (6.13¢)

where x| represents the longitudinal distance from 0 to 60° at 30°S, and x; is the longitudinal
distance from 0 to 180° at 30°S. We run the model to equilibrium and then start a set of periodic
perturbation runs, in which the NADW formation rate (Sxapw) is perturbed by a sinusoidal
function as in Section 6.3:

SNaDW = So + 0S'sin (ZRI/T), (6.14)
where Sp=12 Sv, and &S = 6 Sv. The inter-basin transport in the 1.5-layer reduced gravity model
is related to the layer thickness in the Atlantic and Indo-Pacific basins as

1 /
t= =5 U= D) (6.15)

where h), and h, represents the mean layer thickness in the Indo-Pacific and Atlantic Oceans,
respectively (Jones and Cessi, 2016).

In comparison with Figure 6.11, we calculate the zonal-mean layer thickness differences
between the maximum and minimum AMOC phases in each basin for 7 = 250 years as well
as 7 = 1000 years (Figure 6.12). Consistent with Figure 6.11, there are very minor changes
in the Southern Ocean isopycnal slope at 7 = 250 years, but at 7 = 1000 years, the Southern
Ocean isopycnal is substantially less steep, suggesting a much larger GMOC strength (Equation

(6.2)), at the maximum AMOC phase compared to the minimum AMOC phase. We quantify
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the inter-basin compensation level the same way as in Section 6.3 and present the results in
Figure 6.13. We show that the 1.5-layer model, despite its simplicity, approximately reproduces
the MITgcm simulations regarding the dependence of inter-basin compensation on the AMOC

variability time scales.

6.4.2 Box model

The dynamics for the inter-basin compensation can be further simplified to a two-box
model, with each box representing one of the ocean basins between the Atlantic and Indo-Pacific.
This box model solves for the mean upper layer thickness of the Atlantic (h4) and Indo-Pacific
basin (hp), and it can be considered as a simplified version of the multi-basin model in Thompson

et al. (2016):

dha _ X _ Snapw | Gala+X

— 6.16
i i Sa Sa (6.162)
dhp K  OpLp—Y
— == 6.16b
dt hp + Sp ’ ( )
where
T hA
W =———Kom——, (6.17a)
da =5 Ko,
T /’lp
Op=———Kom—- (6.17b)
pf Ly

In the above, Ly is the Southern Ocean width in the meridional direction, Ly = x1, Lp = x — x1,
Sy4 is the area of the Atlantic Ocean, Sp is the area of the Indo-Pacific, and y represents the

inter-basin transport as defined in Equation (6.15). Similar to Equation (6.13a) for the reduced
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Figure 6.14: Sensitivity of the inter-basin compensation level to eddy thickness diffusivity.
Here, for example, 2.0 x Kgyp means the eddy thickness diffusivity is doubled.

gravity model, we define the MOC strength as

WYamoc = 9ala + X, (6.182)
Ypmoc = OpLp — X, (6.18b)
Yemoc = ¥amoc +¥omoc- (6.18¢c)

Solving the box model numerically using the same parameters as the 1.5-layer reduced
gravity model, we obtain a similar dependence of the inter-basin compensation on the AMOC
variability time scales (green dots in Figure 6.13). However, the box model predicts a much
higher compensation level for the same perturbation period 7. For exmaple, for 7" less than 500
years, the inter-basin compensation level could be close to 100% in the box model, 20% higher
than the reduced gravity model and the MITgcm. This overestimated compensation is likely
due to the oversimplified representation of the inter-basin transport, which does not resolve the

advection and wave processes.

132



We now discuss the parameter sensitivity of the box model. Previous studies have
suggested two pertinent time scales in the adjustment of the Southern Ocean isopycnal slope

(Marshall and Zanna, 2014):
. AL,
e Southern Ocean eddies: leddy ~ KoL

. - 2
e Diapycnal mixing: #4iap ~ h?’

where £ is the global mean upper layer thickness. Using the equilibrium solution for the box
model (7 ~ 1650 m), we estimate that 7eqqy = 600 years and #4;,p = 4000 years. Therefore, the
adjustment of the Southern Ocean isopycnal slope and GMOC is primarily determined by the
Southern Ocean eddy processes. For larger eddy thickness diffusivity, the adjustment time scale
of the Southern Ocean isopycnal slope is smaller and the Southern Ocean overturning shall play
a bigger role in balancing the AMOC variability. Therefore, the inter-basin compensation shall
decrease for larger KgMm, as confirmed in Figure 6.14.

We note that this sensitivity of the inter-basin compensation to Kgy is substantially
overestimated in the box model, compared to both the MITgcm and the 1.5-layer reduced
gravity model (not shown). We are still researching on this but suggest this might be due to the
oversimplified representation of the eddy contribution to the overturning circulation in Equation

(6.17a).

6.5 Summary

Climate models consistently predict a weakening of the AMOC in the 21% century
due to the warming climate (Cheng et al., 2013). However, this weakening in the AMOC
appears to contradict the strengthening of the Southern Hemisphere westerly wind, which shall
drive a stronger upwelling in the Southern Ocean (e.g., Toggweiler and Samuels, 1995). This

contradiction is resolved by considering the Indo-Pacific component of the overturning circulation:
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changes in the Indo-Pacific overturning circulation could compensate the AMOC variations, such
that the globally integrated overturning circulation stays roughly constant in the Southern Ocean.

We explored this inter-basin compensation using an ocean-only model and find that
this inter-basin compensation decreases as the AMOC variability time scale increases. As the
inter-basin compensation decreases, the Southern Ocean becomes more important to the AMOC
variability. We suggest that this dependence of the inter-basin compensation on time scales results
from a two-timescale adjustment problem. The inter-basin compensation is accomplished through
a geostrophic inter-basin exchange between the Atlantic and Indo-Pacific basins, which adjust
through fast advection and wave processes, through the Southern Ocean. The adjustment of the
Southern Ocean overturning circulation, on the other hand, is accomplished through Southern
Ocean eddies and diapycnal mixing, which occur on a much longer time scales.

For relatively high-frequency variability of the AMOC, the Indo-Pacific overturning
circulation largely compensates the AMOC changes through the inter-basin transport between the
Atlantic and Indo-Pacific basins. As the AMOC variability time scales increases, the Southern
ocean upwelling begins to respond and the inter-basin compensation decreases. The results are
largely reproduced in a 1.5-layer reduced gravity model and a conceptual two-box model.

The Southern Ocean surface forcing appears to be only directly related to the global-
integrated overturning circulation, rather than the AMOC, when the overturning circulation is not
in steady state. Our results raise alarms when we use the Southern Ocean processes to interpret
the AMOC variability even on glacial time scales.

There are some caveats in this study. The two-box conceptual model overestimate the
inter-basin compensation level and its sensitivity to eddy thickness diffusivity, compared to the
MITgcm simulations and the reduced gravity model. More efforts are required to clarify this.
Additionally, we use restoring boundary conditions in our simulations. It may also be interesting
to discuss the adjustment of the overturning circulation under prescribed surface buoyancy flux in

the Southern Ocean (cf. Chapter 2).
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Chapter 7

Other works: The influence of sea ice
velocity biases on the recent trend in

Antarctic sea ice extent

7.1 Introduction

Despite continuous warming of the climate, the Antarctic has seen significant overall
sea ice expansion in the satellite era (1979-2015) (e.g., Hobbs et al., 2016). This expansion in
the Antarctic contrasts with the substantial sea ice loss in the Arctic during the same period
(Simmonds, 2015), and it is at odds with most of the climate model simulations that are driven
by realistic natural and anthropogenic forcing (Turner et al., 2013). The vast majority of climate
model simulations have a retreating Antarctic sea ice coverage, and the other models that simulate
a sea ice expansion in the Antarctic typically have too little global warming (Rosenblum and
Eisenman, 2017).

A number of mechanisms have been proposed to account for the Antarctic sea ice expan-

sion in the warming climate. These mechanisms typically involve changes in surface wind (e.g.,
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Holland and Kwok, 2012), freshwater flux (e.g., Bintanja et al., 2013), ice-ocean interactions
(Goosse and Zunz, 2014), deep ocean convection (e.g., Zhang et al., 2019), or a combination
of them. Among these mechanisms, sea ice motion driven by surface wind changes has been
suggested to play a leading role in the Antarctic sea ice expansion (e.g., Holland and Kwok,
2012).

Biases in the ice velocity field provides a compelling explanation to reconcile the observed
and simulated sea ice changes. Sea ice motion is typically simulated with variants of the Hunke
and Dukowicz (1997) elastic-viscous-plastic representation of sea ice rheology in most current
climate models. This representation of sea ice motion has been found to have systematic bias
in the simulated sea ice velocity fields when comparing with observations (Kwok, 2011). Even
if the sea ice velocity were handled perfectly in the sea ice component of climate models, this
motion is forced by winds and ocean currents, which in turn suffer from model inaccuracies (e.g.,
Purich et al., 2016).

In this study, we will investigate the influence of ice velocity biases on the Antarctic
sea ice extent trend using a comprehensive climate model. By specifying the sea ice velocity
with observations, we will see how much of the observed Antarctic sea ice expansion can be

reproduced in model simulations.

7.2 Data and Method

We employ the NCAR Community Earth System Model version 1 (CESM1), the same
model used to carry out the CESM Large Ensemble (LENS) (Kay et al., 2015). The model is fully
coupled with active atmosphere, ocean, land, and sea ice components, with a horizontal resolution
of approximately 1°. We employ the same boundary conditions (e.g., CO;) as the CESM LENS
(for more details, see Kay et al., 2015).

The CESM LENS contains 40 ensemble members that simulate the climate trajectories
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Figure 7.1: Climatological mean sea ice drift velocity (left) and linear trend in sea ice drift
velocity (right) during 1992-2015, averaged over months from April to October, for “Observa-
tions”, “LENS-2”, “ObsViClim-2” and “ObsVi-2”. The shading shows the magnitude of ice
drift velocity and trend. The climatological mean and linear trend is calculated where sea ice is
present over 60% of the time when the calculation is performed.
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over 1920-2100 under historical (1920-2005) and Representative Concentration Pathway 8.5
emission scenario (2006-2100). These members share the same model physics and differ only by
some round-off level differences in their atmospheric initial conditions. Therefore, the ensemble
spread in the CESM LENS largely results from internally generated climate variability (Kay et al.,
2015), which has been suggested to account for the discrepancies in the trend of Antarctic sea ice
between observations and climate models (e.g., Polvani and Smith, 2013; Mabhlstein et al., 2013;
Jones et al., 2016).

We randomly choose 3 members from the CESM LENS: “LENS-2”, “LENS-4", and
“LENS-6". Corresponding to each LENS run, we carrry out two simulations (“ObsViClim” and
“ObsVi”) with ice velocity relaxed to observations, i.e.,

& = o). (7.1)
Here, V represents the sea ice drift velocity in the model, Vo5 denotes the observed sea ice drift
velocity, and T = 3,600 s is a restoring time scale. We experimented with different restoring
time scale and find that T = 3,600 s is small enough to constrain the sea ice drift velocity to
resemble observations and also large enough to avoid numerical instabilities in the sea ice model.
We use daily observed ice drift velocity in “ObsVi” and the climatology of observations in
“ObsViClim” (Figure 7.1). When obervations are not available at some grid points, we use the
default momentum equation to calculate the ice drift velocity but with the surface wind replaced
with reanalysis data. Consistent with the observed ice velocity, we use the original wind product
in “ObsVi” but with its climatology in “ObsViClim”.

We initialize “ObsViClim” from the CESM LENS on January 1%, 1960, spin up for 32
years, and run for another 24 years until 2015. We initialize “ObsVi” from the “ObsViClim” on
January 1%, 1992 at the end of spin up. The model output between 1992-2015 will be used to

compare with observations.
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We use the sea ice drift velocities from the Polar Pathfinder Daily Sea Ice Motion Vectors,
version 3 (Tschudi et al., 2016). This dataset combines data sources from buoy and satellite
measurements, as well as free drift estimates calculated from NCEP-NCAR reanalysis geostrophic
winds. It provides sea ice velocities that are interpolated onto a 25-km resolution Equal Area
Scalable Earth (EASE) grid with daily temporal resolution from late 1978 to early 2016 at the
time the data were downloaded. We interpolate the ice drift velocity from the 25-km resolution
EASE grid to the nominal 1° resolution model grid by averaging the observations that are located
within each grid cell. The surface wind reanalysis product is from ERA-interim (Dee et al., 2011).
The wind product is reported on a 0.75° resolution and on 6-hour frequency. We interpolate it to
the model grid using bilinear interpolation.

We focus this study on the period between 1992-2015, instead of 1979-2015, because
we identified two spurious jumps with the ice motion data (see Figure D1 in Appendix D),
which appear to be associated with the transition from the Scanning Multichannel Microwave
Radiometer (SMMR) to the Special Sensor Microwave/Imager (SSM/I) on July 9, 1987 and the
transition from the SSM/I flown on the Defense Meteorological Satellite Program F8 satellite to
the SSM/I flown on the DMSP F11 satellite on December 3, 1991, respectively.

We use the monthly-mean sea ice concentration from Nimbus-7 SMMR and DMSP
SSM/I-SSMIS Passive Microwave Data, Version 1 (Cavalieri et al., 1996) to compare with the
model output. The sea ice concentration, provided on a 25-km resolution polar stereographic
grid, is generated from brightness temperature data based on multiple sensors, including the
Nimbus-7 SMMR, the Defense Meteorological Satellite Program (DMSP)-F8, -F11, and -F13
SSM/1, and the DMSP-F17 Special Sensor Microwave Imager/Sounder (SSMIS). We use sea ice
extent, defined as the total area with sea ice concentration above 15%, to quantify the overall sea

ice coverage in both observations and model simulations.
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Figure 7.2: Linear trend (a) and its histogram (b) of the annual-mean sea ice extent in our
simulations in comparison with observations and CESM LENS.

7.3 Results

7.3.1 Sea ice trend

The sea ice drift velocity in the CESM LENS differs from observations in both its mean and
linear trend (Figures 7.1, D2, and D3). Although the CESM LENS largely capture the direction of
the mean ice drift velocity in observations, they substantially overestimate its magnitude (Figures
7.1). In the Ross Sea, there is a strengthening of the northward ice drift in observations, likely
in response to the deepening Amundsen Sea Low in recent decades (e.g., Raphael et al., 2016).
This trend in the ice drift velocity has been suggested to be responsible for the expanding sea
ice in the Ross sea (e.g., Holland and Kwok, 2012), but it is not simulated in “LENS-2” (Figure
7.1) or “LENS-6" (Figure D3), and it is overestimated in “LENS-4" (Figure D2). Similarly in
the Weddell Sea, the simulated trend in the ice drift velocity is opposite to observations in all
three LENS runs (Figures 7.1, D2, and D3). By relaxing ice velocity to observations in the model,

we roughly correct the biases in the mean ice velocity field (“ObsViClim” and “ObsVi”) and its
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Figure 7.3: Latitudinal integration of the trend in annual-mean sea ice concentration during
1992-2015. The longitudinal integration of each line is equal to the overall linear trend of sea ice
area, which is similar to Figure 7.2 (not shown). Here, “W Pacific” refers to “Western Pacific”,
and “A-B” refers to “Amundsen-Bellingshausen”.

linear trend (“ObsVi”).

In observations, there is an overall expansion of the Antarctic sea ice extent by 0.35x 10°
km? /decade during 1992-2015. This expansion stands in contrast with the CESM LENS runs,
which consistently simulated a decrease in the Antarctic sea ice extent during the same period
(Figure 7.2). This contrast appears to suggest a trivial role of internal climate variability in
explaning why climate models fail to simulate the observed Antarctic sea ice expansion (cf.,
Swart et al., 2018).

Removing the biases in the mean ice velocity fields (“ObsViClim”) only marginally
improves the overall Antarctic sea ice extent trend in the CESM simulations (Figure 7.2a). After
the biases in the ice velocity trend is also removed (“ObsVi”), however, we see substantial
improvements and simulate an overall Antarctic sea ice expansion in the “ObsVi” runs. This
implies that the biases in the simulated ice velocity trend may play a significant role in explaining
the discrepancies between the observed and simulated sea ice changes.

The observed overall increase in the Antarctic sea ice extent is an integration of the
non-uniform sea ice changes in the Southern Ocean (see sea ice concentration trend in Figures

D4, D5, and D6). Here, we discuss the regional sea ice changes by integrating the linear trend in
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annual-mean sea ice concentration latitudinally (Figure 7.3). This latitudinal integration shows
contributions to the Antarctic sea ice extent changes from each sector in the Southern Ocean.

The annual-mean sea ice is expanding at almost every longitude during 1992-2015 in
observations (blue line in Figure 7.3). Note that this is different from the trend calculated over
a period that starts from 1979, which has subatantial ice loss in the Amundsen-Bellingshausen
sea (e.g., Turner et al., 2015, their Figure 1a). Except for “LENS-4" in the Ross sea, the sea ice
area trend simulated in the three CESM LENS is lower than observations at every longitude. The
marjor contribution to the underestimated sea ice extent trend in the LENS runs comes from the
Indian sector (“LENS-2”, “LENS-4", and “LENS-6"), the Ross Sea (“LENS-2" and “LENS-6"),
and the Weddell Sea (“LENS-2” and “LENS-4"). The exceptional sea ice expansion in the Ross
Sea simulated by “LENS-4" is likely due to its overestimated strengthening of the northward ice
velocity in this region (Figure D2).

Removing the biases in the mean ice velocity fields (“ObsViClim”) generally improves
the simulated sea ice changes in the Ross Sea but not in the other Southern Ocean sectors. By
further removing the ice velocity trend biases, we see substantial sea ice expansion in the Ross
and Weddell seas (red lines in Figure 7.3), but no substantial changes in the other regions. This
suggests that the ice motion plays a significant roles in the ice expansion in the Ross Sea and the

Weddell Sea, but not necessarily in the other regions, where thermodynamics may dominate.

7.3.2 Seaice budget

In this section, we quantify the sea ice changes due to dynamic processes (ice transport

and ridging) and thermodynamic processes (melting and freezing) in the CESM simulations, i.e.,

aC
g = {Zayn + (Z;herm- (72)
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Figure 7.4: (a) Contributions to the sea ice area trend between “LENS-2" and “ObsVi-2” in
Figure 7.3 due to dynamic processes (orange) and thermodynamic processes (green). (b) The sea
ice area trend difference between “LENS-2" and “ObsVi-2” due to the combination of dynamic
and thermodynamic processes (blue) and the diagniosed value from Figure 7.3a (red). The
difference between the blue and red lines is due to the residual term in Equation (7.5).
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Here C is sea ice concentration, 73y, denotes the ice concentration tendency due to dynamic

processes, and Zinerm represents the ice concentration tendency due to thermodynamic processes.

These two tendency terms are diagnosed and reported as monthly mean data in the model.
Integrating Equation (7.2) in time, we could separate the sea ice concentration at time ¢

into two parts, i.e.,

taC t t
C= / —dt' = / Tayndt’ + / Thermd'. (7.3)
0 ot 0 0

Consequently, the trend in sea ice concentration could be decomposed into two parts that relate to

the dynamic and thermodynamic processes, respectively, that is

§ = Sdyn + Stherm + R, (7.4)

where s represents the long-term trend in sea ice concentration, sqy, denotes the long-term trend
in fé ‘Zayndt’ , Sdyn represents the long-term trend in fé Thermdt’, and R _is the residual. In a linear
system, the long-term trend would be equal to the mean of tendency term in Equation (7.2) and
the residual X = 0.

Therefore, differences in the sea ice concentration trend between two CESM simulation

can be attributed to a combination of dynamic and thermodynamic processes, i.€.,

Here R’ represents the residual due to nonlinearity and time-averaging in the data. Integrating
Equation (7.5) latitudinally, we could diagnose whether it is the ice dynamics or thermodynamics
that are responsible for the different sea ice extent trend between “LENS” and “ObsVi1” in Figure
7.3. We present the results in Figures 7.4, D7, and D8.

The contributions to sea ice area trend due to dynamic processes and thermodynamics pro-

cesses largely concel each other (Figure 7.4a). The residual between the two roughly reproduces
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the linear trend in the latitudinally integrated sea ice area (Figure 7.4b). Imposing the observed
ice velocity in “ObsVi” runs cause more ice expansion due to dynamic processes in the Ross Sea
and Weddell Sea, comparing to the “LENS” runs (Figures 7.4a, D7, and D8). However, this is not
true for the other Southern Ocean sectors, implying either thermodynamics dominate or there are

no substantial biases in the ice velocity in these regions.

7.4 Summary and discussion

Sea ice coverage in the Antarctic has expanded significantly since the late 1970s until
recently. However, most of the state-of-the-art climate models simulated a retreating Antarctic sea
ice. Here, we test whether the ice velocity biases in climate models could explain the discrepancies
between observations and climte models.

By restoring ice velocity to observations in a comprehensive climate model, we simulate
an overall expansion of the Antarctic sea ice that is closer to observations. This increased ice
expansion mainly takes place in the Ross and Weddell Seas, implying the importance of ice
dynamics to simulating sea ice changes in these two regions, which is confirmed in our budget
analysis.

However, our simulations with ice velocity relaxed to observations does not reproduce the
observed distribution of sea ice trend. This infers the potential importance of thermodynamics to
the observed sea ice changes (e.g., Bintanja et al., 2013; Su, 2017; Zhang et al., 2019).

Although we highlighted the importance of ice dynamics to sea ice changes in this study, it
is still not clear what is causing the ice velocity biases in climate models. These biases could arise
from uncertainties in the simulated wind and ocean current or from an inaccurate representation
of the ice rheology in the models. Our preliminary results suggest that correcting the surface
wind biases alone does not substantially improve the simulations of sea ice trend (not shown),

implying the importance of improving the representation of ocean circulation and ice rheology to
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achieve a proper simulation of sea ice changes.
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Chapter 8

Concluding remarks

Variations in the global ocean overturning circulation have been suggested to be a key
player in climate variability on time scales from decades (e.g., Zhang and Zhang, 2015) to
thousands of years (e.g., Sigman et al., 2010). For example, both an enhanced deep ocean
stratification and a shallower AMOC have been proposed as key contributors to the lower
atmospheric CO; at the Last Glacial Maximum (LGM) (e.g., Sigman et al., 2010; Watson et al.,
2015). A number of studies during recent decades have highlighted the importance of Southern
Ocean processes in constraining the global ocean overturning circulation (e.g., Ferrari et al.,
2014).

In the bulk of this dissertation (Chapter 2 to 6), I use a combination of numerical model
simulations and conceptual theories to explore the surface constraints on the global ocean
overturning circulation. Wheareas Chapter 2 demonstrates the importance of Southern Ocean
surface buoyancy forcing in setting the deep ocean stratification, the later chapters (Chapter 3 to
5) illustrate that the North Atlantic can be equally important as the Southern Ocean in setting the
AMOC depth. The importance of the Southern Ocean to the AMOC is further weakened when
the overturning circulation is not in steady state (Chapter 6). The results in Chapter 6 also suggest

that the Indo-Pacific Ocean needs to be considered in order to understand the transient response
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of the global ocean overturning circulation.

Deep ocean stratification

Previous studies have suggested that the global ocean density stratification below ~3000m
is approximately set by its direct connection to the Southern Ocean surface density, which in
turn is constrained by the atmosphere. In Chapter 2, the role of Southern Ocean surface forcing
in the glacial-interglacial stratification changes is investigated using the ocean component of
a comprehensive climate model and an idealized conceptual model. Southern Ocean surface
forcing is found to control the global deep ocean stratification all the way up to ~2000m, which is
a much wider depth range than previously thought and contrary to the expectation that the North
Atlantic surface forcing should strongly influence the ocean at intermediate depths. We show
that this is due to the approximately fixed surface freshwater fluxes, rather than a fixed surface
density distribution in the Southern Ocean as was previously considered. These results suggest
that Southern Ocean surface freshwater forcing controls glacial-interglacial stratification changes

in much of the deep ocean.

AMOC depth

Paleoclimate proxy data suggests that the AMOC was shallower at the LGM than its
preindustrial (PI) depth. In Chapter 3, we investigate the connections of the AMOC depth to the
Southern Ocean surface buoyancy forcing, using a set of ocean-only simulations with surface
forcing specified from the output of previous coupled Pl and LGM simulations. In contrast to
previous expectations, we find that applying LGM surface forcing in the Southern Ocean and PI
surface forcing elsewhere causes the AMOC to shoal only about half as much as when LGM

surface forcing is applied globally. We show that this occurs because diapycnal mixing renders
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the Southern Ocean overturning circulation more diabatic than previously assumed. The diabatic
processes in the Southern Ocean diminish the influence of Southern Ocean surface buoyancy
forcing on the AMOC depth such that the AMOC depth could also be affected by processes in
the North Atlantic.

The impact of North Atlantic surface buoyancy conditions on the Southern Ocean cir-
culation and the AMOC is investigated in Chapter 4 using a sector configuration of an ocean
general circulation model. We find that the response of the Antarctic Circumpolar Currents (ACC)
transport to North Atlantic surface buoyancy conditions is dependent on the simulated AMOC
depth. As the surface density decreases in the North Atlantic, the AMOC gets shallower and the
ACC transport becomes less sensitive to North Atlantic surface buoyancy forcing.

Building on these results, we explore how both hemispheres set the AMOC depth in
Chapter 5. In order to identify the key processes that set the AMOC depth, we carry out a number
of MITgcm ocean-only simulations with surface forcing fields specified from the simulation
results of three coupled climate models that span the range of glacial AMOC depth changes in
the Paleoclimate Model Intercomparison Project Phase 3 (PMIP3). We find that the MITgcm
simulations successfully reproduce the changes in AMOC depth between glacial and modern
conditions simulated in these three PMIP3 models. By varying the restoring timescale in the
surface forcing, we show that the success of the MITgcm simulations in reproducing these
changes hinges on the surface density field rather than the surface buoyancy flux field. Based on
these results, we propose a mechanism by which the surface density fields in the high latitudes of
both hemispheres are connected to the AMOC depth. We illustrate the mechanism using MITgecm
simulations with idealized surface forcing perturbations as well as an idealized conceptual
geometric model. These results suggest that the AMOC depth is largely determined by the surface

density fields in both the North Atlantic and the Southern Ocean.
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AMOC in transient states

In Chapter 6, we explore the importance of Southern Ocean processes in the transient
response of the global ocean overturning circulation. The projected weakening of the AMOC
in climate models appears to contradict the stronger Southern Hemisphere westerly wind in a
warming climate. A resolution to this contradiction is proposed that involves the Indo-Pacific
component of the global ocean overturning circulation: changes in the Indo-Pacific overturning
circulation can compensate AMOC variations such that the globally integrated overturning circu-
lation stays roughly constant in the Southern Ocean. We investigate this inter-basin compensation
using an ocean-only model. We find that this compensation depends on the AMOC variability
timescales. For relatively high-frequency variability of the AMOC (less than 1000 years), the
Indo-Pacific overturning circulation can compensate most of the AMOC changes through the
inter-basin transport between the Atlantic and Indo-Pacific basins. As the AMOC variability
timescale increases, the Southern ocean upwelling begins to respond and the inter-basin compen-
sation decreases. The results are largely reproduced in a 1.5-layer reduced gravity model and a
conceptual two-box model. The results raises concerns on studies that use the Southern Ocean

processes to interpret AMOC variability when the ocean is not in steady states.

Sea ice

In the last science chapter, Chapter 7, I switch to a somewhat different topic and investigate
the influence of ice velocity baises on the Antarctic sea ice extent trend. In contrast to the Arctic,
sea ice cover in the Antarctic has expanded significantly since the late 1970s until recently.
However, this expansion is not captured in most state-of-the-art climate models. Among the many
mechanisms that have been proposed to explain the Antarctic sea ice expansion, sea ice motion
provides a compelling explanation to reconcile the observed and simulated sea ice changes.

We find that the simulated sea ice extent trend in a comprehensive climate model becomes
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substantially closer to observations when the sea ice motion is specified based on observations
rather than simulated. This suggests that biases in the simulated ice velocity fields can largely
account for the discrepancies between the observed and simulated sea ice extent trend in the
Southern Ocean and hence that better representation of sea ice motion is crucial for climate

models to more accurately represent sea ice changes.
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Appendix A

Appendix for Chapter 2

A.1 CESM setup

We run CESM version 1.1.2 using a configuration in which only the ocean is active. The
ocean component of CESM is the Parallel Ocean Program version 2 (POP2) (Danabasoglu et al.,
2012), which has 60 vertical levels ranging from 10m at the surface to 250m at the ocean bottom.
We use the CESM “f09_g16” grid, which has a horizontal resolution of nominally 1° with the
north pole of the ocean grid displaced to Greenland. This is the same grid configuration that was
used in the coupled PI simulation (Gent et al., 2011) and the coupled LGM simulations (Brady
et al., 2013), from which the forcing in this study is derived. The coupled simulations have a
resolution for the land and atmosphere components of 1.9° x 2.5° and the same resolution for the
sea ice component as for the ocean.

The Gent-McWilliams (GM) parameterization (Gent and Mcwilliams, 1990) is used to
represent the unresolved mesoscale eddies. A GM coefficient is adopted that varies proportional
to the local density stratification. This coefficient varies in the horizontal directions and decays
with depth, mimicking the decay of eddy activity with depth (Gent and Danabasoglu, 2011; Gent,

2016). This allows the model simulations to compare more favorably with observations than
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models that use a constant diffusivity (Danabasoglu and Marshall, 2007), and it enables the model
to simulate a response to perturbations in the surface forcing that is comparable to simulations
run at much higher resolutions (Gent and Danabasoglu, 2011; Gent, 2016).

The forcing for each ocean-only simulation is constructed from the coupled model output
as a series of repeating 30-year cycles using simulations years 1050-1079 of the coupled PI
simulation and 1870-1899 of the coupled LGM simulation. Atmospheric forcings including pre-
cipitation, solar radiation, surface winds speed, atmospheric pressure, and atmospheric humidity
are taken from output reported by the CCSM4 coupler and have 3-hr temporal resolution. Fluxes
across the atmosphere-ocean interface, including evaporation, wind stress, upward longwave
radiation, latent heat flux, and sensible heat flux, are calculated in the ocean-only runs based on
the simulated ocean state and the specified atmospheric state. For ice-related forcing including
sea ice concentration (i.e., fraction of grid box covered by ice) and heat flux between the ice and
the ocean, we use daily-mean data reported by the CCSM4 sea ice component (CICE). For other
ice-related forcing including freshwater flux, ice/ocean stress, and salt flux, daily output is not
available so we use monthly-mean data reported by CICE. For river runoff and glacial runoff we
used monthly-mean data reported by the CCSM4 land component (CLM4).

In order to obtain better agreement between the coupled runs and the ocean-only runs, a
process called “diddling” is performed on all monthly-mean data. This allows the monthly-mean
values to be preserved when the model linearly interpolates between values at the midpoint of
each month. Details are given in Killworth (1996).

The sea level was about 100m lower at the LGM than today due to the presence of larger
high-latitude ice sheets. This gives rise to slightly different coastlines at the LGM, which is
accounted for in the coupled CCSM4 LGM simulation. In order to isolate the influence of
surface forcing alone, in the present study we use modern ocean bathymetry in the LGM and
Test simulations, as in the PI simulation. As a result, some ocean regions in the ocean-only

simulations are land in the coupled LGM simulation that is used to generate the forcing fields.
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If these areas are not treated appropriately, they can lead to the generation of extremely cold
surface water due to the direct contact with the cold terrestrial atmosphere in locations where
sea ice would have formed if the sea ice model were active (this is exacerbated by the fact
that the surface air in some of these locations is hundreds of meters above the sea level at the
surface of the ice sheet in the coupled LGM simulation). To address this issue, both the sea
ice concentration and atmospheric forcing need to be adjusted when we apply LGM forcing in
locations that are ocean in the PI bathymetry but land in the coupled LGM simulation. We adjust
the surface air temperature and potential temperature in these locations by assuming a constant
lapse rate of —6.5°C/km to account for the change of surface geopotential height between the
coupled LGM and coupled PI runs. The surface atmospheric pressure is adjusted by assuming
exponential decay with height, p = poexp (—z/H), where H = 7.6km is the scale height. The
sea ice concentration (c) in these grid cells is prescribed based on the surface air temperature (7)
as ¢ = 1/2 tanh[(T — Ty)/To) + 1/2, where Ty = —2°C. This is motivated by the observation that
in the coupled simulations, most ocean locations with surface air temperature below —5°C have
ice concentrations close to 100%, and most ocean locations with surface air temperature above
0°C have ice concentrations close to 0%. All fluxes between the ice and ocean in these grid cells
are set to zero, including the freshwater flux, salt flux, and momentum flux.

All forcing fields in the ocean-only simulations are from the coupled simulations as
specified in Section 2.2, with two exceptions. First, all three ocean-only simulations use the same
run-off forcing, which is derived from the coupled PI run. Second, for the weak restoring of
surface salinity, which is included in the ocean-only model as described in Griffies et al. (2009),
the Test run uses salinity restoring field derived from the coupled PI run at all locations, including
the Southern Ocean. This simplification appears to have only a small influence on the Test run:
the difference between the LGM and Test freshwater fluxes associated with the weak restoring of
surface salinity in most Southern Ocean locations is less than 10% of the difference between the

LGM and PI runs (not shown), and the surface buoyancy forcing profiles in the Southern Ocean
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are nearly indistinguishable between the LGM and Test runs (see Figure 2.1 in Chapter 2).

The surface temperature and salinity for the three ocean-only runs are shown in Figs. Al
and A2. In general, the surface salinity is less constrained by the forcing than the surface
temperature. This is expected because the freshwater flux more closely resembles a fixed flux,
while the heat flux more closely resembles a relaxation boundary condition (Haney, 1971b) that
tends to fix the surface temperature. Under fixed flux boundary conditions, the actual value of
surface salinity is strongly influenced by salt fluxes within the ocean.

Table A1: Durations of model simulations and trends of global volume-average temperature,
ideal age, and AMOC max calculated over the last 120 years of each run.

Run Name PI Test LGM
Surface forcing PI PI&LGM | LGM
Duration (years) 510 1020 1440
Temperature trend (°C/century) | -0.046 -0.048 -0.053
Ideal Age trend (year/century) 16.8 8.8 9.6

AMOC max trend (Sv/Century) | -0.28 -0.16 -0.64

A.2 Details of the deep ocean stratification and model equili-
bration

The zonal mean stratification in the Atlantic Ocean is shown in Figure A3, with the
basin-average stratification profile given in Figure A4 for the South Atlantic, South Pacific, and
Indian Oceans, and in Figure A5 for the North Atlantic, North Pacific, and Southern Oceans.
In every ocean basin the Test run approximately reproduces the LGM deep ocean stratification
below 2000m. The deep stratification in the Atlantic Ocean is stronger than in the other ocean
basins, which is likely due to the presence of the North Atlantic Deep Water (NADW).

Figure A6 shows the change in the stratification between the last two 30-year periods in
the Atlantic Ocean as an indication of the level of equilibration in the simulations. The PI run

has a similar trend to the Test run, while the LGM run has a trend that is approximately 3 times
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Figure A1l: Long-term mean surface potential temperature (°C) in the three model runs and the
differences between them. The fields are plotted here on the coordinates of the ocean model
grid, which has the North Pole displaced to Greenland (Danabasoglu et al., 2006).

larger. The magnitude of the deep ocean stratification changes from one 30-year period to the

next (Figure A6) are approximately 100 times smaller than the differences between the three

simulations (Figure A3).

A.3 Conceptual model

A.3.1 Derivation of the conceptual model

The derivation of the conceptual model follows Nikurashin and Vallis (2011) and Nikurashin
and Vallis (2012); see these studies for further details. The model takes a zonally-averaged view
of the global stratification and overturning circulation, which are described by the zonal-mean

buoyancy b* = —g(p — po)/po and overturning circulation streamfunction y(y,z). Here we use
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Figure A2: Long-term mean surface salinity (g/kg) in the three model runs and the differences

between them. Coordinates are as in Figure A1l.
y to describe the zonally integrated circulation rather than the zonal-mean circulation, i.e., Y has
units of m3/s rather than m?/s as in Nikurashin and Vallis (2012). The ocean is approximated to
consist of a single basin (e.g., the Atlantic) of meridional length L, and zonal length L., which
is connected to a re-entrant zonal channel at the southern boundary (resembling the Southern
Ocean). This configuration is sketched in Figure 2.2 in Chapter 2. In the basin the isopycnals
are assumed to be flat, so we define b(z) = b*(y,z) for all y > 0, while in the channel (y < 0) the
isopycnals are assumed to have a constant isopycnal slope s. The surface of the channel is subject
to a fixed downward buoyancy flux B(y), and the formation of NADW at the northern end of
the basin is represented by y*(z) = Y(Ly,z). The flow in the channel is assumed to be adiabatic,
while the basin is subject to a constant diapycnal diffusivity k.

Following Nikurashin and Vallis (2012), volume conservation implies that at a given

depth, the change in the overturning streamfunction across the basin is equal to the net upwelling
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Figure A3: Comparison of the zonal-mean stratification in the Atlantic Ocean between the three
model runs (N2, in units of 107> s~2). Note that the magnitude of the stratification difference in
panel b below about 2000m is 10 times smaller than that in panels a and c.

driven by diapycnal diffusion within the basin,

—N?*(z), (A1)

where y = 0 represents the northern boundary of the Southern Ocean (Figure 2c). Here N> = db/0z
is the Brunt-Viisdld frequency, which is a measure of the ocean density stratification. For
isopycnals that outcrop in the Southern Ocean, the overturning streamfunction at the base of the

mixed layer (z = 0) can be related to the surface buoyancy forcing by

L.B
V(0 =2 /(ayy : (A2)

for y < 0 (cf. Marshall and Radko, 2003). Since the overturning circulation is assumed to be
adiabatic in the Southern Ocean, the value of the streamfunction at the base of the mixed layer

(z = 0) must match the value at the northern edge of the channel (y = 0) along the same isopycnal.
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Figure A4: Basin-averaged stratification in the South Atlantic, South Pacific, and South Indian
Oceans (N2, in units of 1075 s72).

For constant isopycnal slope s in the Southern Ocean, this implies

W(—Z/S, 0) = W(O,Z). (A3)

Combining equation (A1), (A2), and (A3), we obtain

B(—2z/s) (Ad)

which is equivalent to Equation (2.2) in Chapter 2.
Isopycnals in Region 3 outcrop only in the Southern Ocean, and y* is zero at the northern

boundary. Therefore Equation (A4) reduces to

KsLya%Nz(z) = B(—z/s), (A5)
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Figure A5: Basin-averaged stratification in the North Atlantic, North Pacific, and Southern
Oceans (N2, in units of 1075 s72).
which is equivalent to Equation (2.3) in Chapter 2. Assuming that N2 is negligibly small at the
bottom boundary z = z;, (see Figure 2.3 in Chapter 2), integration of Equation (A5) shows that
the stratification in Region 3 is determined by the surface buoyancy forcing in the Southern Ocean
only as long as B is specified:

N*(2) = / B g2, (A6)

KsLy

bot

However, if the surface buoyancy forcing takes the form of a relaxation boundary condition,
B(y) = r[bs(y) — b*(y,0)] with r the relaxation coefficient, by the specified surface buoyancy, and
b*(y,0) the buoyancy at the surface of the Southern Ocean, then the buoyancy b(z) appears on

both sides of Equation (A6), so this equation no longer directly indicates what determines the
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Figure A6: Change of the zonal-mean stratification in the Atlantic Ocean between the last two
30-year cycles (N2, in units of 107> s~2). Note that the magnitude of the stratification change in
the deep ocean is of order 0.001 x 1073 s=2, which is 100 times smaller than in Figure A3.

stratification. In this case, Equation (A5) becomes

KsLya%Nz(z) +rb(z) =rbs(—z/s), (A7)

where we have used b*(y,0) = b*(—z/s,0) = b(z), i.e., the buoyancy in the basin is equal to the
buoyancy at the surface of the Southern Ocean along the same isopycnal. Since N = db/dz,
Equation (A7) is a second-order ordinary differential equation for b(z). In this case, the abyssal
stratification is affected by the upper boundary condition for b, and so it is subject to at least slight
inter-hemispheric influences as expected from Fuckar and Vallis (2007).

In Region 2, where y* does not vanish, we consider the difference between the stratifica-

tions in the LGM and Test runs, which can be derived from Equation (A4) as

0
KLy Lx a_Z (NI%GM (Z) _N"lz“est(z)) :(NI%GM (Z)WEGM (Z) _N"lz“est(z)\lﬁl“est(z)) +

Ls (Brom(—2/5) — Brest(—2/5)), (A8)
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where the subscripts indicate the simulation name. Since both the LGM and Test simulations
are subject to the same approximately fixed LGM surface forcing in the Southern Ocean, we
approximate the last term in Equation (A8) to be negligibly small (see Figure 2.1 in Chapter 2),

and Equation (A8) becomes

Klylo 5 (NEam(2) = Nt (2) =N om (@)W oM (2) = Nest (2) Wi (2)
=N om(2) (Wiam(2) = Wren(2)) +
Ve (2) (Niom (2) = Nie (2))
=N oM (DAY + Wi AN’

_ A2 * W"T‘estAN §

At the depth of isopycnal surface p, that separates the upper and lower overturning cells, defined

here as zp, NEGM ~ N%est > AN? and Wlest ~ VigMm ~ AY* ~ 0, as discussed above. Hence

* 2
% < 1 and Equation (A9) can be approximately written near z = zg as
d
KLy Ly 5-AN(2) ~ Niam (DAY (2), (A10)

where AN? = N]%GM — N%est and AY™ = ] 5y — Wes- Using a realistic Atlantic area of L, Ly, =
8 x 10"3m?, diapycnal diffusivity of k = 1 x 10~* m?/s, and Region 2 approximate depth range
of 8z = 1000m, this implies that the NADW streamfunction must differ between the LGM and
Test runs by Ay* ~ 8 Sv in order to produce an order-one fractional change in the vertical change
of the stratification over the depth of Region 2. Given the small change in NADW of about 2
Sv between the LGM and Test simulations, we suggest that this explains why the change in
stratification across the depth range of Region 2 (approximately 2km to 3km) is similar in the

LGM and Test simulations (red and green lines in Figure 2.3a).
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Note that in Region 1, the influence from the surface wind-driven circulation is non-
negligible, so the assumption adopted here of flat isopycnals in the basin is not applicable.

An important caveat is that this conceptual model is only used in order to achieve a
qualitative understanding of the influence of the Southern Ocean surface forcing on the abyssal
and mid-depth stratification. This model should not be expected to quantitatively reproduce the
stratification profiles shown in Figure A4 and AS. For example, the stratification in the Atlantic
is clearly different from the other basins, which is not accounted for in this conceptual model.
Furthermore, the assumption of an adiabatic Southern Ocean circulation in our conceptual model
is not strictly justified. This can be seen in Figure A7, which shows the residual overturning
circulation streamfunction in the Southern Ocean for the three model runs, calculated in G,
coordinates. A diabatic component to the circulation south of 50°S is readily discernible. This
enhanced diapycnal flow in the Southern Ocean is mainly associated with the deep mixed layer
inside the subpolar gyre. Away from the subpolar gyre region, the residual overturning circulation
streamfunction approximately follows isopycnals, i.e., the adiabatic assumption is approximately

satisfied.

A.3.2 Non-constant isopycnal slope

In the analysis above, we assumed a constant isopycnal slope in the Southern Ocean for
simplicity, and we concluded that the NADW streamfunction would need to differ considerably
between the LGM and Test runs to produce a substantial change in the stratification of Region 2.
Here we show this conclusion still holds if we relax the assumption of constant isopycnal slope
in the Southern Ocean to allow the slope to vary between different isopycnals. Note that this
analysis will focus on the Southern Ocean region, whereas the analysis in Section A.3.1 focused
on the basin north of the Southern Ocean.

Following Nikurashin and Vallis (2011), the residual overturning circulation streamfunc-
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Figure A7: Residual overturning circulation streamfunction in the Southern Ocean (Sv) using
o> as the vertical coordinate.

tion in the Southern Ocean can be written as
#
v=y" 4y (All)
Here, y™ represents the contribution from mean flow and is given by the surface Ekman transport,

+ _ _TOLx
fopo’

(A12)

and y* is the eddy-driven overturning circulation streamfunction which can be expressed as

v =L Kgms (A13)

based on the Gent-McWilliams (GM) parameterization of mesoscale eddies. Here Kgy is the

GM thickness diffusivity which is a function of the local stratification in our ocean-only CESM
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Figure A8: As in Figure 2.2b in the main text, but including the PI and LGM simulations as

well as the Test simulation. (Note that panel b here is equivalent to Figure 2.2b.)
simulations. We assume for simplicity that the surface wind stress forcing (Tp) and Coriolis
parameter (fp) are constant, which implies that y is constant across the Southern Ocean and
all Eulerian-mean vertical motions occur in the southern and northern boundary of the Southern
Ocean. This simplification is also made in Nikurashin and Vallis (2011) for qualitative discussions.

In the ocean-only CESM simulations, both the GM thickness diffusivity Kgym and isopy-

cnal slope s vary somewhat in the Southern Ocean (Figure A9 and A10), and they combine
together to support the southward NADW transport into the Southern Ocean as in Abernathey
et al. (2011), i.e., both Kgy and s vary to account for the vertical change of y at the northern
boundary of the Southern Ocean. Here, for simplicity, we only allow s to vary but keep Kgm
constant, as in previous idealized modeling studies (e.g., Wolfe and Cessi, 2011).

Furthermore, we assume the circulation in the Southern Ocean to be adiabatic, i.e., the
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Figure A9: Gent-McWilliams (GM) thickness diffusion coefficient (Kgu; units of m? /s)
averaged zonally along barotropic streamlines.
residual overturning circulation streamfunction Y is constant along each individual isopycnal
surface. Hence the assumption of a constant y* implies that the eddy-driven overturning
circulation streamfunction y* must also be constant along each isopycnal surface.

Consider the residual overturning circulation on two isopycnals, p2 and p., where p; is
indicated in Figure 2.2c as the isopycnal that separates the abyssal overturning circulation from
the region above, and p. can be any isopycnal between p; and p,. In the Southern Ocean, the
southward flux of NADW (ynapw) between p, and p. has to be balanced by the vertical change
in the eddy-driven overturning circulation streamfunction since the Eulerian-mean overturning

circulation (y) has been assumed to be constant,

UNADW = Wi — W2 = W — b, (Al14)

Here, . and y» are the residual overturning circulation streamfunction on isopycnal surface p.

and p,, and y* and \|I§ are the eddy-driven overturning circulation streamfunction on isopycnal
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surfaces p, and po. Combining equation (A13) and (A14), we have

YnaDw = LyKoMm (s« — 52), (A15)

where s and s; are the slopes of isopycnals p.. and p», respectively. At the surface of the Southern
Ocean, the upwelled water is transformed to lighter water by the surface buoyancy flux B (which

is fixed, i.e., independent of the ocean state), which satisfies

B Ynabw
T o (A16)

In Equation (A16), both B and db/dy are evaluated at the surface in the Southern Ocean where p.

outcrops. The buoyancy gradient db/dy can be approximated by

b _ (px—p2)g g (A17)

dy  poW W’

where g = (p« — p2)g/po and W is the distance between p, and p,. at the ocean surface, i.e.,

W= (A18)
§2 S«
Based on our definition of p,
¥> = 0and s % (A19)
2= 2= T T
pofoKam
are specified constants.
Combining Equations (A16), (A17) and (A18), we obtain
B *
Z (2 %) - Ynabw, (A20)
8 ! 52 A L,
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Substituting Equation (A15) into (A20) leads to

B *
L 2 Z _ \IINADW7 (A21)
g |s2  s2+wnapw/(KomLy) L,

from which we can obtain

Zx _ 22 YNADW g (A22)

s2 +Wnabw/(KomLy) — s2 BL,

Therefore, the difference in depth between p. and p; is

22 UNADW  WUNADW &’ WYNADW
— _ TIACW ) A23
Zu—22 5 Kot LxJ ’ BL, (Sz + KoL, )J (A23)

I II

Here Term I represents the effect of the reduction in the isopycnal slope that supports a positive
overturning overturning streamfunction because s — 52 = Ynapw/ (LxKcm) from equation (A15).
Term II represents the contribution from the northward displacement of the outcropping latitude
of p, relative to py because (Wnapw g')/(BLy) ~ W based on equation (A16) and (A17).

For typical values in the real ocean:

Ynapw = 10'm3 /s, so=—1073,
Ly=2x10"m, po =1000kg/m?,
Kgm = 1000m? /s, P2 — px =0.2kg/m?,
B=10"%m?/s’, 7 =—3000m.

Here the value of p., is chosen close to the core of the NADW overturning circulation, where

there is maximal change in the isopycnal slope.
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‘We obtain

Ze — 22 = 1500m+ 50m. (A24)
I 0

Clearly, term I dominates over term II in Equation (A23). Thus, we have

. 22YNADW

L— D~ . (A25)
52 KomLy

Inserting equation (A25) into the approximate derivative N> =~ g’ /(z. — z2), the density stratifica-

tion in Region 2 is

A
N? =~ , (A26)
YNADW
with
'so KomLy
A= E276M (A27)
22
being a constant. From Equation (A26), we obtain
) A
AN* ~ — 5 A\]INADw. (A28)
YNADW:LGM

Here AYNADW = WNADW:LGM — WNADW:Test> Where WNapw:LGM and WNADW:Test are the values of

ynapw in the LGM and Test simulations. Recall that AN 2= NEGM — N%est. To obtain equation

(A28), we have used the assumption YWNADW:LGM ~ WNADW:Test- Combining equation (A26) with

(A28) leads to
AN*> Aynapw
NEom WUNADW:LGM

(A29)

Therefore, even when the assumption of constant isopycnal slope is relaxed, an order-one
change in NADW transport is still required for the Northern Hemisphere surface forcing alone to
cause an order-one change in the density stratification in Region 2. Consistent with the simpler

analysis in Section A.3.1, we suggest that this explains why the stratification in Region 2 was
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relatively insensitive to changes in Northern Hemisphere surface forcing.
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Appendix B

Appendix for Chapter 3

B.1 CESM setup

The time- and zonal-mean wind stress and wind stress curl is presented in Figure B1.
Consistent with our model setup, the wind stress forcing in the Test run closely follows the LGM
run in the Southern Ocean until 40°S. Unlike the wind stress forcing, surface buoyancy flux in
the Test run appears to differ from LGM (Figure B2). This is because more frazil ice is formed in
the LGM run due to a colder global ocean temperature, which releases more brine and increases
the negative buoyancy loss close to the Antarctica. The frazil ice is formed as part of the ocean
model when the temperature of seawater falls below the freezing point.

In Figure B2d, we present the zonal-mean buoyancy flux from the Southern Ocean State
Estimate (SOSE; Mazloff et al., 2010), which broadly resembles our PI simulation. However,
the latitude where surface buoyancy forcing changes sign in SOSE is further south by 5° latitude
compared to our PI simulations. Therefore, this study does not aim to reproduce the ocean
circulation in the PI and LGM climate. Instead, we focus on the response of the AMOC depth to
changes in the surface buoyancy forcing in the Southern Ocean.

Previous studies suggest that the simulated AMOC could be biased from the equilibrium
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state due to a lack of equilibration for the deep ocean circulation in climate models (e.g., Zhang
et al., 2013; Marzocchi and Jansen, 2017). In order to evaluate the potential influence of model
equilibrium on our results, here we use the residual-mean overturning circulation (), which
is reported by the model and represents the sum of the eulerian-mean overturning circulation
and eddy bolus contributions, instead of the isopycnal overturning circulation () as in Chapter
3. The residual-mean overturning circulation could be a good approximate to the isopycnal
overturning circulation in the basin, where the eddy activities are relatively low. We define the
AMOC strength as the maximum residual-mean overturning circulation streamfunction below
500m and the AMOC depth as the depth where J(y,z) = 0 in the Atlantic averaged between 30°S
and 0° (Figure B3). Note that the AMOC depth defined using  is not qualitatively different
from that using y (compare Figure B3 with Figure 3.1). Over the last 120 years, the trend in the
annual-mean AMOC strength (thin lines in Figure B3) is -0.28 Sv/century, -0.17 Sv/century, and
-0.64 Sv/century for the PI, Test, and LGM runs; and the trend in the annual-mean AMOC depth
(thin lines in Figure B3) defined using  is -0.45 m/year, -0.04 m/year, and -0.24 m/year for the
PI, Test, and LGM runs, respectively. This implies that, if these trends persist, the AMOC depth
in the Test run is going to be closer to the PI run and farther from the LGM run for a longer model
simulation. Therefore, the lack of equilibrium will not affect our conclusion that the Southern

Ocean surface buoyancy forcing alone can not determine the depth of the AMOC in our model.

B.2 Isopycnal slope

It is hypothesized that the isopycnal slope is constant between the PI and LGM climate in
Ferrari et al. (2014). However, small changes in the isopycnal slope in response to surface forcing
perturabtions are present in both observations (Boning et al., 2008) and models (e.g., Viebahn and
Eden, 2010; Gent and Danabasoglu, 2011; Wolfe and Cessi, 2010) that could potentially cause

discernible changes in the MOC depth. Here, we quantify the changes in the isopycnal slope
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between the three ocean-only simulations. Instead of calculating the isopycnal slope directly, we

calculate the depth changes of isopycnals from 60°S to 30°S (AZ;; Figure B8):
Az =2(60°S,0,) —2(30°S,02). (B1)

They are mapped to depth coordinates using the mean depth of isopycnals at 50°S in Figure
B8. Comparison of AZ between the simulations in Figure B8b reveals that a depth difference of
around 50m in the MOC depth between Test and LGM simulations could be purely attributed to
the small changes in the isopycnal slope (Figure 3.2d), although these changes in isopycnal slope

are difficult to discern by eyes (Figure B7).

B.3 Diapycnal mixing

Following the framework of Walin (1982), we can calculate the water mass transformation

due to surface buoyancy forcing as

1 o

T
T<62) = ___/ // ’7-[<G/2(X7y707t) _02)F:9<x7y7t)dAdt7 (Bz)
T 962 Jo JJooos<y<30°s

where F(x,y,t) represents the surface buoyancy flux in the Southern Ocean. If the circulation is
purely adiabatic, 7 (c2) (blue lines in Figure B9) should be the same as y(30°S,62) (black lines
in Figure B9). The difference between the two, 7 (62) — y(30°S,0,), represents the water mass
transformation due to diapycnal mixing in the Southern Ocean (red lines in Figure B9). Similar
to Newsom et al. (2016), we find that the water mass transformation due to diapycnal mixing
is substantial in the Southern Ocean in our study. By comparing Figure B9 with Figure 3.2, it
appears that most of the diapycnal mixing (~15 Sv out of 20 Sv) observed in Figure B9 occurs in
the surface 1500 m in CESM.

In Figure B12, we plot the mean diapycnal diffusivity between 60°S and 30°S with
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respect to depth (Figure B12a) and height above the ocean bottom (Figure B12b), which is
within the observed range of diapycnal diffusivity (Waterhouse et al., 2014, their Fig.7). We
also calculate the mean diapycnal diffusivity close to the domain of the diapycnal and isopycnal
mixing experiment in the Southern Ocean (DIMES), denoted by the two rectangulars in Figure
B12b. We find a diapycnal diffusivity of ~1.4x10~#m? /s at 1500m depth, which is consistent
with Watson et al. (2013) that concludes the diapycnal diffusivity to be O(10~#)m? /s at the same
depth around the same region from tracer distributions in the DIMES project. This suggests
that similar effects of diapycnal mixing on the MOC depth, as discussed in Chapter 3, could be
plausibly expected in the real ocean.

Unless in regions of deep convection or in the boundary layer, the diapycnal diffusivity
profile is dominated by the parameterized tidally-driven mixing, which scales inversely with
the density stratification (Jayne, 2009). The diapycnal diffusivity is largest between 1.5km and
3.5km depth in Figure B12a due to its weak stratification (Sun et al., 2016). This explains the
largest contribution of diapycnal mixing to the MOC depth in Figure B11b. The magnitude of the
diapycnal diffusivity in the Test run falls between those of the PI run and LGM run, consistent
with the diapycnal mixing in Figure B11b. This suggests that the differences in diapycnal mixing
can be partly attributed to the intensity of the surface buoyancy forcing in the Southern Ocean (cf.
Sun et al., 2016).

Previous studies have suggested that numerical discretization of the nonlinear advection
terms in tracer equation can cause substantial numerical diapycnal diffusion (e.g., Griffies et al.,
2000; Hill et al., 2012). Here, we quantify how much of the diapycnal mixing could be associated
with discretization errors by defining an effective diapycnal diffusivity. The effective diapycnal
diffusivity (Kegr) is defined as:

Aaéz . a N 862
0 = o (Keffa—z) ’ (®3)

following the notation of Munk (1966), where the hat “*” denotes quantities in depth coordinates
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as in Chapter 3 and ® represents the diapycnal velocity and ®(y,2(y,02)) = ©(y,02) = L—lxa"’(aLyGZ)

A small isopycnal slope has been assumed to derive (B3). For regions below the surface mixed
layer and away from deep convection zones, the water column is stably stratified and the effective

diapycnal diffusivity can be obtained in 6, coordinates as:

1 L 0% G
Keft(02) = Z/() 9%(3,02) </ o(y, G’z)dc’z) dy, (B4)

96, \Jope

where Kef(02) = L [ Refr(y,2(7, 62) )dy, L is the meridional length of the integration, ® is the
diapycnal velocity in 6, coordinates, and Z(y,0,) represents the mean depth of isopycnal, as
defined in Chapter 3.

For comparison, the parameterized diapycnal diffusivity is also mapped to 6, coordinates

as

1 (71
K(GZ) = T/O Z//Km(x7y>th)lc’z(x,y,z,t):cg dxdydt, (BS)

where K, (x,y,z,t) is the model reported diapycnal diffusivity, and A represents the integral area
on isopycnals.

We compare the diagnosed effective diapycnal diffusivity K¢ with the model reported
diapycnal diffusivity ¥ in Figure B13. It appears that the effective diapycnal diffusivity is
approximately the same as the the model-reported value, implying that the numerical diapycnal
mixing is not playing a significant role in CESM. Here, we have limited the calculation of Keft
and K in the deep ocean and within 30°S and 30°N. This is because a stable stratification is
required in Equations (B3) and (B5) and the calculation might be not reliable in the Southern
Ocean. Therefore, we cannot exclude the possibility of a larger fraction of the diapycnal mixing

being due to numerical discretization errors in the Southern Ocean.
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Figure B1: Zonal mean wind stress (a) and wind stress curl (b). Note that the slightly enhanced
wind stress curl in the Test simulation close to 40°S is due to the feathering of the forcing fields
between 40°S and 30°S.
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Figure B2: Long-term mean seasonally-varying zonal-mean buoyancy flux (a-c) and annual-
mean buoyancy flux (d) from the three ocean-only simulations. The time- and zonal-mean
buoayncy flux over years 2005-2010 from the Southern Ocean State Estimate (SOSE; Mazloff
et al., 2010) is plotted in panel d as a blue dashed line for comparison.
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Figure B3: Annual-mean AMOC strength (left) and depth (right) over the last 120 years of the
simulations. The thick lines represent 30-year running averages of the annual-mean data. The
AMOC depth is averaged between 30°S and 0° in the Atlantic Ocean.
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Figure B4: The MOC streamfunction on G, coordinates in the Southern Ocean, with the
contours and colorbar labeled in units of Sv. The purple line represents the maximum potential
density that appears in the surface mixed layer at each latitude for any time and any longitude.
Therefore, isopycnals below the purple line always lie below the surface mixed layer.
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Figure B6: (a) MOC depth in Atlantic and in the Southern Ocean at 30°S and (b) comparison
of the MOC depth between the three simulations. The percentage in panel (b) shows the ratio
between the MOC depth differences in the Southern Ocean vs that in the Atlantic Ocean. This
implies that the AMOC depth changes can be mostly attributed to the MOC changes in the
Southern Ocean in our simulations. The lower percentage for “Test-LGM” and “PI-LGM” in (b)
implies the importance of the North Atlantic processes in modifying the inter-basin transport
of NADW between the Atlantic ocean and the Pacific ocean, which will be discussed in a later
study.
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Figure B7: Contours of 6, (y,z) to compare the isopycnal slopes between the three simulations.
The potential densities for the three plotted isopcynals (from top to bottom) in each simulation
are provided in the bottom left in units of kg/m?.
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Figure B9: Water mass transformation due to surface buoyancy flux (blue lines), overturning
circulation at 30°S (black lines), and the residual that is due to diapycnal transport (red lines).
This is not sensitive to the reference pressure, i.€., the strong diapycnal transformation is similar
if calculated using G or 64 coordinates.
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Figure B11: Dependence of D (a), D*°P (a), DI (b), §D'P, and D2 on the reference
depth zr as discussed in Section 3.4. The y-axis is reversed in (a) to show that higher D means
deeper depth. The contribution of diapycnal mixing to the MOC depth (D%2P) decreases with the
reference depth because the integral area (represented by L, in Figure 3.3) is smaller for larger
Zref. However, the contribution of diapycnal mixing to the MOC depth difference is insensitive
to the reference depth.
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Figure B12: Diapycnal diffusivity averaged on constant depth (a) and on constant height above
bottom topography (b) between 60°S and 30°S. Deep convection regions (k ~ 1m?/s) are
excluded. In Panel (b), only regions deeper than 2000m are considered following Waterhouse
et al. (2014). This explains why diapycnal diffusivity is the largest in the PI run in Panel (a)

between 1.5km and 3.5 km depth, due to its weak stratification, but it is not seen in Panel (b).

The subplot within Panel (b) shows the bathymetry (km) close to the Drake passage. To compare
with observations, we calculate the mean diapycnal diffusivity profiles over smooth topography
(dash-dotted lines; A) and rough topography (dashed lines; B) close to the Drake passage for
the PI simulation. And we find that both diapycnal diffusivity profiles are within the observed
range given by Waterhouse et al. (2014). The regions denoted by “A” and “B” correspond
approximately to the domain of the DIMES project, where Mashayek et al. (2017) concludes the
diapycnal mixing to be O(10~#)m? /s at 1500m depth. We averaged the diapycnal diffusivity at
1500m depth over the region denoted by “A” and “B”, and we find a diapycnal diffusivity of
1.4x10"*m? /s, consistent with Watson et al. (2013).
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Figure B13: Effective diapycnal diffusivity (Kes, defined in Equation (B4)) and model-reported
diapycnal diffusivity (x, defined in Equation (B5)) calculated between 30°S and 30°N. The
potential density range covers the depth range from intermediate depth to the ocean bottom.
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Appendix C

Appendix for Chapter 5

Here we discuss the impacts of varying the restoring timescales on the reproduction of the
PMIP3 surface density and surface buoyancy flux in the ocean-only simulations. The equations

for temperature and salinity at sea surface are

08 Qnet 1 * *t

— = =——(0—6 ne Cl
ot pOcpss +Xe te( )+ pOCpSS +Xes (Cla)
S S 1 So

— =t Yt = —— (S =S+ —(E* — P* + M: salts 1b
> 85+x It tsan(S S )+6s( + M) + Xsalt (C1b)

where ) represents the advection and diffusion terms in the temperature and salinity equations
for the MITgcm simulations. Thus, the evolution of temperature and salinity is determined by
surface buoyancy conditions and ocean processes. Similarly, the temperature and salinity at sea

surface in the PMIP3 simulations can be written as

— n * C2
ot PocyOs tXe: (C22)
ot = 8_0 (E —P + Mice) + Asalts (C2b)
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where y* represents the climatological monthly-mean advection and diffusion terms in the
temperature and salinity equations for the PMIP3 simulations.

Inserting Equations (C2a) and (C2b) into Equations (Cla) and (C1b) and rearranging, we
can connect the evolution of temperature and salinity in the MITgcm simualtions to the PMIP3
runs as

00 0 00F o
= +—+ Xo» (C3a)
0

R,
oS S oS* S*

T A A C3b
o T o e (€3b)

where ' = x — x* represents the difference in the ocean dynamics contribution to the buoyancy
equations between the MITgcm and PMIP3 simulations. In the remainder of this section, we will
focus on these two equations to discuss the impacts of relaxation strength on the reproduction of
the PMIP3 surface properties in the MITgem simulations.

Considering the simplified scenario in which ocean dynamics are ignored, Equations

(5.4a), (5.4b), (C3a), and (C3b) together give that

626*7525*7Qnet:Q:etaandSZS*v (C4)

i.e., both the surface density and the surface buoyancy flux (F = g/po (0(Qnet/cp — poPS)) in the
PMIP3 simulations can be reproduced in the MITgcm runs. Here, g is the gravitational parameter,
o is the thermal expansion coefficient, and B is the haline contraction coefficient.

However, with the addition of ocean dynamics, the reproduction of the surface density
and the surface buoyancy flux depends on the restoring timescales g and #,;;. In the following,
we focus on the impact of restoring timescales on the simulated temperature (0) and net surface
heat flux (Qner). An equivalent discussion can be applied to salinity and surface salinity flux.

Therefore, a better reproduction of surface temperature is equivalent here to a better reproduction

191



of the surface density, and a better reproduction of net surface heat flux is equivalent here to a
better reproduction of the surface buoyancy flux.

We normalize the variables in the temperature equation (C3a) as

0= eoé, 0" = é*eo, 1= l‘()l?7

Onet = AQhet, Q;et = AQ:etv

A

0o . 0
Yo = — Ry Xy = t—oxe, andys = —Rp- (C5)
0 )

[1Xa%2]

where variables with a hat are dimensionless, A = pc,0,080 /1), 89 = 273.15 K, 7T is the vector
form of the wind stress, f is the Coriolis parameter, and #y = 70 days represents the response
timescale of the top layer temperature to surface forcing (Haney, 1971a). Therefore, Equation

(C3a) can be written in its dimensionless form as

aé A aé* A* Al

where A = 19/fp and measures the relaxation strength. Next we discuss the impacts of relax-
ation strength on the simulated surface temperature and net heat flux using this dimensionless

temperature equation.

C.1 Strong Relaxation

For strong relaxation, A < 1 and the restoring timescale is short. Taking a standard

perturbation theory approach, we can write the temperature as

6=060+A0; +0(7A?). (C7)
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Substitution of Equation (C7) into Equation (C6) gives

oY) : 6y = 6", (C8a)

o) : 61 = %p- (C8b)

Therefore, the dimensionless bias in the temperature can be written as

A

AB =0 —-0" = Ay + O(A?). (C9)

Incorporating Equation (5.4a), the dimensionless bias in surface heat flux is

AOret = Onet — Qi = Ry + O(N). (C10)

Therefore, in the limit of strong relaxation, there is zero bias in the surface density (Equation
(C9), since only the O(A°) term is included in the limit), but the surface buoyancy flux bias has a

generally nonzero value that is determined by ocean dynamics (Equation (C10)).

C.2 Weak Relaxation

For weak relaxation, on the other hand, A > 1 and the restoring timescale is long. Taking

the same perturbation theory approach, we can write the dimensionless temperature as

6=8)+nb, +0(n?), (C11)
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where = 1/A =1g/ty < 1. Substitution of 8 into Equation (C6) leads to

00y 06
0 : —0 = —_— 5!
oMm’): =& =2~ +% (Cl2a)
omb): %? +60=6" (C12b)

Combination of the above equations allows the ; tendency to be written as

A——/%ﬁ (C13)

Therefore, the dimensionless bias in the temperature can be written as

N
6-6 =1+ om) = /jmh+o (C14)

A

AO

Using Equations (Cla), (C2a), (C11), (C12), and (C13), the dimensionless bias in surface heat

flux can be written as

AQnet - Qnet - Q:et

B | |08 .
oF Ko oF e

% o ke
96
==z +0(n’)

—=m/mm+o (C15)

Therefore, in the limit of weak relaxation, there is zero bias in the surface buoyancy flux (Equation

(C15), since only the O(n°) term is included in the limit), but the surface density bias has a
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generally nonzero value that is determined by ocean dynamics (Equation (C14)).

This highlights a trade-off that depends on the surface relaxation timescale between
reproduction of the PMIP3 surface density and reproduction of the PMIP3 surface buoyancy flux
in the MITgcm simulations. In the conceptual model analyzed in this appendix, the former is
better reproduced with shorter timescales (i.e., stronger relaxation), whereas the latter is better
reproduced with longer timescales (i.e., weaker relaxation). Fig. 5.3 illustrates that the same
qualitative behavior occurs in the MITgcm simulations presented in this study. This suggests that
by varying the restoring timescales in the MITgcm simulations, we can investigate the relative
importance of the surface density distribution versus the surface buoyancy flux distribution in

setting the AMOC depth, as is done in Section 5.3 of Chapter 5.
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Appendix D

Appendix for Chapter 7
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Figure D1: Area-integration of ice motion divergence (a,b) and mean ice speed (c,d) in the
Antarctic (left) and the Arctic (right) The transition from the Scanning Multichannel Microwave
Radiometer (SMMR) to the Special Sensor Microwave/Imager (SSM/I) on July 9, 1987 and the
transition from the SSM/I flown on the Defense Meteorological Satellite Program F8 satellite
to the SSM/I flown on the DMSP F11 satellite on December 3, 1991 are marked with two red
dashed lines on each polot.
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Figure D2: Same as Figure 7.1 in the main text but for “Observations”, “LENS-4", “ObsViClim-
4”, and “ObsVi-4”
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Figure D3: Same as Figure 7.1 in the main text but for “Observations”, “LENS-6", “ObsViClim-
6”, and “ObsVi-6”
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Figure D4: Linear trends of sea ice concentration in summer months (JFM) for “Observations”,
“LENS-2", “ObsViClim-2”, and “ObsVi-2”.
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Figure D4 (cont.): Figure D4 continued but for Fall months (AM]J).
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Figure D4 (cont.): Figure D4 continued but for Winter months (JAS).
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Figure D4 (cont.): Figure D4 continued but for Spring months (OND).
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Figure D5: Same as Figure D4 but for “Observations”, “LENS-4”, “ObsViClim-4", and “ObsVi-
4 in summer months (JFEM).
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Figure DS (cont.): Figure D5 continued but for Fall months (AM]J).
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Figure D5 (cont.): Figure D5 continued but for Winter months (JAS).
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Figure D5 (cont.): Figure D5 continued but for Spring months (OND).
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Figure D6: Same as Figure D4 but for “Observations”, “LENS-6", “ObsViClim-6", and “ObsVi-
6 in summer months (JFEM).
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Figure D6 (cont.): Figure D6 continued but for Fall months (AM]J).
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Figure D6 (cont.): Figure D6 continued but for Winter months (JAS).
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Figure D6 (cont.): Figure D6 continued but for Spring months (OND).
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Figure D7: Same as Figure 7.4 in the main article but for “LENS-4" and “ObsVi-4”
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