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Decades of research have shown that the accumulation of greenhouse gases in the
atmosphere due to anthropogenic emissions strongly influences global and regional climate.
However, natural variability associated with intrinsic climate modes introduces substantial noise
across myriad timescales, posing a significant challenge for the accurate simulation and projection
of future climate variability and change.

In this dissertation, we utilize state-of-the-art climate model simulations in tandem with

modern observational data sets to: 1. Investigate the physical mechanisms governing the evolution
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of internal climate modes on seasonal-to-decadal timescales, 2. Analyze the impact of those modes
on remote climates through ocean-atmosphere teleconnections, and 3. Assess the interplay of
internal and forced variability in order to better interpret observed climate trends. We show that
the observed cooling of the tropical Pacific Ocean in recent decades primarily stems from a decadal
intensification of the equatorial wind-driven ocean circulation during boreal winter. We then
provide model evidence that internal variations associated with this decadal cooling superposed
with anthropogenic trends to produce a period of accelerated Hadley Cell expansion that strongly
mirrors observed trends since 1980.

We also consider the influence of extratropical climate variability on tropical climate.
Specifically, we develop a novel statistical technique to isolate the spatiotemporal evolution of the
Atlantic Meridional Mode (AMM) in observations. We show that the AMM integrates
extratropical atmospheric noise into a deterministic pattern of propagating sea surface temperature
(SST), wind, and latent heat flux anomalies. A comparison to CMIP5 reveals that most models
tend to poorly simulate the relevant coupled feedbacks. We further explore these mechanisms
using a fully-coupled climate model to produce an ensemble of North Pacific SST pacemaker
experiments. We find that North Pacific SST has significantly influenced the observed trajectory
of observed ENSO variability, particularly the 2014-2015 and 2015-2016 El Nifios. These
interactions are made possible through two physical pathways that arise from the evolution of the
Pacific Meridional Mode (PMM).

The research presented in this dissertation improves understanding of the physical
mechanisms controlling key internal climate modes, and takes a significant step towards

quantifying tropical-extratropical interactions.
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Chapter 1

Introduction

1.1 Motivation

For much of the global population, subtle variations in regional climate can have profound
impacts on one’s socioeconomic outlook. This is particularly true for the hundreds of millions of
people who depend critically on the accurate prediction of surface air temperature and rainfall
patterns for water and food. Decades of research have led to the conclusion that the accumulation
of greenhouse gases in the atmosphere due to anthropogenic emissions strongly influences global
and regional climate (e.g., Hartmann et al. 2013). Therefore, projecting future climate variability
and change due to external radiative forcing has been a fundamental driver of scientific inquiry in
recent years. However, climate is also characterized by natural “noise” that can be large relative
to external anthropogenic “‘signals”. The complicated interplay of internal variability and external
forcing presents a significant challenge in projecting future climate change.

While a significant portion of intrinsic variability results from the chaotic and
unpredictable nature of the climate system (Shepherd 2014), there exist deterministic components
associated with internal climate modes (Deser et al. 2010). Internal climate modes vary across
myriad timescales and are defined by recognizable and recurrent patterns in ocean surface
temperature and/or atmosphere circulation, often resulting from coupled interactions between the
two. Further, these modes can often be represented by dynamical systems, such that their physical
evolution includes a predictable component in time and space. Generally, climate modes evolve

regionally; however, many of them drive large-scale atmospheric responses or “teleconnections”,



which can extend their influence to remote climates throughout the globe. As a result, improving
our understanding of the dynamical underpinnings behind climate modes and their teleconnections

may significantly enhance the predictability of a wide range of climate impacts.

1.2 Tropical influence on extratropical climate

The influence of tropical climate modes on extratropical climate and weather has been an
active area of research since the mid-20" century. Early observational work by Riehl (1950),
Bjerknes (1969), and others showed that tropical sea surface temperature (SST) anomalies can
drive atmospheric convection, which acts as a thermal source for barotropic and baroclinic
circulation anomalies at higher latitudes. Subsequent theory and modeling experiments linked
these teleconnections to Rossby wave trains that emanate from a tropical heat source and force
surface responses in mid-latitude temperature, wind, and precipitation (Gill 1980; Horel and
Wallace 1981; Barnston and Livezey 1987).

A major source of anomalous atmospheric heat in the tropics is the El Nifio-Southern
Oscillation (ENSO), which is an internal climate mode that dominates tropical Pacific variability
on interannual timescales. As will be discussed in the coming chapters, ENSO represents an
anomalous warming or cooling of the equatorial Pacific Ocean, which strongly modulates the
position of tropical precipitation and influences the mid-latitudes through the aforementioned
atmospheric bridge (Horel and Wallace 1981). Low-frequency tropical Pacific climate modes are
also thought to significantly impact higher latitudes through a similar mechanism (Newman et al.
2016). The influence of tropical Pacific climate modes on global precipitation and surface air

temperature variability on seasonal-to-decadal timescales will be a major focus of this dissertation.



1.3 Extratropical influence on tropical climate

Within the tropics, meridional temperature gradients in the atmosphere are small due to
mostly uniform insolation and the large Rossby deformation radius of propagating waves. As a
result, tropical atmospheric circulation is weak and SST anomalies are particularly effective at
driving an atmospheric response. In comparison, meridional temperature gradients in the mid-
latitudes are much sharper, and atmospheric circulation is much more vigorous, making it difficult
for ocean anomalies to strongly impact the atmosphere (Alexander and Scott 1997). Therefore,
while extratropical climate modes can significantly modulate local climate, their influence on
remote climates through atmospheric teleconnections is less clear.

However, over the past two decades, the climate community has identified important
physical mechanisms by which extratropical ocean-atmosphere variability can significantly impact
tropical climate modes such as ENSO in the Pacific and the Atlantic Nifio in the Atlantic. These
extratropical-to-tropical pathways primarily develop through the so-called Pacific and Atlantic
Meridional Modes (PMM and AMM, respectively), which are modes of coupled climate
variability found in the subtropical Pacific and Atlantic Oceans. As will be discussed, the PMM
and AMM act as conduits by which stochastic extratropical atmospheric variability can teleconnect
into the deep tropics through a series of coupled air-sea interactions (Chiang and Vimont 2004).

Their influence is then felt globally through tropically-forced atmospheric teleconnections.

1.4 Dissertation overview
The work in this dissertation utilizes state-of-the-art climate model simulations in tandem
with modern observational data sets to investigate the impact of internal climate modes on remote

climates on seasonal-to-decadal timescales. The interaction between natural and anthropogenic



climate variability is also analyzed with an emphasis on future projections. The dissertation is
organized as follows. In Chapter 2, we assess the seasonality of decadal trends in ocean circulation
along the equatorial Pacific strip. This analysis seeks to improve our understanding of the physical
drivers behind observed decadal tropical Pacific cooling and the observed seasonality of the recent
global warming “hiatus”. The results of this work serve as motivation for Chapter 3, which
develops a statistical technique to relate observed Hadley Cell expansion to this tropical Pacific
cooling. Specifically, we isolate an internal and forced mode of Hadley Cell width variability in
coupled climate simulations, and utilize them to assess future changes in regional hydrology.
While Chapters 2 and 3 primarily focus on the influence of tropical climate modes on
higher latitudes, Chapters 4 and 5 delve into extratropical-to-tropical teleconnections. In Chapter
4, we develop a novel statistical technique to isolate the physical processes that govern the seasonal
evolution of the AMM in observations. We then use these techniques to assess the ability of
modern climate models to accurately simulate the relevant coupled air-sea interactions. Finally, in
Chapter 5, we use a coupled climate model to generate the first ever ensemble of North Pacific
pacemaker simulations. In these experiments, we force the model with the observed trajectory of
SST anomalies in the North Pacific, while allowing the model to freely evolve everywhere else.
We show that North Pacific-forced ocean-atmosphere interactions can account for ~15-20% of
observed ENSO variability since 1950. These interactions are made possible through two distinct

physical pathways associated with the PMM.



Chapter 2

Seasonality of tropical Pacific decadal
trends associated with the 21st century
global warming hiatus

Abstract

Equatorial Pacific changes during the transition from a non-hiatus period (pre-1999) to the
present global warming hiatus period (post-1999) are identified using a combination of reanalysis
and observed data sets. Results show increased surface wind forcing has excited significant
changes in wind-driven circulation. Over the last two decades, the core of the Equatorial
Undercurrent intensified at a rate of 6.9 cm s7! decade™!. Similarly, equatorial upwelling associated
with the shallow meridional overturning circulation increased at a rate of 2.0 x 10* ¢cm s'! decade’
!in the Central Pacific. Further, a seasonal dependence is identified in the sea surface temperature
trends and in subsurface dynamics. Seasonal variations are evident in reversals of equatorial
surface flow trends, changes in subsurface circulation, and seasonal deepening/shoaling of the
thermocline. Anomalous westward surface flow drives cold-water zonal advection from November
to February, leading to surface cooling from December through May. Conversely, eastward surface
current anomalies in June-July drive warm-water zonal advection producing surface warming from
July to November. An improved dynamical understanding of how the tropical Pacific Ocean
responds during transitions into hiatus events, including its seasonal structure, may help to improve

future predictability of decadal climate variations.



2.1 Overview

Global average surface air temperature (SAT) has been significantly increasing since the
industrial revolution (Hartmann et al. 2013), although this overall global warming trend has been
punctuated by periods of weaker/stalled warming or cooling. Sometimes lasting several decades,
breaks in twentieth century warming have been called global warming “hiatuses” in the literature
(e.g., Meehl et al. 2011; Kosaka and Xie 2013; England et al. 2014). This has reignited debate on
the validity of anthropogenic climate change among skeptics and confusion among the public.

Examples of hiatuses include a period of time from the 1940s to the 1970s and currently
from about 2000 to the present (Figure 2.1a). In particular, the current global warming hiatus has
been the subject of significant scientific scrutiny. For example, a growing body of literature has
shown increased ocean heat uptake over the last decade (Meehl et al. 2011; Katsman and
Oldenborgh 2011; Meehl et al. 2013; Guemas et al. 2013). Yet uncertainty remains on the
mechanisms driving the transition from a non-hiatus period to a global warming hiatus period
(Solomon et al. 2010, 2011; Kaufmann et al. 2011). Since future hiatus periods are likely to disrupt
future warming trends (Easterling and Wehner 2009; Hansen et al. 2011) it is important to ascertain
the impact that a hiatus has on the global climate system.

Recent research has focused on the Pacific Ocean as a potential player in modulating global
warming trends due to its immense volume (Meehl et al. 2011; Brown et al. 2015; Dai et al. 2015).
Specifically, studies have shown periods of hiatus correspond well with negative phases of the
Pacific Decadal Oscillation (PDO) (Meehl et al. 2011; Kosaka and Xie 2013; England et al. 2014),
an internal mode of climate variability (Mantua et al. 1997; Power et al. 1999; Folland 2002).
During a negative (positive) phase, this ENSO-like pattern of climate variability is characterized

by cooler (warmer) tropical Pacific sea surface temperatures (SST) and stronger (weaker) trade



winds. The 1990s saw the beginning of an easterly trend in the trade winds and as a result the first
decade of the 21%-Century has been dominated by anomalously intense trades, which are normally
associated with a negative PDO (Figures 2.1b and 2.1c¢).

A growing body of research has indicated that a negative phase PDO, which has significant
impacts on tropical Pacific SST, heat content, and atmospheric/ocean circulations, forces regional
climate anomalies in North America, and is a contributing mechanism to the current global
warming hiatus (e.g., Kosaka and Xie 2013; England et al. 2014; McGregor et al. 2014). It remains
largely unclear though how the eastern Pacific has remained cool even with increased global
radiative forcing.

England et al. (2014) describe an intensification of wind-driven circulation in the tropical
Pacific during the hiatus, which would drive increased equatorial upwelling in the central and
eastern Pacific, thus sustaining cool SSTs. Additionally, Kosaka and Xie (2013) and Trenberth et
al. (2014) show a seasonal dependence in surface variables associated with global “hiatus modes”.
Here, we focus on the seasonal response of surface climate anomalies and subsurface ocean
circulation anomalies in the tropical Pacific to increased wind stress forcing associated with a PDO
phase transition into a hiatus period.

Thanks to satellite altimetry, the Argo program, and the Tropical Atmosphere
Ocean/Triangle Trans-Ocean Buoy Network (TAO/TRITON) moored buoys in the tropical
Pacific, the most recent PDO phase change is perhaps the best-observed decadal climate shift in
history. This study utilizes extensive ocean reanalysis and observational data sets to bring further
clarity to how tropical Pacific Ocean circulation has responded to strengthening trade winds, how
these changes maintain cool SSTs at the surface, and how these responses vary seasonally.

Understanding the seasonal variability of the circulation is critical in determining the role that the



Pacific Ocean plays in the current hiatus and would improve predictability of future events. Our
analysis aims to shed light on the interplay between surface and subsurface variability in the
tropical Pacific Ocean during the period 1990-2009.

In the following section we outline the reanalysis products and observational data used in
this study. We then present our results illustrating how tropical Pacific surface and subsurface
anomalies have changed in the last two decades. An analysis into the seasonal cycle of these
phenomena is then performed, followed by a summary and discussion of our results in the context

of tropical Pacific climate variability and the current global warming hiatus.

2.2 Data and methods

2.2.1 Reanalysis products and observational data

In the past decade, there has been a growing interest in using ocean syntheses (model
dynamics coupled with sparse observational data to produce a complete ocean description) to
improve our understanding of decadal climate variability and our ability to predict climate on
decadal time scales (e.g., Smith et al. 2007; Keenlyside et al. 2008; Pohlmann et al. 2009; Kohl
2015). Of the variety of methods utilized to assimilate observed data into global ocean models, the
adjoint method provides a description of the ocean circulation that exactly obeys the model
equations for dynamical principles (Wunsch and Heimbach 2006). Reanalysis products that
employ this assimilation method are therefore valuable for research in the dynamics of decadal
climate variability.

We use the second German contribution to Estimating the Circulation and Climate of the
Ocean system (GECCO2), a reanalysis product that runs from 1948 to 2011 (iteration 28) and is

based on the Massachusetts Institute of Technology general circulation model (Marshall et al.



1997). This reanalysis product utilizes a 4D-var, adjoint method of data assimilation that improves
upon its predecessor (GECCO) by featuring higher horizontal and vertical resolution and
additional physics (Kohl 2015). GECCO2 was forced twice per day by the National Center for
Environmental Prediction climatology for the entire run. Additionally, satellite measured monthly
mean wind stress fields were included beginning in the early 1990°s (K6hl and Stammer 2008).
The native output grid is 1/3° with meridional refinement near the equator and 1° zonal spacing;
however, the data have been linearly interpolated to a 1°x1° for ease in processing. All figures
derived from the GECCO?2 data use this interpolated grid with the exception of Figure 2.8. We use
GECCO2 products for SST, sea surface height (SSH), and zonal and meridional components of
wind stress/currents. Model heat budget terms for GECCO2 were not saved or made available to
the public. Therefore, we estimated zonal temperature advection using finite differencing of
monthly means. Additionally, SAT was taken from the Goddard Institute for Space Studies
Temperature Analysis (GISSTEMP) (Hansen et al. 2006, 2010). GISSTEMP is available from
1880-present and uses the base period 1951-1980 to calculate anomalies. Finally, the PDO Index
was taken from the National Climatic Data Center, which is available from 1854-present.

To determine the robustness of our findings, we compared all GECCO?2 derived results
with National Oceanic and Atmospheric Administration’s Extended Reconstructed Sea Surface
Temperatures Version 3b (ERSST), which is available on a 2°x2° grid from 1854-present (Smith
et al. 2008). We also compared our findings with SST, zonal wind stress, and ADCP zonal current
velocity observations taken by the TAO/TRITON moorings at 5°S-5°N, 147°E-95°W (McPhaden
et al. 1998). It is important to note that TAO/TRITON temperature profiles were among the
observational data sets assimilated into GECCO2 (K&hl and Stammer 2008); however, a 30-year

4D-var assimilation may not necessarily reproduce SST accurately. Therefore, we include our



results using TAO/TRITON measurements. In our comparisons, GECCO2 data were resampled to
be temporally and spatially consistent with a given TAO/TRITON product. With the exception of
Figure 2.1a, all figures were generated using GECCO2 data unless otherwise specified in the figure

title.

2.2.2 Trend analysis

Our analysis period for this study is from January 1990 to December 2009. All anomalies
and trends are calculated for GECCO2 variables relative to the 1980-2009 climatology. To
estimate trends in our data we use a simple linear regression technique. In Section 2.3.1, we report
the slope of the linear fit for the 20-year analysis period at each grid point in units per decade
(Figures 2.1, 2.4 insert, 2.5b, 2.6b, and 2.6d). In Section 2.3.2, time/longitude plots are generated
by linearly regressing a time series of each calendar month over the 20-year period (i.e., collect all
Januaries from 1990-2009 and linearly regress). The slope of the linear fit is then reported for each
calendar month at each longitude (Figures 2.7, 2.8, 2.11, and 2.12). In these figures, we limit trends
in surface wind stress and surface currents to only the zonal component because it dominates the
overall trend in the vector fields (not shown).

Seasonal subsurface trends in temperature and current velocities are calculated by
collecting all occurrences of December-March and July-November and linearly regressing from
1990-2009. The slopes are then reported for each depth, latitude/longitude (Figures 2.9 and 2.10).
Statistical significance for trends was determined using the Mann-Kendall test (Bevan and Kendall
2006), which tests the null hypothesis of trend absence in a time series against the alternative of
trend. The Mann-Kendall test has the added benefit of being less affected by outliers sometimes

contained in observations. If a Student’s ¢ test is applied to the same data, our results do not change.
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2.3 Results

2.3.1 Surface and subsurface trends

Figure 2.1a shows SAT anomalies averaged globally, while Figure 2.1b depicts area
averaged zonal wind stress anomalies in the equatorial Pacific Ocean. Although there is an overall
warming trend in SAT anomalies, there are two major periods of hiatus from about 1940 to the
mid-1970s and from about 2000 to the present. Interestingly, the former exhibits a slight cooling
trend from 1940-1970 while the latter is associated with no apparent trend. When compared to
Figure 2.1b, the most recent hiatus corresponds closely to a general strengthening of easterly wind
anomalies in the equatorial Pacific. This easterly trend seems to begin well before the present
hiatus period sometime around 1993. Conversely, the 1940-1970 hiatus is characterized by a
general westerly trend in the wind stress that extends from about 1950-1970.

It is therefore apparent that not only do the two hiatuses described above exhibit slightly
different SAT trends, they also occur during opposite trends in equatorial Pacific wind stress.
While the slowdown of radiative forcing is an important cause of the 1940s-1970s warming hiatus
(e.g., Solomon et al. 2011), the PDO plays an important role in the current hiatus (Marotzke and
Forster 2015). Determining the mechanisms that drive the different SAT characteristics of hiatus
periods is a complicated matter involving globally coupled ocean-atmosphere interactions and is
an active area of research beyond the scope of this study. The background trends in the wind stress,
however, correlate well with PDO phase transitions in the mid-to-late 1970s and again in the mid-
to-late 1990s. By correlating the PDO Index with the zonal wind stress time series we get a
correlation coefficient of 0.48. Thus, strong easterly winds and periods of hiatus tend be associated

with negative phases of the PDO, which is consistent with previous studies (e.g., Kosaka and Xie
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2013; England et al. 2014). The remainder of the results will attempt to describe the 1990s PDO
phase transition from a non-hiatus (positive PDO) period into the resulting hiatus (negative PDO)
period in the context of this background strengthening of easterly wind stress and the resulting
impact on the equatorial Pacific surface and subsurface.

Figure 2.2 depicts the 1990-2009 trends in SST and surface wind stress in the tropical
Pacific. Stippling indicates the SST trend is significant at the 95% for a Mann-Kendall test. The
wind stress trend vector is only plotted where the zonal and meridional component are both
statistically significant at 95%. As anticipated by Figure 2.1b, there are easterly trends throughout
much of the central tropical Pacific associated with a phase transition from a positive PDO in the
1990s to a negative PDO in the 2000s. Similarly, the SST trends reflect this phase transition with
largely negative trends along the equatorial strip.

Figure 2.3a shows how the Pacific cold-tongue has varied during the transition to the
present hiatus period. This is accomplished by averaging monthly SST anomalies 5°S-5°N over
the basin from 1990-2010 and plotting them as a time/longitude plot. Over this time period the
edge of the equatorial cold-tongue (outlined by the 27.5°C isotherm) has shifted westward by 20.2
degrees of longitude in response to the increased zonal wind stress, which is significant at 99% for
a Mann-Kendall test (Figure 2.3a). Intensified trade winds would lead to an anomalous build-up
of SSH in the west equatorial Pacific warm pool region (Figure 2.3b) (e.g., Merrifield et al. 2012).
The SSH build up is associated with a deepened thermocline. We estimated the depth of the
thermocline as the depth of the 20°C isotherm and averaged over 5°S-5°N, 140°E-180"W (purple
box, Figure 2.4). A monthly time series of this area average shows the thermocline has been
anomalously depressed over the west equatorial Pacific by 22.8 m over the 20-year period as

estimated by linear regression. Averaging over 5°S-5°N, 170°W-130°W in the central basin (red
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box, Figure 2.4), there is an anomalous shoaling of less than a meter over the 20-year period. While
the thermocline shoaling in the Central Pacific is not significant, the thermocline deepening in the
western is significant at 99%. We then use the zonal gradient in the depth of the thermocline to
estimate the zonal subsurface pressure gradient along the western and central equatorial strip. By
taking the difference of the purple box and the red box in Figure 2.4, we show an upward trend in
the zonal gradient that is significant at 99% for a Mann-Kendall test. This would suggest that even
though the shoaling trend in the Central Pacific is small, the deepening in the western Pacific is
strong enough to significantly intensify the zonal subsurface pressure gradient. Similar trends are
evident in the 20°C depth based only on observations between the first decade of the 21 century
relative to the 1980s and 1990s (e.g., McPhaden et al. 2011).

To better observe how trends in the zonal gradient of the thermocline along the equator
have impacted subsurface currents and heat content, the linear trends from 1990-2009 in
subsurface temperatures and the zonal, meridional, and vertical components of the current velocity
(U, V and W respectively) were calculated and reported at each grid point (Figures 2.5b, 2.6b, and
2.6d). Stippling and the plotted current vectors represent significance at 95% for the subsurface
temperature trends current velocity trends. Climatological cross-sections are included in Figures
2.5a, 2.6a, and 2.6¢ for reference.

Longitude/depth cross-sections of the equatorial Pacific are characterized by strong,
climatological westward flow from 5-20m and even stronger return flow eastward in the form of
the Equatorial Undercurrent (EUC) at around 125-175 m (Figure 2.5a). In Figure 2.5b, there is a
pool of warming temperature trends seemingly “trapped” at 75m-200m at 140°E-170°W, while a
La Nifa-like pattern of decreasing SST trends dominates the cross-section from the surface to

about 85m in the central/east regions. The mixed layer cooling in the Central Pacific (165°E-
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150°W) overrides the subsurface warming, and coincides with strong westward surface flow
trends. These structures are consistent with intensified westward advection of cold water.
Additionally, the subsurface warming in the western Pacific (Figure 2.5b) is consistent with a
similar heat anomaly described by (England et al. 2014) in a numerical simulation of the ocean
driven by observed surface winds.

The cooling trends in the central and eastern equatorial Pacific surface waters are indicative
of a shoaling thermocline, while the warming trends in the western subsurface indicate thermocline
deepening. This is consistent with the increasing trend observed in the zonal gradient of the
thermocline (Figure 2.4). Significant strengthening in the zonal slope of the thermocline would
lead to anomalous subsurface pressure gradients that accelerate the EUC from about 170°E to
140°W over the 20-year period (Figure 2.5b). The core of the climatological EUC is found around
85-127m, 150°W-130°W and has an average magnitude of 37 cm s™! in the reanalysis (Figure 2.5a).
The most significant trends in the zonal component of the subsurface currents lie further west and
are deeper around 105-155m, 180°-160°W and have an average magnitude of 6.9 cm s decade™!
(Figure 2.5b). GECCO2 underestimates the strength of the observed zonal current in the
background state (e.g., Johnson et al. 2002), but the linear trend estimated from GECCO2 is similar
to that observed by TAO/TRITON moored buoys for the same period (see Figure 2.13).

To investigate the cross-equatorial structure, Figure 2.6 describes latitude/depth cross-
sections in the Central and West Pacific (180°-120°W and 140°E-180° respectively). In the Central
Pacific, the average climatological rate of upwelling on the equator is 1.3 x 10~ cm s! and occurs
between 50-85m, while the most significant upwelling trends occur at the same depths and have

an average value of 2.0 x 10 cm s decade! (Figures 2.6a and 2.6b). This upwelling trend
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integrated from 170°-120°W and 0.5°S-0.5°N produces a volume transport trend of 11.1 Sv decade
' from 1990-2009, which is in good agreement with the 9 Sv change in vertical transport across
the late 90s transition from a positive to negative PDO reported by (McPhaden and Zhang 2004).
Increased upwelling could therefore be contributing to the cooling trends observed in the mixed
layer and at the surface in Figures 2.2 and 2.5b.

In the West Pacific climatological cross-section, the currents right on and just south of the
equator are dominated by northward flow from 45-200m (Figure 2.6¢). In Figure 2.6d these
currents are significantly intensified by about 0.92 ¢cm s! decade™! from 1990-2009 just south of
and on the equator. There appears to be a stronger Southern Hemisphere component (5°S-10°S) to
the warming subsurface trends observed in Figure 2.5b. Additionally, these temperature trends
seem to roughly line up with the strongest intensifying trends of the subducting branch of the
meridional overturning circulations, which can be found at around between 15°S-5°S in the Central
Pacific (Figure 2.6b) and between 4°S and the equator in the western Pacific (Figure 2.6d).
Combined with the increased equatorward flow, this enhanced subduction may imply the presence
of enhanced meridional temperature advection seen in previous studies (e.g., England et al. 2014;

Yang et al. 2014).

2.3.2 Seasonality and observational comparison

To better understand how the above results vary seasonally, a series of time/longitude plots
were generated. Figure 2.7a shows trends in SST and the zonal wind stress for each calendar month
for 1990-2009 averaged over 2.5°S-2.5°N and from 140°E-80°W. Figures 2.7b and 2.7c show
trends in SSH and the depth of the 20°C isotherm respectively (D20), both with the same trend in

zonal surface current overlaid and averaged over the same latitude intervals. The convention for
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D20 trends is such that positive values represent a deepening trend and negative values represent
a shoaling trend. The dark gray stippling indicates trend significance at 90%, while light gray
represents 80% significance. For the zonal wind stress and zonal surface current trends, the black
vectors represent 90% significance and light gray vectors are 80% significance. We limit trends in
surface wind stress and surface currents to only the zonal component because it dominates the
overall trend in the vector fields (not shown). To the left of each time/longitude section the
corresponding seasonal cycle of the wind stress/current trends averaged from 160°E-150°W is
plotted in blue, while the mean 1990-2009 means seasonal cycle in the same box for the respective
variable is in green.

In Figure 2.7a, the decreasing trend observed in Figure 2.2 is most pronounced from
December-May (DJFMAM) while weak cooling or warming trends are found from June-
November, (JJASON). This result is consistent with studies by Kosaka and Xie (2013) and
Trenberth et al. (2014). There is evidence that the SST trends are responding to an enhancement
of the mean seasonal cycle of the zonal wind stress as indicated by the significant easterly wind
stress trends (blue line) during NDJFMA, which is typically a time of relatively strong
climatological easterly flow (green line). Additionally, the easterly wind stress trends are weakest
in MJJASO when the mean trades are also at their weakest (Figure 2.7a, side panel). The
relationship described above for wind stress trends holds most consistently for the Central Pacific,
while the trend in the seasonal SST cycle holds from 160°E-90°W.

Surface currents near the equator are primarily driven by the wind stress, as the Coriolis
force is very small. An enhancement of the seasonal cycle of the wind stress should therefore
correspond to an enhancement in the seasonal cycle of surface currents and zonal temperature

advection (Figures 2.7b, 2.7¢c, and 2.8). Trends in SSH reflect the weakening and strengthening of
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the zonal wind stress as water is piled up in the west during DJFMAM and is allowed to slosh back
during JJASON (Figure 2.7b). The surface currents also respond to the waxing and waning of the
wind stress. Strong westward/eastward trends in equatorial flow from 160°E to about 120°W are
dominant during times of strong/weak easterly wind stress. Additionally, trends in SST persist for
about three months after the most significant trends in surface currents. The westward equatorial
flow trends in NDJF would tend to build SSH in the West Pacific and decrease SSH in the
Central/East Pacific. We observe this as positive SSH trends from 140°E-160°E and negative SSH
trends from 180°-80°W in DJFMAM (Figure 2.7b). Additionally, the westward flow would advect
climatologically cold-water westward and increase subsurface upwelling in the Central Pacific,
setting up the SST trends observed in DJFMAM (Figures 2.7a, 2.6b, and 2.8). As the westward
flow trend weakens and disappears in February, the cold SST and low SSH trends persist for three
months before responding to an eastward surface current trend in June-July.

During these months the climatological surface flow is westward at an average rate of 9.15
cm s°!, while the trend in the zonal current is eastward at 6.13 cm s! decade™! (Figures 2.7b and
2.7c side panels). The eastward trend is expected to significantly slow down the mean equatorial
flow, reducing the build-up of water in the western basin as well as decreasing the removal of
water in the east. Consequently, SSH increases in the Central/East Pacific and decreases in the
West Pacific over the 20-year period (Figure 2.7b). In addition, the eastward surface current trends
would generate a tendency toward eastward warm-water advection in the West Pacific eastward,
increasing SST in JJASON (Figures 2.7a and 2.8). Similarly, the positive SST and SSH trends
persist three to four months after the eastward flow weakens in July. The abrupt reversal in surface
current trends is surprising and may be explained by the fact that the zonal wind stress trends

always have a relatively strong easterly component from 170°E to about 120°W during the 20-year
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period (Figures 2.1b and 2.7a). A west-to-east reversal in the surface current trends is therefore
likely due to the weakening of the easterly wind stress from April to August. Ultimately, the trends
in the zonal surface current are acting to enhance the mean seasonal cycle seen in the left panels
of Figures 2.7b and 2.7c.

Although the boreal summer and fall trends in SST and SSH are insignificant, they do elicit
a significant trend of D20 (Figure 2.7c). In December, trends of D20 are largely negative from
about 170°W-120"W. Over the following five months the shoaling D20 trends steadily shift
eastward, and as a result, the increasing trend in the zonal gradient of D20 is most pronounced in
boreal winter and spring (Figures 2.4 and 2.7¢). The opposite case occurs in May when positive
(deepening) D20 trends are located throughout the entire West and Central Pacific from 140°E-
160°W. The deepening thermocline then propagates eastward from June-November, flattening the
trend in the zonal gradient of D20.

A full heat budget analysis was not possible using the GECCO2 data set as the required
budget terms were not saved. Instead, we provide a qualitative illustration of the trend in zonal
advection of temperature anomalies from 2.5°S-2.5°N during 1990-2009. Figure 2.8 shows the
trends in zonal temperature advection in “C month™! decade™! estimated by finite differencing of
monthly means and linear regression. The trend significance in the two components of zonal
temperature advection was previously reported in Figures 2.7. Thus, we leave off stippling in
Figure 2.8 for clarity, as the plot is rather noisy. In particular, the temperature gradient east of
about 130°W is too noisy to produce a confident interpretation; therefore, we limit our analysis to
west of this longitude. In NDJF, there is a trend towards enhanced westward cold-water advection
on the order of -0.2 to -0.3°C month™! decade™ from about 160°E-150°W, which is consistent with

the negative SST trends observed in the following three months (Figures 2.7a and 2.8). During
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times of increasingly eastward flow (June-July), there is a trend towards eastward warm-water
advection on the order of 0.11°C month™! decade™!. The weakening of the climatologic surface flow
seen in Figures 2.7b and 2.7c would reduce cold-water advection during boreal summer and
produce a tendency toward warm-water advection, which is consistent with the positive SST trends
seen in Figure 2.7a for the following 2-3 months.

Trends of D20 have significant impacts on subsurface circulation intensity from 1990-2009
(Figures 2.4 and 2.5). Therefore, we should expect seasonal variations in trends of D20 to have
significant impacts on the seasonal cycle of these subsurface circulations, particularly in the zonal
direction (Figure 2.7¢). Figure 2.9 shows a longitude/depth cross-section for the trend in DIFMAM
and JJASON from 1990-2009. As in Figure 2.5b, stippling and vectors represent significance at
95% for a Mann-Kendall test. During DJFMAM, there is a strong westward trend in the flow near
the surface centered on the dateline, which is consistent with the wind-driven westward equatorial
surface flow seen in Figures 2.7b and 2.7c. Westward trends in the surface layer are also consistent
with the westward advection of cold-water seen in Figure 2.8 and cooling SST trends in the
Central/East Pacific (Figure 2.9a). The subsurface warming trends, first seen in Figure 2.5b, persist
throughout the year, which is consistent with the positive D20 trends shown in Figure 2.7c. East
of 170°W, however, the subsurface temperature trends follow the seasonal variation of the D20
trends with cooling in DIFMAM when the thermocline shoals and warming in JJASON when the
thermocline deepens.

The dominant trend in currents below 50m is a pronounced strengthening of the EUC from
180°-140°W on the order of 9 cms™! decade™. This is generally consistent with a stronger zonal
gradient in D20 during this time of the year (Figures 2.4 and 2.7c). Overall, Figure 2.9a depicts an

intensifying zonal wind-driven circulation. In contrast, during JJASON the D20 zonal gradient
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trend, while not zero, is substantially weaker and not significant compared to the DJFMAM trend
(Figure 2.7¢c). Recall from Figure 2.5b, the most significant annual mean trend of the EUC is 6.9
cm s decade™!. The trend in the EUC during DJFMAM is greater than the annual mean trend while
the JJASON trend is much less (4 cm s decade™!), indicating that the most significant increase in
the strength of the EUC occurs in the boreal winter and spring.

Figure 2.10 is the same as Figure 2.9 except for meridional cross-sections of the Central
and West Pacific. During DJFMAM, the Central Pacific is experiencing strong cooling from the
surface to about 100m on the equator and around 10°N (Figure 2.10a). On the equator and near
2°S there are significant current trends showing increased upwelling that could be contributing to
the equatorial cooling. During JJASON, however, the strong cooling in the central equatorial
Pacific gives way to warming trends along the equator while the cooling trends persist around
10°N. These equatorial variations occur in spite of stronger trends in upwelling during JJASON
compared to DJFMAM. This suggests that seasonal variations in central equatorial Pacific
temperature trends are dominated by seasonal variations in the trends of D20 and zonal temperature
advection, which show a similar seasonal cycle (Figures 2.7c, 2.8, 2.10a, and 2.10b).

In the West Pacific, significant warming trends occur throughout much of the subsurface
during DJFMAM and JJASON, with a slight southern hemisphere asymmetry. The persistent
warming trends could be due to the consistent deepening trends observed in D20 (Figure 2.7c);
however, it is possible that the intensified subduction and equatorward flow seen in the annual
mean trend is increasing meridional advection of warm water from 1990-2009 and significantly
contributing to the subsurface warming trends (Figures 2.6d, 2.10c, and 2.10d).

All of the above GECCO2 SST results were compared with ERSST data and were

generally consistent. For brevity we include only the time-latitude average of SST trends in the
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equatorial Pacific (Figure 2.11). Like GECCQO?2, the observations also support a seasonal variation
in the SST trend with cooling most prominent in DIFMAM and diminishing to neutral or warming
conditions in JJASON. It should be noted that the magnitude of GECCO2 SST trends is slightly
higher for a given trend relative to ERSST.

Similarities between GECCO2 and TAO/TRITON SST trends are to be expected because
TAO/TRITON vertical temperature profiles were among the data assimilated into GECCO2 (K6hl
and Stammer 2008). Nevertheless, a 30-year 4D-var assimilation may not necessarily reproduce
observed SST accurately. Thus, time-latitude averages of SST and zonal wind stress trends
measured by the TAO/TRITON array were generated and compared to GECCO?2 (Figure 2.12).
There exist large data gaps in the TAO/TRITON SST and zonal wind stress products due to
instrument failure, particularly in the West/Central Pacific. Therefore, it was necessary to resample
GECCO2 data to be temporally and spatially consistent with TAO/TRITON data. When
comparing Figures 2.12a and 2.12b there is a strong spatial correlation in the magnitude and timing
of SST trends between the resampled GECCO2 data and TAO/TRITON. Moorings east of 170°W
demonstrate a strong seasonality in the 20-year cooling trends that is consistent with both ERSST
and GECCO2. Moorings west of 170°W do not show such a striking seasonal dependence, which
is also consistent with the notion that the majority of the seasonal cycle observed in GECCO2 was
found in the Central/East Pacific. The trend in the zonal wind stress is also generally consistent in
the Central Pacific with the most easterly trends occurring in boreal winter and the weakest in the
summer.

Figure 2.13b shows the trend in ADCP-measured zonal current velocity taken by equatorial
TAO/TRITON moorings. There is an eastward trend to the EUC at 165°E, 170°W, 140°W, and

110°W with the strongest component ranging from 11 cm s! decade™! at about 200m to 16 cm s!
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decade! about 100m from west to east. Figure 2.13a shows the trend in GECCO2-derived zonal
currents, resampled to be spatially consistent with the available TAO/TRITON ADCP data.
GECCO2 shows a positive trend in the EUC from 1990-2009 at 165°E, 170°W, and 140°W, but
it fails to reproduce the anomalous eastward flow at 110°W (Figure 2.13b). Additionally, GECCO2
tends to underestimate the observed trend in the zonal current velocity with maximum values of
about 5 cm s decade! and 10 cm s! decade™!, west-to-east. This depth difference, however, is
consistent with the shoaling of the EUC from west to east in tandem with the thermocline. In
general, GECCO2 consistently captures the observed structure of current variability, but has a

weaker trend than observed during the transition to the hiatus period.

2.4 Summary and discussion

The response of equatorial Pacific surface and subsurface dynamics to a consistent increase
in zonal wind stress during the transition from a non-hiatus (positive PDO) to the present hiatus
period (negative PDO) was quantified using an ocean reanalysis product. Comparisons to
observational data from ERSST and TAO/TRITON moorings were generally consistent with
GECCO?2 results. It was found that surface waters have been anomalously advected further
westward over the past 20 years along the equatorial Pacific. Associated changes to SSH and zonal
thermocline depth gradients were associated with a more vigorous wind-driven subsurface
circulation consistent with previous studies using models that were not constrained with
observations (e.g., England et al. 2014).

The trends discussed in this study bear resemblance to longer centennial time scale trends
reported elsewhere. For example, Drenkard and Karnauskas (2014) show a 20"-century deepening

and westward shift of the EUC core that is similar to Figure 2.5b using a different reanalysis

22



product. Yang et al. (2014) also show a long-term strengthening over 1900-2008 of tropical Pacific
interior flow associated with a spin up of Pacific subtropical cells that is comparable to Figure 2.6.
Nevertheless, the trends reported here are larger than the longer time scale trends, most likely
because they are due to more energetic processes operating on shorter decadal time scales
associated with, for example, the PDO. Some of the physical processes involved in these two time
scales may be similar, though an analysis to determine the degree of correspondence is beyond the
scope of this study. Additional investigation is also needed to clarify whether the trends we
described are associated with changes in ENSO statistics (McPhaden et al. 2011). For example,
the SST trends in Figure 2.2 are reminiscent of a Central Pacific La Nifia pattern (e.g., Ashok et
al. 2007; Lee and McPhaden 2010), which has been the focus of major research efforts in recent
years (e.g., Capotondi et al. 2015; Amaya and Foltz 2014).

A major finding of this study is that the seasonal variations during this transitional period
are driven by seasonal variations in zonal advection trends of climatologic surface waters and the
seasonal deepening/shoaling of the thermocline that influence equatorial upwelling. These
surprising reversals in current trends and enhanced/weakened upwelling combine to cause
anomalous cooling in DJFMAM and anomalous warming in JJASON. Changes in the surface
currents appear to be driven by variations in the strength of the easterly wind stress. A further
consequence of the seasonal reversal of the anomalous surface current is a seasonal variation in
the strength of zonal and meridional wind-driven subsurface circulations along the equator. The
seasonal spinning up and slowing down of these subsurface circulations has important impacts on
the redistribution of heat in the tropical Pacific Ocean. A quantitative analysis using a model with
a consistent and complete heat budget is needed to evaluate this further and should be the focus of

future studies.
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During the recent hiatus, the global mean SAT trend showed a pronounced seasonality,
positive during the boreal winter and negative during summer (Cohen et al. 2012). In the limit that
the tropical Pacific is the driving force behind the hiatus, Kosaka and Xie (2013) suggested that
seasonal differences in Northern Hemisphere teleconnections induced by tropical Pacific SST
anomalies cause the seasonality of global mean SAT trend. Our results differ from their work in
that we show a pronounced seasonal variation in the La Nifia-like pattern in the tropics, which may
cause a seasonal variation in tropical atmospheric cooling. The seasonality of decadal variability
has not been rigorously investigated. The results of these two studies motivate further research into
decadal seasonal variations and how such variability impacts remote climates and projects onto
global SAT trends.

Pinpointing the missing heat associated with the global warming hiatus is crucial to our
understanding of such events (e.g., Balmaseda et al. 2013; Chen and Tung 2014; Kintisch 2014;
England et al. 2014). While uncertainties regarding the magnitude (Karl et al. 2015) and the
mechanisms driving the beginning and end of a hiatus remain, its impact on climatically significant
regions such as the tropical Pacific can be identified. This study takes an important step toward
increasing our understanding of the region and may help to improve our ability to predict both
regional and remote climate variability associated with transitions into future hiatuses. Hiatus
periods are likely to affect future decadal warming trends (Easterling and Wehner 2009; Hansen
et al. 2011), so continuing to improve our understanding of their causes and consequences and

should be a high priority for additional research.
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Figure 2.1: GISS global averaged surface air temperature anomalies (a), zonal wind stress
anomalies averaged 5°S-5°N, 180°-150°W (b), and the Pacific Decadal Oscillation (PDO) Index
(c). The upper panel runs from January 1900 to December 2011, while both (b) and (c¢) from
January 1948 to December 2011. Blue time series are annual (a), monthly, negative (c) data (b).
Red time series are 3- (a) and 1-year (b) running means and positive PDO values (c). Wind stress
anomalies were scaled by 100.
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SST and wind stress trends
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Figure 2.2: Trends in SST (°C decade™) and surface wind stress (N m decade™!) during 1990-
2009. Stippling indicates SST trend significance at the 95% level. Wind stress vectors are only
plotted where significant at the 95% level. The maximum wind stress trend vector represents 0.02

N m= decade™,
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Figure 2.3: Time/longitude plots of SST anomalies (a) and SSH anomalies (b) averaged over 5°S-
5°N. The dashed lines outline the 27.5°C isotherm. The line of best fit is in solid black.
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Figure 2.4: Time series for the depth of the 20°C isotherm averaged from 5°S-5°N, 140°E-180°W
(purple box/line), 5°S-5"N and 170°W-130"W (red box/line). The difference of the purple box from
the red box is shown in black. Positive (negative) anomalies represent a deeper (shallower)

thermocline. The insert shows the SSH trend.
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Figure 2.5: Longitude/depth cross-sections of temperature (shading) and currents (vectors)
averaged over 2.5°S-2.5°N for (a) mean climatology (1980-2010) and the linear trends during
1990-2009 (b). Temperature trends (°C decade™) are in shading and U/W current trends (cm s°!
decade™!) are black vectors. Gray contours in (b) represent the mean climatology of temperature.
Stippling indicates temperature trend significance at the 95% level. Current vectors are only
plotted where significant at the 95% level. The maximum current trend vector represents 8.5 cm s
' decade™!. Note: in the figure the vertical velocity component of current vectors has been scaled
by 10%.
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(a) Central Pacific climatology

5
£ 45
i 85 20 ¢,
£ 127
=)
195
20°8 10°S 0° 10°N 20°N
(b) Central Pacific, trends
5".‘.“-- T ® & & Ll - ® 6, 8 & & & & & 6 5,0 & & 0.5
LR B N 1 * o0 . ® .d.‘..... * o0
o 0 00 o N .0 o L N LR IR
— 45:::::M‘°::: 7 282 )
E VN2 E S s 70NN = ° 3
= gss\i?wb 24 3| =
- 00:»:0 LR 'ﬁ: :
%12?:\:\1,4::: COO“\ A 23 - 22‘:4» =
e e o o o S I . 20— T
I X X2 D : 18 "
1905 ¢ s & 0 . o
M e 5 Sl N L Ry ([ L X
20°S 10°S 0° 10°N 20°N
E
=
a
20°S 10°S 0° 10°N 20°N
(d) West Pacific, trends
SRR ::::::‘nnnb:::zr:_
. 45’::111!"':"""':::::4/. A sssss st aMess 15
E 45 e Biiild: A 4443051 5 i
= lf T b £2 £ £ 2 SIS %
85te s s e e TR e 3
T Ve 11947 -
S 12733 i e : 3
= 13338 i 05~
195_:‘;‘:«0 e
20°S 10°S 0° 10°N 20°N

Figure 2.6: Same as Figure 2.5, but latitude/depth cross-sections of temperature and currents.
Averaged from 180°-120°W (a, b) and 140°E-180° (c, d). Gray contours in (b, d) represent the
mean climatology of temperature for the respective region. Stippling and vectors represent
significance at the 95% level. The maximum current trend vector represents 2.5 cm s decade’
and 3.2 cm s™! decade™! for (b) and (d) respectively.
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Figure 2.7: Time/longitude plots of the 1990-2009 trends in SST (a, °C decade), SSH (b, cm
decade™!), and D20 (c, meters decade™) in shading and zonal wind stress (a only, N m* decade™!)
or 5m zonal current (b and ¢, cm s™! decade™!) averaged from 2.5°S-2.5°N. Zonal wind stress trends
(a) and zonal current velocity trends (b, c¢) averaged from 160°E-150°W are shown in
corresponding seasonal cycles to the left in blue. The mean 1990-2009 seasonal cycles for zonal
wind stress (N m?) and zonal current velocity (cm s') are in green. Dark gray and light gray
stippling represents temperature trends significant at 90% and 80% respectively. Zonal wind stress
and zonal current velocities are black for 90% significance and light gray for 80%. The maximum
zonal wind stress trend vector represents 0.03N m2 decade™! and the maximum current trend vector
represents 26 cm s™! decade™.
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for (a) and (b) respectively.
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Chapter 3

The Interplay of Internal and Forced
Modes of Hadley Cell Width Variability

Abstract

The poleward branches of the Hadley Cells and the edge of the tropics show a robust
poleward shift during the satellite era, leading to concerns over the possible encroachment of the
globe’s subtropical dry zones into currently temperate climates. The extent to which this trend is
caused by anthropogenic forcing versus internal variability remains the subject of considerable
debate. In this study, we use a Joint EOF method to identify two distinct modes of tropical width
variability: (i) an anthropogenically-forced mode, which we identify using a 20-member
simulation of the historical climate, and (ii) an internal mode, which we identify using a 1000-year
pre-industrial control simulation. The forced mode is found to be closely related to the top of the
atmosphere radiative imbalance and exhibits a long-term trend since 1860, while the internal mode
is essentially indistinguishable from the El Nifio Southern Oscillation. Together these two modes
explain an average of 70% of the interannual variability seen in model “edge indices” over the
historical period. Since 1980, the superposition of forced and internal modes has resulted in a
period of accelerated Hadley Cell expansion and decelerated global warming (i.e., the “hiatus”).
A comparison of the change in these modes since 1980 indicates that by 2013 the signal has
emerged above the noise of internal variability in the Southern Hemisphere, but not in the Northern

Hemisphere, with the latter also exhibiting strong zonal asymmetry, particularly in the North
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Atlantic. Our results highlight the important interplay of internal and forced modes of tropical
width change and improve our understanding of the interannual variability and long-term trend

seen in observations.

3.1 Introduction

Recent studies have shown a significant expansion of the tropics since 1980 in a variety of
observational products (e.g., Hu and Fu 2007; Fu and Lin 2011; Davis and Rosenlof 2012; Nguyen
et al. 2013). This widening has been indicated by poleward displacements of the Hadley Cells (Hu
and Fu 2007), subtropical dry zones (e.g., Sousa et al. 2011; Hoerling et al. 2012), extratropical
storm tracks (Bender et al. 2012), and jet streams (Archer and Caldeira 2008). Such a major shift
in global circulation and precipitation patterns has had a profound impact on communities and
ecosystems found at the poleward margins of the subtropical dry zones, including higher
occurrences of droughts in southern portions of Australia (CSIRO 2012), the southwestern United
States (Cayan et al. 2010), the Altiplano region of South America (Morales et al. 2012), the
Mediterranean (Sousa et al. 2011; Hoerling et al. 2012), and northern China (Ye 2014). This has
led to significant public concern over a possible large scale “desertification” of these typically mild
climates, and widespread interest in understanding the mechanisms governing tropical expansion.

While there is a broad agreement that the tropics are expanding, the magnitude of
expansion depends on how the tropical boundary is defined and the dataset used for the analysis
(Davis and Rosenlof 2012; Lucas et al. 2014). One common measure is the latitude closest to the
equator at which the mid-tropospheric mass streamfunction is equal to zero (i.e., where mass
transport shifts from poleward to equatorward between the Hadley Cell and the Ferrel Cell).

According to this metric, total observed expansion can range from 0.2 to 3.2 degrees latitude
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decade! depending on the reanalysis product (Johanson and Fu 2009; Davis and Rosenlof 2012).
Other measures of tropical width are based on changes in tropopause height, which can be
independent of Hadley Cell variability (Seidel et al. 2008). The zonal mean tropopause is relatively
flat in the tropics with a height of about 15km, but it lowers moving poleward to about 11-13km
in the extratropics and about 9km near the poles. Therefore, tropopause-based edge metrics
estimated from radiosonde (Seidel and Randel 2006) and reanalysis data (Davis and Birner 2013)
have utilized subtropical height thresholds to estimate symmetric expansion to be between —0.5-
3.1 degrees latitude decade™!. Additionally, surface observations of zonal mean precipitation minus
evaporation (P — E) have been used to define the edge of the tropics as the transition between the
E dominated subtropics (which reside under the subsiding branch of the Hadley Cells) to the P
dominated mid-latitudes (i.e., the latitudes closest to the equator at which P — E = 0). This method
suggests tropical expansion trends of —0.7-2.5 in different reanalysis products (Davis and Rosenlof
2012).

The wide range in the trend estimates listed here could be due to each metric’s propensity
to isolate discrete levels of the atmosphere that have varying observational coverage. As a result,
some estimates based on reanalysis data are less constrained by observations than others, and they
can be plagued by the biases and errors associated with the underlying model used in a given
reanalysis product (Trenberth et al. 2001; Sterl 2004). Additionally, early estimates that utilized
absolute thresholds (like tropopause height) may be biased high due to uniform tropopause rise as
a result of global warming.

Previous studies point to two main causes of Hadley Cell expansion since 1980. First,
climate models forced with the observed increase in greenhouse gases produce a tropical widening

(Lu et al. 2008; Hu et al. 2013); however, the magnitude of the trend is generally underestimated
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relative to observations. This has led some to suggest that non-greenhouse gas forcings, (i.e.,
anthropogenic aerosols and stratospheric ozone) may also play a significant role (Kang et al. 2011;
Allen et al. 2012; Min and Son 2013; Kovilakam and Mahajan 2015; Waugh et al. 2015; Allen and
Ajoku 2016)

Second, other studies have pointed to the primary influence of natural variability (Garfinkel
et al. 2015). For example, multidecadal trends in the Northern and Southern Annular Modes are
thought to be important, with expansion (contraction) during their positive (negative) phases
driven by shifts in mid-latitude gross static stability (Previdi and Liepert 2007; Kang et al. 2011;
Nguyen et al. 2013). Other studies have pointed to the importance of the El Nifio-Southern
Oscillation (ENSO) and the Pacific Decadal Oscillation (PDO), with contraction (expansion) of
the Hadley Cell occurring during periods when SSTs in the tropical eastern Pacific are warm (cool)
(Lu et al. 2008; Grassi et al. 2012; Allen et al. 2014; Lucas and Nguyen 2015; Mantsis et al. 2017;
Allen and Kovilakam 2017). Lucas and Nguyen (2015) used radiosonde data and partial regression
techniques to conclude that the 1980-2013 PDO phase change may account for as much as 50%
of the widening over Asia, while (Allen and Kovilakam 2017) used tropical Pacific pacemaker
experiments to suggest that unforced decadal ENSO variations can account for nearly all of the
Northern Hemisphere (NH) zonal mean expansion and much of the Southern Hemisphere (SH)
trend.

Disentangling the natural and forced contributions to Hadley Cell variability and expansion
with such a limited observational record is a difficult task. These limitations are further
compounded when taking into account the tendency of current width metrics to sample single
levels of the atmosphere without considering how the tropical edge might vary with height. In this

study, we attempt to overcome these limitations by using targeted modeling experiments and
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developing an objective, multivariate estimate of Hadley Cell width variability over a range of
latitudes and heights to investigate the interaction between natural and forced variability over the
satellite era. We find that since 1980, the superposition of forced and internal variability has
resulted in an unusual period of accelerated Hadley Cell expansion, drawing parallels to a similarly
unusual phenomenon—the global warming hiatus (Fyfe et al. 2016). Furthermore, we find that the
strength of the forced tropical expansion is not symmetric about the equator, with the signal already
emerging above the noise in the zonal mean SH, but not the NH. Finally, we consider zonal
variations, moving beyond most previous studies that focused on the zonal mean. We find that
while the SH largely follows the zonal mean results, the NH displays significant zonal variations,
particularly in the North Atlantic. Our results add to the mounting evidence that internal variability
plays a significant role in observed tropical expansion and raises several interesting questions for
future studies.

The rest of the paper is organized as follows. In Section 3.2, we outline the data and
methods used in the analysis. In Section 3.3, we discuss the interplay of internal and forced modes
of tropical width variability in the zonal mean, and then explore zonal variations in these

interactions in Section 3.4. We conclude with a summary and discussion in Section 3.5.

3.2 Data and methods

3.2.1 Joint Empirical Orthogonal Function

To objectively analyze variability of the zonal mean overturning circulation at a variety of
atmospheric levels, we calculated a Joint Empirical Orthogonal Function (EOF) from 60°S to 60°N
using three parameters widely discussed in the tropical expansion literature: 1) The zonal mean

meridional mass streamfunction (MMS) at 500mb (Equation 3.1; Y540 ), 2) The zonal mean height
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of the tropopause (Zt), and 3) The zonal mean precipitation minus evaporation (P — E). The MMS

was calculated as:

Y(P,¢) =222 [ [v]dp 3.1)

where a is the radius of the Earth, g is gravitational acceleration, ¢ is latitude, P, is the model’s
lowest pressure level, and v is the meridional wind component, with brackets denoting the zonal
average. The tropopause was calculated using monthly mean data and defined according to the
World Meteorological Organization (WMO) lapse rate definition (WMO, 1957). We focus only
on the annual mean (from July to the following June) in order to better represent variability that is
symmetric about the equator. Anomalies were calculated by removing the long-term annual mean
climatology from each variable. Before taking the EOF, each of the individual components was
normalized by its Frobenius norm (i.e., the square root of its total variance) and combined into a
single matrix. The results of the Joint EOF are three spatial patterns representing the leading modes
of Yso0, [Z1], and [P — E] as a function of latitude, where the time variability for all three patterns
is described by a single principal component (PC). Here we focus only on the leading EOF and
PC, for reasons that will become apparent in Section 3.3. Results are consistent if the domain is
extended to 90°S-90°N or if just the NH or SH is included in the Joint EOF.

There are four main advantages to calculating the Joint EOF of ¥5¢, [Z1], and [P — E].
First, the method draws out the leading modes of variability among the three parameters without
any a priori assumptions about what those modes might look like. Second, each chosen variable
is related to a common Hadley Cell edge index found in the literature (Lucas et al. 2014). Third,
the parameters represent horizontal slices at different pressure levels, which allows us to sample
Hadley Cell variability throughout the troposphere without constraining our analysis to a single

pressure surface. Finally, the Joint EOF identifies the modes when Y5y, [Z1], and [P — E] vary in
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tandem, and maximizes the signal by cutting down on unrelated noise present in the individual
parameters. When an EOF is taken for each individual parameter, the resulting spatial pattern tends
to be a linear combination of the first and second Joint EOFs (not shown), which muddles the
physical interpretation of the mode. Therefore, the Joint EOF method is the preferred method of

isolating modes of variability in the zonal mean overturning circulation variability.

3.2.2 GCM experiments and observational datasets

We utilize two different experiments from the Geophysical Fluid Dynamics Laboratory
climate model version 2.1 (GFDL-CM2.1) to separate and analyze natural and forced tropical
width variability. First, natural variability is investigated using the 1000-year pre-industrial control
simulation with all atmospheric forcings set to 1860 levels. Second, a 20-member historical all-
forcing experiment from January 1861 to December 2014 is used to approximate the forced
response. The historical ensemble includes 10-members from the CMIPS5 archive and an additional
10-members run by Kosaka and Xie (2016). These experiments were initialized from a 600-year
control and were forced with observed atmospheric forcings until 2006, and the RCP4.5 projected
emissions scenario thereafter. CM2.1 has a resolution of approximately 2° latitude x 2.5° longitude
with 17 vertical levels. The detailed formulation of CM2.1 has been documented by Delworth et
al. (2006), and additional information regarding the additional 10-member historical ensemble and
the control simulation can be found in Kosaka and Xie (2016).

For observations, we use the National Oceanic and Atmospheric Administration’s (NOAA)
Extended Reconstructed SST versions 3b (ERSSTv3b; Smith et al. 2008), and atmospheric
temperature, wind velocity, precipitation and evaporation from the Modern Era Retrospective-

analysis for Research and Applications 2 (MERRAZ2; Bosilovich et al. 2015). The net effective
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radiative climate forcing from 1880-2012 was taken from Hansen et al. (2011), and is available at

http://www.columbia.edu/~mhs119/Energylmbalance/Imbalance.FigO1.txt.

3.3 Internal and forced modes of tropical width variability

3.3.1 Internal mode

We begin with the internal mode, which explains 49% of the total interannual variance
across the three parameters within the pre-industrial control simulation. The climatology of 540
(black line) in Figure 3.1a shows large positive (negative) values north (south) of the equator,
representing the poleward branches of the NH and SH Hadley Cells. These terminate around 30°
as zero crossings in either hemisphere (Y 5,= 0; vertical dashed lines), which are often defined to
be the “edge” of the tropics (e.g., Lucas et al. 2014). Superimposed on the climatology is the
leading internal mode of 15, variability (blue line). This mode features anomalies that are a near
mirror-image about the equator, with two opposite-signed peaks in each hemisphere. The peaks
correspond to negative (positive) anomalies on the equatorward flanks of the NH (SH)
climatological Hadley Cell and positive (negative) anomalies on the poleward flanks. Note that
the anomalies are slightly larger in magnitude in the NH than in the SH.

A similar pattern is seen in the leading internal mode for the other two parameters (Figures
3.1b and 3.1c). The [Zt] climatology (black line) depicts a maximum tropopause height in the
tropics of about 15.5 km, dropping to about 9 km near 60° in either hemisphere. The tropical edge
is similarly marked, but in this case as the latitude where the tropopause is 1.5 km less than the
tropical (15°S-15°N) mean (i.e., AZt = 1.5 km; Davis and Rosenlof 2012). Here the EOF shows
positive anomaly peaks that slightly favor the NH (orange line), while a broad region of negative

anomalies prevails within the tropics (Figure 3.1b). Finally, the climatology of [P — E] shows two
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peaks, indicative of a double-ITCZ (Figure 3.1c, black line). Poleward of these rain bands, there
are regions of negative values in the subtropics associated with the descending branch of the
climatological Hadley Cell. The subtropical dry zones end with zero crossings around 40° in both
hemispheres ([P — E] = 0), indicating a transition to mid-latitude storm tracks. The leading internal
mode in [P — E] shows positive anomalies poleward of the model’s ITCZ climatological peaks and
negative anomalies from 10°S-10°N that are nearly symmetric about the equator, along with
negative anomalies at the subtropical edges overlying the climatological zero crossings.

In each case, the leading Joint EOF projects strongly in the tropics and in tropical edge
regions traditionally captured by the various edge indices outlined in the literature (vertical dashed
lines). Further, the sign of the anomalies and their meridional positions are all consistent with a
poleward expansion of each parameter’s climatological tropics. This is highlighted by the high
correlation between the associated internal mode PC (PCin; purple line Figure 3.2a) and individual
total (NH + SH) tropical edge indices (R = 0.75, R = 0.94, and R = 0.71 for Y599 =0, AZT=1.5
km, and [P — E] = 0 respectively). In contrast, PCs from the next four EOFs do not project as
strongly on these edge indices, and tend to have average correlation coefficients of less than 0.2
(not shown). Thus, the leading internal mode can be confidently interpreted as a measure of
internal tropical width variability, and we will not focus on higher order modes as a result.

PCiy is strongly correlated with the Nino3.4 index (R = —0.96; black line), indicating that
its variability is primarily driven by ENSO (Figure 3.2a). The negative sign of the correlation
indicates that high values of PCix correspond to a La Nifa-like pattern. These results are consistent
with several studies showing that a La Nifia anomalously weakens the thermally driven subtropical
jet stream, shifting eddy-momentum convergence and the meridional circulation poleward

(Robinson 2002; Seager et al. 2003; Lu et al. 2008).
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3.3.2 Forced mode

We now focus on the forced mode, which represents the Joint EOF within the ensemble
mean of 20 GFDL-CM2.1 historical all-forcing simulations, and explains 62% of the total
interannual variance (Figure 3.1, bottom row). Averaging across the ensemble reduces random
internal variability, thereby enhancing the signal of the forced response. In addition, each
parameter was first linearly detrended, subjected to a 10-year low-pass filter, and then retrended
before calculating the EOF, further minimizing the influence of internal variability.

The PC for the forced mode (PCry) is characterized by a long-term secular trend from
1860-2013 that is intermittently punctuated by strong negative peaks (Figure 3.2b). PCgy is highly
correlated with the low-passed net effective climate forcings at the top of the atmosphere (TOA)
from 1880-2012 derived from Hansen et al. (2011) (black line; R = 0.97; R = 0.85 detrended).
Therefore, these negative peaks could be due to strong volcanic forcing, while the long-term trend
may be attributed to increased greenhouse gases and decreased stratospheric ozone concentration
throughout the historical period, which is supported by the high correlation between low-passed
global mean SST (GMSST) and PCr:r (R = 0.98; R = 0.89 detrended). Similar to PCin, PCror also
projects strongly on low-passed variability at the edge of the tropics, with raw (detrended)
correlations of R = 0.98 (0.88), R = 0.91 (0.70), and R = 0.93 (0.72) for the total (NH + SH) 1540
=0, AZ7r = 1.5 km, and [P — E] = 0 edge indices respectively. The high correlation of PCr,:r with
TOA radiative forcings, GMSST, and the traditional edge indices gives us confidence that the Joint
EOF method is credibly capturing the time variability and trend associated with the prescribed

external forcing of the zonal mean overturning circulation in this model.

48



The forced EOFs spatial patterns (Figures 3.1d-f) have several similarities to their internal
counterparts (Figures 3.1a-c). For example, in all three parameters there are forced anomalies of
the same sign as the internal anomalies overlying the subtropical zero crossings of the 509 and
[P — E] climatology and near the regions where AZr = 1.5 km. This suggests that the forced mode
induces a similar poleward expansion of the climatological Hadley Cells, tropical tropopause
heights, and subtropical dry zones as the internal mode. However, while the internal mode
anomalies are slightly larger in the NH, there is an asymmetry in the magnitude of the forced
anomalies in favor of the SH. Uniform forcings like greenhouse gas emissions influence the tropics
nearly equally between hemispheres (Lu et al. 2008; Seager et al. 2010; Hu et al. 2013), but an
asymmetric forcing like ozone may explain the enhanced SH tropical expansion in our forced EOF
mode (Kang et al. 2011; Polvani et al. 2011b; Min and Son 2013; Lucas and Nguyen 2015).
Anthropogenic aerosols are another asymmetric forcing (Wang et al. 2016) that have been
hypothesized to contribute to Hadley Cell expansion (Allen et al. 2014), but modeling studies have

indicated the ozone effect dominates the SH zonal mean response (Tao et al. 2016).

3.3.3 Mode interactions: total variance and total expansion

To what degree can the forced and internal modes represent the total tropical width
variance? To test this, we project each ensemble member of the historical simulation onto the
internal and forced EOF patterns to acquire two PCs that represent the time variability of the
leading modes of forced and internal tropical width changes in each member. We then construct a
multivariate linear regression model for each member based on the regression coefficients between
these two PCs and the traditional edge indices discussed previously. We are then able to compare

the results of this model to the total (NH + SH) traditional edge indices in each member. Using
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this method, we find that the combination of our two EOF modes can explain 66% = 4%, 85% +
2%, and 57% + 5% of the total unfiltered variance in Y59y = 0, AZr = 1.5 km, and [P — E] =0
respectively. This result supports the conclusions of recent studies that ENSO and external forcings
are the primary drivers of interannual tropical width variability in the zonal mean (Allen et al.
2014; Mantsis et al. 2017; Allen and Kovilakam 2017). Recall, however, that our Joint EOF
method does not partition the influence of the different external forcings on Hadley Cell width
(i.e., ozone and/or greenhouse gases). As such, single forcing experiments that take advantage of
this objective methodology are needed in future studies to further quantify the role of these
individual drivers in Hadley Cell width variability.

A related question is, how much of the observed changes in tropical width during the
satellite era can be attributed to these modes? To answer this, we first scale the EOFs by the
observed changes in each PC from 1980-2013, and then add the results to the climatology of each
parameter to measure how far the climatological tropical edges (vertical dashed lines) shift
poleward. The scaling required for the forced EOF is fairly straightforward in that it is the change
in PCror from 1980-2013 due to the trend, which we estimate to be 1.31c using a 2nd-order
polynomial fit to the entire time series.

The scaling for the internal mode is based on the regression coefficient between PCine and
Nino3.4 (Reoett = —0 .94 °C"). Using observed SST from ERSSTv3b, we produce a Nino3.4*
index (Chen and Wallace 2015), and calculate the linear trend from 1980-2013 based on the 10-
year low-passed time series (—0.66°C over 34 years; Figure 3.3a). This trend is multiplied by Reoefr
to get an estimate for the representative scaling in PCiy (0.635). The fact that the scaling is less
than 1o makes sense because the internal mode is the result of interannual variability and we are

interested in a representative multidecadal trend in these anomalies. This does not mean, however,
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that the observed trend in Nino3.4* is so common. On the contrary, by calculating a 34-year
running trend time series in the control simulation Nino3.4, we put the observed Nino3.4* trend
into historical context and find that it was actually quite extreme (~2.12c) relative to the
probabilistic range of 34-year trends that may be expected in nature (Figure 3.3b).

The strong cooling observed in the Nino3.4* index has been linked to a decadal
strengthening of the tropical Pacific trade winds (e.g., Watanabe et al. 2014; Amaya et al. 2015),
and this acceleration may be the result of aerosol forcing (Takahashi and Watanabe 2016).
Therefore, it is possible that the trend in Figure 3.3b is also partially forced by aerosols. However,
Allen and Kovilakam (2017) recently used the CMIP5 ensemble to show that forced SST patterns
only weakly project on the eastern tropical Pacific during this time period. Thus, we continue under
the assumption that the cooling trend in Figure 3.3b is entirely due to internal variability, but we
acknowledge that further research is needed to quantify the role of external forcing on tropical
Pacific SST trends. These results will be discussed in greater detail in Section 3.5.

The contributions of the scaled anomalies to tropical expansion are reported in Table 3.1
as changes in degrees latitude. Based on the combination of the two Joint EOFs, we estimate a
total NH expansion of 0.26, 0.55, and 0.38 degrees latitude and a total SH expansion of 0.38, 0.44,
and 0.35 degrees latitude for 549, [Z1], and [P — E] respectively. Interestingly, the internal
anomalies account for 58%, 73%, and 63% of the overall NH change in each parameter, but only
42%, 66%, and 40% of the SH expansion. This is generally consistent with Allen and Kovilakam
(2017) and others, who suggest that NH tropical expansion is dominated by unforced trends due
to ENSO. These model expansion estimates are smaller than most other observational estimates

during the same time period, which could be due in part to observational uncertainty (Lucas et al.
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2014) or a broader problem with coupled models underestimating the observed tropical expansion
(Hu et al. 2013; Tao et al. 2016).

The fact that the expansion of the NH Hadley Cell in the model is primarily driven by
natural variability during the satellite era could be due to the differences in the strength of the two
EOFs near the tropical edges (note the change in y-axis between top/bottom row of Figure 3.1).
The internal anomalies are stronger than the forced anomalies in these regions, particularly in the
NH, which is possibly a consequence of the observed asymmetrical strength of ENSO
teleconnections to the NH relative to the SH (Garreaud and Battisti 1999). In contrast, the forced
anomalies tend to be stronger near the SH tropical edge, which is likely due to the presence of
asymmetric forcing such as ozone (Tao et al. 2016). This inverse asymmetry between the two
modes leads to a larger difference in the magnitude of internal and forced anomalies near the NH
tropical edge and a smaller difference near the SH tropical edge for a 16 occurrence/trend of both
EOFs. Therefore, on short time scales when the trend in PCrr is small, we expect that

anthropogenic expansion of the NH Hadley Cell would be dominated by natural variability.

3.3.4 Mode interactions: signal time of emergence in the zonal mean

On long time scales, it is interesting to consider the time when the anomalies associated
with the forced expansion of the Hadley Cell rise above the noise level of the internal mode. Since
we are interested in multidecadal Hadley Cell expansion over the satellite era, we will focus on
the time of emergence of the forced trend beginning in 1980. This trend is estimated with a 2nd-
order least-squares fit (PCri; Figure 3.2b) calculated from 1861-2013, and is extrapolated into the

future until the signal is sufficiently large (see next paragraph). The trajectory of PCg corresponds
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to a non-equilibrium 2.0°C increase in GMSST by 2100 (3.0°C for global mean surface
temperature; GMST), which roughly corresponds to the CMIP5 RCP6.0 future warming scenario.

Here we define the time of signal emergence to be the year when the forced trend in each
parameter is significantly larger than the probabilistic range of unforced trends in Hadley Cell
width due to PCin. This condition is met when:

axR(Pre) for > OxtoosR(Pre)ine fork=2,3,4,..,n (3.2)
where ¢ is the latitude of the climatological tropical edge defined by the traditional edge indices,
ay, is the k-year change in PCg from 1980 to & — 1 years after 1980, Rsor (Rint) is the regression
slope at ¢ of each respective parameter in the EOF onto PCr,r (PCint), 0y, 1s the standard deviation
of a k-year running trend of PCiy, and t o5 is the t-statistic for a 95% confidence interval based on
the k-year running trend time series. Thus, if the magnitude of the forced trend exceeds the 95%
confidence level for k-year running trend time series, then we consider the signal to have emerged
above the “noise” of PCiy (i.e., ENSO-like variability). If the magnitude of the forced trend is not
significant, then we increase k and repeat the process.

Since these Joint EOF patterns primarily describe the expansion of the Hadley Cells, we
report the time of emergence for forced anomalies at the tropical edges (i.e., at the latitudes of the
vertical dashed lines in Figure 3.1). Within this framework, we find that the zonal mean forced
anomalies contributing to SH Hadley Cell expansion emerge above the ENSO-driven noise level
at 95% confidence in 2007, 2010, and 2003 for Y50, [Z7], and [P — E] respectively. In contrast,
the forced anomalies contributing to NH Hadley Cell expansion do not rise above the noise until
2019, 2015, and 2023. This is consistent with our previous results indicating that forced Hadley
Cell variability is larger in the SH than in the NH. It also implies that, in the zonal/annual mean

and to the extent that ENSO represents the dominant form of “noise”, anomalies that would
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contribute to externally forced Hadley Cell expansion over the satellite era may currently be
detectible in the SH, while the forced expansion of the NH tropics may become apparent in the
next decade based on the current trajectory of the forced trend. Other forms of internal variability
produced by different climate modes or stochastic noise may also prove important, but can only

delay the signal emergence further into the future for each hemisphere.

3.3.5 Hadley Cell expansion during hiatus periods

Based on the discussion of Figures 3.1-3.3, it is evident that both ENSO-like variability
and external forcing play important roles in the year-to-year and long-term changes in tropical
width. This conclusion draws interesting parallels between tropical expansion and the recent
“hiatus” in global warming (e.g., Amaya et al. 2015; Kosaka and Xie 2016; Xie and Kosaka 2017).
In particular, natural modulations of ENSO/PDO and long-term secular warming due to increased
greenhouse gases linearly superimpose upon each other to reproduce the so-called global warming
“staircase” and the early 2000’s global warming hiatus (e.g., Kosaka and Xie 2016).

Similarly, the leading internal mode shown in Figure 3.1 suggests that ENSO variability
also plays an important role in modulating tropical width, but in the opposite sense of global
temperature, as illustrated in Figure 3.4. Specifically, we hypothesize that decadal shifts between
periods of predominantly El Nifio events (red shading) to predominantly La Nifia events (blue
shading) will tend to produce long-term trends (such as in Figure 3.3) that act to dampen forced
GMST warming (red line), while simultaneously enhancing forced Hadley Cell expansion as
measured by a traditional edge index (green line).

To test this hypothesis, we first show the 14-year trend over the observed “hiatus period”

(2000-2013) in Nino3.4* and GMSST for each member of the GFDL-CM2.1 historical simulation
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(Figure 3.5a). There are some members that have long-term cooling trends in Nino3.4* during this
time period, while others have long-term warming trends. The spread in the trends is due to the
presence of internal variability in each member, and the trends themselves represent random
transitionary periods between one phase of decadal ENSO variability to the other in the model.
Ensemble members with larger warming (cooling) trends in Nino3.4* tend to have larger (smaller)
GMSST warming trends than the ensemble mean (forced warming, dashed red line) during this
time period (R = 0.74). This is consistent with the red line in our schematic (Figure 3.4) and with
previous studies that have shown that long-term changes in ENSO can dampen or amplify forced
warming trends (Kosaka and Xie 2013; Fyfe and Gillett 2014).

Figure 3.5b shows the same 14-year trends in GMSST, but compared to 14-year trends in
the symmetric Hadley Cell index [P — E] = 0. In general, ensemble members with weaker GMSST
warming trends tend to have Hadley Cells that are expanding more rapidly than the ensemble mean
or forced expansion (R = —0.73; horizontal red dashed line). This suggests that simulations with
prolonged cooling in the equatorial Pacific are not only dampening global warming due to
increased greenhouse gases, but are also enhancing the forced expansion of the tropics in the
model. This result is further reinforced in by Figure 3.5¢, which shows the edge index trend versus
the Nino3.4* trend. Broadly, ensemble members with stronger cooling trends in Nino3.4* have
accelerated Hadley Cell expansion relative to the ensemble mean, and ensemble members with
warming trends in Nino3.4* have dampened forced expansion trends (R = —0.65). Similar
correlations are found among 14-year trends in GMSST, Nino3.4* and P — E over the full

simulation period (1874-2013), giving us high confidence in their robustness.
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3.4 Zonally varying responses to Hadley Cell expansion

An important focus of recent literature has been on the regional characteristics of Hadley
Cell expansion (Choi et al. 2014; Chen et al. 2014; Karnauskas and Ummenhofer 2014; Lucas and
Nguyen 2015). These studies have largely been based on radiosonde and satellite data, and they
indicate that there may be significant differences in tropical expansion rates depending on the
region of interest. In this section, therefore, we extend our EOF analysis to two dimensions, in
order to better understand how internal and forced modes of Hadley Cell variability interact

regionally.

3.4.1 Zonal variations in P — E and signal time of emergence

Figure 3.6a shows the regression of the low-passed ensemble mean P — E field onto PCror
scaled by the change in PCg from 1980-2013 (1.31c), which represents the P — E signal associated
with forced tropical expansion in the model. Figure 3.6b shows the regression of the control
simulation P — E field onto PCin, scaled by the 95% confidence level for 34-year running trends
(034tp05 = 0.63; Equation 3.2). In both cases, the regression pattern has been weighted by the
standard deviation of the control simulation P — E at each grid point. The shape of the line in the
side-panels of each subplot in Figure 3.6 represents the zonal mean climatology of P — E. The color
of the line represents the zonal mean regression of P — E with each respective PC, which has been
weighted by the standard deviation of the zonal mean control simulation P — E at each latitude and
scaled the same as the spatial map to its left.

The forced P — E regression (Figure 3.6a) is characterized by a near-zonally uniform
increase in P — E from 50°S-60°S, punctuated by smaller regions of strong P — E reduction in the

Southeast Pacific, South Atlantic, and Southeast Indian Ocean, which are likely due to the
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poleward shift in the SH subtropical high centers in each basin (Karnauskas and Ummenhofer
2014). This result is further highlighted by the negative zonal mean anomalies found at the
climatological SH zero crossing of P — E (Figure 3.6a, side-panel). A similar shift is evident in the
NH, but with less zonal symmetry. In the North Atlantic, there is a strong increase in P — E at high
latitudes coupled with a strong reduction in subtropical P — E that encompasses much of southern
Europe and the Mediterranean Sea. This is consistent with the zonal mean expansion of the NH
dry zones and long-term observations of the region (Hoerling et al. 2012). However, in the North
Pacific, North America, and over the main Eurasian continent, the anomalies are much weaker,
explaining the weaker zonal-mean regressions for the NH as a whole (side panel of Figure 3.6a).
Figure 3.6b shows many of the defining characteristics of a La Nifia event. In the tropical
Indo-Pacific, there are anomalies consistent with a western shift and intensification of the Walker
Circulation and the poleward shift in the zonal mean ITCZ and SPCZ seen in the Figure 3.6b side-
panel. In the North Pacific, there is a reduction in P — E throughout the southern portion of the
United States, consistent with the Rossby wave train that tends to steer extratropical cyclones to
higher latitudes during La Nifia events (Horel and Wallace 1981). The North Atlantic, southern
Europe, and Mediterranean also experience a drying associated with a poleward expansion of the
Hadley Cell, a shift in the precipitation bands, and increased evaporation at the surface due to
increased subsidence. As a result, the zonal mean regression of internal anomalies produces a
poleward expansion of the NH subtropics with negative anomalies at the NH climatological P — E
zero crossing (Figure 3.6b, side-panel). In the SH subtropics, the anomalies are similar in space to
the forced anomalies discussed in Figure 3.6a, though their magnitudes are smaller. At high
southern latitudes, there are hints of a poleward displacement of extratropical storm tracks with

the South Pacific dominating the zonal mean.
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Equation 3.2 was applied to each grid point to determine the year in which the P — E signal
would rise above the noise. As a result, stippling in Figure 3.6a indicates forced P — E changes that
have emerged above the noise-level of PCix at the 95% confidence level by 2013. Consistent with
the results presented in Section 3.3.2, much of the SH P — E signal in the subtropics and high
latitude Southern Ocean has emerged during the early parts of the 21st century. This once again
emphasizes the tendency for the SH forced changes to follow the zonal mean. The bulk of NH
forced anomalies over the subtropical latitudes of the North Pacific, North America and Eurasia
also follow the zonal mean results and remain below the noise threshold through 2013. The North
Atlantic does not follow this pattern, but instead has a large proportion of forced changes
(particularly at high latitudes) that are detectible by 2013. This result stands in contrast to the zonal
mean view of Hadley Cell expansion discussed earlier and highlights the importance of a

regionally varying perspective, particularly with respect to future atmospheric forcings.

3.4.2 Zonally varying mode interactions with observational comparisons
Next, we further analyze any zonal variations in the interaction between the internal and
forced modes of Hadley Cell width change during the satellite record (Figure 3.7a). In accordance
with the schematic outlined in Figure 3.4, we scale the forced P — E regression pattern by the same
change in PCg; from 1980-2013 as before (1.310), and then calculate a linear combination of this
pattern with the internal mode P — E regression scaled by the observed change in Nino3.4* during
the same time period (i.e., 0.630; see Section 3.3.3). This exercise allows us to consider the linear
enhancement of forced P — E changes from 1980-2013 by the observed decadal shift from

predominantly El Niflo events to predominantly La Nifia events (Figures 3.3, 3.4, and 3.7a).
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Generally, the internal P — E anomalies dominate the mode superposition throughout the
tropics, North America, and Eurasian continent (Figure 3.7a). However, in regions where the
forced anomalies project strongly (i.e., the North Atlantic and SH), the interactions between the
modes can be important. For example, the subtropical North Atlantic and Mediterranean regions
experience a sharp decrease in P — E as the two modes enhance one another. In the zonal mean,
the anomalies found at the NH climatological zero crossing experience a similar strengthening
(Figure 3.7a, side-panel) This enhancement is consistent with our earlier results that showed a
larger poleward shift of the dry zone edges when the impacts of the internal mode and forced mode
“line-up” (Figures 3.4 and 3.5). SH anomalies experience a similar regional and zonal mean
intensification with more negative (positive) P — E anomalies throughout the subtropics (high-
latitudes) relative to either the internal mode or forced mode individually.

Previous studies have indicated that a combination of anthropogenic forcing and decadal
ENSO variations such as in Figure 3.7a can account for most of the observed tropical expansion
during the satellite era (Grassi et al. 2012; Allen et al. 2014; Lucas and Nguyen 2015; Mantsis et
al. 2017; Allen and Kovilakam 2017). We further test this hypothesis in the zonally varying sense
by comparing Figure 3.7a to observed P — E changes associated with observed Hadley Cell width
variability. Figure 3.7b shows the observed regression pattern of annual mean MERRA2 P — E
fields with a composite Hadley Cell edge index from 1980-2013, weighted by the control
simulation P — E standard deviation at each grid point. The composite edge index was taken as the
average of three observed total (NH + SH) annual mean edge indices discussed earlier ({59, = 0,
AZt=1.5km, and [P — E] = 0). We combine the indices in this way to get a more robust estimate
of the variability and long-term trend in Hadley Cell width, which can vary substantially from one

index to another (e.g., Lucas et al. 2014). As in Figure 3.7a, the regression pattern was then scaled
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by the observed trend in the composite index over the 34-year period (2.27 degrees latitude) to
represent the change in weighted P — E over this time period. Our results are generally consistent
using any individual index for the regression.

Broadly, the EOF reconstruction and the observed P — E changes share much of the same
large-scale features. Both patterns have a near-zonally uniform P — E increase at high southern
latitudes, as well as remarkably consistent pockets of SH subtropical drying. In the NH, they also
show a similar decrease in P — E in the Northeast Pacific off the coast of California and a much
stronger P — E reduction throughout the North Atlantic and Mediterranean Sea (Bender et al. 2012;
Hoerling et al. 2012). The observations also show the Indo-Pacific zonal gradient in P — E that is
reminiscent of La Nifa-like conditions. All told, we contend that the two patterns are qualitatively
quite similar, which further supports the hypothesis that atmospheric forcings and decadal ENSO
transitions can explain much of the observed change in tropical width.

Repeating the experiment with different reanalysis products generates similar regression
patterns to Figure 3.7b, but the magnitude of the trend in each composite edge index (i.e. the
scaling of Figure 3.7b) varies substantially. For example, data taken from the National Center for
Environmental Programs Reanalysis 2 (NCEP2) produces a 34-year expansion of less than 1
degree latitude (not shown). As a result, it would appear that the spatial pattern seen in Figure 3.7b
is robust, but as currently scaled the magnitude of anomalies may be overestimated as the
MERRA? trend is on the higher end of observational estimates (Lucas et al. 2014). Therefore,
despite the EOF reconstruction appearing much weaker than MERRA?2 (note the colorbar change),
Figure 3.7a falls within the range of observational uncertainty. The good agreement between our
results and observations implies that the satellite record just so happens to correspond with a period

of accelerated tropical expansion akin to the accelerated warming periods of the 1970s-1990s
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(Kosaka and Xie 2016). Indeed, if not for the decadal La Nifia-like cooling pattern in the tropical

Pacific the observed trend might have been substantially smaller.

3.5 Summary and discussion

In this study, we sought to identify the leading modes of internal and forced tropical width
variability without any a priori assumptions about what those modes might look like. Using a Joint
EOF approach, we found that the leading internal mode is closely associated with ENSO
variability, the leading forced mode is related to TOA radiative forcings, and each mode is
characterized by symmetric poleward expansion of the climatological Hadley Cells. The forced
EOF showed an asymmetry in favor of enhanced SH tropical expansion relative to the NH. This
is possibly due to asymmetric ozone forcing (Kang et al. 2011; Polvani et al. 2011b; Min and Son
2013; Tao et al. 2016), but could also be the result of the minimal observed warming in the
Southern Ocean relative to the global average (Li et al. 2013; Armour et al. 2016; Hwang et al.
2017), which may act to strengthen the equator-to-pole temperature gradient, thereby
strengthening thermal winds and shifting eddy-momentum flux convergence poleward in the SH
(Lu et al. 2008).

By taking advantage of the long-term trend in PCr:, we estimated the time that the forced
trend in Hadley Cell expansion would emerge above the probabilistic range of internally generated
trends in the zonal mean and in the zonal varying sense. In the zonal mean, we showed that the
forced trend may already be detectible above the noise level in the SH. This was due in part to the
asymmetrical nature of the forced mode about the equator and the weaker projection of ENSO in
the SH relative to the NH (Garreaud and Battisti 1999). In contrast, we showed that the zonal mean

NH forced anomalies could require several more years at their current trajectory to emerge above
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this noise level. These results were largely consistent when considering zonally varying P — E
fields, but with the important exception of the North Atlantic. Here, the forced poleward shift in
North Atlantic subtropical dry zones and mid-latitude storm tracks is mostly detectible above the
noise (Figure 3.6a stipples).

One caveat is that these results are primarily based on a single model. GFDL-CM2.1 does
not simulate the aerosol indirect effect, and therefore it is possible that aerosol related signals could
be muted in this model. However, we achieved qualitatively similar results when repeating the
Joint EOF with the Community Earth System Model (CESM) Large Ensemble (Kay et al. 2015),
which does incorporate the aerosol indirect effect. We defer to future studies to evaluate the
viability of these results in the full CMIP5 ensemble.

This study sheds light on several longstanding questions in the literature. For example, can
atmospheric forcing and ENSO variations alone explain the observed changes in tropical width?
The internal mode’s relationship to ENSO is consistent with the emerging consensus in the
literature that tropical expansion generated by a long-term transition from a more El Nifio-like
state (positive PDO) to a more La Nifia-like state (negative PDO) could account for much of the
observed trend since 1980 (Lu et al. 2008; Grassi et al. 2012; Allen et al. 2014; Lucas and Nguyen
2015; Mantsis et al. 2017; Allen and Kovilakam 2017). When we put our EOF modes into this
observational context by comparing the combination of 1980-2013 changes in our forced and
internal modes (Figure 3.7a) to the regression of observed P — E with a composite edge index
(Figure 3.7b), we found that our EOF reconstruction qualitatively reproduced the large-scale
observed drying of the global subtropics, the southward shift of the SH storm tracks, and much of
the tropical anomalies, with the magnitude if the model anomalies falling within the range of

observational uncertainty.
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Consistent with recent studies of the hiatus, our results further reinforce the importance of
accounting for both forced and internally driven variability when interpreting observed climate
trends. Here we have focused exclusively on ENSO-driven variability, but other types of
variability—e.g., the Annular Modes (Previdi and Liepert 2007) and the Atlantic Multidecadal
Oscillation (AMO; Lucas and Nguyen 2015)—may also influence Hadley Cell width. However, it
should be noted that our Joint EOF method does not identify these climate modes as major
contributors to the interannual variability of Hadley Cell width, even in the higher order EOF
modes.

Our study also raises the question of why the forced poleward shift in the storm tracks is
stronger in the North Atlantic than elsewhere in the NH? Bender et al. (2012) also showed that the
magnitude of the storm track shift was largest in the North Atlantic using satellite observations.
Although they suggest this result should be viewed with caution as data artifacts may spuriously
amplify the observed trend, their conclusions imply that external forcings (rather than internal
variability) may explain the bulk of the trend in this region. Aside from increased greenhouse
gases, aerosol and tropospheric ozone forcings have also been suggested as drivers of forced
Hadley Cell expansion in the SH (Kim et al. 2017) and in the North Atlantic (Allen et al. 2012;
Kovilakam and Mahajan 2015). Since greenhouse gases, ozone, and aerosol forcings are not
perfectly correlated during the historical period, it is difficult to assess the relative contributions
of these climate forcings to tropical expansion when they are all included in a single mode (e.g.,
Figure 3.1d-f). Therefore, targeted experiments that utilize single forcing simulations are needed
to provide clarity on the role of individual forcings in North Atlantic Hadley Cell modes.

Finally, our results highlight just how unusual the period since 1980 has been. Based on

Figure 3.3b, observations suggest the 1980-2013 tropical Pacific cooling was exceptionally intense
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in the scope of modeled long-term natural variations. Consequently, this phase change
substantially muted the global warming trend and generated accelerated Hadley Cell expansion.
As the PDO cycle transitions to a warm phase, we expect the opposite to occur, with accelerated
global warming and a “hiatus” in Hadley Cell expansion. On top of the additional contraction
expected from ozone recovery (Polvani et al. 2011a), this suggests that the rapid pace of Hadley
Cell expansion observed since 1980 will likely not be maintained through the first half of the 21%

century.
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Table 3.1: Total (NH +SH) tropical expansion (°latitude) based on scaled anomalies in Figure 3.1.

Metric Internal Forced Internal + Forced
1980-2013 1980-2013 1980-2013
WYsoo NH: 0.15 NH: 0.11 NH: 0.26
SH: 0.16 SH: 0.22 SH: 0.38
[Z7] NH: 0.40 NH: 0.15 NH: 0.55
SH: 0.29 SH: 0.15 SH: 0.44
[P—-E] NH: 0.24 NH: 0.14 NH: 0.38
SH: 0.14 SH: 0.21 SH: 0.35
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——Hansen et al. (2011)

I I I L I L I I I _4
0O 10 20 30 40 50 60 70 80 90 100

Figure 3.2: PCr: and PCiy respectively. Numbers in square brackets are the percent variance
explained by each EOF mode among the three variables in Figure 3.1. Black line in (a) is the
years of PCint and Nino3.4
are shown. Gray dashed line in (b) is 2™-order least-squares fit to PCror. Black line in (b) is the net

control simulation Nino3.4 index (°C). For clarity, only the first 100

effective climate forcing taken from Hansen et al., (2011) (W m™).
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Figure 3.3: (a) Monthly mean Nino3.4* index calculated from ERSSTv3b (°C, red/blue shading).
Black solid line is the annual mean, black dashed line is the 10-year low-pass filter, and cyan line
is the linear fit from 1980 to 2013. (b) Probability density function (PDF; gray shading) of 34-year
running trends of Nino3.4 in a 1000-year control simulation. Black solid line following gray
shading is a Gaussian distribution with the same mean and standard deviation as the PDF. Black
dashed lines mark 95% confidence intervals. Vertical cyan line represents the observed trend (a).
Note the height of the cyan line is arbitrary.

69
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Figure 3.4: Schematic demonstrating the hypothesized interplay between anthropogenic forcings
(gray dashed line) and decadal phases in the relative frequency of ENSO events (red/blue sine
wave). Green line represents trajectory of a measured Hadley Cell edge index with time. Red line
represents trajectory of measured global mean surface temperature (GMST) with time. During the
long-term transition from a period of more El Nifo events (red shading) to a period of more La
Nifia events (blue shading), forced global warming is dampened and the trend flattens out,
producing a hiatus period. Simultaneously, the increasing prevalence of La Nifia-forced Hadley
Cell expansion drives accelerated widening of the tropics through an enhancement of the externally
forced Hadley Cell widening.
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Figure 3.6: (a) Regression of ensemble mean P — E with PCr,: scaled by change in PCgi from 1980-
2013. (b) Regression of control simulation P — E with PCi, scaled to represent a 95% confidence
interval of 34-year running trends using Equation 3.2. Both patterns weighted by standard
deviation of control simulation P — E anomalies at each grid point. Shape of line in each side-panel
is zonal mean climatological P — E as a function of latitude. Shading of each line right of (a) and
(b) represents regression of zonal mean P — E with respective PC, scaled the same as corresponding
x/y map. Stippling in (a) denotes grid points where signal has emerged above the noise by 2013
(see text).
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Figure 3.7: (a) The sum of Figures 3.6a and 3.6b. Figure 3.6b was first scaled by the observed
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annual mean P — E with composite Hadley Cell edge index from 1980-2013, scaled by the change
in the composite edge index over this time period (2.27 °lat). Note the different colorbars.
Regressions are weighted by the standard deviation of control simulation P — E anomalies at each

grid point.
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Chapter 4

WES Feedback and the Atlantic
Meridional Mode: Observations and
CMIPS5 Comparisons

Abstract

The Atlantic Meridional Mode (AMM) is the dominant mode of tropical SST/wind coupled
variability. Modeling studies have implicated wind-evaporation-SST (WES) feedback as the
primary driver of the AMM’s evolution across the Atlantic basin; however, a robust coupling of
the SST and winds has not been shown in observations. This study examines observed AMM
growth, propagation, and decay as a result of WES interactions. Investigation of an extended
maximum covariance analysis shows that boreal wintertime atmospheric forcing generates
positive SST anomalies (SSTA) through a reduction of surface evaporative cooling. When the
AMM peaks in magnitude during spring and summer, upward latent heat flux anomalies occur
over the warmest SSTs and act to dampen the initial forcing. In contrast, on the southwestern edge
of the SSTA, SST-forced cross-equatorial flow reduces the strength of the climatological trade
winds and provides an anomalous latent heat flux into the ocean, which causes southwestward
propagation of the initial atmosphere-forced SSTA through WES dynamics. Additionally, the lead-
lag relationship of the ocean and atmosphere indicates a transition from an atmosphere-forcing-
ocean regime in the northern subtropics to a highly coupled regime in the northern tropics that is

not observed in the Southern Hemisphere. CMIP5 models poorly simulate the latitudinal transition
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from a one-way interaction to a two-way feedback, which may explain why they also struggle to
reproduce spatially coherent interactions between tropical Atlantic SST and winds. This analysis
provides valuable insight on how meridional modes act as links between extratropical and tropical

variability and focuses future research aimed at improving climate model simulations.

4.1 Introduction

Interannual variability of the tropical Atlantic coupled ocean-atmosphere system is most
significantly influenced by two modes of climate: the Atlantic Nifio (Zebiak 1993) and the Atlantic
Meridional Mode (AMM; Chiang and Vimont 2004). The Atlantic Nifio is an El Nifio-Southern
Oscillation (ENSO)-like response to zonal movement of the equatorial thermocline, which
produces anomalous sea surface temperatures (SST) and significant shifts in the Atlantic Walker
and Hadley Circulations. This response is phase-locked to boreal summer and is driven by
Bjerknes dynamics that are also associated with the Pacific ENSO (e.g., Zebiak 1993; Carton and
Huang 2002). The Atlantic Meridional Mode involves interannual and decadal fluctuations of the
interhemispheric SST gradient in the tropical Atlantic, which drives cross-equatorial boundary
layer flow toward the anomalously warm hemisphere (Nobre and Shukla 1996; Chang et al. 1997).
This fluctuation of the meridional SST gradient significantly modulates the seasonal march of the
Intertropical Convergence Zone (ITCZ), which impacts regional rainfall over Northeast Brazil and
the Sahel of Africa (Foltz et al. 2012; Xie and Carton 2004; Hastenrath and Heller 1977; Folland
et al. 1986). In addition, the AMM has been shown to affect Atlantic hurricane activity (e.g.,
Vimont and Kossin 2007).

Several hypotheses have been proposed to explain the dynamical genesis of the AMM.

Nobre and Shukla (1996) first suggested an external mechanism in which trade wind variations in
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the tropical North Atlantic force SST anomalies (SSTA) through surface latent heat flux
anomalies. In subsequent studies, ENSO and the North Atlantic Oscillation (NAO) were identified
as examples of large-scale climate modes which can cause remotely forced and stochastically
generated trade wind variations that give rise to a meridional SST asymmetry about the equator
(e.g., Chiang et al. 2002; Amaya and Foltz 2014).

A second mechanism outlined by Chang et al. (1997) implicates wind-evaporation-SST
(WES) feedback Xie and Philander (1994) as the major mechanism for the AMM. In this theory,
cross-equatorial atmospheric flow reduces the strength of the trade winds in the warmer
hemisphere and increases the strength of the trades in the cooler hemisphere due to turning by the
Corolis force. This change in the magnitude of the trade winds acts to reinforce the meridional
SST gradient through anomalous, opposite signed surface evaporation between hemispheres.
Several studies have also indicated that tropical and subtropical low-level cloud cover anomalies
can force changes in SST anomalies, and consequently affect the meridional SST gradient, due to
enhanced shortwave reflection (e.g., Evan et al. 2013; Tanimoto and Xie 2004). The ITCZ, which
is sensitive to variations in this meridional gradient, then follows the SST patterns and trade wind
convergences into the warmer hemisphere (Chiang et al. 2002).

However, subsequent studies have shown that WES feedback is largely confined to the
deep tropics and is relatively weak, requiring at least some external forcing to sustain the coupled
variability and reproduce the observed AMM behavior (Chang et al. 2001; Chiang et al. 2002;
Czaja et al. 2002). In particular, Chang et al. (2001) used a 145-yr simulation of an atmospheric
general circulation model (AGCM) to show that stochastic forcing alone can generate significant
SSTA in the tropical Atlantic north of about 15°N, but a weak-to-moderate local air-sea coupling

is needed to reproduce observed tropical Atlantic variability south of this latitude.
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In spite of the many advances made by these studies, there is still widespread uncertainty
regarding the role of WES feedback in exciting and sustaining the AMM. Chang et al. (2001)
presented observational evidence in support of the WES feedback theory based on a lagged
correlation analysis between different time series in a maximum covariance analysis (MCA).
Similarly, Sutton et al. (2000) and Okumura et al. (2001) examined the AMM in a modeling
framework and found a negative and slightly positive WES feedback, respectively, through model
analysis, while Ruiz-Barradas et al. (2003) showed a positive feedback throughout the north
tropical Atlantic, except off the coast of Africa. These studies were primarily based on the outputs
of AGCMs, which can produce different feedback strengths among models (Frankignoul et al.
2004). Wary of model uncertainty, Frankignoul and Kestenare (2005) conducted a study based on
observational reanalysis data aimed at revisiting air-sea coupled interactions in the tropical
Atlantic. They showed that boreal winter trade wind anomalies north of approximately 10°N off
the coast of Africa can generate initial SSTAs through anomalous latent heat fluxes, which are
then sustained in the deep tropics by positive WES feedback.

Very few studies have investigated how initial stochastically forced SST anomalies in the
subtropics evolve into a fully coupled ocean-atmosphere thermodynamic mode in the deeper
tropics. Such an analysis would complement many of the previous investigations mentioned here,
which focused on the AMM/WES feedback relationship in the context of mechanistic generation
and sustention. WES feedback theory suggests that a positive SST anomaly will propagate
southwestward due to the tendency of SST-forced surface wind anomalies to weaken (strengthen)
the climatological trade winds on the southwestern (northeastern) edge of the SST anomaly,
potentially providing the link from subtropical origins to deep tropical growth and decay (Xie

1999).
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In the Pacific, Vimont et al. (2001, 2003) expanded upon this idea and proposed a seasonal
footprinting mechanism by which mid-latitude atmospheric variability during boreal winter could
potentially force a subtropical SST anomaly that would then propagate through WES feedback to
the equatorial Pacific in the summer and influence zonal surface wind and SST variability.
Subsequent modeling efforts by Vimont (2010), Vimont et al. (2009), and Wu et al. (2010)
confirmed that WES feedback could indeed propagate subtropical Pacific SSTAs southwestward
toward the Central Pacific, though in some cases over much faster timescales than originally
proposed. These results have informed recent studies which indicate that the AMM and its Pacific
counterpart (the Pacific Meridional Mode, PMM) may act as conduits by which extratropical
atmospheric variability can significantly influence equatorial SST variability, thereby exciting
Atlantic Nifio and Pacific ENSO events through this WES-driven propagation (Vimont et al.
2003b; Foltz and McPhaden 2010; Alexander et al. 2010; Larson and Kirtman 2014; Di Lorenzo
and Mantua 2016).

While the WES driven propagation of anomalies associated with the PMM has been well
studied over recent years, there remains little observational evidence of a similar mechanistic
evolution of the AMM. In this study, we use observations to synthesize the results outlined by the
previous literature and paint a consistent and cohesive picture of WES dynamics in the tropical
Atlantic as they pertain to AMM generation, propagation, and decay. We then use this new
observational insight to test the performance of models included in phase 5 of the Coupled Model
Intercomparison Project (CMIPS5) in simulating AMM structure and the physical mechanisms
associated with the AMM’s propagation. While individual CMIP5 models have been used to
evaluate the physical mechanisms governing AMM variability, a full comparison of a suite of

CMIPS5 models has not been investigated. Our observational and model results bring together
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nearly two decades of research in tropical Atlantic coupled variability and could potentially
increase predictability and prediction skill of the AMM in future modeling efforts, benefiting
socioeconomic endeavors in coastal Atlantic countries that are affected by interannual climate
variability.

In the following section, we outline the observational data sets employed in our study, as
well as the specifications for the CMIP5 models being evaluated. Sections 4.3 and 4.4 consist of
our observational analysis of the AMM’s spatiotemporal evolution. In Section 4.5, we repeat the
analysis performed in Sections 4.3 and 4.4, but for a suite of CMIP5 models. Section 4.6 contains

a summary and accompanying discussion of our results.

4.2 Data and methods

We characterize tropical Atlantic SST variability using monthly mean data from the
National Oceanic and Atmospheric Administration’s Extended Reconstructed Sea Surface
Temperature Version 3b (NOAA ERRST.v3b), which is available from 1854-present (Smith et al.
2008). We limit our analysis to 1950-2015, since the spatial density of SST data increased
significantly during this period. Monthly mean 10-meter wind and net surface latent heat flux data
are obtained from the National Centers for Environmental Prediction-National Center for
Atmospheric Research (NCEP-NCAR) Reanalysis (Kalnay et al. 1996), also from January 1950
to December 2015. We find that our results are largely insensitive to the choice of a particular
reanalysis product.

We investigate tropical Atlantic coupled variability by applying a maximum covariance
analysis (MCA; Bretherton et al. 1992) between SST and both components of the 10-meter

horizontal wind. MCA is analogous to empirical orthogonal function (EOF) analysis, but performs
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the singular value decomposition on the cross-covariance matrix between the variables. The
resulting expansion coefficients (ECs) associated with the left and right singular vectors can then
be projected onto the original data to obtain homogeneous and heterogeneous regression maps.
The MCA results in this study show the homogeneous SST structure and the heterogeneous surface
horizontal wind structure, so that both regressions are the result of the same time variability.

The AMM spatiotemporal evolution is examined using an extended MCA (EMCA)
technique, which incorporates time-lagged information, similar to the technique used by
Frankignoul and Kestenare (2005) and Polo et al. (2008). The EMCA methodology is largely
similar to MCA, but differs in that seasonally averaged time series of SST and 10-meter wind
anomalies are stacked before computing the cross-covariance matrix, such that December-
February (DJF) averaged maps are on top of March-May (MAM), June-August (JJA), and
September-November (SON) averaged maps. Thus, if the data initially had dimensions of N x M,
where N is the time dimension and M is space, it has dimensions N x 4*M after concatenating the
matrices. The cross-covariance matrix is then calculated and the singular value decomposition is
performed on this new matrix. EMCA yields four spatial structures per variable which are lagged
in time, but are all described by a single EC.

Model evaluation is based on historical simulations of 17 CMIP5 models. The modeling
centers and countries, CMIP5 model abbreviations, and the number of runs for each model used
in this study are shown in Table 4.1. Monthly mean SST, 10-meter winds, and net surface latent
heat flux were used from 1950-2005 for each model. For brevity we show only the multi-model
mean results. The MCA and various regressions were performed for each model separately and
the average spatial pattern for the respective variables was taken to be the multi-model mean. For

models with multiple ensemble members, each member was stacked in time such that the stacked
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array would have dimensions of N*(number of ensembles) x M. The MCA and other analyses were
then calculated based on this expanded matrix.

Prior to MCA analyses, all fields are linearly detrended. Data used to calculate Figure 4.1
are smoothed with a 3-month running mean at each grid point. Additionally, we remove the linear
influence of ENSO on tropical Atlantic coupled variability by regressing out the cold tongue index
(CTI; 6°N-6°S, 180°W-90°W) from each field at each grid point for data used in Figures 4.1-4.3
and Figures 4.5-4.7. Monthly anomalies in the observational analysis are relative to the

climatology 1986-2015, while CMIP5 evaluations are relative to 1976-2005.

4.3 AMM propagation in observations

Following Chiang and Vimont (2004), we first apply MCA analysis to observed SST and
10-meter winds in the domain 32°N-22°S and 74°W to the African coastline. The leading mode of
tropical Atlantic coupled SST/wind variability is shown in Figure 4.1a, while the normalized ECs,
which describe the time variability of the leading spatial modes, are shown in Figure 4.1b. The
squared covariance fraction for the leading mode is 66% and the correlation coefficient of the two
ECs is 0.72, indicating strong coupling of SST and winds in this region.

The leading mode of covariability in the tropical Atlantic is the AMM (Figure 4.1a). There
is a strong interhemispheric asymmetry in SSTA spatial loading, with positive values in the
Northern Hemisphere (NH) and lower magnitude negative values in the Southern Hemisphere
(SH), which is consistent with previous results (e.g., Chiang and Vimont 2004). From
approximately 25°N to 5°N, strong southwesterly wind anomalies are co-located with the strongest
SSTAs, centered at about 20°W. There are also cross-equatorial winds that begin as southeasterly

flow just south of the equator, turning to southwesterly flow just north of the equator. This C-shape
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bend in the winds about the equator is a distinct signature of WES feedback and will be analyzed
in more detail in Section 4.4.

The ECs depicted in Figure 4.1b vary on interannual to multidecadal timescales. In
particular, the low-frequency component of the AMM ECs is reminiscent of the Atlantic
Multidecadal Oscillation (AMO) index, which is well-correlated with both the SST and wind ECs
(0.72 and 0.46 correlation coefficients, respectively). The surface wind variability associated with
the AMM peaks in late boreal winter, while the SSTA structure peaks in the spring (Figure 4.1c).
Atmospheric variability leading SSTA variability by about a season is generally consistent with
stochastic atmospheric forcing of a subsequently sustained SST anomaly (e.g., Chang et al. 2001).

MCA extracts the leading mode of coupled variability between the input variables,
independent of the temporal evolution of the mode itself. Consequently, the mode depicted in
Figure 4.1a spans the entire AMM life cycle and consolidates its genesis, growth, and decay into
one single mode (Chiang and Vimont 2004). To isolate these individual stages of the AMM, we
compute the leading EMCA (see Section 4.2) mode of the SSTA and 10-meter surface winds
(Figure 4.2). The squared covariance fraction for this mode is 49% and the correlation of the left
and right ECs is 0.9. The observed surface latent heat flux was then regressed onto the resulting
SST EC depicted in Figure 4.2¢, and the results are shown in Figure 4.3. In Figures 4.2 and 4.3,
the SSTA are contoured in black and the 0.3°C contour is outlined in green. The convention for
latent heat flux anomalies in Figure 4.3 is such that a positive (negative) anomaly corresponds to
an upward (downward) energy flux and a cooling (warming) of the ocean.

In DJF, there are strong westerly surface wind anomalies in the NH subtropics from 32°N-
20°N (Figure 4.2a). These surface wind anomalies lie on the northern edge of a band of positive

SSTAs that runs from the west coast of Africa to the north/northeast coast of South America. A
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localized maximum in SSTA can be seen centered on 15°N, 18°W (green contour). In Figure 4.3a,
we observe three distinct forcing regimes that give rise to the SSTAs described in Figure 4.2a. The
first regime is characterized by a tongue of negative latent flux anomalies extending from 20°N-
10°N and 60°W-20°W. These anomalies increase in magnitude going from west-to-east toward
more positive SSTAs (black contours) and are generally co-located with strong westerly surface
wind anomalies at 20°N. This co-location is consistent with boreal wintertime atmospheric forcing
associated with NAO variability which reduces the strength of the background trade winds in the
NH, thereby reducing evaporative cooling at the surface and driving an anomalous flux of latent
energy into the ocean.

The second forcing regime is associated with cross-equatorial flow that turns southwesterly
in the NH, driving negative latent heat flux anomalies that extend from 20°N to the equator at
around 30°W (Figures 4.2a and 4.3a). These anomalies are found on the southwest edge of the
SSTA warm pool and are an early indication of air-sea interactions associated with WES feedback.
The final regime is centered on the SSTA maximum outlined by the green contour. Here,
southwesterly anomalies oppose the climatological upwelling favorable winds along the African
coastline, which may weaken coastal upwelling and provide a latent heat flux which dampens co-
located SSTAs. A flux of energy into the ocean on the west/southwest edge of the SSTA warm
pool coupled with a near zero latent heat flux in the center of the SSTA maximum would lead to a
propagation of the SSTA west/southwestward in the following season, representing AMM genesis.

The leading mode of SST and wind covariability during MAM (Figure 4.2b) is much more
pronounced in magnitude and spatial extent. Consequently, the MAM spatial structure most
closely resembles the spatial structure of the “all-months” AMM shown in Figure 4.1a. The NAO-

like forcing regime seen in DJF appears to have weakened significantly in the NH subtropics with
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near zero flow over the warmest SSTAs. The SSTA maximum has extended southwest as far as
60°W, which is consistent with the energy fluxes observed in DJF (Figure 4.2b, green contour).
Despite this propagation, the local SSTA maximum in MAM is still located just off the coast of
Africa and is likely due to the persistence of stochastic atmospheric forcing throughout boreal
winter into early spring. In addition, the WES feedback regime has enhanced significantly as the
weak cross-equatorial flow seen in DJF has increased in magnitude and extended across the basin
west of 15°W in MAM. This anomalous boundary layer flow is southeasterly from 0°-10°S and
southwesterly from 0°-10°N and is representative of a locally driven ocean-forced response in the
surface winds (Figure 4.4). The exact nature of the transition to an ocean-forced wind change as a
function of latitude will be described in Section 4.4.

The regression of latent heat flux anomalies onto the SST EC shows negative values (ocean
warming) that are closely co-located with the 0.3°C green contour and the most significant
southwesterly wind anomalies (Figure 4.3b). In contrast, there are very weak surface wind
anomalies and positive latent heat flux anomalies over the warmest SSTA anomalies (marked by
the 0.4°C and 0.5°C contours; Figures 4.2b and 4.3b). These localized positive latent heat flux
anomalies are likely due to warm SST generating small-scale convection, which would lift warm
air from the boundary layer and act as a damping on the SSTAs in the region. This zonal dipole of
latent heat flux anomalies is consistent with WES feedback theory and illustrates the competition
between atmosphere-forced temperature change and Newtonian cooling in the evolution of SSTAs
that lie on the subtropical/tropical boundary (e.g., Xie 1999).

During JJA, the maximum SSTA propagates further southwestward and is now centered at
12°N, 50°W (Figure 4.2c). There is continued evidence of a WES feedback from 10°N-5"N and

50°W-40°W, as anomalous southwesterly flow and negative latent heat flux anomalies are co-
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located with the southwestern edge of the SSTA maximum (green contour, Figure 4.3¢). However,
in the absence of sustained atmospheric forcing, the SSTAs off the coast of Africa that were seen
in DJF and MAM have weakened substantially due to the cooling associated with a continued
upward flux of latent energy in that region (Figure 4.3c).

Are the upward latent heat flux anomalies seen in MAM strong enough to account for the
~0.3°C cooling observed from MAM to JJA near the African coast? A qualitative heat budget
analysis can be analyzed to investigate the contribution of the latent heat flux to the mixed layer
temperature change in this region. The change in SST from MAM to JJA, ASST, can be estimated

as:

ASST = 4&:QLH 4.1
pCph

Where the change in time, At, is three months, pC,= 4.088 x 10° J K'' m” (Cronin et al. 2013),
and h ~ 30m (Foltz et al. 2013). The average latent heat flux, Q,y, during MAM is -3.8 W m™
(negative because it is an energy gain for the atmosphere, but an energy loss for the ocean) from
20°N-10°N, 30°W-15"W. Using Equation 4.1, we get an estimated ASST =~ —0.24°C, which
corresponds well to the average ASST in that same box of -0.25°C (not shown). The consistency
of this rough estimate, based on a simple mixed-layer model approximation, is somewhat
surprising when considering the potential impact of stratocumulous cloud and African dust forcing
on SSTA via surface shortwave radiation in this region (e.g., Evan et al. 2013; Deflorio et al. 2014).
Therefore, while this preliminary calculation indicates that latent heat flux anomalies represent the
main contribution to SST change from MAM to JJA, this may not necessarily be true for all of the
north tropical Atlantic or for all seasons given that the mixed layer depth can vary in time and
space by as much as 40m (Foltz et al. 2013) and given the significant impact of other regional

forcing terms on SSTAs (e.g., Evan et al. 2013; DeFlorio et al. 2014).
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The anomalous surface flow and associated latent heat flux anomalies in SON are harder
to interpret, as they are less spatially coherent and are not physically consistent with the temporal
evolution of the AMM from DJF to JJA (Figures 4.2d and 4.3d). However, the SON SSTA
structure remains physically consistent with the energy fluxes from the previous season as the
maximum SSTA propagates into the South American coastline and the SSTA spanning the rest of
the basin decays further.

It should be noted that the physical mechanisms for SSTA growth, propagation, and decay
described above were limited to the tropical North Atlantic region. The covariability in the tropical
South Atlantic region does not evolve similarly and largely maintains southeasterly flow, negative
SSTA, and positive latent heat flux anomalies throughout the year. The SH lobe of the AMM has
been shown to be statistically independent of the NH lobe (e.g., Mehta and Delworth 1995; Enfield
and Mestas-Nufiez 1999). Therefore, the spatiotemporal evolution of SH SSTA may be found in a
higher order EMCA mode, or it may materialize if a different EMCA domain was chosen to
emphasize SH coupled variability. We encourage future studies to further describe and understand

this distinction.

4.4 Transition from atmosphere forcing ocean to ocean-
atmosphere coupling

In Section 4.3, we used observations to demonstrate the importance of WES feedback in
sustaining and propagating SSTAs from subtropical latitudes to the deep tropics. This process is
dependent on the ocean’s ability to force sufficiently strong low-level wind anomalies, which then
feedback and significantly enhance the local SSTA. Without this ocean-atmosphere coupling,

model analysis suggests that an SSTA generated at subtropical latitudes by stochastic atmospheric
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variability will not grow or propagate into tropical latitudes and become an AMM event (Chang
et al. 2001; Chiang et al. 2002; Czaja et al. 2002). Therefore, it is of interest to empirically identify
the latitudes at which the climate regime shifts from atmosphere-forcing-ocean to full ocean-
atmosphere coupling. Such an analysis would improve our understanding of where air-sea
coupling occurs in the tropical Atlantic and may demonstrate to what extent the AMM acts as a
connection between extratropical atmospheric variability and equatorial SST variability.

To help characterize this regime shift, we propose a symmetry index based on the lag
correlation structure of Atlantic zonal mean SSTA and surface wind anomalies as a function of
latitude. The more symmetric the lag correlation structure between the two variables, the greater
the evidence for ocean-atmosphere interactions at that latitude. In contrast, strong asymmetries
would be indicative of a one-way communication between the SST and surface winds. We
calculate this symmetry index for zonal mean SST/U-wind anomalies and zonal mean SST/V-wind
anomalies, respectively (Figures 4.4a and 4.4b). Select lag correlations at 20°N (blue), 10°N
(yellow), and 10°S (red) are shown in Figure 4.4c. Stippling in Figures 4.4a and 4.4b and the bold
parts of the curves in Figure 4.4¢ indicates statistical significance at 95%, which is based on the e-
folding timescale of the autocorrelation function of the zonal mean SSTA at each latitude. The
lags on the x-axis of each plot are in months.

Significantly negative correlations between SSTA and wind anomalies exist at S0°N-45N”
when the wind leads by 0 to 2 months for SST/U-wind and 0 to 5 months for SST/V-wind. A
similar lobe of significantly negative correlations for SST/U-wind is found at southern mid-
latitudes, while SST/V-wind has positive correlations at positive lags that are not statistically
significant. These four mid-latitude lobes are consistent with an atmosphere-forcing-ocean climate

regime (e.g., Alexander and Scott 1997) in which positive SSTAs are locally generated as a result
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of northerly and easterly wind anomalies in the NH and southerly and easterly wind anomalies in
the SH.

Similar lag-lead relationships are evident in NH subtropical latitudes (30°N-20°N, Figure
4.4). In this region, significant positive correlations can be found between SST and both
components of the wind at lags ranging from 0 to 6 months. The lag correlation sign change is
consistent with a shift in the background wind state from mid-latitude westerlies to the
northeasterly trade winds. The increase in the number of significant lags going southward from
30°N to 20°N is also likely due to this gradual shift from westerly to northeasterly flow. The
magnitude of the background flow is weak at 30°N compared to 20°N, thus we would expect a
weaker SSTA response for a given wind perturbation at 30°N relative to 20°N. This atmosphere-
forcing ocean regime is consistent with NAO variability driving SST changes through surface heat
fluxes (e.g., Chang et al. 2001).

For the deep tropical region of 20°N-0°, the lag correlation structure for the SST and both
wind components are much more symmetric. In particular, significant positive correlations occur
at large negative lags (when SSTAs lead wind anomalies) in a narrow meridional band ranging
from 10°N-6°N, where SST/U-wind has a significant correlation at all lags and SST/V-wind has a
significant correlation at lags of —5 to 8 months. The tails at large negative and positive lags at
these latitudes are remarkably consistent with the most significant southwesterly surface winds
and negative latent heat flux anomalies found on the southwestern edge of the warm pool (green
contour) depicted in Figures 2b and 3b. Such symmetry in the lag correlation structure provides
further evidence that air-sea interactions like WES feedback are significant contributors to SST
and wind variability at these latitudes. The transition from an atmosphere-forcing-ocean

environment to a two-way interaction is further highlighted by the select lag correlations depicted
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in Figure 4.4c. The lag correlation at 20°N (blue) peaks at a lag of 1 month and drops sharply to
zero for short negative lags, whereas the lag correlation at 10°N (yellow), although it also peaks at
a lag of 1, has much stronger and more significant lag correlations at long negative lags.

The symmetrical lag correlation structures for SST/U-wind from 4N°-4°S may be
associated with Bjerknes feedback processes and the Atlantic Niflo mode. Therefore, it is difficult
to assess to what degree WES feedback dynamics contribute to the structure in this region.
Additionally, although the SST/V-wind lag correlation structure near the equator is less likely to
be impacted by Atlantic Nifio, the climatological background wind here is usually small, so a
meridional wind perturbation is less likely to produce a significant SSTA via WES interactions.
This may explain why the SST/V-wind correlation is either zero or insignificantly negative from
4°N-0°.

In the subtropics and deep tropics of the SH, the lag correlation structures for both SST/U-
wind and SST/V-wind do not show a similar transition from atmosphere-forcing-ocean to ocean-
atmosphere coupling compared to the NH. In particular, significant correlations between SST and
U-wind only exist at positive lags from 6°S-30°S, and at all southern latitudes for SST and V-wind.
This relationship is emphasized by the 10°S curve (red) in Figure 4.4c, which more closely
resembles the northern subtropics than the northern tropics, albeit with weaker correlation values.
The absence of significant correlations when the SST leads the wind in the SH tropics is puzzling

and will be discussed in greater detail in Section 4.6.

4.5 CMIP5 evaluation

Tropical Atlantic coupled variability has not been extensively evaluated in CMIP5 models,

with several exceptions. (Liu et al. 2013) evaluated Atlantic warm pool variability in the historical
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simulations of 19 CMIP5 models, but stopped short of assessing the model’s ability at reproducing
coupled variability. Richter et al. (2014) analyzed CMIP5 model mean states and determined they
exhibit too weak easterlies, and that the ITCZ is typically too far to the south. Given the significant
impact of tropical Atlantic coupled variability on regional atmospheric circulation and
precipitation, it is vital to assess the dexterity of CMIP5 models in reproducing observed coupled
variability. Here, we repeat the observational analysis outlined in Sections 4.3 and 4.4 on a suite
of 17 CMIPS models (Table 4.1). For brevity, we present only the results of the multi-model mean.

The multi-model mean AMM and the multi-model mean monthly variance of the
respective ECs are shown in Figure 4.5. It is important to note that unlike in observations, the
leading mode of coupled variability in the CMIP5 models is not always the AMM. Therefore, to
objectively determine the AMM mode for each model, we use a pattern correlation to compare the
first five SSTA modes of the model MCA analysis to the observed AMM SSTA structure shown
in Figure 4.1. The model MCA mode with the highest pattern correlation was then selected to be
the model’s representation of the AMM and was included in the multi-model mean. A similar
technique was used for the CMIP5 EMCA (Figure 4.6), except the model AMM mode was found
by comparing only the MAM SSTA structure between the models and observations. The mode
number, the squared covariance fraction explained by each model’s AMM, and the pattern
correlation coefficient of each model’s AMM with the observations for the CMIP5S MCA and
EMCA analyses are listed in Table 4.2.

On average, the model AMM explains 35% of the covariance between tropical Atlantic
SST and surface winds, which is only about half of the squared covariance fraction seen in the
observations (Figures 4.1 and 4.5). The observed large-scale spatial structure of the AMM is

generally well-reproduced in the CMIP5 models (Figures 4.1a and 4.5a). There is a distinct

90



interhemispheric SSTA gradient with a northeastward tilted warm lobe in the NH and general
cooling in the SH. Additionally, surface wind anomalies are primarily southwesterly in the NH
and southeasterly in the SH, with weak cross-equatorial flow. However, on average, the models
generally underestimate the magnitude of the SSTAs, the meridional SSTA gradient, and the
surface wind anomalies. This underestimation was also evident in CMIP3 models and could be
related to well-known cold (warm) Atlantic SST biases in the NH (SH) (Liu et al. 2013).

Inspection of the multi-model mean month-to-month variance shows that the models
reproduce the wind variability peak in January-February with reasonable accuracy. However, the
multi-model mean wind variance is notably higher in boreal spring, while the observational
variance declines sharply in March and April (Figures 4.1c and 4.5b). Additionally, the models
poorly simulate the observed peak of SST variability in the tropical Atlantic during MAM (Figures
4.1c and 4.5b). Instead, the SST variance is lowest in boreal winter and roughly constant
throughout the rest of the year. This discrepancy could be the result of a double ITCZ bias observed
in CMIP5 models in the Atlantic Richter et al. (2014). An incorrect representation of the lead-lag
relationship of the atmosphere and ocean associated with the AMM may contribute to the
inaccuracies seen in Figure 4.5a. Further, inspection of power spectra based on each model’s SST
EC reveals that the models generally reproduce the observed interannual variability associated
with the AMM, but tend to have more power at lower frequencies than seen in observations (not
shown).

The multi-model mean EMCA of SSTA and surface winds is shown in Figure 4.6, and the
multi-model mean latent heat flux regression on to the respective EMCA SSTA ECs is shown in
Figure 4.7. Note that the green contour in Figures 4.6 and 4.7 now represents the 0.2°C contour.

Similar to Figure 4.5a, the CMIP5 models do a credible job in reproducing the observed genesis
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of the AMM SSTA structure, but the SSTA and wind anomaly magnitudes are once again
underestimated (Figures 4.2 and 4.6). Additionally, the multi-model mean latent heat flux
regression in DJF does not show the presence of the three distinct forcing regimes seen in
observations (Figures 4.3a and 4.7a). Instead, there are basin-wide negative latent heat flux
anomalies from about 20°N-0° that are most consistent with the NAO-like forcing regime depicted
in Figure 4.3a, though they are much weaker than in observations (note the change in the color
bar).

In MAM, the multi-model mean AMM peaks in strength, consistent with large negative
latent heat flux anomalies seen in the previous season throughout the north tropical Atlantic from
20°N-0°. These widespread negative latent heat flux anomalies have persisted into MAM, though
they are weaker than in the winter. This broad swath of negative latent heat flux anomalies is also
consistent with the NAO-like forcing regime and could be associated with the models producing
springtime atmospheric forcing that is too large compared to observations, as indicated by the
month-month variance analysis (Figure 4.5b). Simultaneously, there is evidence of a weak ocean-
atmosphere coupling with negative latent heat flux anomalies on the southwest edge of the
warmest SSTAs and near-zero or slightly positive anomalies in the SSTA maximum (Figures 4.6b
and 4.7b). In the SH deep tropics, positive latent heat flux anomalies are co-located with negative
SSTAs. These deep tropical latent heat flux anomalies in the model are consistent with being
forced by model wind anomalies, which are southwesterly in the NH (albeit very weak) and
southeasterly in the SH. Cross-equatorial flow also peaks during this season.

During JJA, the multi-model mean shows hints of seasonal SSTA propagation as indicated
by the SSTA maximum outlined in green. However, it is clear from comparing Figures 4.2b,c with

Figures 4.6b,c that the SSTA expansion from MAM to JJA is much less striking than in nature.
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The models’ inability to reproduce significant SSTA propagation could be due to the fact that the
most intense latent heat flux anomalies in the NH during MAM are found much closer to the
equator and much further away from the edge of the SSTA warm pool relative to the observations.
As a result, significant latent heat flux-driven SST change at the edge of the SSTA maximum may
not occur, which would limit SSTA propagation in the models for the following season. Thus,
while the multi-model mean representation of the AMM spatial structure is qualitatively consistent
with observations shown in Figures 4.2b and 4.3, it is clear that the models’ representation of the
physical processes that govern WES feedback are not as spatially coherent.

It is also important to note that during JJA, the broad scale negative latent heat flux
anomalies seen in the previous two seasons in the north tropical Atlantic have been replaced with
nearly basin wide positive latent heat flux anomalies. The month-to-month surface wind variance
analysis shows a marked decrease in magnitude during boreal summer. Thus, a reduction in
atmospheric forcing in the absence of a robust WES feedback would allow for broad cooling of
warm SSTAs associated with the model AMM, consistent with these broad upward latent heat flux
anomalies (Figures 4.5b and 4.7¢).

Additionally, the multi-model mean EMCA shows a tongue of cold SSTAs on the equator
in JJA that is not present in the observations. These cold anomalies are coupled with a zonal dipole
of latent heat flux anomalies that is inconsistent with the cross-equatorial surface wind anomalies
seen in Figures 4.6¢ and 4.7c. The model latent heat flux response being more tightly confined to
the equator is not simply the result of the multi-model mean smoothing over more varied behavior,
but is a feature that exists in nearly all of the models (not shown). It is possible that the summertime

EMCA in the models is being contaminated by overestimated Atlantic Nifo variability or by the
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propensity for CMIP models to produce AMMSs that have spuriously strong interactions with the
Atlantic Nifo (e.g., Breugem et al. 2006; Richter et al. 2014; Zebiak 1993).

The multi-model mean lag correlation between zonal mean SSTA and both wind
components in the Atlantic as a function of latitude is shown in Figure 4.8. The models credibly
reproduce the SST/U-wind and SST/V-wind lag correlation structure at high latitudes. At both
northern and southern mid-latitudes, the lag correlation is asymmetrical in favor of atmosphere
forcing the ocean for the U-wind and V-wind, which is consistent with the observations (Figures
4.4 and 4.8). From 30°-20° in both hemispheres, the modeled correlations continue to be realistic,
and are consistent with stochastic atmospheric variability generating SST anomalies.

For SST/U-wind, the multi-model mean lag correlation structure and the observed lag
correlation structure are dissimilar in the deep tropics. On average, the CMIP5 models do not
accurately reproduce the observed transition from an asymmetrical atmosphere-forcing-ocean
regime to a more symmetrical ocean-atmosphere coupled regime (Figures 4.4a and 4.8a). Instead,
the correlations from 10°N-0° become negative when the SST leads the winds, which is
inconsistent with WES feedback processes. This is perhaps unsurprising given the models’
difficulty in reproducing the observed spatial coherence of the latent heat and surface wind
anomalies from season to season (Figure 4.7). In contrast, the models tend to credibly simulate
the lag correlation structure between the SSTAs and anomalies in the V-wind (Figures 4.4b and
4.8b). Since the climatological surface winds at these latitudes are primarily zonal, perturbations
in the U-wind component drive the most significant SSTA anomalies through WES dynamics (Xie
1999). Therefore, the inability of the CMIP5 models to reproduce the observed SST/U-wind lag
correlation symmetry in the deep northern tropics may indicate that the models are incorrectly

simulating air-sea coupling in this region. If the models are not producing a realistic WES
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interaction between the SST and the U-wind component, then this may help explain the poorly

simulated propagation of SSTAs seen in Figures 4.6 and 4.7.

4.6 Summary and discussion

In this study, the spatiotemporal evolution of SST and wind coupled variability in the
tropical Atlantic was analyzed using observations and CMIP5 models. We confirm that the leading
mode of observed coupled variability in the tropical Atlantic is the AMM, which explains 66% of
the covariability. EMCA of seasonally stacked SST and surface wind anomalies was then utilized
to depict a consistent and cohesive evolution of tropical Atlantic SSTAs from one season to the
next in observations. In DJF, SSTAs are primarily forced by strong southwesterly surface wind
anomalies, which reduce the strength of the background trade winds and reduce evaporative
cooling at the surface, thereby warming the underlying ocean surface.

The regression of latent heat flux anomalies onto the EMCA SST EC during boreal spring
provides evidence of air-sea coupling, and shows that the magnitude of the AMM peaks during
this season. Additionally, near-zero surface wind anomalies and positive latent heat flux anomalies
act as a damping on the warmest SSTAs, while strong southwesterly wind and negative latent heat
flux anomalies are found along the southwest edge of the SSTA warm pool. This zonal dipole of
latent heat flux and surface wind anomalies is consistent with WES feedback theory (e.g., Xie
1999). As a result of these energy fluxes, the SSTA maximum is driven southwestward into the
South American coast during boreal summer and autumn.

A symmetry index based on the lagged temporal correlation between zonally averaged
surface wind components and SST was then created to investigate the latitude at which tropical

Atlantic air-sea coupling and WES feedback processes become the dominant mechanisms in
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driving SSTAs and surface wind anomalies. We show that the lag correlation structure at high
latitudes is consistent with a white-noise atmosphere forcing strong SSTAs at positive lags. In the
northern subtropics (30°N-20°N), the lag correlation structure is also dominated by an atmosphere-
forcing-ocean regime. Further inspection of the northern deep tropics shows a smooth transition
to more symmetric lagged temporal correlations, which is indicative of strong air-sea coupling. In
particular, we identify a narrow region from 10°N-6°N as having the most symmetrical lag
correlations, which may indicate that air-sea interactions like WES feedback play the largest role
in generating and maintaining SSTAs and surface wind anomalies at these latitudes.

We then evaluated the representation of tropical Atlantic coupled variability in a suite of
CMIPS5 models. The AMM spatial structure from the multi-model mean of the CMIP5 models is
generally consistent with observations (Figure 4.5). However, the models underestimate the
magnitude of SST, surface wind, and latent heat flux anomalies throughout the basin. The model
AMM errors could be a function of well-known SST biases throughout the tropical Atlantic
(Richter et al. 2014; Liu et al. 2013), spurious relationships with Atlantic Nifio (Breugem et al.
2006), or may perhaps be the result of issues in simulating the observed transition from an
asymmetrical atmosphere-forcing-ocean environment to a more symmetrical ocean-atmosphere
coupled environment.

In particular, the multi-model mean EMCA does not show a realistic southwestward
propagation of the north tropical Atlantic SSTA maximum, which could be the result of the
model’s inability to correctly represent the spatial coherence of the physical processes governing
WES feedback. As such, the ability of the average CMIP5 model to produce an AMM-like SSTA
structure at all could be more due to boreal spring atmospheric forcing being too vigorous in the

models (Figures 4.1c and 4.5b). These overly strong westerly surface wind anomalies in spring
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may help explain the widespread negative latent heat flux anomalies seen in the models for DJF
and MAM as well as the persistence of AMM-like SSTAs from one season to the next in spite of
poorly representing WES feedback (Figures 4.6 and 4.7). It should be reiterated that these
conclusions are drawn from the results of the multi-model mean analysis, and that investigations
into individual model performance and mean state biases should be pursued in future studies.

The results of this work bring together over two decades of research in tropical Atlantic
variability and represent the first observational evidence for AMM growth, propagation, and decay
driven by WES dynamics. This work also builds on the results of Chang et al. (2001) and others
by illustrating the meridional extent to which air-sea coupling becomes important in sustaining
SSTAs in the tropical Atlantic. Further, these results enhance our understanding of how meridional
modes act as bridges between subtropical atmospheric variability and deep tropical SST
variability. This can be readily applied to investigate similar modes of coupled variability in other
basins (e.g., PMM). Our analysis also includes the first assessment of a large ensemble of CMIP5
models in their ability to produce realistic air-sea interactions in the tropical Atlantic.

Several important questions arise from the results of our study. For example, what is the
role of air-sea interactions in maintaining SSTAsS in the south tropical Atlantic? Our observational
analysis showed little evidence that ocean-atmosphere interactions drive significant SST or surface
wind changes through WES feedback. One hypothesis that could explain the discrepancy between
the hemispheres is the lower number of surface wind observations in the South Atlantic relative to
the North Atlantic. However, when we repeat Figures 4.2-4.4 using reanalysis products that
assimilate satellite scatterometry observations, we find that the SH still shows little indication of
air-sea coupling in the deep tropics (not shown). This may be an indication that low-cloud SST

feedbacks, which are independent of surface latent heat flux anomalies and surface wind
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convergences, are the dominant coupling mechanisms maintaining the SSTA in the SH (e.g., Evan
et al. 2013; Tanimoto and Xie 2002).

It is also possible that the geometry of African coastline is unfavorable for WES feedback
in the Southeast Atlantic. In particular, the African continent at around 15°W limits the eastward
extent of the warmest SSTA associated with the AMM. Therefore, the cross-equatorial surface
wind anomalies forced by these SSTAs are limited to west of this longitude throughout the AMM’s
lifecycle (Figures 4.2 and 4.3). This leaves the Southeast Atlantic (e.g., the Gulf of Guinea) in a
shadow zone for anti-symmetric Rossby waves that help propagate the anomalies associated with
WES feedback westward (e.g., Xie 2004). Further, CMIP5 multi-model mean SST/U-wind lag
correlation structure was reproduced more accurately in the SH than in the NH (Figure 4.8a). If
we extrapolate the results of the NH and assume that the models poorly simulate air-sea
interactions everywhere in the tropical Atlantic, then the fact that the models have skill in
reproducing the SH SST/U-wind lag correlation may further highlight the insignificance of this
type of air-sea interaction in generating and maintaining SH SSTAs. Based on this discussion, we
feel a detailed investigation into the disparities between the NH and SH should be a focus of future
work.

Coupled modes of tropical Atlantic variability like Atlantic Nifio and the AMM are of high
socioeconomic importance to the surrounding region. Therefore, future research efforts should
build on the results of our observational analysis and aim to improve the representation of coupled
interactions in climate models. Accomplishing this task would further enhance our understanding
of air-sea interactions in the global tropics and increase our confidence in CMIP5 21% century

climate change projections.
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Table 4.1: The modeling center, country, model abbreviation, and number of ensemble members
for each CMIP5 model used in this analysis.

Modeling center CMIP5 model abbreviations Number of runs
Centre for Australian Weather and Climate Research, Australia ACCESS1-0 1
ACCESS1-3 2
College of Global Change and Earth System Science, China BNU-ESM 1
Centre for Meteorological Research, France CNRM-CM5 10
Geophysical Fluid Dynamics Laboratory, USA GFDL-ESM2G 1
GFDL-ESM2 M 1
Institute for Numerical Mathematics, Russia INM-CM4 1
Institute Pierre Simon Laplace, France IPSL-CM5A-LR 6
IPSL-CM5A-MR 3
IPSL-CM5B-LR 1
University of Tokyo/NIES/JAMSTEC, Japan MIROC5 5
Max Planck Institute for Meteorology, Germany MPI-ESM-LR 3
MPI-ESM-P 2
Meteorological Research Institute, Japan MRI-CGCM3 5
MRI-ESM1 1
Norwegian Climate Centre, Norway NorESM1-M 3
NorESM1-ME 1
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Table 4.2: The first column lists all datasets (observations and CMIP5 models) used in this study.
The second column is each model’s MCA mode used in the multi-model mean for Figure 4.5. The
corresponding EMCA mode used in the multi-model mean for Figures 4.6 and 4.7 is in parenthesis.
The third column is the squared covariance fraction for the MCA (EMCA) mode indicated in the
second column. The fourth column is the pattern correlation coefficient of the model MCA
(EMCA) SSTA structure with the observed leading MCA (EMCA) mode. For the EMCA pattern
correlation, the MAM SSTA structure was used. The last row is the average of each column,
excluding the observations.

MCA (EMCA) Covariance explained (%) Pattern correlation coefficient b/w model
AMM mode by MCA (EMCA) AMM MCA (EMCA) and observations

Observations 1(1) 66 (49) 1(1)

ACCESS1-0 2(1) 21 (55) 0.57 (0.60)
ACCESS1-3 2(1) 22 (33) 0.74 (0.61)
BNU-ESM 2(2) 19 (16) 0.82(0.78)
CNRM-CM5 1(1) 50 (39) 0.79 (0.70)
GFDL-ESM2G 1(D) 46 (32) 0.80 (0.67)
GFDL-ESM2M 2(2) 18 (9) 0.68 (0.53)
INM-CM4 2(2) 18 (15) 0.60 (0.65)
IPSL-CM5A-LR 2(3) 33 (1) 0.68 (0.84)
IPSL-CM5A-MR 1(1) 42 (34) 0.56 (0.74)
IPSL-CM5B-LR 1(1) 71 (60) 0.81 (0.76)
MIROCS5 1(1) 44 (51) 0.58 (0.59)
MPI-ESM-LR 1(1) 44 (38) 0.88 (0.74)
MPI-ESM-P 1(D) 41 (31 0.78 (0.58)
MRI-CGCM3 1(2) 36 (21) 0.65 (0.67)
MRI-ESM1 1(1) 43 (50) 0.72 (0.63)
NorESM1-M 1(3) 42 (10) 0.73 (0.77)
NorESM1-ME 44) 6 (5) 0.56 (0.61)
Multi-model mean 1.53 (1.65) 35.06 (30) 0.70 (0.67)
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Figure 4.2: (a)-(d) The observed leading extended maximum covariance analysis (EMCA) mode
of SSTA (shading/contours, °C) and 10-meter wind anomalies (arrows, m s!). The contour interval
is 0.1°C and the green line represents the 0.3°C contour. (e) The corresponding left and right
normalized expansion coefficients (EC). The first number in the brackets is the squared covariance
fraction for the leading EMCA mode. The second number is the correlation between the two ECs,
which indicates the strength of coupling between SST and winds in this region.
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Figure 4.3: Regression of observed net surface latent heat flux (positive upward, shading, W m?)
and 10-meter winds (arrows, m s!) onto the SST expansion coefficient in Figure 4.2¢. Contours
are the EMCA SSTA values shown in Figure 4.2. The contour interval is 0.1°C and the green line
represents the 0.3°C contour.
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Figure 4.6: As in Figure 4.2, but for the multi-model mean of the 17 CMIP5 models listed in Table
4.1. The contour interval is 0.1°C, but the green line now denotes the 0.2°C contour.
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Figure 4.7: As in Figure 4.3, but for the multi-model mean of the 17 CMIP5 models listed in Table
4.1. The contour interval is 0.1°C, but the green line now denotes the 0.2°C contour. Note the
different color scale between Figures 4.3 and 4.7.

108



(a) CMIP5 SST /U-Wind (b) CMIP5 SST/V-Wind

60°N F—— — _— — 0.6
aon| 1 a ﬁ
-0.3
| | ]
oo | e 1 B = o é
20°8 | — 1 |
-0.3
408 | 81 A8 T
60°S L. (| - il -0.6

| J
8 6 -4 -2 0 2 4 6 8 8 6 -4 -2 0 2 4 6 8
SST Leads Wind Leads SST Leads Wind Leads

Figure 4.8: As in Figures 4.4a and 4.4b, but for the multi-model mean of the 17 CMIP5 models
listed in Table 4.1.
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Chapter 5

The North Pacific Pacemaker Effect on
Historical ENSO and 1ts Mechanisms

Abstract

Studies have indicated that North Pacific sea surface temperature (SST) variability can
significantly modulate the El Nifio-Southern Oscillation (ENSO), but there has been little effort to
put extratropical-tropical interactions into the context of historical events. To quantify the role of
the North Pacific in pacing the timing and magnitude of observed ENSO, we use a fully-coupled
climate model to produce an ensemble of North Pacific Ocean-Global Atmosphere (nPOGA) SST
pacemaker simulations. In nPOGA, SST anomalies are restored back to observations in the North
Pacific (>15°N), but are free to evolve throughout the rest of the globe. We find that the North
Pacific SST has significantly influenced observed ENSO variability, accounting for approximately
15% of the total variance in boreal fall and winter. The connection between the North and tropical
Pacific arises from two physical pathways: 1. A Wind-Evaporation-SST (WES) propagating
mechanism, and 2. A Gill-like atmospheric response associated with anomalous deep convection
in boreal summer and fall, which we refer to as the Summer Deep Convection (SDC) response.
The SDC response accounts for 25% of the observed zonal wind variability around the equatorial
dateline. On an event-by-event basis, nPOGA most closely reproduces the 2014-2015 and the
2015-2016 El Nifos. In particular, we show that the 2015 Pacific Meridional Mode event increased

wind forcing along the equator by 20%, potentially contributing to the extreme nature of the 2015-
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2016 El Nifio. Our results illustrate the significant role of extratropical noise in pacing the initiation
and magnitude of ENSO events and may improve the predictability of ENSO on seasonal

timescales.

5.1 Introduction

The El Nino-Southern Oscillation (ENSO) dominates interannual variability of the tropical
Pacific coupled ocean-atmosphere system, impacting global weather and climate through
atmospheric teleconnections (Horel and Wallace 1981). Historically, ENSO predictability research
has focused on processes local to the tropics (e.g., Clarke 2014); however, over the past decade
many studies have shown that mid-to-high latitude atmospheric variability can significantly
influence ENSO evolution through ocean-atmosphere teleconnections (e.g., Vimont et al. 2001,
2009; Levine et al. 2017; Alexander et al. 2010). For example, stochastic fluctuations of the North
Pacific Oscillation (NPO), a mode of atmospheric variability over the North Pacific (Rogers 1981),
can initiate the so-called “Seasonal Footprinting Mechanism” (SFM; Vimont et al. 2001). The
SFM describes the weakening of the North Pacific trade winds during boreal winter by the southern
lobe of the NPO. This forces an anomalous latent heat flux (Qrn) and leaves a “footprint” of sea
surface temperature (SST) anomalies (SSTAs) extending from the coast of Baja California
southwestward into the tropics. These SSTAs persist into boreal summer due to reinforcing
feedbacks between the SST and the overlying circulation through latent and shortwave heat fluxes
(Vimont et al. 2003b, 2009). This ultimately drives anomalous convection and atmospheric
circulation anomalies in the deep tropics that can potentially trigger ENSO through enhanced

ocean forcing (Vimont et al. 2003a,b).
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The southwestward propagation of SST anomalies is a potentially important component of
the SFM, and involves a series of interactions between surface wind anomalies, evaporation
anomalies, and SSTAs. These coupled interactions, known as Wind-Evaporation-SST (WES)
feedback (Xie and Philander 1994), signal the development of a Pacific Meridional Mode (PMM)
event (Chiang and Vimont 2004). For a positive PMM event and for positive WES feedback in the
Northern Hemisphere, the anomalous atmospheric response to warm SSTAs includes
southwesterly flow on the southwestern edge of the maximum SST, which further weakens the
northeasterly trades, producing an anomalous Qru that warms the ocean at that location. The net
result is a southwestward propagation of the SSTAs and surface wind anomalies, which act to
teleconnect ocean-atmosphere surface anomalies from the subtropics into the deep tropics (Liu and
Xie 1994; Chiang and Vimont 2004; Vimont 2010; Martinez-Villalobos and Vimont 2017). While
the southwestward propagation of SSTAs through the PMM appears to be an important component
of the SFM, it is not clear whether such propagation is essential; in particular, it is possible that
subtropical SSTAs themselves may be sufficient to excite a response in the tropics that can lead to
ENSO variability. One intent of this study is to examine the possibility of a direct-forced tropical
response to subtropical North Pacific SSTAs.

Several studies have attempted to quantify the extent to which North Pacific ocean-
atmosphere variability can act as a precursor and predictor of ENSO. Vimont et al. (2003a) use a
triad of global climate model (GCM) simulations to show that the SFM accounted for 20-40% of
the model’s interannual ENSO variability. Chang et al. (2007) use observational reanalysis data to
suggest 12 out of the 17 ENSO events from 1958-2000 were preceded by PMM conditions in the
subtropical North Pacific. Larson and Kirtman (2014) analyzed a set of hindcasts from the North

American Multimodel Ensemble and showed some skill at predicting East Pacific El Nifio events
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when initialized with positive PMM conditions. Furthermore, Lu et al. (2017) show considerable
skill in reproducing model ENSO when assimilating extratropical winds in a perfect-model
framework. In forecast models, the PMM induced by internal variability of the extratropical
atmosphere is an important source of uncertainty in predicting equatorial SSTs during the boreal
spring (Ma et al. 2017).

These previous studies have advanced our understanding of the complex relationship
between North Pacific SST variability and ENSO; however, there are still a variety of limitations
that must be overcome in order to improve seasonal predictability of ENSO. For example, many
PMM/ENSO studies are based on idealized climate model simulations with simplified or reduced
model physics (Zhang et al. 2009; Alexander et al. 2010; Zhang et al. 2014b; Lu et al. 2017), which
do not necessarily characterize the full extent of observed internal variability. In contrast, studies
that have restricted themselves to observational reanalysis products suffer from reduced degrees
of freedom given the limited observational record (Chang et al. 2007; Min et al. 2017). To
overcome a limited sample size, several studies have analyzed long pre-industrial control
simulations (Shin and An 2018; Sanchez et al. 2019); however, such methods must still contend
with model biases in the tropical and North Pacific regions. Finally, there has been little effort to
put North Pacific precursors in the context of the real-world ENSO events (Larson and Kirtman
2014; Lu and Liu 2018).

A reasonable approach to rectify many of these issues is to conduct a North Pacific SST
pacemaker experiment. In a pacemaker experiment, a climate model is forced by the observed
trajectory of SST in a specific region of the world’s oceans, while allowing the model to freely
evolve everywhere else (e.g., Deser et al. 2017). Forcing the model with observations ensures the

model “sees” realistic variability free of model biases. The additional degrees of freedom afforded
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by an ensemble of these simulations also make it possible to more accurately quantify the influence
of regional SST variability on the observed time evolution of the climate system. Such multi-
member pacemaker experiments have been successfully used to analyze real world teleconnections
from the tropical Pacific (Kosaka and Xie 2013; Deser et al. 2017; Zhang et al. 2018) and from the
North (Levine et al. 2017) and tropical Atlantic (Li et al. 2016).

In this study, we present the first North Pacific pacemaker experiment designed to
investigate the connection between the North Pacific and ENSO in observations. We find that
pacing the model with North Pacific SST provides significant skill in reproducing observed ENSO,
especially in boreal fall and winter. These mid-latitude teleconnections are made possible through
a combination of WES feedback-driven propagation in boreal spring, and a secondary pathway
related to an interaction between North Pacific SSTAs and the mean Intertropical Convergence
Zone (ITCZ). On an event-by-event basis, the clearest examples of the North Pacific influence on
ENSO are the weak 2014-2015 El Niflo and the extreme 2015-2016 El Nifio. In particular, our
results suggest that North Pacific SSTAs would have driven a more coherent 2014-2015 El Nifio
than observed if not for internal variations of tropical surface winds. Further, we find that
equatorial wind forcing associated with the extreme 2015-2016 was significantly enhanced by the
strongest North Pacific PMM event in at least the last 70 years. Our results take an important step
towards quantifying North Pacific teleconnections within the context of historical ENSO events,
and highlight the importance of recognizing the distinct pathways by which extratropical ocean-
atmosphere variability can teleconnect into the tropics and influence ENSO.

The rest of this paper is organized as follows. In Section 5.2 we outline the experimental
design of our model simulations and the observational data sets used. Section 5.3 and 5.4 assesses

the pacemaker’s ability to produce a physically consistent connection between the North Pacific
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and the tropics. Section 5.5 discusses individual El Nifio events, and Section 5.6 provides a

summary with conclusions.

5.2 Data and methods
5.2.1 Model description

In this study, we use the Geophysical Fluid Dynamics Laboratory coupled model version
2.1 (Delworth et al. 2006; GFDL-CM2.1). GFDL-CM2.1 has land and atmosphere components
with a horizontal resolution of ~2° latitude x 2.5° longitude and 24 vertical levels. The atmosphere
model (GFDL-AM2.1) can be run as an uncoupled component by prescribing the lower boundary
condition. The ocean has 50 vertical levels and a horizontal resolution of 1° for both latitude and
longitude, with meridional resolution equatorward of 30° becoming progressively finer until it is

1/3° at the equator.

5.2.2 nPOGA and nATMO experimental design

To quantify the role of North Pacific SSTs in pacing the timing and magnitude of past
ENSO events, we use GFDL-CM2.1 to produce an ensemble of North Pacific Ocean-Global
Atmosphere (nPOGA) pacemaker simulations (Figure 5.1). SSTs north of 15°N in the Pacific are
restored to the model climatology plus the observed anomaly calculated from the Hadley Centre
Global Sea Ice and Sea Surface Temperature version 1.1 (HadISST) dataset (Rayner et al. 2003).
The model climatology is based on the 1920-2005 average daily climatology of 10 fully-coupled
historical simulations, each forced with historical radiative forcing from the Coupled Model
Intercomparison Project phase 5 (CMIPS5; Taylor et al. 2012). Observed anomalies are based on

monthly values that are linearly interpolated to daily before restoration.
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The SST restoration is done by overriding the surface sensible heat flux to the ocean (F)

where:

F=(1-a)F, + a2 (sSST' - SST)) (5.1)

T

Primes denote anomalies, asterisks represent model-diagnosed values, c is the specific heat of sea
water, & = 50 m is the typical depth of the ocean-mixed layer, p is the density of sea water, and 7 =
10 days is the restoring timescale. The reference temperature (SST') indicates the HadISST
anomaly. The weighting coefficient (a) ranges from 0-1, where 1 is full restoration and 0 is no
restoration. In Figure 5.1, @ = 1 within the Pacific Ocean north of 15°N (solid black line). This
value linearly decreases in a 5° buffer zone to @ = 0 south of 10°N in the Pacific (dashed line), and
it is identically 0 everywhere else on the globe. nPOGA consists of a 10-member ensemble for
1950-2016. In addition to SST restoration, each member is initialized with slightly different initial
conditions and forced with CMIP5 radiative forcings for 1950-2005 and Representative
Concentration Pathway (RCP4.5) for 2006-2016.

It is important to assess whether atmospheric variability outside of the restoring region in
nPOGA is the result of local tropical coupled feedbacks or is merely a “downstream” response to
restored North Pacific SSTs. To isolate the influence of coupled feedbacks, we compare nPOGA
to a 10-member ensemble of North Pacific, atmosphere-only (nATMO) runs. Ensemble members
in nATMO use GFDL-AM2.1 in uncoupled mode and are forced with the same historical+RCP4.5
radiative forcings as nPOGA. Additionally, the lower boundary condition is set to the same SST
values as nPOGA in the North Pacific (Figure 5.1), and the model climatological seasonal cycle
everywhere else. Therefore, the ensemble mean of nATMO represents the direct SST driven

response independent of tropical coupled feedbacks.
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Finally, in Section 5.3 we compare nPOGA to the 10-member GFDL-CM2.1
historical+RCP4.5 simulation (HIST) available in the CMIPS5 archive. HIST is forced by the same
radiative forcings, but its internal variability is not constrained by the observations as in nPOGA.

Therefore, we treat HIST as our control for this study.

5.2.3 Observational data sets and significance testing

nPOGA and nATMO simulated results are compared to HadISST and the Japanese 55-year
Reanalysis (JRA-55; 1.25° x 1.25°; Kobayashi et al. 2015). Comparisons between
nPOGA/MATMO and JRA-55 are limited to their overlapping time periods (1958-2016). Results
are qualitatively unchanged if we use the National Centers for Environmental Prediction/National
Center for Atmospheric Research (NCEP/NCAR) reanalysis dataset for 1950-2016. In Section 5.4,
we perform a composite analysis on the standardized Chiang and Vimont (2004) PMM SST
Principal Component (hereafter PMMcv index) in observations, which is made available by the
Earth System Research Laboratory. For clarity, all data sets have been detrended, subjected to a 3-
month running mean, and interpolated to the GFDL-CM2.1 atmospheric grid. Results are
insensitive to changes in these data processing steps. Unless otherwise noted, statistical
significance is determined using a Student’s t-test at the 95% confidence level after correcting the

degrees of freedom for lag-1 autocorrelation.

5.3 Comparing simulated ENSO to observations
To assess nPOGA’s ability to simulate real-world ENSO events, we compare area averaged
Nifio indices (Figure 5.1 shaded boxes) in nPOGA and HadISST (Figure 5.2). The full timeseries

correlations between observed and simulated ensemble mean ENSO are R = 0.25, 0.31, 0.34 for
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Nino3, Nino3.4, and Nino4, respectively. The latter two correlations are significant at the 80%
confidence level. While these correlations are not strongly significant, the values compare well to
correlations of the same observed indices with our control experiment (R =-0.01, -0.01, 0.01; not
shown). nPOGA’s skill is more readily apparent when comparing seasonally averaged correlations
(Figure 5.3). The HIST control simulation does not significantly reproduce observed ENSO
variability in any season (not shown); however, nPOGA produces a 95% significant correlation
with observed Nino3 from September-January and with observed Nino3.4 and Nino4 from August-
April. The persistent skill in the West/Central Pacific (i.e., Nino4 region) throughout the year is
interesting, and suggests that the North Pacific SST-forced variability is more closely related to
Central Pacific (CP) ENSO than East Pacific events, which is consistent with previous studies
(Furtado et al. 2012; Vimont et al. 2014; Lin et al. 2015).

Are nPOGA simulated ENSO events preceded by observed PMM events as we might
expect? Figure 5.4 shows scatter plots of October-November-December (OND) Nifio indices for
the nPOGA ensemble mean (y-axis) and HadISST (x-axis). The shading of each circle denotes the
magnitude of PMMcyv in the preceding February-April (FMA). Consistent with Figure 5.3, there
is a significant positive relationship between nPOGA simulated ENSO and observed ENSO (R =
0.38, 0.40, and 0.39 for Nino3, Nino3.4 and Nino4, respectively). Additionally, the shading
indicates that El Nifio events in nPOGA tend to be preceded by positive PMM events, while La
Nifia events tend to be preceded by negative PMM events (R = 0.48, 0.44, and 0.38). Interestingly,
the PMMcv/ENSO relationship seems to be more consistent for El Nifio events than La Nina
events, particularly in Nino4 where nPOGA La Nina events are not as well simulated compared to
observations. Additionally, the nPOGA ENSO events are generally weaker than in observations.

This is consistent with a similar analysis conducted by Lu and Liu (2018) and is likely because the
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nPOGA ENSO values are the ensemble average, and only represent the potential strength of

ENSOs forced by the North Pacific.

5.4 Investigating physical mechanisms in nPOGA

What are the physical mechanisms connecting the North Pacific restoring region in nPOGA
to the freely evolving tropical Pacific? Answering this would allow us to better understand why
and how nPOGA succeeds at reproducing observed ENSO variability on an event-by-event basis.
To begin, we present Hovmoller diagrams that are constructed with nPOGA and nATMO model
output and are composited on high “PMM years” (Figure 5.6). In order to highlight the evolution
of nPOGA North Pacific SSTs, the Hovmollers are separated into two pathways (Figure 5.5): Path
A, which stretches northeast-to-southwest from point 0 at 25°N, 122°W to point 6 at 1°N, 178°W,
and Path B, which runs west-to-east along the equatorial Pacific averaged 3°S-3°N.

Model variables are composited along these paths when the April-May-June (AMJ)
standardized PMMcyv is greater than 0.5 standard deviations (N = 19 positive PMM events x 10
ensemble members = 190 independent samples). When this occurs, it is considered a positive
“PMM year” and the data from January of that year (Year 0) through April of the following year
(Year 1) are added to the composite. We choose to composite on AMJ because PMMcy variance
is highest in this season (Chiang and Vimont 2004), and we focus on warm PMM events because
of the more coherent relationship between nPOGA and observed El Nifo events (Figure 5.4).

Results are insensitive to the choice of compositing season.
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5.4.1 WES-driven teleconnections to the deep tropics

Figure 5.6 shows the ensemble mean Hovmoller composites of SSTAs, Qrn anomalies,
and zonal 10m wind anomalies along Paths A and B for nPOGA (left column) and nATMO (right
column). Recall that SSTAs in the restoring region (right of vertical black lines) are identical
between nPOGA and nATMO. Outside of the restoring region, nPOGA is completely free to
evolve and anomalies here are the result of North Pacific SST forcing plus local coupled feedbacks
(see Data and methods). Whereas in nATMO, there are no SSTAs outside the restoring region, so
atmospheric anomalies here are solely the result of “downstream” North Pacific SST forcing.

Focusing first on the nPOGA Hovmoller composites (Figure 5.6; left column), the
evolution of SSTAs in the restoring region along Path A follow the expected lifecycle of a positive
PMM event, with warm anomalies peaking in the subtropical North Pacific during boreal spring
and largely persisting throughout boreal summer and fall (e.g., Vimont et al. 2009; Alexander et
al. 2010). Outside of the restoring region where the model is free to evolve, there is a tongue of
warm SSTAs that propagates from the edge of the buffer zone in April (0), southwestward along
Path A, arriving on the equator in July (0). Co-located with these propagating SSTAs are a band
of positive Qru anomalies. These Qrn anomalies are consistent with coincident westerly U10
anomalies that would tend to weaken the background easterly trade winds, reduce evaporative
cooling at the surface, and warm the ocean.

The strong spatial continuity, persistence, and southwestward propagation of the SSTAs,
Quu anomalies, and U10 anomalies is consistent with WES feedback theory (Xie and Philander
1994; Amaya et al. 2017), and suggests restoring North Pacific SST in nPOGA excites local air-
sea coupled feedbacks that can teleconnect the forced signal into the deep tropics. This conclusion

is supported by the nATMO Hovmoéller composite (right column), which does not show significant
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surface wind anomalies outside of the restoring region from January (0) to June (0). The nATMO
results do, however, show surface wind and Qru anomalies within the buffer zone that are larger
than nPOGA during this time period, particularly around point 3 of Path A. It is possible that the
surface winds are stronger due to the reduced SSTA gradient in nPOGA relative to nATMO.
Further, nATMO Qru anomalies are likely larger because there is not an interactive ocean to
dampen these fluxes (Barsugli and Battisti 1998). In contrast, the nPOGA ocean model becomes
increasingly interactive within the buffer zone moving equatorward of 15°N, which would tend to
dampen fluxes there. Additionally, while changes in low cloud fraction have also been shown to
contribute to the evolution of subtropical North Pacific SSTAs through a modification of
downwelling surface shortwave radiation (e.g., Vimont et al. 2009), we do not find evidence that
increased shortwave anomalies are required to drive these propagating SSTAs in nPOGA. Instead,
positive downwelling shortwave anomalies only act to reinforce the warm SSTAs within the
restoring region (not shown).

Once the WES-driven SSTAs and U10 anomalies arrive on the equator, they grow in
magnitude and persist into the following year (Figure 6, left column, Path A), suggesting the
presence of additional local feedbacks that act to amplify the signal. The downward latent heat
flux anomalies from July (0) to November (0) in Path A of both the nPOGA and nATMO
simulations indicate a potential role for WES feedback to continue amplifying the western
equatorial Pacific SSTs (note that in the nPOGA simulation these downward flux anomalies occur
over positive SSTAs, indicating an important role for wind speed variations). At the same time,
the westerly wind anomalies can excite dynamical feedbacks that amplify SST across the basin.

Further evidence of this can be seen in nPOGA Path B. This east-west Hovmoller plot

shows warm, El Nifio-like SSTAs beginning to grow during May (0) in the eastern equatorial
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Pacific, while significant westerly wind anomalies persist in the western equatorial Pacific. The
position of the warm SSTAs in the east relative to the remote wind forcing in the west suggests
the importance of ocean dynamics (e.g., downwelling Kelvin waves) in maintaining the warm
SSTAs on the equator. From June (0) to March (1), the SSTA maximum strengthens and spreads
from east to west as the U10 anomalies also grow in the west and central equatorial Pacific, both
ultimately peaking in November (0). These results suggest that North Pacific SSTAs alone,
through a WES-driven teleconnection, are sufficient to drive equatorial westerly wind anomalies

that can initiate Bjerknes feedbacks and generate an El Nifio event in the model.

5.4.2 Mean state interactions and “downstream” forcing of tropical winds

Interestingly, the nATMO Hovmdller diagrams (Figure 5.6, right column) also show
significant surface wind anomalies from July (0) to November (0) extending from the restoring
region in the subtropical North Pacific (Path A) all the way to the equator (Path B). This suggests
that a component of the equatorial westerly wind anomalies in nPOGA are a direct response to the
restored North Pacific SSTs. To investigate this relationship further, we compare the nATMO
SSTAs and U10 anomalies from Figure 5.6 with nATMO precipitation anomalies (mm day;
colored contours) composited along Path A (Figure 5.7). For reference, we also plot the position
of the climatological ITCZ (gray shading) by showing precipitation averaged in the Pacific 150°E-
100°W at each latitude indicated by the upper x-axis.

Figure 5.7 shows a dipole of precipitation anomalies persisting from March (0) to
November (0), with increased precipitation over the warm SSTAs in the restoring region, and
decreased precipitation along the edge of the buffer zone. This precipitation pattern is consistent

with anomalous convection driven by increased surface wind convergence over the warm SSTAs,
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and would tend to produce an anomalous northward shift of the climatological ITCZ. Though the
precipitation anomalies persist in time along with the warmest SSTAs, the U10 anomalies do not
significantly extend toward the equator until late boreal summer into boreal fall. This can be
explained by the timing of the warmest subtropical SSTAs relative to the position of the mean
ITCZ during its seasonal migration. In boreal spring, when the PMM peaks, the ITCZ is closest to
the equator and is less sensitive to off-equatorial SSTAs. In contrast, during the late summer and
fall, the ITCZ is furthest north and is more easily influenced by the persistent warm conditions in
the subtropical North Pacific.

This atmospheric response can be seen clearly in the horizontal view of nATMO August-
September-October (ASO) composited SSTAs, precipitation anomalies, sea level pressure
anomalies (SLPAs), and surface wind anomalies (Figure 5.8). In Figure 5.8a, the largest
precipitation response is from 180° to the Mexican coastline. The atmospheric circulation induced
by the associated convective heating is generally consistent with the tropical atmospheric response
to an off-equatorial heat source (e.g., Gill 1980), which produces the significant surface winds seen
in Figure 5.6 (right column). Figure 5.9 further illustrates the importance of the late summertime
subtropical SSTAs to this equatorial wind response by comparing ASO SSTAs averaged from
15°N-25°N, 150°W-120°W (black box, Figure 5.8a) to a westerly wind index (Ueq) computed by
averaging nATMO zonal wind anomalies from 3°S-3°N, 170°E-170°W (black box, Figure 5.8b).
Consistent with the composite analysis, we find that the nATMO U index is significantly
correlated with the prescribed subtropical SSTAs (R = 0.68).

While Figures 5.7-5.9 illustrate the strong seasonality of the uncoupled response, we note

that Vimont et al. (2009) report a similar seasonality using coupled simulations. Further, Vimont
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et al. (2009) indicate that ocean-atmosphere coupling tends to amplify the downstream U10

response and can drive it even closer to the equator during late boreal summer and boreal fall.

5.4.3 Quantifying the “Summer Deep Convection” response in
observations

The analysis of nATMO in Figures 5.6-5.9 highlights the striking interaction between the
mean ITCZ and warm subtropical SSTAs that are related to the persistence of the PMM into boreal
summer. This interaction provides a second pathway for the North Pacific to reenergize WES
feedback, remotely influence the deep tropics, and interact with ENSO. For clarity, we introduce
the term “Summer Deep Convection” (SDC) response to refer to this additional teleconnective
pathway. The SDC response as seen in Figure 5.8 is reminiscent of results outlined by Vimont et
al. (2001) and others, who focused on the overall evolution of the SFM by analyzing the impact of
summertime subtropical SSTs on the tropical atmosphere. Indeed, Figure 4b in Vimont et al.
(2001) compares well with Figure 5.8 of this study. Given that nATMO is forced by observations,
we can utilize our simulations to cleanly isolate the impact of the SDC response on historical
equatorial surface winds. Equatorial winds around the dateline are routinely used as an indicator
and predictor of ENSO conditions. Thus, such an analysis could potentially improve ENSO
predictability on seasonal timescales.

Figure 5.10a shows ASO averaged HadISST SSTAs (shading) and JRA-55 10m wind
anomalies (black arrows) composited on the same AMJ PMMcv events as in Figures 5.6-5.8.
Overlaid in green arrows are ensemble mean nATMO composite wind anomalies in ASO. Since

nATMO is forced by observed SSTAs north of 15°N, we can compare the magnitude and direction
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of the observed (black) and simulated (green) winds to gain some intuition for how the observed
wind field is impacted by the SDC-forced wind anomalies.

In both observations and nATMO, there is a basin-wide anomalous cyclonic circulation
centered around 20°N that is associated with the thermally driven low-pressure center. There are
slight differences in wind magnitude in the restoring region, which may be due to the difference
in sample size between the nATMO and observed composites (190 versus 19 samples,
respectively). Nevertheless, the close overall agreement between the two wind fields suggests the
observed wind structure is largely a direct response to the underlying SSTAs. South of the restoring
region, the magnitude of the nATMO winds decreases relative to observations due to the absence
of amplifying effects from coupled feedbacks. However, along the equator, the nATMO winds
continue to show some skill in simulating the observed winds, particularly around the dateline,
indicating that the SDC response may significantly contribute to the time variability of observed
westerly winds in this region.

To quantify the equatorial westerly wind variance explained by North Pacific SSTAs in
observations, we create a westerly wind index by averaging 10m zonal wind anomalies from 3°S-
3°N, 170°E-170°W (black box, Figure 5.10a). We then correlate seasonally averaged values of this
index between nATMO and JRA-55 from 1958-2016. This process is repeated with nPOGA for
comparison, and the results are shown in Figure 5.10b. nATMO only produces a significant
correlation with observations in late boreal summer and early boreal fall, which is consistent with
our hypothesis that subtropical North Pacific SSTAs are most effective at remotely influencing the
deep tropics when the mean ITCZ is furthest north (Figures 5.7). Based on this calculation, about
25% of the observed time variability of August-October equatorial Ul0 anomalies can be

explained by the remote SDC response in the North Pacific.
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In comparison, nPOGA explains significant portions of the observed U10 index through
much of the year, with separate peaks in May and August. This first peak explains 20% of the
variance and can be interpreted as the contribution to the observed equatorial U10 variance by
surface winds forced by local air-sea interactions such as WES feedback. The second peak explains
about 25% of the variance and is likely also due to the SDC response. The decrease in correlation
after the August peak may be due to other ocean-atmosphere interactions, which are present in
nPOGA and not nATMO. This would add additional noise to nPOGA that may lower the overall
correlation. This highlights the difficulty of separating the nPOGA wind contribution due to mixed
layer coupled feedbacks (e.g., WES feedback) relative to coupled feedbacks involving a dynamical
ocean (e.g., Bjerknes feedback). Ideally, additional comparisons would be made to an atmospheric
model coupled to a mixed-layer ocean, but that is beyond the scope of this study. We encourage

future modeling efforts on this topic.

5.5 The 2014-2016 ENSO cycle, a case study

We showed that in nPOGA, ENSO events can be initiated by local air-sea interactions (i.e.
WES feedback and Bjerknes feedback) excited by restored North Pacific SSTAs. These tropical
signals can also be amplified and/or reinforced in boreal summer by locally uncoupled surface
winds generated by the subtropical SDC response. In the real world, the efficacy of these different
teleconnections to influence the development of an ENSO event would depend on the internal state
of the tropics when the North Pacific signal “arrives”. This signal-to-noise problem is further
highlighted by the large spread in Nifio indices among nPOGA ensemble members, which makes

an event-by-event comparison between the model and observations difficult (Figure 5.2).
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However, nPOGA does show remarkable reproducibility of several ENSO events,
including the weak 2014-2015 El Nifo and the extreme 2015-2016 El Nifio. Given the broad
scientific interest in these two El Nifios (e.g., Hu and Fedorov 2016; Maeda et al. 2016; Levine
and McPhaden 2016; Hu and Fedorov 2017; Siler et al. 2017), a more in-depth comparison
between nPOGA, nATMO, and observations during this time period is appropriate. In this section
we will take advantage of the physical intuition developed in Section 5.4 to analyze the 2014-2016

ENSO cycle as a case study.

5.5.1 The weak 2014-2015 EI Nifio

Figure 5.11 shows similar Hovméller diagrams to Figure 5.6, but for the weak 2014-2015
El Nifo event in observations (left column) and the ensemble means of nPOGA (middle column)
and nATMO (right column). Note the different wind scales. Focusing first on observed Path B, we
see significant westerly U10 anomalies centered around 160°E from January-May 2014. These
westerly wind events drove a series of downwelling Kelvin waves that suppressed upwelling and
lead to warm SSTAs in the eastern equatorial Pacific beginning in May 2014. The strength of these
wind events in conjunction with the magnitude of the eastern equatorial SSTAs and subsurface
thermocline anomalies led many in the scientific community to believe a strong El Nifio was
developing (Pacific ENSO Update, 2014).

However, a series of easterly wind events in the western equatorial Pacific during summer
2014 stunted the development of the El Nifio by suppressing the positive Bjerknes feedback critical
to its growth (Hu and Fedorov 2016). JRA-55 does not show easterly wind anomalies during this
time period, but there is a pronounced weakening of the westerly wind anomalies in June-July

2014 (Figure 5.11, left column, Path B). As a result, the developing 2014 El Nifio weakens
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substantially, and never quite recovers. Instead, the observed SSTAs remain fragmented around
the Central Pacific, and the U10 anomalies in the West Pacific do not amplify, suggesting Bjerknes
feedback does not fully establish.

Comparing to the nPOGA ensemble mean (Figure 5.11, left and middle columns, Path B),
we find the pacemaker experiment does a remarkable job of simulating the overall timing and
magnitude of the main 2014 El Nifio. However, the initial westerly wind anomalies observed in
winter/spring 2014 and the first observed SSTA maxima in boreal summer are not seen in nPOGA,
suggesting that in reality they were the result of processes independent of the North Pacific.
Following these events, nPOGA features a series of consistent westerly U10 anomalies west of
180° from April-August 2014 which give rise to an El Nifio event that evolves more smoothly than
observations.

The general consistency between the nPOGA and observed equatorial SST and wind
anomalies during this time period suggests the real-world evolution of the 2014 El Nifio was
influenced by the North Pacific. This connection can be further diagnosed by comparing Figure
5.11 (Path A) to the composites presented in Figure 5.6. In each upper panel of Figure 5.11, the
SSTAs depict a moderate positive PMM event evolving from spring 2014 to winter 2015. The
time evolution of SSTAs in the restoring region is not as coherent as the canonical PMM event
seen in Figure 5.6, even showing a temperature increase throughout the year instead of dampening
as in the composite. The different SSTA evolution may be expected, as 2014 represents a single
PMM event, and therefore provides an indication of the diversity present among all events.

Despite these differences, Figure 5.11 shows a general southwestward propagation of
SSTAs in observations (Path A, left column) and in nPOGA (Path A, middle column), suggesting

the presence of similar coupled processes to the composite. We indeed see evidence of WES
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feedback via a band of positive QLu anomalies and co-located westerly U10 anomalies extending
from the restoring region southwestward towards the equator from boreal spring to summer. In
observations, there is a similar, albeit less coherent, propagating band of Qru and U10 anomalies
from May-Sep 2014. nATMO (Figure 5.11, Path A, right column) fails to reproduce these winds,
further supporting the role of local air-sea coupling in nPOGA and observations. Interestingly, we
also note nATMO does not show a clear SDC response during summer 2014. This is peculiar given
the strength of the warm SSTAs used to force the model (Figure 5.9). We will discuss this in more
detail in Section 5.5.3.

To analyze the influence of the North Pacific on the weak 2014-2015 El Nifio event, we
also compare horizontal plots of SSTAs, Qru, and surface wind anomalies (Figure 5.12a-d). In
FMA 2014, the warm PMM SSTAs are completely enveloped by positive QLu anomalies,
suggesting that the ocean has not yet forced an atmospheric response (Vimont et al. 2003a). In
May-July (MJJ) 2014 (Figure 5.12c¢), observations show a tilted dipole of Qrn anomalies, with
positive anomalies around 0°-20°N, 140°E-180° and negative anomalies to the northeast around
10°N-25°N, 190°W-220"W. Co-located with the positive QLn anomalies are surface southwesterly
anomalies extending south from 20°N. In combination with the surface wind anomalies, the MJJ
Quu dipole further supports the hypothesis that WES feedback was active in observations (Amaya
et al. 2017), ultimately forming westerly winds on the equator in FMA and MJJ 2014.

Figures 5.12b and 5.12d depict the evolution of nPOGA during the same time periods. Note
the different wind scales. In response to the restored SSTAs, nPOGA produces surface
southwesterly anomalies converging in the subtropics near the edge of the buffer zone. In MJJ,
there is a tilted Qru dipole with positive Qru and southwesterly anomalies from 0°-10°, 140°E-

170°E that are very similar to observations (Figures 5.12¢ and 5.12d). As such, nPOGA features
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comparable equatorial wind anomalies in the West Pacific that are favorable for the development
of an El Nifo in the model.

There are, however, some notable differences between nPOGA and observations. For
example, observations show persistent southeasterly surface wind anomalies in the eastern
equatorial and southeast tropical Pacific that are co-located with cool SSTAs. These signals are
not reproduced in nPOGA, suggesting that they are independent of North Pacific forcing. The
observed southeasterly surface wind anomalies in the eastern Pacific may instead be related to a
long-term trend in cross-equatorial flow driven by multidecadal cooling in the southeastern Pacific
(e.g, Amaya et al. 2015) and/or warming in the tropical Atlantic (Hu and Fedorov 2018).

Despite these differences, the combined results of Figure 5.11 and Figure 5.12a-d lead us
to conclude that late boreal spring to early boreal summer equatorial wind forcing associated with
the 2014-2015 El Nifio was significantly impacted by North Pacific SSTAs through the WES
feedback propagating mechanism outlined in Section 5.4. Further, the smooth, unbroken evolution
of these equatorial winds in nPOGA suggests that the North Pacific forcing may have generated a

more consistent 2014-2015 EI Nifo event if not for tropical internal variations.

5.5.2 The extreme 2015-2016 El Nifio

Figure 5.13 shows the same Hovmoller transects as in Figure 5.11, but for the extreme
2015-2016 El Nifio event. Note the change in colorbar and wind scale. In early 2015, the remnants
of the 2014-2015 EI Nifio can be seen as a zonal dipole of positive SSTAs in the central equatorial
Pacific and neutral SSTAs in the eastern equatorial Pacific (Figure 5.13, left column, Path B). A
series of westerly wind events in the western Pacific from January-May 2015 then act to drive

downwelling Kelvin waves, thereby warming eastern Pacific SSTAs and amplifying the zonal
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wind response along the equator. Throughout the rest of the year, the SSTAs grow in amplitude,
culminating in one of the warmest El Nifio events on record.

Concurrently, the observed Path A shows the evolution of the strongest positive PMM
event in at least the last 70 years, as indicated by the red circle in Figure 5.9. During this event, the
warm SSTAs propagate along with a band of positive Qru and westerly anomalies southwestward
from the subtropics in March 2015 to the equator around July 2015, indicating a positive WES
feedback. This result is further supported by Figure 5.12e, which shows the tell-tale dipole of Qru
anomalies, co-located southwesterly U10 anomalies, and cross-equatorial flow in FMA 2015. By
MJJ, wind-driven ocean dynamics produce a developing El Nifio response in the eastern equatorial
Pacific (Figure 5.12g).

nPOGA captures many of these features, producing an El Nifio event that peaks in
November-January 2015 and results from a band of westerly wind events beginning in April 2015
(Figure 5.13, middle column, Path B). However, the WES feedback response is less clear in the
model. Instead, the restored SSTAs appear disconnected and unrelated to the tropical anomalies
(Figure 5.13, middle column, Path A). The reason for this discrepancy may be due, in part, to the
different evolutions of the 2014-2015 El Nifio event in observations and the nPOGA ensemble
mean. In reality, the developing 2014 El Nio faltered, and ultimately failed to initiate a significant
Bjerknes response, which left the equatorial Pacific in a CP El Nifio-like state in the early parts of
2015 (Figure 5.12e). In contrast, without the interference of internal tropical variations, the
nPOGA ensemble mean shows a 2014 EI Nifio that persists into 2015. These lingering warm
anomalies appear to drive an anomalous surface wind convergence along the eastern equatorial

Pacific (Figure 5.12f), preventing efficient WES feedback interactions outside the restoring region.
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Whereas in observations, the more neutral eastern equatorial Pacific leaves the tropical atmosphere
more sensitive to subtropical SSTA forcing.

By running an ensemble of nPOGA experiments, we have sampled a range of possible
internal tropical states with which the restored North Pacific SSTAs may interact. As a result, there
is a small subset of ensemble members whose 2014-2015 El Nifio declines in a similar manner to
observations. In these runs, the absence of warm eastern equatorial waters allows the tropical
surface winds to more directly respond to the subtropical SST forcing, producing a more consistent
WES feedback (not shown). This result and the results of Figure 5.12e and 12f support our
interpretation above and suggest a more detailed investigation into the interaction between North
Pacific teleconnections and different internal tropical states is warranted. Such an analysis is
outside the scope of the current work, but we do plan to thoroughly investigate the nPOGA
ensemble spread in a future study.

Our analysis of the observations in Figures 5.12 and 5.13 suggests WES feedback
contributed to the early development of the observed 2015-2016 EI Nifio. There is also evidence
that the equatorial wind forcing was amplified in summer 2015 by a significant SDC response.
This is indicated by the nATMO ensemble mean winds, which extend from the subtropics to the
equator in Figure 5.13 (right column). Figures 5.14b and 5.14d show the nATMO ensemble mean
atmospheric response for ASO 2015. The northward shifted ITCZ, the zonal SLPA dipole in the
subtropics, and the significant westerly surface wind anomalies on the equator are all very similar
to the composite structures seen in Figure 5.8. By averaging zonal wind anomalies around the
dateline (Figure 5.8b, black box) in observations and nATMO, we calculate that the SDC-effect
increased the strength of surface winds along the equator by 20% in ASO 2015, potentially

contributing the extreme nature of the 2015-2016 EI Nifo.

132



5.5.3 Differences in the 2014 and the 2015 SDC responses

The importance of the SDC response to the development of the 2015-2016 El Nifio event
stands in stark contrast to the 2014-2015 El Nifio event, which did not produce significant
equatorial winds in nATMO (Figure 5.11, right column). This is peculiar given the strength of the
subtropical SSTAs in ASO 2014, which are among the warmest since 1950 (Figure 5.9). To
investigate the source of the different atmospheric responses, Figure 5.14 shows the nATMO
precipitation anomalies, surface wind anomalies, SLPAs, and SSTAs for ASO 2014 (Figure 5.14a
and 14c¢) and ASO 2015 (Figure 5.14b and 14d). Note the different colorbars and precipitation
contour intervals.

Compared to 2015, the warm SSTAs in 2014 are generally weaker and extend further
northward and westward. In ASO 2014, the main convective response has been broken up into two
distinct maxima in the western and eastern North Pacific, which results in fragmented circulation
anomalies (Figures 5.14a and 5.14c). In contrast, the precipitation peak in ASO 2015 is spread
more uniformly throughout the eastern North Pacific. As a result, the convective center in ASO
2015 generates a broad and coherent cyclonic circulation (Figure 5.14b and 14d) that compares
well with the earlier composites (Figure 5.8).

These different equatorial wind responses may be due to the horizontal displacement of the
warmest SSTAs in 2014 relative to 2015, which could account for the circulation differences in
the subtropics and the extent to which they project along the equator. Another possibility could be
that the subtropical SSTAs in 2014 were simply too weak to generate a coherent shift in the ITCZ.
However, Figure 5.9 shows that there are years with comparably warm subtropical SSTAs that

produce a more significant equatorial wind response. Regardless of precise mechanisms, Figures
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5.9 and 5.14 illustrate the potential importance of the strength and pattern of subtropical SSTAs to
the summertime tropical atmospheric response. Targeted modeling experiments are needed to
determine the sensitivity of the tropical atmosphere to different regional subtropical SSTA

perturbations.

5.6 Summary and discussion

In this study, we have presented the first North Pacific pacemaker experiment designed to
investigate the connection between the North Pacific and ENSO in the historical record. We found
that teleconnections driven by North Pacific SSTAs can account for a significant fraction of
observed ENSO variability since 1950, especially in boreal fall and winter. These teleconnections
(as summarized in Figure 5.15) are made possible, in part, by an interaction between SSTAs, latent
heat flux anomalies, and surface wind anomalies known as WES feedback (Xie and Philander
1994; Amaya et al. 2017), which propagates the restored North Pacific forcing into the deep tropics
during boreal spring and summer (Phase 2, Figure 5.15).

We also compared our nPOGA results to an ensemble of atmosphere-only runs, and
identified an important secondary pathway for the North Pacific to influence tropical ocean-
atmosphere variability during late boreal summer and fall. This second teleconnection is related to
earlier work that focused on the evolution of the SFM (e.g., Vimont et al. 2001, 2003a,b), and
stems from an interaction between North Pacific SSTAs and the mean position of the ITCZ during
its seasonal migration. During the late summer, persistent PMM-related SSTAs force an
anomalous northward shift of the ITCZ, which results in thermally driven circulation anomalies
that resemble the atmospheric response to an off-equatorial heat source (Gill 1980). This process,

which we refer to as the Summer Deep Convection (SDC) response, produces significant surface
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winds along the equator that can influence equatorial SSTAs and ENSO through WES feedback
and ocean dynamics (Phase 3, Figure 15). We showed that the SDC response accounts for about
25% of the observed equatorial zonal wind time variability during late boreal summer and early
boreal fall.

The nPOGA simulation’s overall skill is generally consistent with a recent study by Lu and
Liu (2018), which assessed the extratropical impact on historical ENSO by assimilating observed
ocean and atmosphere data at varying latitudes in a fully-coupled spectral model. In particular, the
correlations between nPOGA -simulated ENSO and observations are comparable to those reported
by Lu and Liu (2018) when they assimilated only ocean data poleward of 10° or 15°. Despite these
similarities, our work is more targeted at quantifying the physical mechanisms that connect the
North Pacific to the tropics. This is different from Lu and Liu (2018), who assimilate data in both
hemispheres simultaneously and at all longitudes.

Building on the physical intuition laid out in Section 5.4, we then analyzed the weak 2014-
2015 El Nifo and the extreme 2015-2016 El Nifio as case studies in nPOGA. Our results suggested
that the development of the 2014-2015 El Nino was aided by a positive WES feedback
teleconnection from the North Pacific, which drove significant westerly winds on the equator and
generated an El Nifio in the model. This confirms earlier speculation by Di Lorenzo and Mantua
(2016), who hypothesized that the 2013-2015 North Pacific marine heat wave (Bond et al. 2015;
Amaya et al. 2016) may have included a positive PMM event that contributed to the development
of the 2014-2015 EI Nifio. Our study suggested these interactions did occur in reality; however,
internal tropical variations severely limited the effectiveness of 2014 PMM in creating a smoothly

evolving 2014-2015 El Nifio (Hu and Fedorov 2016).
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The extreme 2015-2016 El Nifio was preceded by the warmest subtropical North Pacific
SSTAs in at least the last 70 years (Figure 5.9, red circle). We presented observational evidence
that these 2015 SSTAs generated a positive WES feedback, which propagated the North Pacific
surface anomalies into the deep tropics where they could influence equatorial ocean dynamics. In
addition to WES feedback, we showed that North Pacific SSTAs triggered a robust SDC response
during boreal fall 2015. As a result, the large-scale circulation anomalies drove surface wind
anomalies along the equatorial Pacific and enhanced ocean forcing by 20% during this time period,
potentially contributing to the extreme nature of the 2015-2016 EI Nifo.

By providing observational context, our analysis has highlighted several key points that
should be considered in future research. First, we echo previous studies pointing to the impact of
the tropical internal state on the efficacy of North Pacific teleconnections (e.g., Vimont et al. 2009;
Alexander et al. 2010; Park et al. 2013). The atmospheric response to North Pacific SSTAs is small
relative to similar perturbations in the tropics. Thus, the effectiveness of North Pacific
teleconnections is heavily modulated by the timing of the signal’s “arrival” relative to the timing
of tropical noise, which can include atmospheric modulations across the tropics such as the
Madden-Julian Oscillation (Kim et al. 2018) and the build-up or recent discharge of ocean heat
content in the West Pacific upper ocean (Jin 1997).

Second, nPOGA focuses on North Pacific teleconnections; however, the South Pacific has
also been shown to be an important source of equatorial Pacific variability (Zhang et al. 2014a; Lu
et al. 2017; You and Furtado 2017; Larson et al. 2018). A more detailed analysis of observed South
Pacific teleconnections and how they interact with signals from the North Pacific would improve
our understanding of ENSO. As a result, we plan to analyze a South Pacific pacemaker experiment

in a future study.
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Finally, while our experimental design addresses many of the limitations found in previous
studies (e.g., observed forcing, increased degrees of freedom), we acknowledge the well-known
ENSO biases present in GFDL-CM2.1 (Wittenberg et al. 2006). Generally, GFDL-CM2.1 ENSO
events are too strong, occur too frequently, and are not clearly seasonally phase locked. The fact
that nPOGA exhibits such skill in spite of these model errors is a testament to the robust physical
connection between the North and tropical Pacific. However, the possibility that our results may
be model dependent cannot be completely ruled out. Therefore, a comprehensive comparison with

other realistic models will be important moving forward.
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Figure 5.2: nPOGA and observed box averaged Nifio indices (shown in Figure 5.1). Red line in
each panel is the observed Nifio index and the black line represents the nPOGA ensemble mean
simulated Nifio index. Shading denotes the 95% confidence ensemble standard error.
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Seasonal average correlation, nPOGA and HadISST Nino indices
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Figure 5.3: Seasonal average correlations of nPOGA and HadISST Nifio indices. Error bars
indicate the 95% confidence ensemble standard error, and the horizontal dashed line indicates a
95% significant correlation after accounting for lag-1 autocorrelation.
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Figure 5.5: Schematic illustrating Hovmoller transect paths used for Figures 5.6, 5.7, 5.11, and
5.13. Path A follows northeast-to-southwest trajectory from point 0 at 25°N, 122°W to point 6 at
I°N, 178°W. Path B runs west-to-east along the equatorial Pacific Ocean averaged 3°S-3°N.
Colored shading represents HadISST SSTAs regressed on the PMMcy index.

143



Jan (0)

Mar (0) -

May (0) -

Jul (0) -

Sep (0) -

Nov (0) -

Jan (1) -

Mar (1) -

May (0) §
Jul (0) =
Sep (0)
Nov (0)
Janm”::..,,,.:.,..,, 1

Py . o
Mar (1) ‘ T | 0.5;1)s*1}

150 180 210 240 270 150 180 210 240 270
Longitude Longitude

Figure 5.6: nPOGA (left column) and nATMO (right column) ensemble mean Hovmollers
composited on the PMMcvy index (see text), and following Paths A and B shown in Figure 5.5.
Shading denotes SSTAs (°C), colored contours indicate latent heat flux anomalies (W m2; positive
downward), and arrows represent the zonal component of the 10m wind (m s!). The solid black
line indicates the edge of the SST restoring region (see Section 5.2), and the dashed black line
indicates the edge of the buffer zone. Results are shown only when significant at the 95%
confidence level.
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Figure 5.7: Same as Figure 5.6 (top right), except colored contours are now precipitation
anomalies (mm day™'). Gray shading denotes the climatological precipitation averaged in the
Pacific 150°E-100°W (4, 8, and 12 mm day! from the light to heavy shading, respectively),
representing the ITCZ. Note this gray shading follows the latitudinal lines indicated by the upper
x-axis and is not averaged along Path A.
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nATMO PMMcy compos1te: SSTA & precipitation anomalies, Aug-Oct (0)
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Figure 5.8: (a) nATMO ensemble mean SSTA (°C; shading) and precipitation anomalies (mm
day!; colored contours) composited on same PMMcv events as Figure 5.6, but for August-October
(0). (b) Same SSTAs as in (a), overlaid with SLPA (hPa; colored contours) and 10m wind
anomalies (m s!). Solid and shaded black horizontal lines denote the edge of the SST restoring
region and buffer zone, respectively. Black boxes in (a) and (b) refer to calculations made for
Figure 5.9 (see text).
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Subtropical SSTA vs. nATMO Ugq, Aug-Oct

]
[ ]
05" )
o o O
|w @) @
£ e © o
g ‘ ~ '“ ©
= ° @) 00
OF () * ' 7
O 00 ©
o © “o ®
.0.. @ ® 2014
o ® 2015
-0.5 I . I I I
-1 -0.5 0 0.5 1 1.5

Prescribed SSTA (°C)

Figure 5.9: Scatter of SSTA (°C) used to force nATMO, averaged in the subtropical black box in
Figure 5.8a (x-axis), versus nATMO ensemble mean zonal wind anomalies (m s™') averaged in the

equatorial black box in Figure 5.8b (y-axis). Blue and red dots represent values for 2014 and 2015,
respectively.
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a) nATMO and observed PMMcy comp031te Aug-Oct (0)
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0 3(b) Seasonal average correlation, nPOGA /nATMO and JRA-55 westery wind indices
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Figure 5.10: (a) Observed SSTA (°C; shading) and 10m wind anomalies (m s!; black arrows)
composited on same PMMcy events as in Figure 5.6, but for August-October (0). Green arrows
are nATMO ensemble mean winds for the same composite period. (b) Seasonal R?-value between
JRA-55 U10 anomalies and nPOGA (blue) and nATMO (red) averaged in the equatorial black box
in (a). Error bars indicate the 95% confidence ensemble standard error, and the horizontal dashed
line indicates a 95% significant R2-value after accounting for lag-1 autocorrelation.
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(b) nPOGA, Feb-Apr 2014
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Figure 5.12: In all panels shading is SSTAs (°C), black arrows are 10m wind anomalies (m s),
and colored contours are latent heat flux anomalies (W m2; positive downward). (a) and (c) show
observations averaged for February-April 2014 and May-July 2014, respectively. (b) and (d) show
nPOGA ensemble mean values averaged over the same seasons. (e)-(h) are of the same format as
(a)-(d), but for 2015. For clarity, nPOGA winds are scaled by 2 relative to observations.
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Chapter 6

Conclusions and comments

6.1 Summary of major contributions

In this dissertation, global coupled climate model simulations and modern observational
data sets were utilized to investigate the physical underpinnings governing internal climate
variability on seasonal-to-decadal timescales. The main objectives of this work focused on
improved understanding of the two-way interactions between the tropics and extratropics through
ocean-atmosphere teleconnections. We then further analyzed the multidecadal modulation of
forced climate change signals by these internal variations.

In Chapter 2, we combine gridded ocean reanalysis data with in situ measurements from
the TAO/TRITON buoy array to investigate multidecadal trends in ocean circulation along the
equatorial Pacific. Our analysis showed that the wind-driven surface and subsurface ocean
circulation effectively “spun-up” in response to a consistent increase in easterly wind stress from
1990-2009. It was found that equatorial surface waters were anomalously advected further
westward during this time period, resulting in changes to surface SSH and the zonal thermocline
depth gradient across the Pacific. As a result, the EUC intensified at a rate of 6.9 cm s! decade™!
and equatorial upwelling increased at a rate of 2.0 x 10 cm s™! decade™!, which contributed to
multidecadal cooling of tropical Pacific SST and, through atmospheric teleconnections, the global
warming hiatus (Kosaka and Xie 2013). Further, we identified a seasonal dependence in these

long-term trends, with the most significant trends occurring during boreal winter.
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Motivated by the results of Chapter 2, the research presented in Chapter 3 sought to relate
these decadal tropical Pacific SST trends to the observed expansion of the zonal mean Hadley Cell.
To accomplish this goal, we developed a statistical technique that exploited a multivariate, cross-
sectional view of the Hadley Cell edge to draw out leading modes of internal and forced Hadley
Cell width variability from coupled climate simulations. We found that internal Hadley Cell width
variations are strongly linked to tropical Pacific SST, while the long-term secular expansion of the
Hadley Cell is related to prescribed historical forcings (e.g., greenhouse gas increase, ozone
depletion, volcanic eruptions). Combined, the internal and forced modes explained 70% of
interannual Hadley Cell width variations in the model. Additionally, we showed that the internal
mode significantly modulates the rate of forced Hadley Cell width change in observations, such
that the superposition of tropical Pacific forcing and anthropogenic forcing resulted in accelerated
Hadley Cell expansion since 1980.

While Chapters 2 and 3 primarily focused on tropical Pacific climate modes and their
impact on extratropical climate, Chapters 3 and 4 investigated mechanisms by which extratropical
ocean-atmosphere variability can significantly influence tropical climate. In Chapter 3, we
developed a novel statistical decomposition of lagged covariance matrices to isolate the
spatiotemporal evolution of surface climate variables related to the AMM. Applying this technique
to gridded reanalysis data sets revealed that an AMM event is initiated in boreal winter by
stochastic extratropical atmospheric forcing, which generates SST anomalies in the subtropical
surface ocean through turbulent heat flux anomalies. The SST anomalies are then amplified and
translated southwestward into the deep tropics as the result of a series of air-sea interactions

between surface winds, evaporation, and SST (e.g., WES feedback). A comparison to the CMIP5
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archive reveals that climate models tend to poorly simulate these coupled feedbacks, which may
be due to long-standing biases in tropical Atlantic SST and surface winds.

Chapter 4 explored these extratropical-tropical teleconnections further by quantifying the
relationship between North Pacific ocean-atmosphere variability and the timing and magnitude of
observed ENSO events. This was accomplished by using a fully-coupled climate model to produce
the first ensemble of North Pacific SST pacemaker experiments (nPOGA). In these simulations,
SST anomalies were restored back to the observed values within the North Pacific (>15°N), but
were free to evolve throughout the rest of the globe. Utilizing the nPOGA ensemble mean, we
showed that teleconnections driven by North Pacific SST anomalies account for a significant
fraction of observed ENSO variability since 1950, especially in boreal fall and winter. In particular,
our simulations showed remarkable skill in reproducing the weak 2014-2015 El Nifo and the
extreme 2015-2016 El Nino. We further investigated the physical pathways that link North Pacific
SST anomalies to tropical Pacific climate. They were: 1. A WES-driven propagation of surface
anomalies associated with the PMM in boreal spring and summer, and 2. A Gill-like atmospheric
response associated with anomalous deep convection in boreal summer and fall, which we refer to

as the Summer Deep Convection (SDC) response.

6.2 Pathways forward

The research presented in this dissertation improves understanding of the physical
mechanisms controlling key internal climate modes, and takes a significant step towards
quantifying tropical-extratropical interactions. These results may improve the predictability of
ENSO on seasonal timescales as well as enhance our understanding of the tropical Pacific ocean-

atmosphere state during decadal transitions to hiatus periods. We further identify important
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deficiencies in modern climate models that, if corrected, may improve the overall simulation of
coupled climate variability. Additionally, our work illustrates the importance of internal noise in
modulating forced climate signals, which can significantly impact public perception of climate
change risk (e.g., as during the global warming hiatus).

Moving forward, there are several outstanding questions stemming from this dissertation
that should be focus of future research. For example, to what extent does zonal mean Hadley Cell
expansion project on regional scales where impacts are felt? Preliminary studies on this topic show
promise in regressing regional variables of interest on zonal mean Hadley Cell width metrics (e.g.,
Schmidt and Grise 2017), while others have also made progress by decomposing the meridional
streamfunction into regional components using the Helmholtz Decomposition (Staten et al. 2019).
Regardless, future work is needed to elucidate the regional manifestation of the zonal mean Hadley
Cell response to internal and forced variations.

With respect to the PMM-ENSO relationship outlined in Chapter 5, how would an altered
tropical mean state impact North Pacific teleconnections to the tropics? Early work on this topic
indicates that WES feedback may amplify as a result of global warming (Liguori and Di Lorenzo
2018; Sanchez et al. 2019), which implies a potential enhanced role for the PMM in future ENSO
variability. However, climate model simulations also suggest that the distribution of ENSO events
could fundamentally change in a warmer world (Cai et al. 2015), which would impact the PMM-
ENSO relationship as well. Further, the northward positioned mean ITCZ has been shown to be a
limiting factor in the PMM’s interaction with the deep tropics (Zhang et al. 2014b). Paleoclimate
proxy-based reconstructions of past hydroclimate change have revealed substantial meridional
shifts in the zonal mean ITCZ in response to large-scale climate forcing (Schneider et al. 2014).

Therefore, it is reasonable to hypothesize that the relative impact of the PMM on ENSO has not
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been constant throughout history. Moving forward, it will become increasingly important to
untangle these mean state relationships in past and future climates.

Finally, what role does the PMM play in tropical Pacific decadal climate variations and
multiyear ENSO events? There is substantial evidence to suggest that the PMM can significantly
contribute to tropical Pacific decadal variability (Di Lorenzo et al. 2015; You and Furtado 2018;
Liguori and Di Lorenzo 2019); however, the importance of these interactions and the extent to
which they may improve decadal predictability of the tropical Pacific remains unclear.
Additionally, while most research has been focused on the PMM’s impact on ENSO, there has
been comparably less work on ENSO’s influence on the PMM (Stuecker 2018). ENSO’s
projection on the NPO may reenergize subtropical coupled dynamics during boreal winter (Di
Lorenzo et al. 2015). As a result, ENSO-forced PMM may play an important role in multiyear
ENSO events (Yu and Fang 2018; DiNezio et al. 2017) and the transition between El Nifio and La
Nifa (Park et al. 2013). Further investigation into these topics would improve our understanding

of the PMM and its role in the climate system.
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