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Abstract

Seawater strontium responses to short-timescale carbon cycle changes

by

Madison M. Wood

The stable isotope composition of strontium dissolved in the ocean offers a new and

relatively unexplored tracer of carbon cycle processes fundamental to the regulation

of Earth’s climate system. Seawater stable strontium isotope ratios (δ88/86Sr) vary

over million-year timescales in response to changes in continental weathering and the

marine carbonate sink. Reconstructing δ88/86Sr variations through time consequently

provides insight to long-term carbon cycle processes and, most critically, their positive or

negative feedbacks on climate. The canonical view of conservative elements in the ocean

suggests that seawater δ88/86Sr should not respond to shorter-term carbon cycle changes,

but mounting evidence suggests that the ocean Sr budget may have been imbalanced

over the glacial/interglacial cycles of the Pleistocene. This dissertation addresses the

outstanding question of whether the ocean Sr budget was sensitive to perturbation by

changing carbonate burial and weathering fluxes on relatively short timescales during

major climate transitions.

In Chapter 2, I reviewed our current quantitative understanding of carbonate burial in

the ocean over the past 2.5 million years and concluded that the shallow carbonate sink,

past and present, remains vastly underconstrained. My review introduced δ88/86Sr as

a potential proxy for past changes in carbonate burial during the Quaternary ices ages

if the isotope ratio is shown to be sensitive to carbonate fluxes on these timescales. In

Chapters 3 and 4 I investigated two different archives of paleo seawater chemistry – pore

fluids preserved in a Maldives carbonate platform and marine barite accumulated in deep

sea sediments – to determine whether seawater δ88/86Sr varied over glacial/interglacial

cycles. Both archives revealed measurable fluctuations in seawater δ88/86Sr over the

past 250 kyr. These observations were combined with model simulations to explore

the potential links between glacial/interglacial sea level, marine carbonate burial and

weathering, and Sr cycling. Finally, I looked at another period of glaciation in Earth

ix



history, the Eocene/Oligocene Transition, in Chapter 5 and found that seawater δ88/86Sr

was not sensitive to the major carbon cycle perturbation during this time. Together,

these chapters provide the first geochemical records of seawater δ88/86Sr during abrupt

climate events and inform our evolving understanding of how carbon cycle changes have

impacted elements in seawater.
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Chapter 1

Introduction

Geochemical records of elements and isotopes in seawater inform our understanding of

carbon cycle processes in the past and the links between the ocean and climate. Stron-

tium (Sr) is a conservative and uniformly distributed element in seawater, sourced from

continental rocks and submarine hydrothermal systems and incorporated into calcium

carbonate due to chemical affinities very similar to those of calcium (Broecker & Peng,

1982; Veizer, 1989). Radiogenic Sr isotope ratios (87Sr/86Sr) have long served as a

tracer of continental weathering processes and hydrothermal activity (McArthur et al.,

2012; Veizer, 1989). More recently, the non-traditional stable Sr isotope ratio (δ88/86Sr)

has been shown to vary through time due to changes in the shallow marine carbonate

sink (Paytan et al., 2021). When paired with complementary records of the traditional
87Sr/86Sr ratios and deep-sea carbonate burial, seawater δ88/86Sr reconstructions can

potentially constrain the full global carbonate budget (Paytan et al., 2021). This new

proxy for shallow carbonate burial is exciting in light of the persisting challenges asso-

ciated with quantifying carbonate accumulation in shallow marine environments in the

modern ocean and, especially, back in time.

Paleoceanographic reconstructions of seawater δ88/86Sr (Paytan et al., 2021; Vollstädt

et al., 2014; Wang et al., 2023) have to date focused secular variations due to changes in

climate and tectonics on million-year timescales because the residence time of Sr in the

ocean is long, about two million years. The prevailing view of conservative elements in

seawater is that the concentration and isotopic composition will not change significantly
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on timescales shorter than the residence time (Broecker & Peng, 1982). However, there

has been growing recognition that the ocean Sr budget may have been dynamic on short

timescales, particularly during glacial/interglacial cycles in the Quaternary (Krabben-

höft et al., 2010; Mokadem et al., 2015; Paytan et al., 2021; Pearce et al., 2015; Stoll &

Schrag, 1998; Stoll et al., 1999; Vance et al., 2009). A combination of two mechanisms

has been proposed to explain the apparent disequilibrium of Sr in the modern ocean:

non-steady-state variations in continental weathering due to glacial processes (Moka-

dem et al., 2015; Vance et al., 2009) and changes in net carbonate burial in the shallow

ocean due to sea level fluctuations (Berger, 1982; Krabbenhöft et al., 2010; Opdyke

& Walker, 1992; Stoll & Schrag, 1998). While the weathering flux is constrained by
87Sr/86Sr records (Mokadem et al., 2015; Vance et al., 2009), the accumulation of shal-

low marine carbonate remains vastly underconstrained (Iglesias-Rodriguez et al., 2002;

Milliman & Droxler, 1996; Milliman, 1993; O’Mara & Dunne, 2019). I hypothesized

that seawater δ88/86Sr varied on timescales shorter than a million years in response to

abrupt changes in the shallow carbonate sink, thereby offering quantitative constraints

on shallow carbonate burial and the feedbacks between sea level, atmospheric CO2, and

climate.

The overarching aim of this dissertation is to establish whether seawater

δ88/86Sr varied over short timescales (less than one million years).

I begin by introducing the importance of quantifying rates of marine carbonate burial

through geologic time, focusing on the Quaternary when sea level fluctuations likely

impacted the global carbonate budget and atmospheric CO2 (Berger, 1982; Opdyke

& Walker, 1992) (Chapter 2). I demonstrate that the our quantitative grasp of

glacial/interglacial carbonate burial remains limited and propose δ88/86Sr as a new proxy

for Quaternary shallow carbonate burial.

My first study uses a unique archive of glacial seawater preserved in carbonate platform

pore fluids in the Maldives Inner Sea to test whether seawater δ88/86Sr was different

during the Last Glacial Maximum compared to today (Chapter 3). My analyses of pore

fluid δ88/86Sr reveal that glacial seawater Sr concentrations and δ88/86Sr were respectively

higher and lower than modern values. This is also the first study to investigate the effect

of early marine diagenesis on pore fluid and carbonate δ88/86Sr in a shallow marine

2



environment.

Chapter 4 builds on the findings of the previous chapter to document variations in

seawater δ88/86Sr over full glacial/interglacial cycles. Using marine barite in deep sea

sediment cores I establish a 250-kyr record of seawater δ88/86Sr, which shows signifi-

cant variability independent of changes in 87Sr/86Sr and weathering. I interpret these

δ88/86Sr variations in the context of glacial/interglacial sea level change and coral reef

development.

Finally, I delve deeper in time to a major climate transition similar to the Quaternary

glacial/interglacial cycles; the Eocene-Oligocene Transition serves as another test of

whether seawater δ88/86Sr responded to short-term carbon cycle perturbation (Chapter

5). Contrary to my hypothesis, I find that the ocean Sr budget maintained steady state

during the Eocene-Oligocene Transition, suggesting that seawater δ88/86Sr only became

a useful proxy of shallow carbonate burial changes over the Late Cenozoic.

This body of work advances our understanding of the short-term evolution of seawater

chemistry and the links between climate, sea level, and the cycling of elements in the

ocean. The geochemical records presented in this dissertation are the first to document

seawater δ88/86Sr on sub-million year timescales and can be used in combination with

other proxy records and biogeochemical models to constrain key Earth system processes.
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Chapter 2

Global Quaternary carbonate

burial: proxy- and model-based

reconstructions and persisting

uncertainties

This chapter is a reproduction of an article published in Annual Review of Marine

Science: Wood, M., Hayes, C.T., Paytan, A. 2023. Global Quaternary Carbonate

Burial: Proxy- and Model-Based Reconstructions and Persisting Uncertainties. An-

nual Review of Marine Science 15:1, 277-302. Supplemental data can be accessed at

doi.org/10.1146/annurev-marine-031122-031137.

2.1 Abstract

Constraining rates of marine carbonate burial through geologic time is critical for in-

terpreting reconstructed changes in ocean chemistry and understanding feedbacks and

interactions between Earth’s carbon cycle and climate. The Quaternary Period (the

past 2.6 million years) is of particular interest due to dramatic variations in sea level

that periodically exposed and flooded areas of carbonate accumulation on the continen-

tal shelf, likely impacting the global carbonate budget and atmospheric carbon dioxide.
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These important effects remain poorly quantified. Here, we summarize the importance

of carbonate burial in the ocean–climate system, review methods for quantifying car-

bonate burial across depositional environments, discuss advances in reconstructing Qua-

ternary carbonate burial over the past three decades, and identify gaps and challenges

in reconciling the existing records. Emerging paleoceanographic proxies such as the sta-

ble strontium and calcium isotope systems, as well as innovative modeling approaches,

are highlighted as new opportunities to produce continuous records of global carbonate

burial.

2.2 Introduction

Marine carbonate burial is an important component of the global carbon cycle, with

large quantities of carbonate stored in ocean sediments (∼5 × 103 Gt C) and the litho-

sphere (∼7 × 107 Gt C) (Zeebe, 2012). The carbonate flux influences atmospheric and

oceanic inventories of carbon on 1,000- to 100,000-year timescales, playing a potentially

important role in glacial/interglacial climate transitions during the Quaternary Period

(the past 2.6 My) (Zeebe, 2012). Indeed, carbonate deposition has often been invoked to

explain changes in Quaternary ocean chemistry and atmospheric carbon dioxide (CO2)

concentrations (Berger, 1982; Brovkin et al., 2007; Kerr et al., 2017; Kohfeld & Ridg-

well, 2009; Opdyke & Walker, 1992; Rickaby et al., 2010; Ridgwell et al., 2003; Vecsei

& Berger, 2004; Walker & Opdyke, 1995). However, robust quantitative constraints on

global Quaternary carbonate burial remain elusive.

The last comprehensive review of carbonate production and accumulation over the past

∼20 ky (Milliman, 1993) provided flux estimates across neritic environments (coral reefs,

banks, bays, and continental shelves) and pelagic environments (slopes, enclosed basins,

and the deep sea above the carbonate compensation depth (CCD)) (Table 2.1). Many

of these estimates had uncertainties of ≥100% (Iglesias-Rodriguez et al., 2002; Milliman

& Droxler, 1996) due to the scarcity of deep-sea (pelagic) records and lack of knowledge

about carbonate accumulation and preservation in shallow (neritic) marine settings.

These gaps motivated further study of Quaternary carbonate fluxes over the following

decades.

This review incorporates updated proxy- and model-based estimates of global Quater-
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nary carbonate burial and summarizes progress since the review by Milliman (1993). In

the following sections, we summarize the importance of carbonate burial in the modern

and Quaternary ocean (Sections 2.2.2-2.2.5) and review the methods commonly used

to reconstruct past carbonate burial fluxes in pelagic (Section 2.3) and neritic (Section

2.4) environments. We then evaluate new estimates of global carbonate burial over the

Quaternary (Section 2.5) and suggest areas for further work that may address ongoing

challenges (Section 2.6).

2.2.1 Definitions

Calcium carbonate saturation state: the product of [Ca2+] and [CO2−
3 ] in

seawater divided by the solubility product for aragonite or calcite; the saturation

state determines the solubility of carbonate in seawater.

Carbonate accumulation: vertical export of carbonate to the seafloor plus reef

production and imported sediment, less dissolution and lateral transport; also

referred to as carbonate burial.

Carbonate compensation depth (CCD): the depth at which carbonate export

from the surface ocean is equal to carbonate dissolution, such that no carbonate

is preserved below this depth.

Carbonate export: the flux of biogenic carbonate from the surface ocean to the

deep sea or seafloor.

Carbonate preservation: the difference between carbonate export and disso-

lution in the water column or sediments, which ultimately determines how much

carbonate is buried.

Carbonate production: precipitation of biogenic carbonate by shallow marine

and pelagic calcifiers (e.g., corals, coccolithophores, and foraminifera).

Lysocline: the depth at which carbonate dissolution rapidly increases as a func-

tion of the carbonate ion concentration in seawater.

Neritic carbonate: carbonate produced in coastal or shallow marine environ-

ments above the continental shelf break (<200 m depth).
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Pelagic carbonate: carbonate produced in the open ocean away from the coast

(oceanic zone, >200 m depth); also known as deep-sea carbonate.

2.2.2 The long-term carbon cycle

Carbonate burial is a key flux in the global carbon cycle (Figure 2.1), which has been

described in several books, reviews, and publications (e.g., Archer, 2010; Berner, 2003,

2004; Isson et al., 2020; Sundquist & Visser, 2003; Wallmann & Aloisi, 2012). Here, we

provide a brief carbonate-centered summary (Andersson, 2014; Broecker, 2003, 2009).

Dissolved calcium (Ca2+) and bicarbonate (HCO−
3 ) in seawater are supplied by conti-

nental weathering and utilized by organisms (e.g., foraminifera, coccolithophores, and

corals) to form calcium carbonate (CaCO3) shells and skeletons. The three most abun-

dant carbonate minerals in marine sediments are (in order of increasing solubility) calcite,

aragonite, and high-magnesium calcite (Andersson, 2014). In general, CaCO3 solubility

increases with depth, and dissolution becomes thermodynamically favorable at the sat-

uration horizon, below which lies the lysocline (the depth at which dissolution increases

dramatically). The CCD defines the depth where CaCO3 supply is balanced by dissolu-

tion and below which no CaCO3 is preserved (Figure 2.1). Where the seafloor lies above

the CCD, a fraction of the CaCO3 produced in the ocean is preserved in sediments. Over

millions of years, the sequestered carbon is returned to the atmosphere via subduction

and volcanism (Figure 2.1).

2.2.3 Effect of carbonate burial on ocean carbonate chemistry and

atmospheric CO2

The effects of carbonate burial on ocean chemistry and atmospheric CO2 have been thor-

oughly discussed by Ridgwell and Zeebe (2005) and Zeebe (2012) and briefly summarized

here.

Carbonate burial is linked to atmospheric CO2 by the equilibria of ocean carbonate

chemistry (Figure 2.1). In seawater, gaseous CO2 reacts with water to form carbonic

acid (H2CO3), which subsequently dissociates into bicarbonate (HCO−
3 ) and carbonate

(CO2−
3 ) ions. The sum of these dissolved species is called dissolved inorganic carbon
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Lysocline

CO2

CCD

H2O + CO2        H2CO3

Silicate weathering
CaSiO3 + 2H2CO3         Ca2+ + 2HCO3- + SiO2 + H2O

Carbonate precipitation
Ca2+ + 2HCO3-          CaCO3 + H2O + CO2

CO32- + H+        HCO3- + H+         H2O + CO2

CO2

Pelagic CaCO3 burial

Neritic CaCO3 burial

no CaCO3 preserved

dissolution

Figure 2.1: The long-term carbon cycle and ocean carbonate chemistry. Silicate weath-
ering and the sequestration of carbon in carbonate sediments balance volcanic release of
CO2 to the atmosphere on million-year timescales (black arrows). Carbonate equilibria
between species of dissolved inorganic carbon in seawater (yellow arrows) regulate sea-
water pH, the precipitation and dissolution of CaCO3,and atmospheric CO2.

(DIC) (equal to [HCO−
3 ] + [CO2−

3 ] + [CO2]). Total alkalinity (TA) describes the excess

of proton acceptors (which provide buffering capacity against acidification) over proton

donors in seawater, often expressed as carbonate alkalinity or [HCO−
3 ] + 2[CO2−

3 ], al-

though the strict definition of TA includes additional proton acceptors [B(OH)−4 ,OH−,

H3SiO−
4 , etc.]. The precipitation of CaCO3 lowers DIC and TA by consuming HCO−

3 ,

counterintuitively increasing pCO2. The dissolution of CaCO3 in the deep ocean in-

creases DIC and TA. Carbonate compensation maintains a balance between the input

of TA from continental weathering and removal of TA by carbonate burial, so that an

increase (decrease) in weathering inputs is balanced by a deepening (shoaling) of the

CCD and increase (decrease) in carbonate burial (Broecker & Peng, 1982, 1987; Zeebe

& Westbroek, 2003). On glacial/interglacial timescales, temporary imbalances caused

by reduced carbonate accumulation in the shallow ocean due to sea level regression po-
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tentially contributed to changing atmospheric pCO2 (Berger, 1982; Opdyke & Walker,

1992; Ridgwell et al., 2003; Walker & Opdyke, 1995).

Pelagic carbonate production

Export to deep sea 

Export to sea�oor

Neritic  carbonate production

Preservation in sediments
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Figure 2.2: Marine carbonate fluxes in neritic (shallow ocean) and pelagic (open ocean)
environments. Pelagic carbonate is produced in the surface ocean and exported down
through the water column, where ∼47–82% is dissolved before reaching the sediments
(Battaglia et al., 2016; Sulpis et al., 2021). An estimated 37–47% of the surface ex-
port flux dissolves in the upper water column (<1,500 m depth) (Battaglia et al., 2016;
Sulpis et al., 2021), with up to ∼44% dissolution below 1,500 m (Battaglia et al., 2016).
Approximately 18–53% of the surface flux makes it to the seafloor, where further disso-
lution reduces the proportion of buried carbonate to ∼0–20%. Carbonate preservation
is higher in neritic environments, where ∼50–80% of the carbonate accumulated by ben-
thic organisms and exported from surfaces waters is preserved (Milliman, 1993; Smith &
Mackenzie, 2016). A substantial fraction of neritic carbonate may be transported from
shelves and platforms to the deep sea by nepheloid plumes and gravity flows (e.g., Jorry
et al., 2020).

2.2.4 Overview of modern carbonate production and burial

Carbonate accumulation depends on production by benthic and planktonic organisms,

export from the surface ocean to depth, and preservation on the seafloor (Figure 2.2).
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Relatively more aragonite and high-magnesium calcite are produced in neritic environ-

ments by organisms such as corals, algae, and echinoderms compared with the deep

ocean, where calcite is the dominant phase (Andersson, 2014). In the modern ocean,

pelagic carbonate accumulation varies by region and seafloor depth, with higher rates in

the Atlantic, eastern equatorial Pacific, and Indian Oceans, where the CCD is deeper,

and very little accumulation in the North Pacific and Southern Oceans (Dunne et al.,

2012; Hayes et al., 2021) (Figure 2.3B). Key regions of shallow carbonate accumulation

are the western Pacific Ocean, eastern Indian Ocean, and Caribbean Sea (O’Mara &

Dunne, 2019).

Present-day global carbonate accumulation has been quantified by various approaches,

including sediment trap data, core-top measurements, and numerical modeling (e.g.,

Catubig et al., 1998; Iglesias-Rodriguez et al., 2002; Kleypas, 1997; Milliman, 1993).

Global estimates typically rely on site-specific measurements that are interpolated un-

der a set of assumptions (e.g., average production rates across regions, spatial extent of

deposition environments, and degree of preservation). Consequently, these global esti-

mates have large uncertainties, particularly in shallow marine environments, where we

have little information about export and preservation. Transport of neritic sediments to

the deep sea has been well documented, particularly for sea level highstands (Schlager

et al., 1994), but quantitative models are necessary to account for this flux in global car-

bonate budgets. A recent study of an isolated carbonate platform in the Indian Ocean

suggested that approximately half of the Holocene CaCO3 production on the platform

was transported downslope to the deep basin (Jorry et al., 2020). Further investigation

of other regions and neritic settings will be useful for refining this first estimate.

Pelagic carbonate accumulation is well constrained and constitutes approximately half of

the carbonate budget (Table 2.1). Though pelagic carbonate production is significantly

lower than shallow-water production, the pelagic area (∼300 × 106 km2) is much larger

than other depositional areas (Milliman, 1993). Hayes et al. (2021) recently calculated a

Holocene pelagic burial flux of 1.13 ± 0.28 Gt CaCO3 y−1, leveraging a new database of
230Th-normalized sediment fluxes (Costa et al., 2020) with existing sediment composition

data. This estimate agrees with the previously estimated range of 0.83–1.25 Gt CaCO3

y−1 (Cartapanis et al., 2018).
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Table 2.1: Updated global estimates of modern CaCO3 production and accumulation
rates across depositional environments. aExplicitly includes visible and submerged
reef areas. bReef accumulation plus contribution from Halimeda bioherms for 8–0 ka.
cTotal shelf production and accumulation, including tropical and extratropical shelves.
dIncludes imported carbonate flux.eFlux at approximately 1,000 m water depth.

Environment CaCO3
Production
(Gt yr−1)

CaCO3 Accu-
mulation (Gt
yr−1)

Reference

Coral reefs

0.9
0.9–1.68
1.3
0.9
0.65–0.83
1.6a

NA
NA

0.7
NA
NA
0.7
NA
1.3a

0.7
1.1b

Milliman (1993)
Kleypas (1997)
Ryan et al. (2001)
Iglesias-Rodriguez et al. (2002)
Vecsei (2004)
Smith & Mackenzie (2016)
O’Mara & Dunne (2019)
Hinestrosa et al. (2022)

Banks/bays

0.4
0.4
0.2
NA

0.2
0.2
0.1
0.36

Milliman (1993)
Iglesias-Rodriguez et al. (2002)
Smith & Mackenzie (2016)
O’Mara & Dunne (2019)

Carbonate
shelves

0.75
0.37-1.17
2.4c

NA

0.45
0.47
0.7c

0.31

Milliman (1993)
Iglesias-Rodriguez et al. (2002)
Smith & Mackenzie (2016)
O’Mara & Dunne (2019)

Non-carbonate
shelves

0.4
0.4
na

0.1
0.1
0.002

Milliman (1993)
Iglesias-Rodriguez et al. (2002)
O’Mara & Dunne (2019)

Slopesd
0.83
0.85
0.83

0.58
0.6
0.57

Milliman (1993)
Milliman & Droxler (1996)
Iglesias-Rodriguez et al. (2002)

Basins 0.03 0.1 Milliman (1993)

Deep sea

2.4e

NA
NA
13.3
NA
NA
NA

1.1
0.86
1.08
1.1
1.14
1.05
1.13

Milliman (1993)
Catubig et al. (1998)
Dunne et al. (2012)
Smith & Mackenzie (2016)
Cartapanis et al. (2018) sed. data
Cartapanis et al. (2018) model
Hayes et al. (2021)
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Figure 2.3: (Top) (A) Holocene (0–10 ka) marine sediment CaCO3 content and (B)
burial flux. The Holocene CaCO3 content is a compilation of approximately 7,800 direct
observations. The burial estimates are made only for water depths greater than 1 km
and are based on 230Th-normalized flux observations (Costa et al., 2020) combined with
the sediment composition data. Burial fluxes are interpolated within 254 zones based
on Longhurst biogeochemical provinces and water depth. Gray zones indicate areas
where no data are available. (Middle) (C) LGM (18.5–23.5 ka) distribution of marine
sediment CaCO3 content and (D) burial flux interpolated across biogeochemical province
and depth zones as described by Hayes et al. (2021) using an LGM compilation of 230Th-
normalized fluxes (Costa et al., 2020) and an updated CaCO3 content database for the
LGM presented here. (Bottom) (E) The logarithmic ratios of the LGM CaCO3 content
and (F) burial flux compared with those of the Holocene (A and B; (Hayes et al., 2021)).
Abbreviation: LGM, Last Glacial Maximum. Panels A and B adapted with permission
from Hayes et al. (2021) (CC BY-NC 4.0).

Sparse observations and poorly constrained preservation and export rates have limited

estimates of carbonate accumulation in shallow marine environments (Iglesias-Rodriguez

et al., 2002; O’Mara & Dunne, 2019). The latest estimates utilize new data, including
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bathymetric maps and CaCO3 fluxes derived from satellite data, with improved mapping

of neritic community types (O’Mara & Dunne, 2019). Uncertainties associated with

burial on carbonate-rich shelves (±39%) and bays (±46%) (O’Mara & Dunne, 2019) were

substantially lower than those previously reported (>100% for carbonate-rich shelves,

±100% for bays) (Iglesias-Rodriguez et al., 2002). The uncertainty for carbonate-poor

shelf burial (±178%) remains high (O’Mara & Dunne, 2019).

2.2.5 Overview of Quaternary carbonate burial

Quaternary carbonate burial varied over glacial/interglacial cycles due to differences in

biological production, ocean circulation, deep-sea sequestration of respired CO2, and sea

level fluctuations (deMenocal et al., 1997; Hain et al., 2014; Jaccard et al., 2009; Kley-

pas, 1997) (Figure 2.4). The dominant location of carbonate deposition likely shifted

from shallow- to deep-water environments during glacial stages due to a reduction in the

submerged area of continental shelves, carbonate platforms, and atolls (Berger, 1982;

Opdyke & Walker, 1992). Models and observations suggest that while modern carbon-

ate burial rates in neritic and pelagic environments are approximately equal (Milliman,

1993), neritic burial rates would have been lower due to reduced glacial shelf area (Kley-

pas, 1997).

The coral reef hypothesis (Berger, 1982; Opdyke & Walker, 1992; Ridgwell et al., 2003;

Vecsei & Berger, 2004; Walker & Opdyke, 1995) proposed that sea level–driven changes

in neritic carbonate burial impacted atmospheric CO2 concentrations (pCO2) over the

Quaternary. Assuming constant alkalinity input from continental weathering, reduced

neritic carbonate burial during glacial periods would increase whole-ocean alkalinity and

consequently reduce pCO2. For the carbonate budget to maintain steady state, increased

deep-sea burial must restore the alkalinity balance and stabilize pCO2 (Sigman & Boyle,

2000). Counterarguments to the coral reef hypothesis have cited lack of evidence for

a glacial increase in global deep-sea burial (Archer & Maier-Reimer, 1994; Sigman &

Boyle, 2000; Zeebe & Marchitto, 2010). However, the Quaternary carbonate budget

may have operated in a nonsteady state imposed by sea level fluctuations (Milliman

& Droxler, 1996). Similarly, on short timescales, the assumption of constant alkalinity

input may not be maintained due to changes in weathering regimes and weatherability

following glacial retreats (Vance et al., 2009). The question of steady state versus non-

13



CO2

CaCO3, OM

Ca2+, Sr2+, HCO3-

��
�
�
��
��
���
��
��
��

���
�����

����������������������������������������
����������������������

Reduced submerged continental shelf area 
reduces neritic CaCO3 burial;  weathering of 
exposed shelf CaCO3 adds alkalinity to seawater.

Respired CO2 accumulates with increased stratification; 
higher CO2 ⁄ lower pH  increases CaCO3 solubility, reduces burial. 

Enhanced deep sea respiration adds CO2, 
lowers pH, increases CaCO3 solubility.

Enhanced CaCO3 production by planktonic calci�ers 
increases CaCO3 (and organic matter) export from the
surface ocean.

�������������������������

ventilated
water mass

isolated
deep water mass

lower pH

higher pH

aragonite

calcite
higher
export

lower
export

������������

����

organic
matter

+ oxygen

CO2 

+ nutrients 

recrystallization

������������������������� ����
��������������
������	

���������������
������������������

Figure 2.4: Processes hypothesized to alter carbonate burial rates over
glacial/interglacial cycles, by changing the carbonate equilibria of the ocean (via
inputs of alkalinity or dissolved inorganic carbon), production of biogenic carbonate in
the surface ocean, and/or physical area available for carbonate burial (on continental
shelves and above the carbonate compensation depth). These processes do not neces-
sarily act in isolation; rather, feedbacks between processes may enhance or balance the
effect of others. For example, ocean circulation changes may isolate the deep ocean
from the surface, causing the accumulation of respired carbon and limiting mixing of
nutrients back to the surface ocean for utilization by calcifiers.

steady state is unanswered but may be resolved as global carbonate burial estimates for

glacial/interglacial cycles improve. In Section 2.5, we discuss significant advances toward

continuous records of Quaternary carbonate burial, including efforts to model variations

in reef productivity since 1,500 ka (Husson et al., 2018) and updated compilations of

deep-sea sedimentary records that constrain global pelagic burial during the Holocene,

the Last Glacial Maximum (LGM), and continuously over the last 150 ky (Cartapanis

et al., 2018; Hayes et al., 2021, this review)
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2.3 Methods for reconstructing deep-sea carbonate burial

The marine sedimentary record provides information about pelagic carbonate burial,

which varies in space and time due to depth (solubility), regional productivity, lateral

transport, CCD position, and dissolution in sediments (Dunne et al., 2012). While past

changes in carbonate burial were observed early on in pelagic sediments in the Pacific,

Atlantic, and Indian Oceans (e.g., Archer, 1991; Arrhenius, 1952; Balsam & McCoy,

1987; Biscaye et al., 1976; Milliman, 1993), initial reconstructions of pelagic carbonate

burial were limited by poor core chronology and sparse observations (Van Andel et

al., 1975). Furthermore, while carbonate accumulation records can be obtained from

deep-sea sediment cores with relative ease, drilling on slopes is technically difficult, and

few CaCO3 accumulation records exist for these environments. Methods for obtaining

globally integrated estimates of the pelagic carbonate burial flux from deep-sea sediment

cores are summarized below.

2.3.1 Calcium carbonate weight percent

CaCO3 content in sediment cores is widely used to infer changes in carbonate burial

through time. CaCO3 wt% is measured using a variety of analytical methods, most

commonly coulometry and loss on ignition (Fu et al., 2020; Kastens et al., 1987; Mörth

& Backman, 2011). High-resolution scans of physical properties (e.g., bulk density

and reflectance spectra) have also been used to determine sediment carbonate content

(Vanden Berg & Jarrard, 2002, 2006, and references therein). Despite the relative ease of

measuring sediment carbonate content, CaCO3 wt% alone cannot be used to determine

accumulation or burial rates because it is a proportional unit and depends on the content

of other sedimentary fractions. For the same flux of carbonate delivered to the seafloor,

CaCO3 wt% can vary significantly due to dilution by noncarbonate minerals and/or

postdepositional dissolution. Comparison of carbonate content between regions is also

complicated by spatial variability in dilution and dissolution that may bias CaCO3 wt%

values. Consequently, CaCO3 wt% should be converted to a mass flux using a bulk

sedimentation rate.
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2.3.2 Carbonate mass accumulation rates

Records of CaCO3 wt% are converted to carbonate mass accumulation rates (MARs; g

cm−2 ky−1) by:

MAR =
CaCO3wt%

100
∗ ρdry ∗ S (2.1)

where ρdry is the dry bulk density (g cm−3) and S is the linear or instantaneous sedimen-

tation rate (cm ky−1). Age model–derived (linear) sedimentation rates have traditionally

been used but may be biased by redistribution of sediments on the seafloor (Costa et al.,

2020; Francois et al., 2004). Constant flux proxies such as excess 230Th and 3He are

now used to derive instantaneous sedimentation rates and can correct for sediment re-

distribution (e.g.,230Th normalization) (Costa et al., 2020; Francois et al., 2004; McGee

et al., 2010). Age model–derived sedimentation rates capture average vertical sedimen-

tation and lateral advection between sampling horizons; instantaneous sedimentation

rates reflect only vertical sedimentation (McGee et al., 2010). In most regions of the

ocean, constant flux proxies are the preferred method for calculating carbonate (and

other sedimentary component) MARs (Costa et al., 2020).

Milliman (1993) reviewed studies of carbonate MARs made possible by age models

based on oxygen isotopes and radiocarbon dating that were published before 1993. In

the years since 1993, carbonate MARs have been reported in numerous studies and

locations in the ocean, some derived from constant flux proxies (Section 2.5.1). Global

estimates of deep-sea carbonate burial from MARs require nontrivial compilations of

globally extensive MAR records and interpolation between site-specific records to resolve

spatial variability (Cartapanis et al., 2018; Catubig et al., 1998; Hayes et al., 2021).

2.3.3 Carbonate compensation depth

Reconstructions of the CCD, which reflects the ocean calcium carbonate saturation

state (Ridgwell & Zeebe, 2005), are also used to constrain pelagic carbonate burial.

The CCD is operationally defined by the depth of a specific sedimentary CaCO3 wt%

(e.g., Van Andel, 1975) or the depth at which carbonate accumulation rates approach

zero (Lyle, 2003). Although the position of the CCD is relatively easy to identify with
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sediment cores, linking changes in the CCD to carbonate burial can be challenging

due to potential decoupling between carbonate burial and the CCD response. The

recent approach of Boudreau and Luo (2017), who modeled global pelagic carbonate

burial based on the Cenozoic CCD, is relevant only to secular timescales (>0.5 Ma, not

applicable to glacial/interglacial cycles). In general, extrapolating CCD reconstructions

from a particular ocean basin to a global CCD record is complicated by ocean circulation,

which could shift the CCD regionally (Greene et al., 2019). Furthermore, burial of excess

CaCO3 above the CCD could cause a decoupling of the CCD and global carbonate

burial (Greene et al., 2019) such that changes in ocean alkalinity are accommodated by

increased burial above a relatively stable CCD.

During the Quaternary, the Pacific CCD appears to have remained relatively stable

despite large sea level fluctuations (Farrell & Prell, 1989; Lyle, 2003; Lyle et al., 2008;

Pälike et al., 2012). The lack of significant CCD change during glacial/interglacial cycles

may be explained by reduced sensitivity of the Cenozoic CCD to shifts in shelf carbon-

ate burial following the CCD deepening and reduction of shelf carbonate globally at the

Eocene–Oligocene transition (∼34 Ma) (Armstrong McKay, 2015). In this case, shifts in

shelf–basin partitioning of carbonate burial in response to glacial/interglacial sea level

change (or other mechanisms of alkalinity transfer) may not be evident in Quaternary

CCD records but rather reflected in changes in the carbonate accumulation between the

lysocline and the CCD, which is much harder to assess. Regional shifts in the lyso-

cline can be inferred from observed carbonate dissolution cycles on glacial/interglacial

timescales. Anticorrelated Pacific–Atlantic preservation cycles are well documented for

the Pleistocene (e.g., Farrell & Prell, 1989), and carbonate dissolution cycles similar

to those in the Pacific have been observed throughout the Indian Ocean (Bassinot et

al., 1994). In general, preservation of carbonate in the Pacific and Indian Oceans is

enhanced during glacial periods, while sediments in the Atlantic experience increased

dissolution; the reverse is true during interglacial periods. Though carbonate preserva-

tion and dissolution are clearly linked to glacial/interglacial cycles, the challenge is to

determine whether opposing changes in different ocean basins maintained a relatively

constant global pelagic CaCO3 accumulation rate or were imbalanced such that a net

change in global carbonate burial occurred.
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2.4 Methods for reconstructing neritic carbonate burial

The heterogeneous nature of carbonate production across neritic environments is a sig-

nificant challenge to global reconstructions because they require extrapolation of locally

reconstructed production (or burial) rates. Furthermore, since carbonate production in

these environments is especially sensitive to sea level fluctuations, nutrient levels, tem-

perature, and salinity, production (and burial) rates may vary through time depending

on environmental conditions. Variable preservation, erosion, and transport of neritic

sediments further complicate carbonate burial estimates in this zone. Below, we high-

light approaches that have been used to investigate changes in neritic carbonate burial

through time as well as their limitations.

2.4.1 Fossil coral reefs

Coral reefs constitute a substantial fraction of global carbonate production and accumu-

lation, yet quantifying this contribution remains challenging because observation-based

estimates are often region or reef specific. Methods for observing reef production include

hydrochemistry, census data, accumulated sediments, and numerical modeling; Vecsei

(2004a) provided a detailed review of these methods and previous estimates, includ-

ing modeling by Kleypas (1997). These approaches often suffer from insufficient data

and large uncertainties that are magnified when scaling local and regional studies to

global estimates. Current reef production estimates for the Holocene range from 0.65 to

1.68 Gt CaCO3 y−1 and, as Vecsei (2004a, p. 12) succinctly noted, are “fraught with

substantial, unquantified uncertainties.” Several reef accumulation estimates agree with

Milliman’s (1993) early estimate of 0.7 Gt CaCO3 y−1, with uncertainty in the range of

100% (Table 2.1). Importantly, estimates typically exclude carbonate mounds formed

by cold-water corals, which have been documented throughout the ocean and may con-

tribute significantly to carbonate budgets but whose accumulation rates are even more

poorly quantified than those of tropical reefs (e.g., Hebbeln et al., 2019; Lindberg &

Mienert, 2005; Titschack et al., 2015, 2016).

Constraining reef production, preservation, and geographic extent becomes increasingly

difficult the further back one goes in geologic history. Coral reef accumulation is not

constant through time or space and varies with changing sea level. Direct measurements
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of reef accretion rates through time can be made by radiometric dating of growth stages

(Camoin et al., 2001, e.g., ), but current observations are sparse and limited by diage-

nesis, lack of dateable material required for U/Th chronology, and absence of lowstand

reef units (Camoin & Webster, 2015). Without widespread observations, we require an

alternative approach for estimating Quaternary reef carbonate burial prior to the LGM.

In Section 2.5.3, we discuss recent studies that have turned to numerical modeling to

simulate reef production and predict global accumulation rates (Husson et al., 2018;

Jones et al., 2015).

2.4.2 Other carbonate burial sinks

Besides corals, the shallow ocean hosts an array of habitats and communities of calci-

fiers that contribute to the global carbonate budget but are currently underestimated,

due largely to spatial heterogeneity. Carbonate production can be locally monitored in

the water column (using sediment traps) or on benthic substrates (for example, colo-

nization experiments with calcification accretion units), though these measurements can

be biased by horizontal transport of material and may differ from actual burial rates

due to postdepositional dissolution in sediments. Extrapolating local studies to global

rates requires that the habitat preferences and distributions of species be well estimated,

which remains a challenge at present. For example, Halimeda algae are thought to be

important contributors to carbonate production in the tropics, but the geographic extent

of Halimeda accumulation is uncertain and very likely underestimated (McNeil et al.,

2016, 2020; Rees et al., 2006). Hinestrosa et al. (2022) recently estimated that at least

590 Gt CaCO3 accumulation by Halimeda must be added to global Holocene carbonate

budgets (compared with Holocene and drowned reef deposits of ∼8,100 Gt and ∼1,500

Gt CaCO3, respectively) based on their regional study of the Great Barrier Reef. Other

benthic calcifiers, such as echinoderms, are probably also underestimated (e.g., Lebrato

et al., 2010). A combination of habitat-specific carbonate production or accumulation

rates and global surveys of habitat extent is needed to compile accurate neritic carbonate

budgets.
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2.5 Quaternary carbonate burial reconstructions

2.5.1 Deep-sea carbonate burial

A primary goal for reconstructing pelagic carbonate burial over the Quaternary is to

test whether pelagic burial increased during glacial periods. This hypothesis is based on

the expectation that neritic carbonate burial was reduced during glacial periods relative

to interglacials, when lower sea level reduced the area available for neritic carbonate

accumulation (Kleypas, 1997) (Figure 2.4). To maintain a steady-state carbonate budget

during a glacial period, carbonate compensation would deepen the CCD and increase

deep-sea carbonate burial. Thus, LGM pelagic carbonate burial was predicted to exceed

the modern rate by up to two times in a steady-state ocean (Catubig et al., 1998).

To test this expectation, Catubig et al. (1998) used a compilation of records mainly from

the Pacific and Atlantic Oceans to compare global Holocene and LGM carbonate burial.

Their compilation suggested that deep-sea LGM burial rates were higher than those of

the Holocene in the Pacific and North Atlantic but lower in the South Atlantic, Indian,

and Southern Oceans. Notably, the South Pacific had a higher CaCO3 wt% during the

LGM but was excluded from their analyses for lack of MAR data. The study found no

significant difference in global deep-sea carbonate burial between the Holocene (0.86 Gt

y−1) and LGM (0.92 Gt y−1), challenging the premise that increased pelagic carbonate

burial compensated for lower neritic burial during glacial periods and the assumption of

a steady-state carbonate budget on these timescales.

As chronostratigraphy improved and drilling programs expanded over the next two

decades, carbonate MAR records became more reliable and more numerous (Ander-

son et al., 2008; Campbell et al., 2018; Lyle, 2003; Lyle et al., 2005, 2019; Pälike et

al., 2012; Vanden Berg & Jarrard, 2004). The first continuous reconstruction of global

deep-sea carbonate burial over the last glacial cycle, by Cartapanis et al. (2018), used a

compilation of 637 sediment records (Figure 2.5). To account for the spatial variability of

carbonate accumulation, this study identified biogeochemical provinces based on modern

carbonate MARs (Dunne et al., 2012) and reconstructed carbonate accumulation in each

province over the past 150 ky from available MARs. The global reconstruction showed

that carbonate accumulation was similar during the present-day interglacial and marine

isotope stage (MIS) 5e, with lower burial during MIS 4 (78% ± 9% of the Holocene
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value) and MIS 2 (85% ± 7% of the Holocene value); the absolute magnitude of these

changes depended on the province map used.
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Figure 2.5: Global deep-sea carbonate mass accumulation rate over the last glacial cycle,
as reconstructed by Cartapanis et al. (2018). The black curve shows the mean of 20
scenarios using different biogeochemical province maps, with shaded regions indicating
±1σ and ±2σ. Gray vertical bars delineate glacial (LGM, MIS 4, MIS 6) and interglacial
(Holocene, MIS 5e) periods. Abbreviations: LGM, Last Glacial Maximum; MIS, marine
isotope stage. Figure adapted from Cartapanis et al. (2018) (CC BY 4.0).

Despite being unable to entirely resolve the challenges of spatial heterogeneity, this

reconstruction represented a major step forward, providing a continuous record over an

entire glacial cycle and revealing minima during glaciation that could not be resolved

by the two-end-member study by Catubig et al. (1998). While both Cartapanis et al.

(2018) and Catubig et al. (1998) observed glacial CaCO3 concentrations greater than

Holocene values in the Pacific, consistent with the findings of Farrell and Prell (1989),

Cartapanis et al. (2018) found that the glacial increase in the Pacific was not sufficient

to balance the decrease in the Atlantic. Neither reconstruction supports increased global

pelagic carbonate burial during glacial periods; rather, they suggest that pelagic burial

did not compensate for the expected decrease in neritic burial.
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2.5.2 Updated 230Th-normalized Last Glacial Maximum deep-sea car-

bonate burial fluxes

A new database of 230Th-normalized sediment fluxes by Costa et al. (2020) provides

an opportunity to revise these estimates for the LGM. As Hayes et al. (2021) did for

the Holocene (Figure 2.3A,B), here we newly compile published CaCO3 wt% data for

the LGM (Figure 2.3C,D) and combine these composition data with the LGM sediment

fluxes (Costa et al., 2020). This allows us to estimate 230Th-normalized CaCO3 burial

fluxes for the deep sea at the LGM (defined here as 18.5–23.5 ka) and compare them

with those of the Holocene (Figure 2.3E,F).

For the LGM CaCO3 wt% distribution, we utilized previous compilations (Cartapanis

et al., 2018; Catubig et al., 1998) and added 95 new observations, for a total database of

898 observations (see online Supplemental Material at doi.org/10.1146/annurev-marine-

031122-031137). Reduced CaCO3 content during the LGM compared with the Holocene

is seen clearly throughout most of the Atlantic, Southern, and Arctic Oceans. Increased

LGM CaCO3 content is seen in the equatorial Pacific and Indian Oceans as well as

the Australian, Indonesian, and Arctic shelf seas. However, as mentioned above, these

changes in CaCO3 content may not be reflective of actual changes in burial due to

variable dilution from other phases and/or changes in the total sedimentation rate.

Our new estimates of LGM carbonate burial are restrained to deep-sea sites (deeper

than 1 km), where the assumptions of the 230Th-normalization method are valid (Costa

et al., 2020). Additionally, the distribution of 230Th-normalized flux observations for

the LGM is sparser than that for the Holocene, resulting in a larger proportion of ocean

provinces that cannot currently be characterized. For instance, the Holocene map of
230Th-normalized fluxes covered 87% of the deep-sea area (Hayes et al., 2021), while

the areal coverage for the LGM is 49.5%. Nonetheless, sufficient coverage of key regions

in the ocean produces results that can help determine LGM carbonate burial changes.

With more geographic detail than previously available, we find clear evidence for in-

creased LGM carbonate burial compared with the Holocene in the equatorial Pacific and

decreased carbonate burial in most of the North Atlantic and Southern Oceans (Figure

2.3F). These observations are consistent with the hypothesis that glacial/interglacial car-

bonate burial variations result mainly from changes in carbonate preservation in the deep
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ocean, associated with a major change in deep-sea CO2 storage (e.g., Anderson et al.,

2008; Yu et al., 2020). Nonetheless, recent work on modern CaCO3 export fluxes in the

water column is revealing previously unrecognized biological production influences on

CaCO3 sedimentation, such as the influence of aragonite on calcite preservation (Sulpis

et al., 2021, 2022), and there is still much to be discovered about how the LGM calcifier

ecosystem was different from today’s.

While our interpolated LGM CaCO3 burial map can be used to derive a deep-sea LGM

CaCO3 burial sink, some notes on its uncertainty must be mentioned due to its geo-

graphic sparseness. We assessed the accuracy of our interpolated LGM CaCO3 burial

estimates by comparing predicted CaCO3 burial values with those from the 103 sites

where 230Th-normalized CaCO3 fluxes have been observed directly. This analysis re-

sults in a root mean square error of 29% of the observed burial flux range. We use this

relative root mean square error as our assumed uncertainty in deriving a global LGM

CaCO3 burial flux. Furthermore, there is some geographic bias in the areas for which

no fluxes can currently be derived, with the lowest coverage in the Indian Ocean (Figure

2.3D). We therefore used a basin-specific scaling factor to correct for the relative amounts

of seafloor missing from the interpolated estimates, aimed at matching the same areal

distribution in our Holocene interpolation (Figure 2.3B) for better comparison.

This process results in a deep-sea LGM burial of 1.3 ± 0.4 Gt CaCO3 y−1, within

the error of our Holocene estimate (1.1 ± 0.3 Gt CaCO3 y−1). This analysis adds to

the evidence that total deep-sea CaCO3 burial did not change over glacial cycles but

makes clear that there were basinwide fractionations in CaCO3 burial. For instance, the

Holocene balance of CaCO3 burial between basins is 40% Atlantic, 22% Pacific, 20%

Indian, 17% Southern, and 0.4% Arctic (Hayes et al. 2021; note that in this scheme the

Southern Ocean is defined as south of 40°S). By contrast, in our LGM CaCO3 burial

reconstruction the balance is 33% Atlantic, 41% Pacific, 17% Indian, 10% Southern, and

<0.1% Arctic. This suggests that the increased glacial CaCO3 burial in the Pacific was

balanced by reduced carbonate burial in all other basins, rather than only in the Atlantic,

as had first been theorized (Balsam, 1983; Crowley, 1985; Farrell & Prell, 1989). More

estimates of glacial period 230Th-normalized fluxes from the key gap regions highlighted

in Figure 2.3D will be necessary to investigate this possibility further.
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2.5.3 Quaternary coral reef accumulation

Fossil coral reefs are important archives of Quaternary sea level change and reef accu-

mulation (see reviews by Dullo (2005) and Camoin and Webster (2015). Notable reef

sequences used to characterize the last deglaciation include those obtained from Barba-

dos (e.g., Fairbanks, 1989), Tahiti (e.g., Camoin et al., 2012), and the Great Barrier Reef

(e.g., Webster et al., 2018; Yokoyama et al., 2018), while drilling efforts in regions such

as New Caledonia have yielded records extending through earlier glacial stages (e.g.,

Cabioch et al., 2008; Montaggioni et al., 2011). An exceptional example is the 300-ky

record obtained by Camoin et al. (2001), which contains both sea level high- and low-

stand reef units, an uncommon achievement in coral reef drilling (Camoin & Webster,

2015). More recently, the 30-ky record from the Great Barrier Reef documented reef

accretion rates and the presence of shelf-edge reefs during the LGM (Webster et al.,

2018; Yokoyama et al., 2018). Such direct observations constrain reef establishment and

productivity only for specific locations, so global estimates of reef productivity rely on

a limited number of records to be representative of reefs globally (e.g., Hinestrosa et al.,

2022; Ryan et al., 2001; Vecsei & Berger, 2004).

Based on the recent data from the Great Barrier Reef (Webster et al., 2018; Yokoyama

et al., 2018), Hinestrosa et al. (2022) attempted a global estimate of postglacial reef

accumulation that accounted for both Holocene reef accumulation and drowned reefs

(established on the shelf edge during the LGM). They reported global estimates of ∼1

GtCaCO3 y−1 for Holocene reefs (80 ka) and 0.2 Gt CaCO3 y−1 for drowned reefs (19–10

ka), noting that the extrapolation from Great Barrier Reef estimates to global estimates

strongly depends on the value used for global reef area. In any case, the finding that

drowned reefs may equal ∼16–40% of the Holocene reef deposits at the Great Barrier

Reef suggests an important role for drowned reefs in the global carbonate budget, and

the calculated rate of accumulation for drowned reefs prior to 8 ka is similar to a previous

estimate by Vecsei and Berger (2004).

Vecsei and Berger (2004) estimated global reef accumulation since the LGM by combin-

ing fossil records from tropical and subtropical reefs and using sea level records and reef

depth distributions to identify patterns of reef production. They concluded that reef

production during the LGM and initial deglaciation (∼21–14 ka) was low (we note that

accretion during the 19-ka meltwater pulse (Clark et al., 2004) may have contributed

24



but is not quantified here), while the late deglaciation (∼10–6 ka) saw the highest pro-

duction with slowing sea level rise (Vecsei & Berger, 2004). Based on an estimate of 80%

preservation for reef carbonate from Milliman (1993) and the extrapolation of modern

reef area to past reefs, reef accumulation for 0–6 ka, 6–8 ka, and 8–14 ka was estimated to

be 0.23, 0.41, and 0.12 Gt CaCO3y−1, respectively. Though limited by a range of uncer-

tainties (e.g., past reef area, global extrapolation of production rates and preservation,

contribution from fore reefs and temperate shelves, and intermittent productivity), these

estimates are conservative and imply at least a threefold increase in reef accumulation

from the LGM (<0.12 Gt CaCO3 y−1) to peak deglacial accumulation (0.41 Gt CaCO3

y−1). The cumulative reef accumulation since 14 ka (∼2,900 Gt CaCO3) was estimated

to account for 211 Gt of carbon emissions over the same period; adding conservative

estimates for accumulation on isolated banks and platforms (∼250 Gt CaCO3) raised

the emissions estimate to 225 Gt of carbon released as CO2 (Vecsei, 2004a; Vecsei &

Berger, 2004). The effect on atmospheric pCO2 ultimately depended on the emission

rate and uptake by the deep ocean or terrestrial biosphere. These findings were broadly

supportive of the coral reef hypothesis (Berger, 1982; Opdyke & Walker, 1992), with

increased coral growth (and CO2 emissions) coinciding with rising sea level and flooding

of continental shelves, where reef habitat is prevalent.

The approach of Vecsei and Berger (2004) cannot reliably be applied to periods earlier

than the LGM due to the scarcity of preserved reef records. To assess coral reef accu-

mulation over the Pleistocene, continuous accumulation records extending over multiple

glacial cycles are needed. Obtaining such records from direct observations is currently

out of reach, yet numerical modeling offers an alternative approach for global reef accu-

mulation reconstructions. Coral calcification rates have been modeled as a function of

environmental factors (e.g., water temperature, light, and carbonate saturation state)

to predict reef responses to environmental change (Jones et al., 2015; Kleypas, 1997;

Kleypas et al., 2011; Lough, 2008; Silverman et al., 2007, 2009). While these models are

geared toward understanding how future environmental change will impact reefs, they

also provide a means of estimating reef production for given environmental conditions.

For instance, O’Mara and Dunne (2019) utilized the coral productivity models of Kley-

pas (1997), Lough (2008), and Silverman et al. (2007) in their estimation of modern

neritic carbonate burial (Section 2.2.4).
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Over long timescales, reef productivity also depends on sea level oscillations, uplift,

subsidence, substrate morphology, and coastal erosion (Husson et al., 2018). Husson et

al. (2018) assumed that the physicochemical factors important for local reef production

(e.g., temperature, light, and carbonate saturation state) cancel out on a global scale,

so that external factors such as uplift, subsidence, and erosion are the primary drivers

of global reef productivity during the Quaternary. Their numerical model simulated reef

productivity in response to sea level change, uplift, subsidence, and erosion over 1,500

ky, advancing beyond the modeling of individual reef systems (reviewed in Camoin &

Webster, 2015) by extrapolating globally (Husson et al., 2018). Taking the last glacial

period as representative, the model predicted near-zero reef productivity during sea level

regression, a gradual increase during deglaciation to peak Early Holocene productivity

(∼1.9 Gt CaCO3 y−1 around 10 ka), and a slight decrease to the Late Holocene. The

timing of the late deglacial production peak aligns with prior observations (Vecsei &

Berger, 2004), and the predicted Late Holocene production rate (∼0.8 Gt CaCO3 y−1)

agrees well with observation-based modern estimates (Table 2.1). Across the entire

simulation, peak production occurred ∼5 ky prior to sea level maxima and lasted several

thousand years, with typical values from 2.5 to 4.5 Gt CaCO3 y−1 for most late deglacial

periods and maxima calculated at MIS 11 and MIS 31 (>10 Gt CaCO3 y−1) (Husson

et al., 2018). Lowstands were characterized by negligible production rates.

Global reef accumulation rates were not reported by Husson et al. (2018); accurate

conversion of production rates to accumulation rates will require better knowledge of the

preservation of reef carbonate over the past 1,500 ky. Approximating 80% preservation

(Milliman, 1993) yields peak deglacial accumulation rates of 1.5 Gt CaCO3 y−1 for the

Holocene (more than three times greater than the peak estimate of Vecsei and Berger

(2004)) and 2.0–3.6 Gt CaCO3 y−1 for most deglaciations, with negligible accumulation

during the LGM and other glacial lowstands. Based on their productivity estimates,

Husson et al. (2018) predicted ∼1,400 Gt of carbon released as CO2 during the last

deglaciation (20–7 ka).

2.5.4 Quaternary carbonate burial on banks, shelves, and slopes

Past carbonate burial on banks, continental shelves, and slopes has remained difficult to

estimate for a variety of reasons, particularly the significant spatial and temporal hetero-
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geneity in carbonate production and accumulation (Section 2.4.2). Current observations

are insufficient for compiling a globally representative record of Quaternary carbonate

burial in these environments, but localized studies offer some insight into their role in

the global carbonate budget. For example, Vecsei (2004b) evaluated carbonate produc-

tion on isolated carbonate banks (0 to ∼70 m depth) from 0 to 20 ka and concluded

that carbonate production was low during rapid sea level rise from the LGM to ∼14 ka,

with episodically increasing production after 14 ka and peak production after 6 ka as sea

level rise slowed. The study included only banks at low latitudes since the geographic

and depth distributions of high-latitude banks are poorly known; this limitation may be

addressed in the future with numerical modeling. Recent work by Laugié et al. (2019)

extended the modeling of coral reefs discussed in Section 2.5.3 by developing a model

of shallow marine carbonate factories in the modern ocean as a function of sea surface

temperature and salinity, depth, and primary productivity. Their modeling framework

demonstrates the potential for deriving geographic distributions of shallow marine car-

bonates from oceanographic parameters, which could meet the ongoing need for better

spatial characterization in the modern and past ocean.

Continental shelf carbonate burial fluxes are highly location specific due to numerous

factors that influence production, transport, and preservation (e.g., upwelling nutrients,

riverine fluxes, terrigenous sediment accumulation, presence of Halimeda algae, lati-

tude, and seasonality). Consequently, local studies provide depositional models only for

certain biogeochemical and oceanographic conditions. For instance, a study of Late Qua-

ternary sediments on the Ross Sea shelf provided insight into carbonate accumulation in

a high-energy, glaciation, polar shelf environment (Frank et al., 2014). The scarcity and

complexity of these local observations hinder our ability to improve upon the approxi-

mation of the global continental shelf carbonate flux made by Milliman (1993), which

relied on broad assumptions about the geographic area and average composition of shelf

sediments.

Where observations are insufficient, modeling can provide some constraints on shallow

burial fluxes. van der Ploeg et al. (2019) used an alkalinity mass balance model to

estimate Cenozoic global carbonate burial along continental margins. Though the con-

tributions of each shallow marine setting cannot be distinguished by this approach, the

model yields global neritic carbonate burial estimates that integrate the contributions
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of each environment. This modeling approach could potentially be applied over shorter

timescales (e.g., glacial/interglacial cycles) to resolve changes in neritic carbonate burial.

Importantly, the alkalinity input from weathering and the pelagic burial flux must be

well constrained over the time interval of interest to solve for the neritic carbonate burial

flux using the alkalinity mass balance model. Moreover, this modeling approach assumes

steady state (mass balance) in alkalinity input and output on the relevant timescales,

which may not hold for the short timescales of glacial/interglacial sea level fluctuations.

2.5.5 Summary

The available Quaternary reconstructions of pelagic carbonate burial do not indicate

that global carbonate burial in the deep sea increased during glacial periods, as would

be expected if steady state were maintained over glacial cycles. Our updated compilation

of 230Th-normalized LGM carbonate burial fluxes provides further evidence that LGM

burial rates were the same as those during the Holocene (within error). The MAR-

based reconstruction by Cartapanis et al. (2018) suggested burial minima during glacial

periods, which would exacerbate the buildup of ocean alkalinity from the dissolution

of exposed shelf carbonates. Records derived from fossil coral reefs generally confirm

that reef accumulation accelerated during the transition from the LGM to interglacial

conditions, yet only a few global estimates based on observations and modeling are

available for the Quaternary. The bank, shelf, and slope carbonate sinks are still poorly

constrained, but recent efforts have demonstrated the potential for modeling of neritic

carbonate burial to fill the observational gaps.

2.6 Ongoing challenges and opportunities

Despite the advances described in the preceding sections, our quantitative grasp of global

glacial/interglacial carbonate burial remains limited. Significant uncertainties persist

even for estimates of modern export, dissolution, and burial fluxes (e.g., Battaglia et

al., 2016; Sulpis et al., 2021, 2022). A robust quantitative understanding of present-day

carbonate burial is necessary if we expect to accurately estimate burial fluxes in the past

and compare across glacial/interglacial cycles. We require greater attention to carbonate

production, export, and preservation in marginal environments, where our observations

28



are sparse, yet we expect sea level–driven variations in burial over the glacial/interglacial

cycles. On a global scale, proxies that are incorporated into carbonate and recorded in

marine sediments, such as strontium and calcium isotopes, provide new opportunities to

generate continuous records reflecting carbonate burial through time.

2.6.1 Heterogeneous neritic carbonate sinks

As noted throughout this review, the complex mosaic of habitats on carbonate shelves,

platforms, and reefs is a primary complication in estimating total carbonate production

and sedimentation. In addition to corals, shallow marine organisms such as echinoderms

(Lebrato et al., 2010), Halimeda algae (Drew, 1983), and calcifiers living in seagrass

ecosystems (Mazarrasa et al., 2015) produce significant amounts of neritic carbonate

sediment, but their inclusion in global carbonate budgets has been limited. To better

represent the contributions of these groups, we need new methods for characterizing

their distribution and abundance. Since carbonate sedimentation by these calcifying

organisms varies by species and habitat (e.g., Castro-Sanguino et al., 2020; de Macêdo

Carneiro & de Morais, 2016; de Macêdo Carneiro et al., 2018; Mazarrasa et al., 2015;

Perry et al., 2017, 2019), the coverage of habitat type must be known in addition to

within-habitat species abundance and sedimentation rates. Provided that there are

adequate field-based estimates of the latter, satellite imagery might be leveraged to

define habitat coverage (e.g., Perry et al., 2019; Utami et al., 2018) to scale localized

studies to regional carbonate budgets for the modern shallow ocean.

2.6.2 Halimeda bioherms

Recent studies of the Halimeda bioherms of the Great Barrier Reef demonstrated that

this component of the Holocene neritic carbonate budget has been vastly underestimated.

The biohermsmounds of accumulated Halimeda skeletal fragments—record accumulation

of Halimeda carbonate in some regions (for detailed descriptions of Halimeda bioherms,

see Davies (2011) and (McNeil et al., 2020)). New mapping with airborne lidar and

multibeam bathymetry revealed that the Great Barrier Reef bioherms covered three

times the previously estimated area (McNeil et al., 2016). With carbonate volumes

equal to or greater than the adjacent coral reefs (Rees et al., 2006), these bioherms

contributed significantly more to the shelf carbonate budget than has been accounted
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for (Iglesias-Rodriguez et al., 2002; Milliman, 1993). Comparable volumes of carbonate

were mapped on a carbonate platform off northwestern India (Rao et al., 2018). Globally

extrapolating Great Barrier Reef Halimeda accumulation yields an estimated increase

of ∼4–8% in the Holocene carbonate budget (Hinestrosa et al., 2022).

Other identified (but inadequately mapped) regions of Holocene bioherms include

Kalukalukuang Bank in the eastern Java Sea, the Nicaraguan Rise in the southwest

Caribbean, and the Big Bank Shoals in the Timor Sea (McNeil et al., 2020). Older fossil

bioherms have been found on the Fifty Fathom Flat, India (Late Quaternary); Funa-

futi, Tuvalu (Pleistocene); the Solomon Islands (Pleistocene); and Vanuatu (Pliocene to

Pleistocene) and have been studied little since their discoveries (McNeil et al., 2020).

Estimates of the carbonate inventories of these bioherms, which will require updated

mapping and analyses of carbonate content, can improve our estimates of how much

carbonate was buried on shelves and platforms when these were flooded during inter-

glacial periods.

2.6.3 Geochemical proxies

Given the challenges of estimating global carbonate burial from direct observations, we

can turn to geochemical proxies that reflect a global signal of the integrated carbonate

fluxes. The precipitation of carbonate incorporates not only calcium (Ca2+) but also

trace amounts of magnesium (Mg2+) and strontium (Sr2+) into the crystal structure.

The effect of carbonate burial on the global ocean inventories of these elements and their

isotopes, which in some cases are fractionated between seawater and precipitating car-

bonate, is recorded in the elemental ratios and isotopic composition of marine sediments.

While magnesium isotope records indicate that carbonate deposition is not a primary

control on seawater magnesium over the Cenozoic (Gothmann et al., 2017; Higgins &

Schrag, 2015), seawater Sr/Ca ratios (Stoll & Schrag, 1998), strontium isotopes (Paytan

et al., 2021), and calcium isotopes (Fantle, 2010; Griffith & Fantle, 2020) may be sensi-

tive to glacial/interglacial variations in carbonate burial and thus serve as useful global

proxies.
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Strontium/calcium ratio

Strontium is added to the ocean by continental weathering and hydrothermal activity

and removed by the precipitation of both neritic aragonite (strontium rich) and pelagic

calcite (strontium poor). Due to the enrichment of strontium in aragonite (DSr ≈ 1

for aragonite, compared with DSr ≈ 0.1 for calcite), the ocean strontium inventory

is strongly influenced by the burial of shelf aragonite, with a smaller effect from the

partitioning of carbonate burial between the shallow and deep ocean (Graham et al.,

1982; Schlanger, 1988; Stoll & Schrag, 1998). During glacial periods, sea level regression

exposed continental shelves where metastable aragonite recrystallized to calcite and re-

leased large amounts of strontium to the ocean that were only partially reprecipitated

in calcite. Such a change in seawater strontium concentrations would theoretically be

reflected in the Sr/Ca ratio of seawater, as calcium is conserved during aragonite recrys-

tallization, though concurrent variation in calcium fluxes could mute the change in the

strontium/calcium ratio (Stoll & Schrag, 1998).

Stoll and Schrag (1998) modeled a 1–3% change in seawater Sr/Ca over glacial/interglacial

cycles, but direct reconstructions using planktic and benthic foraminifera yielded differ-

ing records with greater variability (Martin et al., 1999; Stoll et al., 1999). Recon-

structing seawater Sr/Ca is an ongoing challenge, as illustrated by conflicting records of

Cenozoic seawater Sr/Ca derived from gastropods, CaCO3 veins, benthic foraminifera,

fish teeth, corals, and belemnites/rudists (Balter et al., 2011; Coggon et al., 2010; Ivany

et al., 2004; Lear et al., 2003; Sosdian et al., 2012; Steuber & Veizer, 2002; Tripati et al.,

2009). Such reconstructions are complicated by secondary effects such as growth rate,

selective dissolution, and carbonate ion saturation, which influence carbonate Sr/Ca ra-

tios to varying degrees depending on species (Elderfield et al., 2000; Stoll et al., 1999;

Tripati et al., 2009; Yu, Elderfield, et al., 2014). Furthermore, Lebrato et al. (2020)

demonstrated significant global variability in modern seawater Sr/Ca ratios and sug-

gested that regional environmental effects contributed to the differences among paleo

seawater Sr/Ca records. Marine barite has been proposed as an alternative archive of

seawater Sr/Ca (Averyt & Paytan, 2003), as barite is not subject to the same biologi-

cal effects as biogenic carbonate, but the potential influence of other factors (e.g., water

depth) on barite strontium content has not been fully explored (Griffith & Paytan, 2012).

Despite these limitations, records of seawater strontium concentrations should not be
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discounted as a means of inferring carbonate burial rates. Among the next steps is fur-

ther investigation of archives such as marine barite that may passively record seawater

chemistry without biological or preservation effects.

Stable strontium isotopes

The stable strontium isotopic composition of seawater (δ88/86Sr) provides a new con-

straint on the ocean strontium budget (in addition to the traditional radiogenic stron-

tium isotope ratio, 87Sr/86Sr) (Krabbenhöft et al., 2010; Paytan et al., 2021; Pearce

et al., 2015; Vollstädt et al., 2014). Due to the fractionation of stable strontium isotopes

between seawater and carbonate (-0.18‰) and the enrichment of strontium in aragonite,

seawater δ88/86Sr is sensitive to neritic carbonate burial and recrystallization. Paytan

et al. (2021) published a seawater δ88/86Sr record derived from marine barite over the

past 35 My, demonstrating that δ88/86Sr can be used to estimate variations in the ocean

strontium inventory and infer changes in neritic carbonate burial. Significant variability

in Quaternary seawater δ88/86Sr values suggests that the effect of glacial/interglacial

shifts in shallow marine carbonate burial may be resolved with a high-resolution record

(Paytan et al., 2021).

Stable calcium isotopes

Calcium isotopes also provide new insight, though their application to reconstructing

past carbonate burial is not straightforward. Weathering is the primary input of cal-

cium to the ocean, while CaCO3 sedimentation removes calcium with a large fractiona-

tion of δ44Ca (approximately -1.3‰) between seawater and CaCO3 (Griffith & Fantle,

2020). Though imbalances between the weathering and carbonate burial fluxes would

theoretically be reflected by changes in seawater δ44Ca, there is uncertainty around the

assumption of a constant seawater-carbonate fractionation factor through time and the

fidelity of calcium isotope archives (for an in-depth review of calcium isotopes and their

application to the global calcium cycle, see Griffith and Fantle (2020)). As future work

resolves these issues, reconstructions of seawater calcium isotopes may prove useful for

inferring carbonate burial changes.
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Non-steady-state modeling

The potentially dynamic cycles of strontium and calcium in the ocean (e.g., Griffith

et al., 2008; Paytan et al., 2021; Vance et al., 2009) can be modeled using the additional

budget constraints provided by the geochemical proxies discussed above. Despite the

long residence times of calcium (∼1 My) and strontium (∼2.5 My), extreme changes

in weathering or carbonate sedimentation can drive budget imbalances over shorter

timescales (e.g., glacial/interglacial cycles). There is little evidence that the decrease

in neritic carbonate burial during glacial periods was compensated for by an increase

in deep-sea burial. Deglacial changes in weathering regimes and weatherability are also

possible (Vance et al., 2009). If we relax the assumption that the ocean strontium and

calcium cycles were at steady state over the Quaternary, changes in the δ88/86Sr and

δ44Ca of seawater may reflect transient imbalances in the weathering and carbonate

burial fluxes (e.g., De La Rocha & DePaolo, 2000; Griffith et al., 2008; Krabbenhöft

et al., 2010; Paytan et al., 2021; Vollstädt et al., 2014). Though using these isotopic

records to obtain continuous records of past global carbonate burial will require robust

constraints on input fluxes and isotopic composition, this is a promising approach for

quantifying Quaternary carbonate burial.

2.7 Conclusions

Significant advances in quantifying present-day and Quaternary carbonate burial have

been made over the last few decades. Compilations of deep-sea carbonate accumula-

tion records yielded improved global flux estimates for the Holocene and LGM. Various

modeling approaches have been used to better quantify burial fluxes in shallow ma-

rine environments. Increasing recognition of underestimated components of the neritic

carbonate budget has prompted investigations of carbonate accumulation by Halimeda

algae, echinoderms, and other shallow-ocean dwellers that must be incorporated into

future carbonate budgets.

Nevertheless, accurate reconstruction of global carbonate burial over glacial/interglacial

timescales remains challenging, largely due to the difficulty of obtaining a continuous

global record from discrete observations. Continued exploration of glacial-age carbonate

fluxes throughout the deep sea will help evaluate hypotheses related to the geographic
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variations in carbonate burial. Emerging paleoceanographic proxies such as the stable

strontium and calcium isotope systems can also help fill these gaps.

The links between marine carbonate burial and atmospheric pCO2 via the ocean car-

bonate system prompted the idea that sea level–driven shifts in carbonate burial had an

impact on Quaternary climate, potentially accounting for ∼6–20 ppm of the observed

∼90 ppm pCO2 rise recorded in ice cores from the LGM to Holocene (Kohfeld & Ridg-

well, 2009; Ridgwell et al., 2003). The magnitude and consequences of this mechanism

may only be fully explored when we have confidently quantified the global carbonate

burial fluxes in the shallow and deep ocean over glacial/interglacial cycles.
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Chapter 3

Stable and radiogenic strontium

isotopes trace the composition and

diagenetic alteration of remnant

glacial seawater

This chapter has been submitted to Geochimica et Cosmochimica Acta: Wood, M.M.,

Blättler, C.L., Kolevica, A., Eisenhauer, A., Paytan, A. Stable and radiogenic strontium

isotopes trace the composition and diagenetic alteration of remnant glacial seawater.

Data can be accessed via the Mendeley Data Repository at doi.org/10.17632/xs738ckr2m.1.

3.1 Abstract

A remnant of glacial seawater preserved in the pore fluids of sediment cores from the

Maldives Inner Sea provided an opportunity to investigate the stable strontium iso-

topic composition (δ88/86Sr) of the ocean during the Last Glacial Maximum and explore

the usefulness of δ88/86Sr as a tracer of early marine diagenesis. We used paired mea-

surements of δ88/86Sr and radiogenic Sr isotope ratios (87Sr/86Sr) in pore fluids and

surrounding carbonate sediments to constrain the diagenetic history of the preserved

glacial water mass at IODP Sites U1466 and U1468. These pore fluid profiles docu-
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ment variability in δ88/86Sr in a shallow marine setting, revealing distinct diagenetic

processes dominating within different depth intervals. We find evidence for isotope frac-

tionation during secondary calcite precipitation at intermediate depths and observe that

in aragonite-dominated settings, fractionation during recrystallization may be obscured

by the dissolution of aragonite in the uppermost sediments. Correcting for the effect

of carbonate recrystallization on pore fluid Sr concentration ([Sr]) and isotopic compo-

sition, we estimate that glacial seawater [Sr] was higher (∼98 µM) and δ88/86Sr lower

(∼0.32‰) compared to the modern ocean, consistent with hypotheses attributing the

present-day disequilibrium of the ocean Sr budget to glacial/interglacial changes in shelf

carbonate weathering and burial. Our results provide evidence that the ocean Sr inven-

tory and δ88/86Sr are sensitive to carbon cycle changes on timescales much shorter than

its residence time (∼2 Myr) and demonstrate that pore fluid δ88/86Sr measurements are

a useful addition to multi-tracer studies of diagenesis in complex marine systems.

3.2 Introduction

Efforts to reconstruct glacial seawater chemistry predominantly rely on indirect proxy

evidence in sediments or fossils that can be translated to the elemental and isotopic com-

position of the past ocean. Such reconstructions are inherently subject to uncertainties

stemming from, for example, imperfect preservation of the sediment archives, biolog-

ical or temperature effects, or assumptions of constant isotope fractionation through

time. The discovery of a preserved remnant of Last Glacial Maximum (LGM) seawater

in the interstitial fluids of a carbonate platform in the Maldives Inner Sea yielded a

new archive from which geochemical properties of glacial seawater may be more directly

derived (Blättler et al., 2019). The glacial-age pore fluids recovered by International

Ocean Discovery Program Expedition 359 record increases in chloride concentrations,

oxygen isotope ratios (δ18O) and deuterium isotope ratios (δD) of 25 mM (4.5% change

in chloride), 1.2‰, and 9‰, respectively, consistent with an LGM origin. Analyses of

reactive geochemical tracers (strontium concentrations and calcium isotope ratios) re-

vealed complex reactive histories for the water masses at these sites but suggest that the

shallowest glacial pore fluids have been only minimally altered by reactions with the car-

bonate sediments (Figures 3.1 and 3.2) (Blättler et al., 2019). These minimally-altered

pore fluids offer a unique archive for investigating the chemical composition of seawater
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during the LGM.

The stable strontium isotopic composition (δ88/86Sr) of glacial seawater is of particular

interest, as several studies have converged on the idea that non-steady-state processes

operating over glacial/interglacial cycles drove imbalances in the strontium (Sr) budget

and fluctuations in seawater δ88/86Sr (Krabbenhöft et al., 2010; Mokadem et al., 2015;

Paytan et al., 2021; Pearce et al., 2015; Vance et al., 2009). The ocean Sr budget is

presently not in equilibrium (Davis et al., 2003; Krabbenhöft et al., 2010; Pearce et al.,

2015; Vance et al., 2009). The rate of change in seawater radiogenic Sr isotope ra-

tios (87Sr/86Sr) calculated based on modern fluxes is ∼8 times faster than the observed

rate over the past few million years, suggesting high modern weathering rates relative

to the long-term rate (Vance et al., 2009). However, a post-glacial increase in conti-

nental weathering cannot alone explain the modern isotopic disequilibrium of seawater

δ88/86Sr; isotopic mass balance requires an additional source of isotopically light Sr,

which may have been supplied by weathering and recrystallization of exposed shallow

marine carbonate (aragonite) during the last glacial period (Krabbenhöft et al., 2010).

The predicted equilibrium of the glacial Sr budget is thought to have been perturbed

by sea level rise during deglaciation that cut off the carbonate weathering flux from the

exposed continental shelf and increased the flooded shelf area available for shallow ma-

rine carbonate burial. Neritic aragonite deposits are rich in Sr with low δ88/86Sr relative

to seawater due to isotope fractionation during carbonate precipitation, so changes in

shallow carbonate weathering and burial can influence both the ocean Sr inventory and

δ88/86Sr (Krabbenhöft et al., 2010; Pearce et al., 2015). In contrast, seawater 87Sr/86Sr

is not sensitive to mass-dependent fractionation in carbonates and has been shown to

be constant within analytical error over the last 40 kyr, limiting possible changes in

continental weathering to less than 12% (Henderson et al., 1994; Mokadem et al., 2015).

Combined constraints on glacial seawater 87Sr/86Sr and δ88/86Sr could more fully char-

acterize the glacial Sr budget and provide a new test of predicted glacial/interglacial

changes in the shelf carbonate fluxes.

Previous work relying on numerical models predicted an increase in glacial seawater Sr

concentration ([Sr]) due to the shelf recrystallization mechanism (Stoll & Schrag, 1998;

Stoll et al., 1999), which holds important implications for the carbonate chemistry of

the ocean and related changes in atmospheric carbon dioxide over glacial/interglacial
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cycles (Berger, 1982; Opdyke & Walker, 1992; Walker & Opdyke, 1995). The addition

of Sr to the glacial ocean from recrystallizing shelf carbonates would also be expected

to lower seawater δ88/86Sr relative to the modern value if the flux was large enough

to affect the ocean Sr inventory. Limited data exist to constrain the possible glacial

increase in [Sr] (modeled by Stoll and Schrag (1998) as only a ∼2% increase in Sr/Ca).

The only published data for Pleistocene seawater δ88/86Sr, reconstructed using marine

barite, indeed suggest that the average Late Quaternary seawater δ88/86Sr was ∼0.04‰

lower than today, with the range in δ88/86Sr corresponding to a calculated ≤25% increase

in [Sr] (Paytan et al., 2021). The Maldives pore fluid archive that is the focus of this

study suggests the possibility that glacial seawater [Sr] could have been higher than

today. The remnant LGM seawater [Sr] (∼120 to 150 µM) is elevated compared to the

modern concentration (88 µM). These higher concentrations could reflect some degree

of carbonate recrystallization (Blättler et al., 2019) and possibly a higher Sr inventory

in the glacial ocean associated with the shelf recrystallization hypothesis (Berger, 1982;

Stoll & Schrag, 1998).

In order to utilize the Maldives pore fluids as an archive of glacial seawater chemistry,

it is critical to correct for any alteration of the remnant LGM water mass through

sediment-fluid reactions. The diagenesis of carbonate in contact with marine pore fluids

can impart changes in pore fluid geochemistry, including [Sr] and the isotopes of Sr,

calcium, and magnesium among other tracers (Fantle et al., 2010; Fantle & DePaolo,

2007; Fantle & Higgins, 2014; Geske et al., 2015; Higgins & Schrag, 2012; Higgins

et al., 2018; Riechelmann et al., 2016). The effect of carbonate recrystallization on

pore fluid δ88/86Sr in shallow marine sediments has not been studied, with only one

previous study documenting these processes within deep-sea sediments (Voigt et al.,

2015), but it is expected that the effect may be more substantial in shallow marine

environments given the prevalence of Sr-rich aragonite, the much higher concentration

of Sr in aragonite compared to pore fluids, and the fractionation of 88Sr/86Sr between

carbonate and seawater (Fietzke & Eisenhauer, 2006; Krabbenhöft et al., 2010). At

the Maldives sites, Blättler et al. (2019) used both pore fluid [Sr] and calcium isotope

ratios (δ44/40Ca) to identify depth intervals where the LGM water mass had been only

minimally altered by carbonate recrystallization. These intervals (referred to hereafter

as the "best-preserved glacial" intervals) are the main target for our investigation of
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δ88/86Sr. However, we note that even a small degree of carbonate recrystallization can

alter the pore fluid δ88/86Sr composition and must be accounted for. Pore fluid 87Sr/86Sr,

which is often used as a tracer of carbonate recrystallization (Fantle et al., 2010; Fantle

& DePaolo, 2006; Richter & DePaolo, 1987, 1988), constrains the extent of carbonate

recrystallization at these sites and aids our interpretation of the pore fluid δ88/86Sr

profiles. Our combined measurements of 87Sr/86Sr and δ88/86Sr provide new insight to

the alteration of the best-preserved glacial water at Sites U1466 and U1468 and the

effect of early marine diagenesis on pore fluid and carbonate δ88/86Sr.

We show that the best-preserved glacial seawater at the Maldives sites has been more

extensively altered than previously inferred and that the contribution of carbonate re-

crystallization to the measured pore fluid Sr chemistry can be constrained using 87Sr/86Sr

and [Sr], providing a means of estimating glacial seawater δ88/86Sr. These measurements

of pore fluid δ88/86Sr in a shallow carbonate platform setting reveal distinct diagenetic

processes dominating at different depth intervals and demonstrate the usefulness of pore

fluid δ88/86Sr in multiple-tracer studies of complex carbonate systems.

3.3 Materials and Methods

3.3.1 Site description and background

International Ocean Discovery Program Expedition 359 recovered sediment cores at

eight sites including Site U1466 (4°55.99’N, 73°1.69’E, 518 m water depth) and Site

U1468 (4°55.98’N, 73°4.28’E, 521 m water depth) in the Maldives Inner Sea, drilling into

a drowned carbonate platform and overlying drift deposits of Miocene to Pleistocene age

(Betzler et al., 2017). Measurements of conservative tracers (δ18O, δD, chloride concen-

trations) and reactive tracers for carbonate recrystallization ([Sr], δ44/40Ca) in pore fluids

extracted from these cores were used to identify the origin of advected water masses in

the carbonate platform and their diagenetic histories (Blättler et al., 2019). The conser-

vative tracer profiles were interpreted as reflecting distinct water masses of different ages:

an interglacial (likely Holocene) water mass with δ18O ≈ 0.3‰, δD ≈ 3‰, and chloride

≈ 559 µM (0 to ∼60 mbsf) and a glacial water mass with δ18O ≈ 1.5‰, δD ≈ 12‰,

and chloride ≈ 584 µM (∼70 to ∼400 mbsf) (Blättler et al., 2019). Below 400 mbsf,

the conservative tracers return to the interglacial seawater values. The profiles of [Sr]
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and δ44/40Ca generally reflect variable degrees of carbonate recrystallization (aragonite-

to-calcite neomorphism and calcite-to-calcite recrystallization) at different depths and

along the upstream advective paths of the fluids (Blättler et al., 2019). The conversion

of Sr-rich aragonite to Sr-poor calcite releases Sr to pore fluids, while pore fluid δ44/40Ca

decreases toward equilibrium with the sediments (which have lower δ44/40Ca than sea-

water due to the ∼-1.0–1.5‰ average fractionation between precipitating carbonate and

seawater) (Fantle & DePaolo, 2007; Fantle & Tipper, 2014; Turchyn & DePaolo, 2011).

The reactive tracers shed light on the diagenetic histories of the water masses distin-

guished by the conservative tracers: the Holocene water mass remains largely unaltered

by exchange with the sediments (0 to 60 mbsf), the uppermost glacial water mass (the

best-preserved glacial interval) was interpreted as having minimal input of recrystallized

carbonate (∼70 to ∼110 mbsf at Site U1466, ∼70 to ∼170 mbsf at Site U1468), and the

deeper glacial water mass has undergone extensive reaction with carbonate sediments

(>110 mbsf at Site U1466, >170 mbsf at Site U1468) (Blättler et al., 2019) (Figures 3.1

and 3.2).

3.3.2 Sample selection

We analyzed 87Sr/86Sr and δ88/86Sr in pore fluids sampling the distinct Holocene and

glacial water masses identified by Blättler et al. (2019) at Sites U1466 and U1468 (Ta-

ble 3.1). We sampled coarsely throughout the depth intervals of pore fluid recovery

(maximum recovery depths of 309 mbsf and 838 mbsf at Site U1466 and Site U1468,

respectively). Selected samples from Site U1466 span depths of 0 to 261 mbsf while

samples from Site U1468 reach up to 799 mbsf, though we focused mainly in the upper

300 m. Pore fluid recovery was limited by lithification at greater depths. The pore

fluids in the sampled intervals are primarily within Miocene carbonate sediments, with

Pleistocene/Pliocene drift deposits in the upper 50 to 70 m (Betzler et al., 2018). Five

carbonate samples from Site U1468 spanning 30 to 680 mbsf were also analyzed to char-

acterize the Sr isotopic composition of the sediments in contact with the pore fluids

(Table 3.2).
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Table 3.1: Pore fluid Sr isotope measurements at Site U1466 and Site U1468 with internal
precision given by 2σmean. Asterisks indicate preparation replicate samples.

Site Hole Core Type Sect Depth (mbsf) δ88/86Sr 2σmean n 87Sr/86Sr 2σmean

U1466 A 1 H 1 0 0.391 0.009 4 0.709167 0.000006
U1466 A 1 H 2 2.96 0.350 0.009 4 0.709164 0.000010
U1466 A 2 H 4 10.96 0.335 0.002 4 0.709153 0.000008
U1466 A 3 H 4 20.45 0.333 0.003 4 0.709155 0.000001
U1466 A 4 H 4 29.74 0.350 0.003 2 0.709135 0.000003
U1466 A 5 H 4 39.4 0.325 0.000 2 0.709129 0.000004
U1466 A 5 H 4 39.4* 0.330 0.004 4 0.709154 0.000010
U1466 A 6 H 4 48.9 0.324 0.008 2 0.709129 0.000009
U1466 A 8 H 4 67.9 0.272 0.006 2 0.709098 0.000014
U1466 A 9 H 4 76.9 0.285 0.006 4 0.709081 0.000007
U1466 A 11 H 4 92.6 0.287 0.009 4 0.709085 0.000004
U1466 A 11 H 4 92.6* 0.291 0.004 4 0.709083 0.000008
U1466 A 13 H 4 106.4 0.247 0.005 4 0.709031 0.000001
U1466 A 15 H 4 125.4 0.186 0.002 4 0.709014 0.000001
U1466 A 19 F 2 148.5 0.156 0.002 4 0.708944 0.000001
U1466 A 21 H 4 159.68 0.138 0.006 4 0.708937 0.000004
U1466 A 28 F 2 195.81 0.159 0.006 2 0.708902 0.000003
U1466 A 40 F 2 261 0.193 0.004 4 0.708901 0.000002

U1468 A 1 H 1 0 0.364 0.009 4 0.709182 0.000005
U1468 A 2 H 3 7.4 0.354 0.005 2 0.709149 0.000004
U1468 A 4 H 4 27.85 0.362 0.005 4 0.709162 0.000009
U1468 A 4 H 4 27.85* 0.342 0.014 4 0.709146 0.000001
U1468 A 6 H 4 47.35 0.348 0.009 4 0.709118 0.000002
U1468 A 8 H 4 66.3 0.358 0.003 4 0.709115 0.000001
U1468 A 10 H 4 85.3 0.338 0.003 4 0.709114 0.000004
U1468 A 12 H 4 102.65 0.335 0.003 2 0.709104 0.000005
U1468 A 12 H 4 102.65* 0.337 0.009 4 0.709107 0.000002
U1468 A 14 F 2 115.5 0.336 0.001 2 0.709107 0.000001
U1468 A 20 F 2 137.7 0.302 0.006 4 0.709106 0.000002
U1468 A 22 F 2 148.2 0.275 0.006 4 0.709095 0.000007
U1468 A 30 F 2 190.6 0.077 0.005 4 0.708895 0.000004
U1468 A 37 F 1 217.6 0.172 0.001 4 0.708867 0.000001
U1468 A 48 F 1 302.1 0.264 0.003 4 0.708867 0.000006
U1468 A 53 X 2 327.35 0.281 0.002 4 0.708879 0.000006
U1468 A 53 X 2 327.35* 0.289 0.001 4 0.708881 0.000005
U1468 A 61 X 4 385.1 0.285 0.025 4 0.708915 0.000002
U1468 A 61 X 4 385.1* 0.286 0.006 4 0.708898 0.000010
U1468 A 74 X 3 509.91 0.315 0.009 4 0.708844 0.000006
U1468 A 74 X 3 509.91* 0.332 0.001 4 0.708829 0.000001
U1468 A 74 X 3 509.91* 0.324 0.008 4 0.708844 0.000002
U1468 A 89 X 2 653.42 0.483 0.006 4 0.708765 0.000008
U1468 A 104 X 2 799.41 0.514 0.001 4 0.708630 0.000004
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Table 3.2: Carbonate Sr isotope measurements at Site U1468 with internal precision
given by 2σmean. Asterisks indicate preparation replicate samples.

Site Hole Core Type Sect Depth (mbsf) δ88/86Sr 2σmean n 87Sr/86Sr 2σmean

U1468 A 4 H 4 27.9 0.170 0.018 4 0.709097 0.000006
U1468 A 4 H 4 27.9* 0.190 0.016 4 0.709059 0.000002
U1468 A 14 F 2 115.6 0.230 0.011 4 0.708857 0.000010
U1468 A 30 F 2 190.7 0.310 0.007 4 0.708888 0.000007
U1468 A 30 F 2 190.7* 0.330 0.004 4 0.708850 0.000001
U1468 A 63 X 2 401.6 0.290 0.007 4 0.708839 0.000006
U1468 A 92 X 1 680.79 0.290 0.005 4 0.708471 0.000001

3.3.3 Sample preparation

Pore fluids were extracted shipboard by standard methods as reported in Blättler et al.

(2019). We processed carbonate samples from squeeze cake bulk sediments according

to a carbonate leaching method where approximately 100 mg of powdered sample was

weighed into acid washed 50 mL centrifuge tubes. Samples were rinsed three times with

ultrapure water to remove non-bound Sr, shaken and centrifuged, and the supernatant

was decanted. The carbonate was dissolved using triple-distilled 0.75N HCl which was

briefly reacted with the sample, centrifuged, and decanted. Pore fluids and dissolved

carbonates were measured for elemental composition by inductively coupled plasma op-

tical emission spectrometry and the resulting [Sr] of each sample was used to determine

the amount of 87Sr/84Sr spike to be added to a volume containing 600 ng Sr. Stron-

tium from both spiked and un-spiked (used to measure 87Sr/86Sr) aliquots was purified

using Eichrom’s Sr-Spec stick/non-stick resin on 1 mL Bio-Rad columns (Krabbenhöft

et al., 2010; Krabbenhöft et al., 2009). Following cleaning and conditioning steps, the

sample was loaded onto the column and washed with 5 mL of triple-distilled 8N HNO3

before Sr was eluted with 7 mL of triple-distilled 0.05N HNO3. Procedural Sr blanks for

the carbonate leaching and column procedures were <1.5 ng and <0.5 ng, respectively,

which are sufficiently low for the sample size prepared (<0.3%).

3.3.4 Strontium isotope analyses

Radiogenic and stable Sr isotope analyses were carried out at GEOMAR-Helmholtz

Center for Ocean Research Kiel (Germany) using the double-spike thermal ionization

mass spectrometry (DS-TIMS) method detailed by Krabbenhöft et al. (2009). In short,
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approximately 600 ng Sr was loaded onto degassed rhenium filaments with a tantalum

activator, dried, and heated briefly at 2 A before loading on the TIMS. A single measure-

ment requires separate analyses of an 87Sr/84Sr-spiked sample and an unspiked sample,

from which the 88Sr/86Sr ratios were calculated by the double spike correction algorithm

and reported in delta notation as δ88/86Sr (‰) = (88Sr/86Srsample/ 88Sr/86SrSRM987 -

1 ) * 1000. We report the traditional radiogenic Sr isotope value 87Sr/86Sr normal-

ized to a 88Sr/86Sr ratio of 8.375209. The typical internal precision for an individual

measurement is <0.00001 for 87Sr/86Sr and <0.01 for 88Sr/86Sr (shown in Tables 3.1

and 3.2). The external reproducibility, which fully captures the variability introduced

by the chemical preparation, was determined by repeated measurements of the JCp-1

coral standard (δ88/86Sr =0.19±0.01‰, 87Sr/86Sr,=0.70918±0.00002, n=9), the IAPSO

seawater standard (δ88/86Sr =0.39±0.01‰, 87Sr/86Sr,=0.709174±0.000007, n=10), and

NIST® SRM® 987 (δ88/86Sr =0.00±0.02‰, 87Sr/86Sr,=0.71026±0.00002, n=6) sepa-

rately processed by Sr-Spec chromatography.

3.4 Results

3.4.1 Pore fluid δ88/86Sr and 87Sr/86Sr

At Site U1466, pore fluid [Sr] in the upper 10 meters of the core is similar to modern

seawater (88 µM), increasing to ∼150 µM between 10 and 30 mbsf (Figure 3.1). Below

110 meters depth, [Sr] rapidly increases to greater than ∼400 µM. The δ88/86Sr profile

shows opposing shifts to [Sr] with depth, decreasing from 0.4‰ at the core top to

0.33‰ over the upper 20 meters and maintaining this value until about 50 meters depth.

Between 100 and 160 mbsf, δ88/86Sr rapidly decreases to a minimum value of 0.14‰ as

[Sr] increases. Below 160 mbsf, δ88/86Sr increases back to 0.19‰ in the deepest sample.

Radiogenic Sr decreases with depth from 0.709167 to 0.708901, with the greatest shift

in 87Sr/86Sr occurring between 70 and 160 meters depth (0.709081 to 0.708937).

Site U1468 pore fluids exhibit similar trends but differ significantly from the Site U1466

profiles within the best-preserved glacial interval (70–170 mbsf) and extend to greater

depths (Figure 3.2). Strontium concentrations increase from 87 µM to 130 µM in the

upper 30 meters and plateau until below 150 mbsf. Between 150 and 500 mbsf, [Sr]

reaches 450 µM before decreasing from 400µM to ∼220 µM between 500 and 800 mbsf.
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Figure 3.1: Site U1466 pore fluid profiles of 87Sr/86Sr and δ88/86Sr measured in this
study, with published [Sr], chloride concentrations, δ18O, and δD profiles (Blättler et
al., 2019). The best-preserved glacial interval (70 to 110 mbsf) is indicated by the
shaded region and is defined based on the conservative tracers (chloride, δ18O, δD) and
[Sr] as in Blättler et al. (2019). Modern seawater compositions are shown by the dashed
vertical lines.

The δ88/86Sr values show considerably less variation within the upper 150 meters com-

pared to the Site U1466 profile, gradually decreasing from 0.36 to 0.34‰ between 0 and

120 mbsf, to 0.28‰ at ∼150 mbsf. The δ88/86Sr minimum (0.08‰) is reached at 190

meters before δ88/86Sr begins increasing to a maximum value of 0.51‰ at 800 mbsf. As

at Site U1466, pore fluid 87Sr/86Sr at Site U1468 decreases with depth but does so much

more gradually between 0–150 mbsf (0.709182 to 0.709095). The pore fluid 87Sr/86Sr

values are more radiogenic (higher) than the bulk carbonate values, most significantly

so in the 70–170 mbsf depth interval and around 700 mbsf. Below 150 mbsf, Site 1468
87Sr/86Sr values are similar to those at comparable depths at Site U1466.

Cross plots of [Sr] versus 87Sr/86Sr and δ88/86Sr illustrate the trends that are broadly

shared between the two sites and highlight some key differences (Figure 3.3). Both

sites show generally decreasing 87Sr/86Sr with increasing [Sr] at depths shallower than

400 mbsf. Site U1466 exhibits a deviation from this trend where [Sr] values remain

mostly constant (∼150 µM) while 87Sr/86Sr values decrease from ∼0.70915 to ∼0.70903,

in contrast to Site U1468 where 87Sr/86Sr values decrease by only about half as much

during the plateau in [Sr] between ∼30 to 150 mbsf. At greater depths (Site U1468 only),
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Figure 3.2: Site U1468 pore fluid profiles of 87Sr/86Sr and δ88/86Sr measured in this
study, with published [Sr], chloride concentrations, δ18O, and δD profiles (Blättler et
al., 2019). Bulk carbonate values at select depths are plotted as black "x" symbols. The
best-preserved glacial interval (70 to 170 mbsf) is indicated by the shaded region and
is defined based on the conservative tracers (chloride, δ18O, δD) and [Sr] as in Blättler
et al. (2019). Modern seawater compositions are shown by the dashed vertical lines.

the negative relationship between [Sr] and 87Sr/86Sr is reversed, with [Sr] decreasing

while 87Sr/86Sr values continue to decrease. In [Sr] versus δ88/86Sr space, δ88/86Sr values

also generally decrease with increasing [Sr] in the shallower depths sampled at both

sites (0 to 400 mbsf), with similar structures to the 87Sr/86Sr vs. [Sr] plots around the

130–150 µM [Sr] plateau. At both sites, δ88/86Sr values reach a minimum around 400

µM [Sr], shifting back to higher values as [Sr] increases in deeper samples (∼200 mbsf).

Below ∼400 mbsf (Site U1468 only), the relationship between δ88/86Sr and [Sr] is again

negative, but shifted to significantly higher δ88/86Sr values above even that for modern

seawater.

3.4.2 Bulk carbonate δ88/86Sr and 87Sr/86Sr

Bulk carbonate measurements at Site U1468 yielded δ88/86Sr and 87Sr/86Sr values of 0.17

to 0.33‰ and 0.708471 to 0.709097, respectively (Figure 3.2). The Pleistocene/Pliocene

carbonate sediments in the upper part of the core (<50 mbsf) are characterized by

more radiogenic 87Sr/86Sr (0.709078) compared to the deeper Miocene sediments as ex-

pected based on the global seawater 87Sr/86Sr curve (McArthur et al., 2012). Carbonate
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Figure 3.3: Crossplots of pore fluid 87Sr/86Sr and δ88/86Sr versus [Sr] at Site U1466
(top) and U1468 (bottom). Gray arrows provide a visual guide for changes with depth.
Red outlines indicate samples that fall within the best-preserved glacial depth intervals
defined by conservative tracers as described in the text and by Blättler et al. (2019).

87Sr/86Sr values between 100 and 400 mbsf range from 0.708839 to 0.708888 (∼10–12 Ma,

McArthur and Howarth (2020)), while the deepest carbonate sample at 680 mbsf has the

least radiogenic 87Sr/86Sr value of 0.708471 (∼19.6 Ma, McArthur and Howarth (2020)).

The lowest carbonate δ88/86Sr is 0.18‰ in the Pleistocene/Pliocene sediments, generally

consistent with the 0.15 to 0.21‰ range estimated for marine carbonates (Krabbenhöft

et al., 2010; Pearce et al., 2015). The late Miocene carbonate sample at 115.6 mbsf has

a δ88/86Sr value of 0.23‰, with higher δ88/86Sr values in the older, deeper sediments

(0.29 to 0.33‰).
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3.5 Discussion

3.5.1 Alteration of remnant glacial seawater

Our 87Sr/86Sr measurements show that the pore fluids in the intervals defined as best-

preserved glacial seawater which were expected to record glacial seawater δ88/86Sr have

experienced enough alteration to influence the pore fluid radiogenic Sr isotopes. Pore

fluid 87Sr/86Sr provides a key constraint on recrystallization at these sites because the
87Sr/86Sr of the glacial ocean is known to be within analytical error of the modern

value (Henderson et al., 1994; Mokadem et al., 2015). Reconstructed from measure-

ments of glacial-age planktonic foraminifera, the average glacial seawater 87Sr/86Sr was

0.7091784±0.0000035, compared to the average modern seawater value of 0.7091792±

0.0000021 obtained by sampling the major oceans (Atlantic, Pacific, Indian, and the

Labrador Sea) (Mokadem et al., 2015). Within the best-preserved glacial pore fluid in-

terval at Site U1468 (70–170 mbsf), the shift in pore fluid 87Sr/86Sr values away from the

expected seawater composition indicates that both [Sr] and the Sr isotopic composition

of the pore fluids in this depth range have been measurably influenced by carbonate re-

crystallization (Figure 3.2). The glacial pore fluids at Site U1466 (70–110 mbsf) appear

even more altered, as 87Sr/86Sr values decrease rapidly with depth (Figure 3.1). Since

seawater 87Sr/86Sr during the LGM was indistinguishable (within analytical error) from

the modern ocean composition, sediment-pore fluid interaction is required to explain the

pore fluid 87Sr/86Sr profiles.

Alteration of the best-preserved glacial pore fluids by carbonate recrystallization is con-

sistent with the pore fluid δ44/40Ca profiles published by Blättler et al. (2019), which

decrease to values lower than the modern seawater composition within the depth in-

terval of the best-preserved glacial seawater. Lower δ44/40Ca values are indicative of

carbonate recrystallization, supporting the interpretation that Sr has been added to the

best-preserved glacial pore fluids by diagenesis. This result does not rule out the pos-

sibility that there may be true differences in LGM seawater [Sr] or δ88/86Sr compared

to modern, but does confirm that the higher [Sr] in the best-preserved glacial pore fluid

compared to modern seawater is at least partially due to the contributions from carbon-

ate recrystallization, which will also impact pore fluid δ88/86Sr. Thus, neither of these

tracers in the Maldives pore fluids can be defined as representing unaltered glacial sea-
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water values but must instead be corrected for the effect of carbonate recrystallization,

which will impact Sr but will not have an effect on conservative tracers.

3.5.2 Estimating glacial seawater [Sr] and δ88/86Sr

Mass balance of carbonate input to pore fluids

We used our pore fluid and bulk carbonate 87Sr/86Sr measurements to constrain the

contribution of Sr from the sediments to the best-preserved glacial pore fluids. Since the
87Sr/86Sr of the glacial ocean is known, the recrystallized carbonate input to the glacial

water mass can be determined by mass balance, which can then be used to calculate

the δ88/86Sr of the remnant LGM seawater. As a first approximation we assumed that

the measured pore fluid [Sr] and isotopic composition resulted from the addition of

recrystallized input from surrounding carbonates to the glacial seawater end-member

with negligible diffusion. We neglect the potential for diffusive mixing of the fluid end-

members in the system (Holocene water, best-preserved glacial water, and highly altered

pore fluid) and treat the best-preserved glacial interval as an isolated water mass altered

only by reaction with the surrounding sediments. Based on the sharp transitions in some

of the pore fluid Sr and δ44/40Ca profiles, we expect that vertical diffusive mixing was

minimized by stratigraphic permeability barriers (Blättler et al., 2019). We recognize

the uncertainty of potential upstream reactions with sediments along the advective flow

path which could have different mineralogy, [Sr], age, and 87Sr/86Sr than the carbonate

sediments recovered in the cores, so we use the core sediment composition as a starting

point, but also perform calculations across a range of possible carbonate 87Sr/86Sr values.

Mass balance of the glacial seawater and recrystallized carbonate end member contribu-

tions to the pore fluid is described by:

[Sr]pf ∗ Vpf = [Sr]gsw ∗ Vpf +mx (3.1)

where Vpf is the pore fluid unit volume (Vpf = 1 L). The pore fluid Sr concentration

([Sr]pf ) is known, while the concentration of glacial seawater Sr ([Sr]gsw) and the mass

of Sr added by carbonate recrystallization (mx) are unknown variables.

We solved for [Sr]gsw and mx using the additional constraint of the radiogenic Sr isotopic
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mass balance:

[Sr]pf ∗ Vpf ∗ Fpf = [Sr]gsw ∗ Vpf ∗ Fgsw +mx ∗ Fx (3.2)

The fractional isotopic abundance (F = 87Sr/86Sr / ( 1 + 87Sr/86Sr)) of glacial seawater

(Fgsw) is constrained by the reconstructed glacial seawater 87Sr/86Sr value (0.7091784,

Mokadem et al. (2015)). We determined the pore fluid fractional isotopic abundance

(Fpf ) from our measurements of pore fluid 87Sr/86Sr and we used our carbonate 87Sr/86Sr

measurements to constrain the recrystallized input composition (Fx), assuming that all

recrystallization adds Sr to pore fluids and is represented by the mx term (that is, there

is negligible Sr isotopic exchange). First, we assumed that the measured 87Sr/86Sr of the

bulk carbonate in the surrounding core sediment is representative of the recrystallized

input 87Sr/86Sr. We solved Equations 3.1 and 3.2 for each pore fluid sample within the

best-preserved glacial intervals at both sites (11 samples total including two procedural

replicates) using the composition of the carbonate sediments within the best-preserved

glacial interval (Late Miocene-age, 87Sr/86Sr = 0.708857, Fx = 0.414814) (Table 3.3).

We then evaluated the uncertainty associated with this assumption (e.g., the possibility

of upstream reactions with sediments of a different age and 87Sr/86Sr) by solving for

[Sr]gsw and mx as a function of Fx, allowing the assumed recrystallized input 87Sr/86Sr

to vary within the range measured for the Pleistocene (0.709097) to Early Miocene

(0.708471) bulk carbonates (Figure 3.4).

For a value of Fx equal to the surrounding Late Miocene carbonate composition, we

found that recrystallized input contributed 24–70 µmol Sr (20–46% of the pore fluid

unit volume Sr) (Table 3.3, Figure 3.4A). The recrystallized input requires dissolution

of only a very small mass of aragonite sediment (<1 g). While this minimal degree of re-

crystallization is sufficient to alter [Sr] and the Sr isotopic composition of the pore fluids,

the effect on the carbonate Sr composition would be negligible given the much greater

Sr content of aragonite compared to seawater. For lower values of recrystallized input
87Sr/86Sr, representing possible upstream reactions with older carbonate sediments with

lower 87Sr/86Sr values, the recrystallized contribution is smaller (as low as 11–32 µmol for

recrystallized input with Early Miocene bulk carbonate 87Sr/86Sr = 0.708471). Increased

recrystallization would be required if the pore fluids reacted with Pleistocene/Pliocene

carbonate sediments with 87Sr/86Sr more similar to seawater (Figure 3.4A); this scenario

may be more likely given decreased reactivity of carbonate sediments with increasing age
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Table 3.3: Mass balance solutions for the recrystallized Sr mass added to the pore fluids
(mx) and glacial seawater Sr concentration ([Sr]gsw) assuming a recrystallized input
87Sr/86Sr value equal to the composition of the surrounding Late Miocene carbonate
sediments (0.708857). Asterisks indicate preparation replicate samples.

Site Depth
(mbsf)

[Sr]pf
(µM)

Fpf mx

(µmol)
Recrystallized
contribution
(%)

[Sr]gsw
(µM)

U1466 67.9 153 0.414896 38 25 115
U1466 76.9 152 0.414890 46 30 106
U1466 92.6 136 0.414892 39 29 96
U1466 92.6* 136 0.414891 40 30 95
U1466 106.4 152 0.414873 70 46 82
U1468 85.3 121 0.414902 24 20 97
U1468 102.65 127 0.414898 30 23 98
U1468 102.65* 127 0.414899 28 22 99
U1468 115.5 128 0.414899 28 22 100
U1468 137.7 120 0.414899 27 23 93
U1468 148.2 132 0.414895 34 26 98

(Richter & DePaolo, 1988) but the majority of the sediments at these sites are Miocene-

age with Pleistocene/Pliocene carbonate sediments limited to the upper ∼50–70 meters.

We attribute the variability in our solutions for any given Fx to distinct reactive histories

for each pore fluid sample. The pore fluid profiles for these sites demonstrate complex

variation both laterally and with depth over relatively short spatial scales (Blättler et al.,

2019). Therefore the composition of the recrystallized input may vary between the two

sites and between pore fluid samples within a given depth range at the same site.

Assuming recrystallized input only from the surrounding sediments (87Sr/86Sr = 0.708857,

carbonate age ∼11 Ma), our solutions give a mean Sr concentration of glacial seawater

of 98±5 µM (95% CI) (Figure 3.4B). This best estimate is ∼10% higher than the mod-

ern seawater [Sr] and aligns with Paytan et al.’s (2021) calculated change in Pleistocene

seawater (up to 25% higher than the modern concentration of 88 µM). For lower values

of recrystallized input 87Sr/86Sr, the predicted glacial seawater [Sr] increases up to an

average of 118±5 µM (recrystallized input 87Sr/86Sr = 0.708471, carbonate age ∼20

Ma). Interaction with sediments younger than ∼8 Ma (recrystallized input 87Sr/86Sr

> 0.70893) produces average glacial seawater [Sr] solutions similar to or lower than the

modern ocean [Sr]. In summary, the hypothesis that the glacial ocean had a higher Sr
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Figure 3.4: Mass balance solutions for (A) the recrystallized Sr contribution to the
pore fluids and (B) glacial seawater Sr concentration ([Sr]gsw) as a function of the
recrystallized input 87Sr/86Sr (Fx) as described in Section 3.5.2. For a given value
of Fx (y-axis), Equations 3.1 and 3.2 are solved simultaneously to yield the percent
contribution from recrystallization and [Sr]gsw (x-axes). Continuous solutions for each
pore fluid sample across the range of possible Fx values are shown by solid (Site U1468)
and dashed (Site U1466) lines with colors indicating sample depth in the core. Discrete
solutions computed assuming recrystallized input 87Sr/86Sr equal to the composition of
the surrounding Late Miocene carbonate sediments (0.708857, shown with horizontal
gray line) are also displayed in Table 3.3.

inventory than the modern ocean is supported for cases where the recrystallized input
87Sr/86Sr is less than ∼0.70893, corresponding to recrystallizing sediment ages older than

∼8 Ma. Given that the Maldives carbonate platform sediments are mainly Miocene, with

younger drift deposits only in the upper ∼50–70 m at Sites U1466 and U1468 (Betzler

et al., 2017, 2018), the glacial pore fluids likely interacted with the older (>8 Ma) sedi-

ments, though the flow patterns for this system remain speculative (Blättler et al., 2019)

and exchange rates decrease as carbonate sediments age (Richter & DePaolo, 1988).
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Stable Sr isotopic mass balance

We used the Fx-dependent solutions for mx and [Sr]gsw to solve the stable Sr isotopic

mass balance (Equation 3.3) and estimate glacial seawater δ88/86Sr (δgsw).

[Sr]pf ∗ Vpf ∗ δpf = [Sr]gsw ∗ Vpf ∗ δgsw +mx ∗ δx (3.3)

The δ88/86Sr of the pore fluids (δpf ) is known from our measurements. As before, we

took the composition of the surrounding Late Miocene carbonates (δ88/86Sr = 0.23‰,
87Sr/86Sr = 0.708857) to be representative of the recrystallized input composition (δx,

Fx) while also solving across a range of δx values to evaluate the sensitivity of our δgsw

solutions to this assumption (Figure 3.5). We chose values of δx based on the low end

of the range of modern carbonate δ88/86Sr (0.15‰) and the highest carbonate δ88/86Sr

we measured at Site U1468 (0.33‰). We again assume that all recrystallization adds Sr

to pore fluids and is represented by the mx term, with negligible Sr isotope exchange.

The resulting glacial seawater δ88/86Sr solutions given δx = 0.23‰ and Fx = 0.708857

have a mean of 0.32±0.02‰ (95% CI), significantly lower than the modern ocean value of

0.39‰. This finding of lower glacial δ88/86Sr holds across the range of δx values assumed,

except for the lowest value of 0.15‰ which results in estimated glacial seawater δ88/86Sr

values equal to the modern value for some samples. We conclude that for the majority of

reasonable scenarios capturing variability in δx, the estimated glacial seawater δ88/86Sr

is lower than the modern value, corresponding to a higher-than-modern Sr inventory. In

the simplest case where the recrystallized input is isotopically similar to the carbonate

presently surrounding the pore fluids, we find that glacial seawater [Sr] = 98±5 µM

and δ88/86Sr = 0.32±0.02‰. The effect of Sr isotopic exchange would be to shift pore

fluid δ88/86Sr to higher values, as secondary calcite precipitation has been observed to

preferentially incorporate isotopically light Sr so that progressive recrystallization leads

to increasingly more 88Sr-enriched pore fluids (Voigt et al., 2015). This effect requires

that the fractionation between pore fluids and secondary calcite is greater than the offset

between dissolving carbonates and pore fluids. In the case of such isotope exchange, the

true glacial seawater δ88/86Sr value would be lower than the value we estimate.

Assuming a closed system where glacial seawater represents a combination of interglacial
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Figure 3.5: Mass balance solutions for glacial seawater δ88/86Sr (δgsw) calculated using
Equation 3.3. Continuous solutions for each pore fluid sample across the range of possible
recrystallized input δ88/86Sr (δx) values are shown by solid (Site U1468) and dashed
(Site U1466) lines with colors indicating sample depth in the core. All solutions assume
a recrystallized input 87Sr/86Sr (Fx) value equal to the 87Sr/86Sr of the surrounding
carbonates (0.708857) as described in Section 3.5.2. The δ88/86Sr of the surrounding
Late Miocene carbonates (0.23‰) is indicated by the gray horizontal line.

seawater and recrystallized input from the shelf carbonate reservoir (0.2‰), our esti-

mated ∼10% increase in glacial seawater [Sr] predicts a seawater δ88/86Sr decrease of

∼0.02‰. The uppermost U1468 pore fluid solutions are close to 0.37‰ and the least

altered of the pore fluids analyzed, suggesting that these samples might best reflect

the remnant glacial seawater chemistry. The ∼0.07‰ decrease suggested by the mean

pore fluid solution requires a greater [Sr] increase (∼30%) for this ocean mass balance,

somewhat greater than the 25% increase calculated by Paytan et al. (2021). Additional

constraints on either glacial seawater [Sr] or δ88/86Sr would allow further assessment of

the preservation of the seawater Sr signal.
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Implications for glacial carbon cycling

Lower glacial seawater δ88/86Sr and higher [Sr] relative to today is expected to result

from recrystallization of shallow marine carbonate exposed by sea level fall during glacial

periods (Krabbenhöft et al., 2010; Paytan et al., 2021; Pearce et al., 2015; Stoll &

Schrag, 1998). During the interglacial period, the re-flooding of the continental shelves

cut off this Sr source while simultaneously increasing the depositional area available

for shallow marine calcifiers and reef builders, which preferentially removed light Sr

from the ocean reservoir and increased seawater δ88/86Sr to the modern value. The

recycling of Sr between the shelf and seawater over glacial/interglacial cycles is tied to

the longstanding "coral reef hypothesis" that describes the implications of shelf-basin

partitioning of carbonate for the glacial/interglacial carbon cycle and atmospheric carbon

dioxide (Berger, 1982; Opdyke & Walker, 1992; Stoll & Schrag, 1998; Walker & Opdyke,

1995). Reconstructions of deep sea carbonate burial over the last glacial cycle reveal little

difference between Holocene and LGM burial rates (Cartapanis et al., 2018; Hayes et

al., 2021; M. Wood et al., 2023), implying that the addition of alkalinity from exposed

continental shelves was not compensated by lysocline deepening but instead caused

excess alkalinity to temporarily build up in the global ocean during glacial periods.

While not definitive, our direct measurements of the contribution of preserved glacial sea-

water to the Maldives pore fluids suggest that the glacial carbonate weathering flux from

the shelf was sufficiently large to drive a change in the ocean Sr inventory and δ88/86Sr

despite the relatively long residence time of Sr calculated for the long-term steady state

(∼2 Myr). This finding adds to the accumulating evidence that seawater δ88/86Sr and

[Sr] may have fluctuated on short (100-kyr) timescales during the Pleistocene (Krabben-

höft et al., 2010; Paytan et al., 2021; Pearce et al., 2015; Stoll & Schrag, 1998) and

suggests that a high-resolution reconstruction of seawater δ88/86Sr may help constrain

glacial/interglacial changes in shelf carbonate burial and recrystallization (and resulting

change in global carbon and alkalinity inventories), which to this point remain difficult

to quantify from observations.
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3.5.3 Diagenetic processes impacting pore fluid δ88/86Sr

While the primary objective of this study was to reconstruct LGM seawater δ88/86Sr from

the Maldives pore fluids by quantifying and subtracting away the impact of carbonate

diagenesis, our data set also provides an opportunity to examine the processes that

impact pore fluid Sr in shallow carbonate platform systems.

The 87Sr/86Sr profiles for both Site U1466 and Site U1468 indicate that carbonate re-

crystallization has altered pore fluids at all depths; progressive recrystallization of older

(mainly Miocene) carbonates with depth led to decreasing pore fluid 87Sr/86Sr values

relative to the modern seawater composition (Figures 3.1 and 3.2). Because secondary

carbonate incorporates less Sr than the primary phase, pore fluid [Sr] increases with

progressive recrystallization; this effect is greatest for aragonite recrystallization, since

aragonite incorporates ∼10 times more Sr than calcite, although biogenic calcite also

incorporates more Sr than inorganic forms of calcite (Zhang et al., 2020). Below 400

mbsf at Site U1468, the return towards modern seawater [Sr] despite progressively lower
87Sr/86Sr ratios could have different implications: either these pore fluids represent mix-

ing with Holocene-age waters along with recrystallization of older sediments with lower
87Sr/86Sr, or these pore fluids may be even older than the LGM, possibly from the

last interglacial (MIS Stage 5e), which would give them more time to exchange Sr with

surrounding Miocene-aged sediments.

The variability of pore fluid δ88/86Sr with depth has a more complex pattern, likely re-

flecting different dominant processes at different depths. The precipitation of carbonate

in seawater preferentially incorporates 86Sr over 88Sr (∆88/86Srcarb−sw ≈ -0.18‰) such

that upon dissolution, carbonates will release isotopically light Sr to pore fluids. In

addition to the reactions that occur during carbonate diagenesis, fractionation of Sr iso-

topes during precipitation of celestine (SrSO4) may alter pore fluid δ88/86Sr where pore

fluids become saturated with respect to SrSO4 (∆88/86SrSrSO4−sw ≈ -0.4‰). If pore

fluids drop below celestine saturation again at greater depths, dissolution of SrSO4 may

provide a source of light Sr. We untangle the patterns in pore fluid δ88/86Sr using the

context of our [Sr] and 87Sr/86Sr profiles, the mineralogy at these sites, and previously

reported mass-dependent Sr isotope fractionation associated with these processes.
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Table 3.4: Diagenetic processes and their expected influence on pore fluid Sr concentra-
tions, stable Sr isotopes and calcium isotopes.

Process δ88/86Sr fractionation δ44/40Ca fractionation Impact on pore fluid

Aragonite
dissolution

∆diss = 0 ∆diss = 0 [Sr] increase
δ88/86Sr approaches carbonate value
δ44/40Ca approaches carbonate value

Calcite
dissolution

∆diss = 0 ∆diss = 0 lesser [Sr] increase
δ88/86Sr approaches carbonate value
δ44/40Ca approaches carbonate value

Aragonite
recrystallization
(dissolution + secondary
calcite precipitation)

Preferential incorporation of
light Sr in secondary carbonate
(Voigt et al., 2015) is outweighed
by aragonite dissolution effect

∆precip = 0.0 ± 0.1
(Fantle & DePaolo, 2007)

[Sr] increase
δ88/86Sr approaches carbonate value
δ44/40Ca approaches carbonate value

Calcite
recrystallization
(dissolution + secondary
calcite precipitation)

Preferential incorporation of
light Sr in secondary carbonate
(Voigt et al., 2015) dominates
dissolution effect

∆precip = 0.0 ± 0.1
(Fantle & DePaolo, 2007)

lesser [Sr] increase
δ88/86Sr increase
δ44/40Ca approaches carbonate value

Celestine
precipitation

∆precip = ∼-0.4
(Widanagamage et al., 2014)

n.a. [Sr] decrease (just to maintain saturation)
δ88/86Sr increase

Site U1468 pore fluid δ88/86Sr

We identify four distinct intervals in the δ88/86Sr profile at Site U1468. In the upper 200

m, pore fluid δ88/86Sr decreases, approaching the value of the surrounding carbonates

(Figure 3.6). This trend follows the behavior of the pore fluid 87Sr/86Sr, which has shifted

away from the seawater composition toward the composition of the bulk carbonate due

to recrystallization. The experimentally determined equilibrium Sr isotope fractionation

for inorganic calcite is very close to zero (∆88/86Sreq(carb−aq) = -0.01±0.06‰), suggesting

that carbonate recrystallization will not measurably fractionate Sr isotopes and therefore

the pore fluid δ88/86Sr should follow 87Sr/86Sr and approach the carbonate δ88/86Sr com-

position as recrystallization proceeds (Böhm et al., 2012). Previous work has shown this

to be the case for calcium isotopes (∆44/40Caeq(carb−aq) ≈ 0‰) (Fantle & DePaolo, 2007;

Jacobson & Holmden, 2008), and Sr is expected to behave similarly at low precipitation

rates. However, Voigt et al. (2015) documented isotopically heavy δ88/86Sr values in deep

sea carbonate sediments that were explained by fractionation during recrystallization,

where secondary calcite preferentially incorporated light Sr. Consequently, we suggest
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that the approach of pore fluid δ88/86Sr toward carbonate δ88/86Sr within the 0–200 mbsf

interval may instead be explained by the effect of aragonite dissolution "out-competing"

the effect of secondary calcite precipitation. That is, the dissolution of aragonite has

contributed so much isotopically light Sr to the pore fluids that the fractionation during

calcite precipitation is insufficient to shift pore fluid δ88/86Sr to heavier values. This

scenario may be more common in shallow marine systems where sediments are rich in

aragonite, and may not commonly apply to deep sea settings where the fractionation by

secondary calcite formation should dominate (Voigt et al., 2015).

At 200 mbsf, pore fluid δ88/86Sr reaches the lightest value observed at both our sites

(0.08‰). This δ88/86Sr value is considerably lighter than any of the carbonates measured

in this study, as well as most modern carbonates measured in other studies (Böhm et

al., 2012; Krabbenhöft et al., 2010; Pearce et al., 2015). Carbonate δ88/86Sr values as

low as 0‰ have been measured in culture experiments (Stevenson et al., 2014), but

the average marine carbonate sink is ∼0.15 to 0.21‰ and we have no evidence for

especially low δ88/86Sr carbonates at this site. We hypothesize that this datum may

reflect the dissolution of celestine, which was detected by x-ray diffraction at this site

starting around 200 mbsf (Betzler et al., 2017). Celestine precipitates when [Sr] increases

sufficiently to reach SrSO4 saturation, dependent on pore fluid sulfate concentrations,

with a theoretical equilibrium isotope fractionation (∆88/86SrSrSO4−aq) of approximately

-0.4‰ (Widanagamage et al., 2014). If celestine precipitated from pore fluids with

δ88/86Sr ≈ 0.24‰, its isotopic composition would be close to -0.16‰ and a small amount

of dissolution could shift pore fluid δ88/86Sr to 0.08‰.

Between 200–500 mbsf, the increase in pore fluid δ88/86Sr may be explained by multiple

processes. The first possibility is that pore fluid δ88/86Sr approached the δ88/86Sr value

of the surrounding bulk carbonate (∆88/86Sreq(carb−aq) = 0‰), which is heavier (0.29–

0.33‰) compared to the shallower Pleistocene/Pliocene carbonates (0.17–0.23‰). In

this case, the lighter values at ∼200 to 220 mbsf could be due to celestine dissolution as

discussed above while the rest of the samples in this interval reflect the bulk carbonate

composition. Conversely, if carbonate recrystallization instead fractionated Sr isotopes

by preferentially precipitating light Sr, the shift toward higher δ88/86Sr could reflect this

process. Compared to the decrease in δ88/86Sr above 200 mbsf where we suggest that

aragonite dissolution dominated the δ88/86Sr signal, secondary calcite and dolomite for-
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mation may have been the dominant process impacting δ88/86Sr in this deeper interval.

We favor this explanation, as it is consistent with the continuing trend of increasing

δ88/86Sr to values significantly greater than the bulk carbonate composition in the deep-

est interval (>400 mbsf). This interpretation is also consistent with the carbonate

mineralogy at this site, with the proportion of aragonite decreasing in favor of low-Mg

calcite and dolomite below ∼50 mbsf (Figure 3.6). Additionally, pore fluid 87Sr/86Sr

has achieved the same value as the bulk carbonate, [Sr] has reached a maximum, and

δ44/40Ca has reached the lowest values within this interval, indicating extensive recrys-

tallization at these depths. Another process, not mutually exclusive, that could increase

pore fluid δ88/86Sr is the precipitation of celestine. Given that celestine was detected

in sediments throughout this interval, we conclude that SrSO4 precipitation may have

additionally contributed to the pore fluid δ88/86Sr changes. While the combined tracers

point to carbonate recrystallization as the dominant process in this interval, it is not

possible with the data available to deconvolve the contribution of celestine precipitation

to the increasing δ88/86Sr values.

Below 500 mbsf, pore fluid δ88/86Sr continues to increase to values greater than both

the bulk carbonate and modern seawater values. While the 87Sr/86Sr, [Sr], and δ44/40Ca

profiles could indicate mixing with a Holocene water mass penetrating from below, con-

sistent with the interpretations of (Blättler et al., 2019), the δ88/86Sr values greater than

modern seawater δ88/86Sr can only be explained by a process that preferentially removes

light Sr isotopes from pore fluids. We take these data as evidence for fractionation dur-

ing carbonate recrystallization, as previously reported by Voigt et al. (2015). Thus, we

conclude that the Site U1468 δ88/86Sr profile is best explained by: 1) aragonite disso-

lution out-competing the fractionation effect of secondary calcite formation from 0 to

200 mbsf, 2) celestine dissolution driving very light pore fluid δ88/86Sr at 200 mbsf, 3)

a combination of secondary calcite formation and celestine precipitation preferentially

incorporating light Sr from 200 to 500 mbsf, and 4) extensive secondary calcite formation

further increasing pore fluid δ88/86Sr below 500 mbsf (Figure 3.6).

Site U1466 pore fluid δ88/86Sr

At Site U1466, where the profile covers shallower depths than Site U1468, similar car-

bonate recrystallization processes can explain the δ88/86Sr trends. In the upper section
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Figure 3.6: Pore fluid profiles of 87Sr/86Sr and δ88/86Sr from this study, with published
[Sr], δ44/40Ca, sulfate concentrations, and sediment mineralogy for Site U1468 (Betzler
et al., 2017; Blättler et al., 2019). The white triangles on the mineralogy plot indicate
the presence of celestine (SrSO4) detected by X-ray diffraction.

of the profile (0 to 160 mbsf), decreasing δ88/86Sr values reflect the dominance of arag-

onite dissolution on pore fluid δ88/86Sr. Based on our interpretation of the Site U1468

profile, we expect that fractionation of light Sr by secondary calcite precipitation has

occurred in this interval but, as in the upper interval at Site U1468, this effect has been

overbalanced by the release of light Sr to pore fluids from aragonite dissolution. The

lowest δ88/86Sr value at this site is 0.14‰, which is consistent with the range of bulk

carbonate δ88/86Sr and does not require a source from a phase with lower δ88/86Sr (e.g.,

celestine, which was not detected at this site). A switch in the dominant recrystalliza-

tion process explains the inflection point at 160 mbsf; below this depth the fractionation

effect of secondary calcite precipitation is no longer overwhelmed by aragonite dissolu-

tion and δ88/86Sr increases with depth (Figure 3.7). This is consistent with the apparent

minimum in pore fluid 87Sr/86Sr, high [Sr], and low δ44/40Ca values that are reached by

200 mbsf, indicating extensive recrystallization of carbonate.

The similarities between the Site U1466 and U1468 δ88/86Sr profiles, namely decreasing

values with depth to approximately 160 to 200 mbsf before δ88/86Sr increases, underpins

our interpretation that the two processes involved in aragonite recrystallization (arago-

nite dissolution, secondary calcite precipitation) are the primary drivers of these trends.

Celestine dissolution/precipitation may have played a secondary role at Site U1468, but
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Figure 3.7: Pore fluid profiles of 87Sr/86Sr and δ88/86Sr from this study, with published
[Sr], δ44/40Ca, sulfate concentrations, and sediment mineralogy for Site U1466 (Betzler
et al., 2017; Blättler et al., 2019).

the increase in δ88/86Sr for the deepest Site U1466 samples in the absence of celestine

indicates that another phase must have impacted the stable Sr isotope ratios in the

pore fluid. Secondary calcite is the obvious candidate, providing support for the find-

ing of Voigt et al. (2015) that secondary calcite precipitation preferentially incorporates
86Sr over 88Sr leaving the pore fluids enriched in 88Sr. Our results further show that

the effect of this fractionation can be obscured by the effect of aragonite dissolution in

young sediments, which is particularly relevant in shallow marine systems dominated

by aragonite. In contrast to pore fluid calcium isotopes, where fractionation was not

detected during secondary calcite precipitation and pore fluids equilibrate with the bulk

carbonate δ44/40Ca as recrystallization proceeds, pore fluid δ88/86Sr is sensitive to the

balance of aragonite dissolution and secondary calcite precipitation occurring during

recrystallization.

3.5.4 Bulk carbonate δ88/86Sr

The bulk carbonate δ88/86Sr values reflect the offset from contemporaneous seawater

δ88/86Sr composition due to seawater-carbonate fractionation and potentially the effects

of post-depositional processes that could fractionate Sr isotopes. At Site U1468, the

Pleistocene/Pliocene carbonate sample (27.9 mbsf) has a δ88/86Sr value consistent with

the modern marine carbonate sink (0.15 to 0.21‰) (Krabbenhöft et al., 2010; Pearce
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et al., 2015). The deeper Miocene carbonates have significantly higher δ88/86Sr values,

indicating variation in seawater composition or fractionation processes occurring during

or after carbonate precipitation during the Miocene compared to today. Assuming con-

stant fractionation between seawater and carbonate through time (∆88/86Srcarb−sw ≈
-0.18‰), the δ88/86Sr values of the carbonate samples between 100 and 680 mbsf imply

that early to middle Miocene seawater δ88/86Sr was between 0.47 and 0.51‰, with a de-

crease to ∼0.41‰ by the late Miocene. These inferred middle to early Miocene seawater

values are significantly greater than the range of seawater δ88/86Sr reconstructed by Pay-

tan et al. (2021) for the past 35 million years, and are inconsistent with the reconstructed

trend of increasing seawater δ88/86Sr from a minimum of ∼0.33‰ in the middle Miocene

to ∼0.36‰ in the late Miocene. The higher-than-expected δ88/86Sr values of the car-

bonates between 190–680 mbsf may suggest that the seawater-carbonate fractionation

factor during the Miocene was smaller than the average fractionation of carbonates in

the present day ocean. Alternatively, it is also possible that the primary δ88/86Sr com-

position of the carbonate has since been diagenetically altered towards higher values.

In a closed system, carbonate δ88/86Sr is unlikely to be affected by carbonate diagenesis

because carbonates contain much more Sr than pore fluids (Voigt et al., 2015). How-

ever, in a more open system with long-lived advection, evolution of pore fluid δ88/86Sr

to higher values through secondary calcite precipitation or celestine precipitation could

drive recrystallized bulk carbonate towards higher values as well. Both mechanisms un-

derscore the need for caution when interpreting bulk carbonate δ88/86Sr values without

fully understanding the potential variability of ∆88/86Srcarb−sw or the diagenetic history

of the carbonate archive.

3.6 Conclusions

The Maldives pore fluid archive presented a unique opportunity to directly constrain

the δ88/86Sr of the glacial ocean in the preserved remnant of LGM seawater at Sites

U1466 and U1468. We find that glacial seawater δ88/86Sr was likely lower than today

(∼0.32‰) and [Sr] higher (∼98 µM). Our estimate is consistent with the recent proxy

record that indicated the average seawater δ88/86Sr during the Late Quaternary was

0.35‰ (Paytan et al., 2021). These findings support the hypothesis that the glacial

ocean Sr reservoir was isotopically lighter than that of the modern ocean due to shelf
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carbonate recrystallization during sea level regression, motivating future study of the

response of seawater δ88/86Sr to climate-driven sea level changes on relatively short

timescales.

The shallow-marine carbonate platform setting of these Maldives sites and the multi-

ple advected water masses in this system led to complex patterns in pore fluid pro-

files of reactive tracers including δ88/86Sr. The pore fluid δ88/86Sr profiles are altered

by both secondary calcite and celestine precipitation, and indicate that in aragonite-

dominated settings the fractionation associated with secondary calcite precipitation may

be obscured by the dissolution of aragonite. We show that distinct diagenetic processes

dominated at different depth intervals. Trends of increasing pore fluid δ88/86Sr within

intermediate core depths suggest that carbonate recrystallization fractionates δ88/86Sr,

supporting the conclusion of Voigt et al. (2015) who documented similar trends in deep-

sea carbonate sediments. In the shallower pore fluids at the Maldives sites, aragonite

dissolution overwhelmed the secondary calcite fractionation effect and caused δ88/86Sr to

decrease toward the bulk carbonate composition. Pore fluid δ88/86Sr may also indicate

the presence of celestine, which is common in carbonate-rich lithologies where carbonate

recrystallization can lead to celestine saturation in pore fluids (Hoareau et al., 2010). In

particular, our data show that the dissolution of celestine can drive pore fluid δ88/86Sr

to very low values that cannot be explained by dissolution of carbonate. Since celestine

formation can control pore fluid [Sr], diagenetic studies must take this into account and

analysis of pore fluid δ88/86Sr can provide an additional means of detection.

The addition of δ88/86Sr to the suite of tracers measured in the Maldives pore fluids

allows us to differentiate processes by the fingerprint of mass-dependent fractionation,

bringing new insight to the reactive histories of the distinct water masses present in this

system. By documenting pore fluid δ88/86Sr variability in a shallow marine setting for

the first time, we suggest that δ88/86Sr can be a useful tracer of diagenetic processes

when applied in multi-tracer studies.
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Chapter 4

Glacial/interglacial variations in

seawater stable strontium isotope

ratios recorded in marine barite

4.1 Abstract

Paleorecords of seawater stable and radiogenic strontium isotope ratios (δ88/86Sr, 87Sr/86Sr)

provide key insight to past changes in continental weathering and the marine carbon-

ate sink. While traditional understanding suggests that the concentration and isotopic

composition of Sr in seawater evolve slowly over millions of years, more recent stud-

ies suggest dynamic behavior on shorter timescales during the Pleistocene attributed

to non-steady state weathering processes and sea level-driven changes in shallow ma-

rine carbonate burial and recrystallization. This study documents transient changes in

seawater δ88/86Sr, which varied from 0.33‰ to 0.42‰ over the past two glacial cycles

(0–250 ka), and reveals that seawater δ88/86Sr varied as much over the past 250 kyr as

observed for the entire Late Cenozoic. We used a simple model of carbonate burial and

recrystallization related to the flooding and exposure of continental shelf area to predict

seawater δ88/86Sr responses to glacial/interglacial sea level fluctuations. The model sim-

ulations failed to predict the observed δ88/86Sr variations, suggesting a missing factor in

our conceptualization of the hypothesized shelf carbonate burial/recrystallization mecha-
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nism. We present a refined hypothesis that considers how complex environmental factors

and reef platform history might have controlled carbonate fluxes and consequently the

cycling of Sr over glacial/interglacial cycles.

4.2 Introduction

The isotopic composition of strontium (Sr) in the ocean traces past changes in conti-

nental weathering, hydrothermal activity, and carbonate deposition over Earth history.

Radiogenic Sr isotope ratios (87Sr/86Sr) in seawater reflect the mixing of the input

fluxes of Sr to the ocean – rivers, groundwater, hydrothermal fluxes, and diagenetic al-

teration. Stable Sr isotope ratios (δ88/86Sr) are governed by both the inputs of Sr and the

carbonate sink due to mass-dependent fractionation between carbonate and seawater.

According to the canonical view of conservative elements in the ocean, seawater Sr iso-

topes evolve in response to long-term changes in the input or output fluxes but will not

be significantly altered by short-term perturbations. Consequently, the application of

the paired 87Sr/86Sr and δ88/86Sr isotope systems has been limited to multi-million year

timescales, with current paleorecords spanning the Late Cenozoic (Paytan et al., 2021),

Phanerozoic (Vollstädt et al., 2014), and Precambrian (Wang et al., 2023). The evolution

of seawater 87Sr/86Sr constrains long-term changes in the balance of silicate weather-

ing and hydrothermal activity related to plate tectonic processes (McArthur et al., 2012;

Veizer, 1989), while seawater δ88/86Sr provides information about global carbonate burial

rates, particularly secular changes in the extent of reef deposition (Paytan et al., 2021).

Together 87Sr/86Sr and δ88/86Sr measurements have provided critical insight to the inter-

actions between the climate, tectonics, and the carbon cycle over millions of years, but

these proxies have generally been considered insensitive to perturbation on timescales

shorter than the calculated residence time of Sr (∼2 Myr).

Yet, multiple studies have converged on the idea that the ocean Sr budget may have been

dynamic on relatively short timescales during the Pleistocene (0–2.5 Ma). One line of

evidence comes from the mismatch between the observed long-term increase of seawater
87Sr/86Sr (0.000054 Myr−1) and modern hydrothermal and riverine flux estimates (Vance

et al., 2009). To match the long-term evolution of seawater 87Sr/86Sr, an unrealistically

high flux of low-87Sr/86Sr hydrothermal Sr is required to balance the observed modern
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riverine flux (Davis et al., 2003; Vance et al., 2009). Vance et al. (2009) proposed

that the modern riverine flux is higher than the average Quaternary riverine flux due

to non-steady state weathering processes, with chemical weathering of freshly-ground

sediments producing a post-glacial pulse of silicate weathering that has not yet decayed

away. While fluctuations in seawater 87Sr/86Sr are not observed over glacial/interglacial

cycles, the paleorecords can accommodate a ±12–15% silicate weathering increase within

the analytical uncertainty (Mokadem et al., 2015).

Characterization of the δ88/86Sr values of modern Sr fluxes has further demonstrated

that the inputs and outputs are presently not at isotopic steady state (Krabbenhöft

et al., 2010; Pearce et al., 2015). The offset between the modern input of Sr (δ88/86Sr =

0.31–0.32‰) and the carbonate sink (δ88/86Sr = 0.15–0.21‰) cannot be explained by

the post-glacial silicate weathering peak alone and indicates that an additional source of

isotopically-light Sr would be required for the Sr budget to attain isotopic equilibrium

(Krabbenhöft et al., 2010). A potential source of this additional Sr flux is carbonate

weathering of continental shelves exposed by sea level fall, which would supply low-

δ88/86Sr Sr and could balance the Sr budget during glacial periods. Aragonite, the

dominant polymorph of carbonate in the shallow ocean, recrystallizes to calcite dur-

ing meteoric diagenesis and releases Sr to seawater (Schlanger, 1988; Stoll & Schrag,

1998). Since observational constraints suggest that glacial deep-sea carbonate fluxes

were similar to the Holocene (Cartapanis et al., 2018; Hayes et al., 2021; M. Wood et

al., 2023) and aragonite contains ∼10 times more Sr than calcite, the excess Sr input

from exposed shelves would have accumulated in seawater rather than have been com-

pensated by calcite burial in the deep ocean. Consequently, seawater δ88/86Sr and [Sr]

are expected to have been lower and higher, respectively, during glacial sea level low

stands (Krabbenhöft et al., 2010; Stoll & Schrag, 1998). When post-glacial sea level

rise flooded the continental shelves, the Sr budget was perturbed as the the aragonite

recrystallization flux was cut off and the area available for shallow (neritic) carbonate

burial increased. Higher rates of aragonite burial lowered seawater [Sr] while carbonate-

seawater fractionation caused seawater δ88/86Sr values to increase. Glacial/interglacial

sea level fluctuations may have repeatedly caused large additions and removals of Sr

via the shelf carbonate burial/recrystallization mechanism, driving changes in seawater

δ88/86Sr over 10–100 kyr as Sr was recycled between the shelf carbonate reservoir and
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the ocean.

Paleorecords of seawater δ88/86Sr also point to a dynamic Pleistocene Sr budget. In

Chapter 2, we showed that seawater from the Last Glacial Maximum (LGM) preserved

within sediment pore fluids in the Maldives Inner Sea had lower δ88/86Sr (∼0.32‰)

and higher [Sr] (∼98 µM) than the modern ocean (δ88/86Sr = 0.39‰, [Sr] = 89µM),

consistent with recrystallization of shallow marine carbonate exposed by sea level fall

during glacial periods. The long-term seawater δ88/86Sr record derived from marine

barite by Paytan et al. (2021) varies between ∼0.31 and 0.39‰ during the Pleistocene

with an average seawater δ88/86Sr value of 0.35‰ for the past 2.5 Myr, hinting at the

possibility of high-frequency variations over glacial/interglacial cycles. This long-term

record (temporal resolution of ∼15–20 kyr) may alias high-frequency variations that

could be resolved with a higher-resolution record, which is the aim of this study.

We took a combined observational and modeling approach to determine whether the

ocean Sr budget behaved dynamically on glacial/interglacial timescales and to investigate

the relationship between sea level and seawater δ88/86Sr. First, we looked to the marine

sedimentary record and used marine barite to reconstruct seawater δ88/86Sr and 87Sr/86Sr

over the past two glacial cycles (0–250 ka). To provide context for the interpretation of

these paleorecords, we modeled the relationship between the ocean Sr budget and sea

level with a simple representation of the shallow marine carbonate sink and different sea

level histories. By comparing our process-based model of glacial/interglacial Sr cycling

to our observations, we illustrate that the relationship between seawater δ88/86Sr and

sea level fluctuations is complex and we identify key limitations in our understanding of

shallow carbonate burial and recrystallization on glacial timescales.

4.3 Methods

4.3.1 Marine barite separation and screening

Marine barite from sediment cores drilled by U.S. JGOFS Cruise TTN013 (TTN013-

PC83, TTN013-PC72) and Cruise Venture 1 (VNTR01-PC8) in the equatorial Pacific

was used to reconstruct seawater δ88/86Sr and 87Sr/86Sr from 250 ka to present (Table

A.3). Age models for the TTN013 cores are from Murray et al. (2000) with 14C ages
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from Winckler et al. (2008) for the upper 100 cm of TTN013-PC72. The VNTR01-PC8

age model is from Pisias and Mix (1997). Barite was separated from sediments by a se-

quential leaching procedure that uses sodium hypochlorite, acetic acid, hydroxylamine,

and a mixture of HF and HNO3 acids to target non-barite sedimentary fractions (Eagle

et al., 2003; Paytan et al., 1993). Samples were then checked for purity by scanning elec-

tron microscopy and dissolved by chelation with Mitsubishi MCI® Gel-CK08P cation

exchange resin (Eagle et al., 2003; Paytan et al., 1993). Approximately 5–10 mg of

powdered barite were weighed into Teflon beakers with 1 mL MCI® resin at neutral pH

and Milli-Q water (18.2 MΩ). Samples were heated in a 90°C furnace and periodically

sonicated until no visible sample remained and the pH of the supernatant no longer de-

creased. The cations bound to the resin were recovered by washing the resin with 5 mL

triple-distilled 6N HCl and 4 mL triple-distilled 2N HNO3. After collecting the cations,

the samples were dried down, reconstituted in 2% HNO3, and analyzed by ICP-OES

and ICP-MS for concentrations of major (Ba, Sr, Ca) and trace elements, respectively.

We further screened the samples for contaminating phases using elemental ratios (e.g.,

Al/Ba, Ti/Ba, Mn/Ba).

4.3.2 Strontium column chromotography

Chromatographic column separation of Sr from barite was performed using Bio-Rad

AG®50W-X8 cation exchange resin on 22 cm glass columns with a flow rate of approx-

imately 30 µL/min. Columns were preconditioned with triple-distilled 1.8N HCl before

sample aliquots of 1200 ng Sr were loaded onto the resin. The resin was washed with 6

mL 1.8N HCl before Sr was eluted in 6 mL 1.8N HCl. Procedural blanks for the entire

sample preparation were less than 1 ng Sr.

4.3.3 Strontium isotope analyses

Strontium isotope measurements were performed at GEOMAR Helmholtz Center for

Ocean Research Kiel (Germany) following the DS-TIMS method published by Krabben-

höft et al. (2009). A single measurement requires separate analyses of an 87Sr/84Sr-

spiked sample and an unspiked sample, from which the 88Sr/86Sr ratios were calculated

by the double spike correction algorithm and reported in delta notation as δ88/86Sr

68



(‰) = (88Sr/86Srsample/ 88Sr/86SrSRM987 - 1 ) * 1000. We report the traditional ra-

diogenic Sr isotope value 87Sr/86Sr normalized to a 88Sr/86Sr ratio of 8.375209. The

external reproducibility was determined by repeated measurements of the JCp-1 coral

standard (δ88/86Sr = 0.19±0.02‰, 87Sr/86Sr = 0.70918±0.00003, n = 9), the IAPSO

seawater standard (δ88/86Sr = 0.39±0.02‰, 87Sr/86Sr = 0.709174±0.000007, n = 11),

and NIST® SRM® 987 (δ88/86Sr = 0.00±0.02‰, 87Sr/86Sr = 0.710235±0.000009, n

= 18).

4.3.4 Modeling

We constructed an ocean box model coupled to a spatially-resolved continental shelf

model to predict the response of the ocean Sr inventory and isotopic composition to

continental shelf exposure and flooding during glacial/interglacial sea level change. The

model, illustrated in Figure 4.1, predicts spatially-resolved changes in aragonite burial

and recrystallization on continental shelves as a function of paleotopography and cal-

culates the effect of these variable shelf fluxes on the ocean Sr isotope mass balance.

The carbonate sink is represented based on best estimates for carbonate burial fluxes in

modern neritic environments (e.g., coral reefs, bays, and carbonate-rich shelves) and car-

bonate hot spots (O’Mara & Dunne, 2019), with the simplifying assumption that shallow

carbonate burial changes through time solely as a function of shelf area within neritic

habitat depth ranges. We also incorporated a post-glacial pulse of silicate weathering

after Mokadem et al. (2015), allowing non-steady state variations in the riverine flux of

<±15% over glacial/interglacial cycles. The model framework, fluxes, and assumptions

are detailed in Appendix A. We forced the model with four different sea level histories to

evaluate how the extent and timing of continental shelf flooding and exposure impacts

the seawater Sr response to sea level change (Table 4.1).

4.4 Results

4.4.1 δ88/86Sr and 87Sr/86Sr records

The marine barite δ88/86Sr record spans the last 250 kyr at approximately 4-kyr resolu-

tion (Figure 4.2A). Inferred seawater δ88/86Sr values calculated using an isotope offset of

0.536‰ (Paytan et al., 2021) show significant variability over the last two glacial cycles,
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Figure 4.1: Schematic of the coupled continental shelf-ocean box model. Model equations
and the fluxes illustrated here are described in detail in Appendix A.

ranging between 0.33 to 0.42‰. Two samples (at 10 and 67 ka) have lower δ88/86Sr values

(0.31-0.32‰) but are not consistent with the rest of the data (Figure 4.2A); we consider

these to be outliers and ignore these in our discussion but have no reason to exclude them

from the dataset. Overall, the range of δ88/86Sr values is about five times the long-term

analytical uncertainty (0.02‰) and is similar to the entire range reconstructed for the

Late Cenozoic (∼0.3-0.4‰, Paytan et al., 2021).

At 250 ka, seawater δ88/86Sr was similar to the modern ocean (∼0.37–0.38‰). Seawater

δ88/86Sr decreased by 0.05‰ between 250 and ∼220 ka before increasing to ∼0.40‰ by

210 ka. These 0.05–0.07‰ changes in δ88/86Sr occurring over 40 kyr span nearly the

full range of seawater δ88/86Sr from the past 35 Myr (Paytan et al., 2021). The δ88/86Sr

record is noisier from ∼210 to ∼120 ka, varying between 0.34–0.42‰ without a clear

trend. Fitting a LOWESS polynomial weighted least squares regression with a span of

≤10% suggests that there may be some underlying structure to the δ88/86Sr variation

within this period, with a slight decrease in δ88/86Sr between 175–150 ka. However, we

are cautious about overinterpreting this interval given the large signal-to-noise ratio.

Between ∼120 and 66 ka, seawater δ88/86Sr decreased from ∼0.39‰ to 0.34‰. The

record then shows several rapid shifts in δ88/86Sr between 66 ka and present day, starting

with a 0.07‰ increase between 66 and 50 ka followed by a decrease of ∼0.05–0.06‰ by

between 50 and 33 ka. After 33 ka, seawater δ88/86Sr increased to ∼0.39–0.40‰ between
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21 and 14 ka, and finally decreased to a Holocene average of 0.37‰ (10 ka to present).

Marine barite 87Sr/86Sr values gradually increased over 250 kyr at a rate of 0.000059

Myr−1 (Figure 4.2B), comparable to the well-established record of 87Sr/86Sr in seawater

which shows a long-term increase of 0.000054 Myr−1 (Vance et al., 2009). We compared

the barite 87Sr/86Sr values from this study to published data from foraminifera (Ando

et al., 2010; Henderson et al., 1994; Mokadem et al., 2015) and found them to be in good

agreement (Figure 4.3). While structured variations in 87Sr/86Sr are not apparent in

the data, Mokadem et al. (2015) previously used the foraminifera datasets to show that
87Sr/86Sr variation due to non steady-state changes of ±15% in the weathering flux can

be accommodated within the data error envelope. Our barite 87Sr/86Sr measurements

are generally consistent with the 87Sr/86Sr envelope defined by all the published datasets

and with the Mokadem et al. (2015) model curve, and provide improved constraints for

150–250 ka where the existing datasets are sparse (Figure 4.3).

4.4.2 Marine barite Sr/Ba ratios

In core TTN013-PC83, where we have the most continuous and highest resolution sam-

pling coverage, we found that marine barite Sr/Ba ratios varied systematically between

∼30–40 mmol/mol over the past 250 kyr. Previous work has suggested that barite Sr/Ba

ratios may qualitatively indicate changes in seawater [Sr] (Averyt, 2004), but this pro-

posed proxy has not been rigorously developed. The record of seawater δ88/86Sr is not

significantly correlated with barite Sr/Ba fluctuations, suggesting differences in mecha-

nism(s). The barite Sr/Ba reconstruction and its comparison to sea level changes and

previous Sr/Ba records is presented in Appendix A.
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A

B

Figure 4.2: (A) Stable Sr isotope record in marine barite (left axis) with a polynomial
weighted least squares regression (LOWESS). The inferred seawater δ88/86Sr values (right
axis) were calculated using a constant seawater-barite isotopic offset of 0.536‰ as in
Paytan et al. (2021). (B) Radiogenic Sr isotope record in marine barite with LOWESS
fit. Error bars in both (A) and (B) are given by the long-term reproducibility of the
isotopic measurements and by the estimated age uncertainty (see discussion).
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Figure 4.3: Radiogenic Sr isotope data for marine barite (black symbols, this study) and
foraminifera reported by Ando et al. (2010), Henderson et al. (1994), and Mokadem et al.
(2015) (colored "+" symbols). For each dataset, 87Sr/86Sr values were normalized to the
reported value for modern seawater (∆87Sr (ppm) = ((87Sr/86Srsample/87Sr/86Srseawater)
- 1) × 106) All errors are the analytical uncertainty (2σ, ppm). The red curve shows the
modeled seawater 87Sr/86Sr response from Mokadem et al. (2015), which suggests that
±15% non steady-state variation in the weathering flux can be accommodated within
the data envelope. The blue curve shows the model prediction from simulation ICE-
PC2-SpLi16-F (this study).

4.4.3 Modeled relationship between sea level and seawater Sr

Model simulations forced by four different sea level histories illustrate the predicted mag-

nitude and timing of seawater δ88/86Sr, [Sr], and 87Sr/86Sr variations due to shelf flooding

and exposure over two glacial cycles. We compared predictions from: an idealized sea

level curve (sinusoid) simulating sea level fluctuations between 0 and -120 m over the

last two glacial cycles (Figure 4.4); a δ18O-derived global mean sea level (GMSL) curve

(Spratt & Lisiecki, 2016) (Figure 4.5); and spatially-resolved relative sea level (RSL)

reconstructions based on glacial isostatic adjustment (GIA) modeling (Figures 4.6 and

4.7).
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Table 4.1: Model simulations performed with different sea level histories and aragonite recrystallization rates. The sea level
reconstructions are described in detail in Appendix A.
Simulation Sea Level Reconstruction Recrystallization rate t1/2 (kyr)

SINE-S sine wave (idealized) slow 20
SINE-F sine wave (idealized) fast 5
GMSL-S δ18O-based GMSLa slow 20
GMSL-F δ18O-based GMSLa fast 5
ICE-PC2-S GIA model RSL, ICE-PC2 ice historyb slow 20
ICE-PC2-F GIA model RSL, ICE-PC2 ice historyb fast 5
ICE-PC2-SpLi16-S GIA model RSL, ICE-PC2 + SpLi16 GMSL slow 20
ICE-PC2-SpLi16-F GIA model RSL, ICE-PC2 + SpLi16 GMSL fast 5

aSpratt and Lisiecki (2016); bPico et al. (2017); cLisiecki and Raymo (2005)
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Magnitude of modeled seawater Sr response

Across all of our model simulations, none of the sea level histories produced δ88/86Sr

changes greater than 0.01‰ (Figures 4.4–4.7). There are differences in the timing of

δ88/86Sr variations between simulations, but overall the predicted changes are within the

analytical uncertainty of δ88/86Sr measurements. While the magnitude of the predicted

δ88/86Sr change is small compared to our observations, the shelf carbonate fluxes pre-

dicted by the model that drove the δ88/86Sr responses (Figures A.7–A.10) are generally

consistent with current estimates of Quaternary carbonate burial and previous modeling

of the shelf carbonate burial/recrystallization mechanism (Stoll & Schrag, 1998).

All simulations predicted ∼3–4% variations in seawater [Sr], comparable in magnitude to

the predictions made by Stoll and Schrag (1998) using a similar shelf-ocean model (1–3%

variation in Sr/Ca). The recrystallization fluxes predicted by our shelf model are also

comparable in magnitude to the flux predicted by Stoll and Schrag (1998). While the

recrystallization flux varied significantly between our simulations due to the direct link

between accumulated carbonate, sea level fall, and recrystallization, the flux typically

ranged from negligible to peak values of ∼400–500 Gmol Sr yr−1. Peak recrystallization

fluxes were higher (∼1000 Gmol Sr yr−1) for the RSL simulations due to substantially

higher carbonate burial fluxes (Figure A.9 and A.10).

The shelf carbonate burial fluxes predicted by the continental shelf model are broadly

consistent with estimates for the Quaternary carbonate budget based on observations

and numerical modeling (Husson et al., 2018; Kleypas, 1997; M. Wood et al., 2023).

Predicted total carbonate burial at interglacial high stands was approximately the mod-

ern flux (1.4 Pg CaCO3 yr−1) with about 0.7 Pg CaCO3 yr−1, 0.4 Pg CaCO3 yr−1,

and 0.3 Pg CaCO3 yr−1 buried in corals, bays, and carbonate-rich shelves, respectively

(Figures A.7–A.10). Minimum total fluxes at glacial low stands were approximately 0.2

Pg CaCO3 yr−1 with roughly half buried by coral reefs. These fluxes generally align

with the reef model predictions of Kleypas (1997), which suggested that reef area was

reduced by 80% at the LGM and reef production was 27% of the modern flux. Husson

et al. (2018) similarly predicted peak reef production rates on the order of 0.5–5 Pg

CaCO3 yr−1 for typical high stands (∼50–80% of which can be assumed to accumulate)

with minimal production during periods of sea level fall.
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In summary, the model simulations did not reproduce the ∼0.1‰ range observed in

our seawater δ88/86Sr reconstruction despite predicting realistic shelf carbonate recrys-

tallization and burial fluxes. The modeled seawater 87Sr/86Sr response approximately

reproduced the prediction of Mokadem et al. (2015); differences between the two model

curves are due to the inclusion of incongruent weathering by Mokadem et al. (2015)

which we neglected. Our model curve fits well within the range of reconstructed seawa-

ter 87Sr/86Sr values from this study and published records (Ando et al., 2010; Hender-

son et al., 1994; Mokadem et al., 2015) (Figure 4.3). Differences in predicted seawater
87Sr/86Sr between our simulations are negligible because radiogenic Sr is dominantly

controlled by the weathering input.

Timing of modeled seawater Sr response

While all simulations predict δ88/86Sr changes of a similar magnitude, the sinusoidal,

GMSL, and RSL model forcings produced seawater δ88/86Sr trends with variable timing

due to differences in the onset of shelf flooding and exposure. Seawater [Sr] changes

mirrored those of δ88/86Sr, as both were driven by the same processes and changed at

the same time in opposing directions.

The sinusoidal sea level simulations (SINE-F, SINE-S) illustrate the timing of seawater

δ88/86Sr change relative to idealized shelf flooding and exposure (Figure 4.4). Beginning

at peak interglacial conditions ∼250 ka, seawater δ88/86Sr increased during the initial

sea level fall for about 25 kyr until sea level dropped below -20 m and recrystallization

caused δ88/86Sr to decrease. When sea level rose to about -60 m around 150 ka, δ88/86Sr

increased again until peaking around 100 ka. Again, peak δ88/86Sr values lagged the

high stand by about 25 ka. δ88/86Sr decreased until around 40 ka and began increasing

toward present when sea level rose to about -60 m once more.

The GMSL simulations (GMSL-F, GMSL-S) δ88/86Sr results are similar in shape to the

SINE runs but show additional structure within the 100-kyr cycles reflecting relatively

small interstadial sea level fluctuations and offsets in the timing of sea level maxima

and minima (Figure 4.5). Starting at 250 ka, seawater δ88/86Sr increased until 190 ka

with only a small response to the glaciation-deglaciation sea level change around 225

ka. Seawater δ88/86Sr then decreased along with sea level until 130 ka when sea level
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rose rapidly following the low stand ∼135 ka and δ88/86Sr increased. The 70 ka peak

in δ88/86Sr was followed by decreasing δ88/86Sr until ∼19 ka, when δ88/86Sr increased

toward present.

Differences in the GMSL- and RSL-forced seawater δ88/86Sr trends arose from differ-

ences in the timing and extent of local shelf flooding/exposure. The GMSL forcing was

uniformly applied across space, while the RSL forcings (ICE-PC2, ICE-PC2-SpLi16)

captured local changes in sea level due to GIA (see Appendix A). Accounting for GIA

also leads to differences in the estimated eustatic sea level curves for the GMSL and

RSL scenarios, for example, the relative magnitude of the mid-MIS 3 high stand (see

Pico et al. (2017) and discussion below).

The ICE-PC2 and ICE-PC2-SpLi16 sea level histories differ only in the penultimate

glacial cycle, as the ICE-PC2 ice sheet history was used for 0–122 ka in both recon-

structions. The predicted δ88/86Sr trends are very similar for both forcings, with one

slight difference ∼160 ka where ICE-PC2 predicts a higher peak δ88/86Sr value than

ICE-PC2-SpLi16. From 250 ka until about 190 ka, δ88/86Sr increased until a slight de-

crease around 190 ka. Seawater δ88/86Sr peaks again around 160 ka before decreasing

until 130 ka. Deglaciation ∼130 ka led to a large increase in δ88/86Sr over about 60

kyr. A small decrease in δ88/86Sr occurred with the third interstadial sea level drop

∼70 ka before δ88/86Sr increased along with sea level ∼60 ka in contrast to the GSML

simulations where δ88/86Sr only decreased between 70 and 19 ka. The interstadial high

stand was more important in the RSL simulations, where substantially more carbonate

was buried on the shelf (Figures A.8 –A.10). The increase in δ88/86Sr continued after the

interstadial high stand until 36 ka when it again dropped as sea level decreased below -60

m. Finally, δ88/86Sr reached a minimum around 19 ka before increasing toward present.
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Figure 4.4: Model results for sinusoidal sea level forcing of shelf carbonate burial and
recrystallization. Fast (SINE-F, t1/2 = 5 kyr, dashed line) and slow (SINE-S, t1/2 = 20
kyr, dotted line) aragonite recrystallization rates were tested to illustrate the sensitivity
of the results to this parameter.
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Figure 4.5: Model results for global mean sea level forcing of shelf carbonate burial and
recrystallization. Fast (GMSL-F, t1/2 = 5 kyr, dashed line) and slow (GMSL-S, t1/2 = 20
kyr, dotted line) aragonite recrystallization rates were tested to illustrate the sensitivity
of the results to this parameter.
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Figure 4.6: Model results for ICE-PC2 relative sea level forcing of shelf carbonate burial
and recrystallization. Fast (ICE-PC2-F, t1/2 = 5 kyr, dashed line) and slow (ICE-PC2-S,
t1/2 = 20 kyr, dotted line) aragonite recrystallization rates were tested to illustrate the
sensitivity of the results to this parameter.
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Figure 4.7: Model results for ICE-PC2-SpLi16 relative sea level forcing of shelf carbonate
burial and recrystallization. Fast (ICE-PC2-SpLi16-F, t1/2 = 5 kyr, dashed line) and
slow (ICE-PC2-SpLi16-S, t1/2 = 20 kyr, dotted line) aragonite recrystallization rates
were tested to illustrate the sensitivity of the results to this parameter.
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4.5 Discussion

4.5.1 A dynamic glacial/interglacial strontium budget

Our 250-kyr reconstruction of seawater δ88/86Sr clearly demonstrates that δ88/86Sr fluc-

tuated over relatively short (<50 kyr) timescales during the Pleistocene. Systematic

δ88/86Sr changes of ∼0.05‰ occurred independently of seawater 87Sr/86Sr, consistent

with changes in the Sr inventory due to shelf carbonate burial and recrystallization

which do not significantly impact 87Sr/86Sr. The range of δ88/86Sr (∼0.1‰) over the

last two glacial cycles is equal to the entire range reconstructed for the Late Cenozoic

(Paytan et al., 2021), implying that glacial/interglacial processes are a strong lever on Sr

budget imbalances and the stable isotopic composition. However, we failed to reproduce

the reconstructed δ88/86Sr variations in model simulations based on our current under-

standing and relatively simple approximation of shallow carbonate burial changes in the

past, aragonite recrystallization rates, ice sheet histories, and sea level fluctuations. We

take the data-model mismatch as evidence that a fundamental control on seawater Sr

cycling over glacial/interglacial cycles is missing from our conceptualization of the shelf

carbonate burial/recrystallization mechanism. In the discussion that follows, we eval-

uate the hypothesized link between seawater δ88/86Sr and sea level changes, which we

had expected to be correlated, and consider alternative explanations for the observed

δ88/86Sr fluctuations.

4.5.2 Relating δ88/86Sr to global mean sea level

The shelf carbonate burial/recrystallization hypothesis predicts that seawater δ88/86Sr

will be low during periods of low sea level (high shelf exposure) when carbonate sediments

recrystallize and provide a source of isotopically-light Sr to the ocean. The flooding of

exposed shelves would theoretically cause δ88/86Sr to increase as neritic carbonate burial

increases, leading to relatively higher δ88/86Sr during sea level high stands. However,

the predicted relationship between seawater δ88/86Sr and sea level is not consistently

borne out in the data. Comparison of the smoothed δ88/86Sr record with GMSL (Pico

et al., 2017; Spratt & Lisiecki, 2016) shows contrasting patterns for the last two glacial

cycles that are not clearly related to changes in sea level, despite some periods where

they appear coupled (Figure 4.8).
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For most of the last glacial cycle (122 to ∼35 ka), seawater δ88/86Sr trends follow sea level

variations (Figure 4.8). The first of three major decreases in δ88/86Sr occurs between

120 and 66 ka as sea level decreases after the LIG high stand. Seawater δ88/86Sr then

increases around the mid-MIS 3 high stand (Pico et al., 2017), consistent with increasing

neritic carbonate burial on flooded shelves. The sea level drop following the mid-MIS 3

high stand is associated with a decrease in δ88/86Sr as expected if the carbonate sediments

deposited on the shelf during the high stand recrystallized upon subsequent exposure.

Just prior to the LGM, however, seawater δ88/86Sr increases while sea level continues to

decrease into the glacial maximum. This LGM peak in δ88/86Sr is not consistent with the

shelf carbonate burial/recrystallization mechanism, which predicts low δ88/86Sr at the

LGM. The record also suggests that the Holocene δ88/86Sr values are lower than at the

LGM, which is the opposite of what we expect if deglaciation is associated with increased

neritic carbonate burial and increasing seawater δ88/86Sr. If the changes in seawater

δ88/86Sr prior to ∼35 ka were related to shelf carbonate burial/recrystallization, there

must be another factor to explain why the relationship between sea level and δ88/86Sr

breaks down in the most recent section of the record, specifically why seawater δ88/86Sr

began increasing before the LGM and decreased during deglaciation.

In the previous glacial cycle (250–122 ka), seawater δ88/86Sr is less variable and appears

less related to sea level change (Figure 4.8). Most notably, there is little difference or

change in seawater δ88/86Sr between the penultimate glacial maximum (PGM, 160–140

ka) and the Last Interglacial (LIG, 130 ka). As the deglaciation is associated with rapid

sea level rise of ∼120 m to peak levels 5.5–9 m above modern-day sea level (Dutton &

Lambeck, 2012), we would expect seawater δ88/86Sr to increase at least as significantly

as observed for the mid-MIS 3 high stand, if indeed δ88/86Sr reflects increased neritic

carbonate burial when exposed continental shelves become flooded. Instead, there is

only a small change in δ88/86Sr (<0.03‰) associated with the deglaciation. The major

δ88/86Sr change of the previous glacial cycle occurred during the penultimate interglacial

(MIS 7, 240–170 ka). Between 250 and 200 ka seawater δ88/86Sr decreased from ∼0.38‰

to ∼0.34‰ before rebounding to 0.38‰. This δ88/86Sr change is associated with the MIS

7e-7d-7c glaciation and deglaciation, which was one of the fastest glaciation–deglaciation

events of the Pleistocene (global ice volume change of ∼60 m global sea level equivalent

within 20 kyr) (Choudhury et al., 2020). While the δ88/86Sr changes during MIS 7
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fit our expectation for exposure and re-flooding of the continental shelves during the

glaciation–deglaciation transition, it is unclear why a similar response would not be seen

for the penultimate deglaciation around 138 ka.

Statistically, there is no evidence for strong correlation between the seawater δ88/86Sr

record and GMSL over the past 250 kyr despite the coincident timing of the more

significant changes in δ88/86Sr with rapid sea level fluctuations (e.g., mid-MIS 3 high

stand, MIS 7e-7d glaciation). The lack of correlation doesn’t necessarily rule out the

shelf carbonate burial/recrystallization mechanism, but implies that shelf carbonate

burial/recrystallization cannot simply be driven by GMSL if this is in fact the mechanism

behind the δ88/86Sr changes.

4.5.3 Age model uncertainties

It is important to consider that the timing of the seawater δ88/86Sr changes we observe

may be biased by uncertainties in the age models. The TTN013-PC72 and VNTR01-

PC8 sediment core age models are derived from correlation of δ18O with the SPECMAP

stack (Murray et al., 2000; Pisias & Mix, 1997). The age model for TTN013-PC83

was determined by correlation of carbonate content with TTN013-PC72 (Murray et al.,

2000). The TTN013-PC72 age model used here includes updated 14C ages from Winckler

et al. (2008) for the upper 100 cm, though this update directly impacts the age estimate

of only one of our samples at 46 cm depth and does not substantially shift the overall

δ88/86Sr trend relative to the original Murray et al. (2000) age model. However, the

Winckler et al. (2008) 14C ages demonstrate that the Murray et al. (2000) age model for

TTN013-PC72 is biased younger by ∼2–7 ka over the upper 100 cm (0–40 ka), with the

greatest bias between ∼50–70 cm (16–26 ka) (Figure A.12). Consequently, the age model

used for TTN013-PC83 must be similarly biased, raising the possibility that the timing

of the seawater δ88/86Sr changes are offset relative to sea level changes. Specifically,

the apparent δ88/86Sr decrease observed at the deglaciation (∼14 ka) may instead be

associated with the LGM low stand (∼21 ka), and the preceding peak in δ88/86Sr (14–21

ka) that we relate to the LGM may instead be associated with the mid-MIS 3 high

stand (∼44 ka), with δ88/86Sr increasing during the high stand before decreasing with a

∼15-kyr lag behind sea level fall (Figure A.12). Lags in the seawater δ88/86Sr response

to sea level changes are possible given an approximate decay half life of ∼10–40 kyr for
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aragonite-to-calcite recrystallization (Stoll & Schrag, 1998). We did not find evidence

for strong lagged correlations between sea level and seawater δ88/86Sr across the duration

of our record, but such relationships could be obfuscated by these age uncertainties.

We estimate an age uncertainty of ±12 kyr (error bars in Figure 4.2) based on the

SPECMAP stack uncertainty of ±5 kyr (Martinson et al., 1987) and up to 7 kyr bias

in the Murray et al. (2000) age models. We also note that bioturbation and mixing

of sediments could have impacted our reconstructed seawater δ88/86Sr trends and likely

contributed to some of the δ88/86Sr variability observed between barite samples close in

age. For example, for a significant seawater δ88/86Sr change occurring within a 10-kyr

time slice, core samples within that 10-kyr window may represent a mixture of the two

δ88/86Sr extremes (Paytan et al., 2021). While these equatorial Pacific sediment cores are

advantageous for the high barite accumulation rates and excellent preservation of this

reliable seawater δ88/86Sr archive, these age uncertainties complicate the interpretation

of mechanistic drivers of the δ88/86Sr changes observed, as will potential leads/lags in this

system. In the following discussion, we explore potential explanations for the differences

between sea level and δ88/86Sr trends in the record we have produced, with the caveat

that high resolution records with higher confidence age models will be required to resolve

the exact timing of δ88/86Sr variations relative to sea level, particularly for the LGM to

present.

4.5.4 Importance of relative sea level changes

A potential explanation for the disconnect between observed seawater δ88/86Sr varia-

tions and GMSL change is the importance of local sea level change in regions that are

carbonate factory hot spots. The (re)flooding and (re)exposure of shelves in key regions

such as the Indo-Pacific or Caribbean over repeated sea level fluctuations might exert

stronger influence on the Sr budget than globally-averaged sea level changes. Not only

is the timing of RSL changes important, but δ18O-derived GMSL has been shown to

systematically underestimate GMSL during interstadial periods (de Gelder et al., 2020,

2022), which would lead to overestimation of shelf exposure and underestimation of the

neritic Sr sink. For example, recent analysis of Huon Peninsula RSL indicators showed

that interstadial sea level highstands (e.g., MIS 3, 5a, 5c, 6) are higher than δ18O-derived

GMSL estimates by up to ∼20 m (de Gelder et al., 2022). RSL predictions from GIA
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modeling produced a better fit to the Huon MIS 3 highstand indicators (Pico et al.,

2017) and predicted substantially greater shelf inundation at high stands, particularly

at MIS 3 (and thus greater exposure leading up to the LGM) (Figure A.6).

This consideration motivated our inclusion of the RSL forcings in our model simulations,

which did influence the timing of seawater δ88/86Sr changes compared to the GMSL forc-

ing (Figures 4.5–4.7). These differences are driven primarily by variable accumulation

of carbonate within the assumed depth ranges for corals, seagrasses, and other shallow

calcifiers. Seawater δ88/86Sr increased most significantly when relatively high sea levels

accommodated high carbonate burial for a sustained period, and decreased significantly

when sea level fall and shelf exposure coincided with large volumes of accumulated car-

bonate becoming exposed. For example, in the last glacial period GMSL-forced seawater

δ88/86Sr peaked around 70 ka before decreasing toward the LGM, while the RSL-forced

seawater δ88/86Sr peaked much later around 36 ka as high fluxes of carbonate accumula-

tion were sustained by relatively extensive submergence of shelves in key regions like the

Indo-Pacific. Setting aside the mismatch in the magnitude of observed versus predicted

δ88/86Sr changes, the RSL effect might explain the timing of the ∼50 ka peak in δ88/86Sr

(Figure 4.8) if, for example, the mid-MIS 3 high stand supported widespread reef ac-

cumulation. However, accounting for RSL changes still cannot explain why seawater

δ88/86Sr began increasing before the LGM and decreased during the deglaciation, or

why there was little change through the penultimate glacial maximum and deglaciation.

These δ88/86Sr patterns might be related to complexity in how reefs grow (e.g., deposi-

tional processes) and recrystallize (e.g., possibly after re-submergence in seawater) and

potential time lags associated with these processes that are not captured by our simple

model.
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Figure 4.8: (A) Benthic δ18O (Lisiecki & Raymo, 2005) and (B) global mean sea level
reconstructed from δ18O (solid line, Spratt & Lisiecki, 2016) and GIA modeling (dashed
line, Pico et al., 2017) compared to (C) seawater δ88/86Sr trends (LOWESS fit to the
data with the 95% CI given by the shaded ribbon). Key transitions are highlighted by
vertical shading, including the Last Glacial Maximum (LGM), Last Interglacial (LIG),
and Penultimate Glacial Maximum (PGM).
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4.5.5 Alternative drivers of seawater δ88/86Sr change

While sea level is typically regarded as the main driver of spatiotemporal variations in

reef development and shallow carbonate accumulation, there are many factors that may

influence glacial/interglacial reef growth (for detailed discussion, see Montaggioni, 2005).

The response of coral communities to different rates of sea level rise depends on their

depositional processes and growth styles (e.g., accretion rates, morphological structures)

which can allow reefs to "keep up" or "catch up" to sea level rise, or cause reefs to be

drowned. Environmental factors like sea surface temperature, salinity, nutrients, light

intensity, wave energy and erosion are fundamental controls on reef growth (Montag-

gioni, 2005). Aragonite saturation state determines the calcification rate of corals and

is thought to have been higher than present during the LGM when pCO2 was lower.

Glacial aragonite saturation states might therefore have been more favorable for arago-

nite accretion with conditions becoming less favorable during deglaciation. Small-scale

topographic features (e.g., substrate type, changes in slope, paleochannels) influence col-

onization and accretion by providing favorable substrate (Hinestrosa et al., 2014). Reef

growth can also impact carbonate accumulation in other environments that contribute

to the neritic carbonate budget (e.g., embayments, lagoons, estuaries) by altering shelf

physiology; the topography, slope, drainage patterns are all potential controls on the

accumulation versus export of shelf sediments (Hinestrosa et al., 2019).

All of these factors complicate the prediction of shallow carbonate burial fluxes back in

time, and may help explain why the observed seawater δ88/86Sr changes do not follow a

simple sea level model. The geographical distribution and development of reefs before

the Holocene is very poorly constrained, as the majority of these fossil coral reefs are

submerged at present. We focused in on the seawater δ88/86Sr record between ∼30 ka

and present, a period for which geological reef records are available, to try to link field

observations of LGM and post-glacial reef development to the δ88/86Sr trends.

4.5.6 Fossil coral reef records 30 ka to present

Some of the best constraints on LGM coral reef accumulation come from recent work

at the world’s largest reef system, the Great Barrier Reef (GBR). Webster et al. (2018)

demonstrated that reefs were established on the GBR shelf edge at the LGM (∼27 ka)
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following the sea level fall after the MIS 3 high stand. The shelf-edge reefs migrated

seaward as RSL continued to fall to ∼21 ka, then flourished until 17 ka when deglacial sea

level rise initiated landward migration. Both the presence of the shelf-edge reefs at the

LGM and their ability to rapidly aggrade seaward in response to the LGM sea level fall

suggests that there could have been thriving coral ecosystems during the LGM (Webster

et al., 2018). Similarly, the presence of coral reefs in other Indo-Pacific regions around

23–18 ka indicates that environmental conditions at the LGM remained conducive to

reef growth (Montaggioni, 2005).

The GBR fossil coral records also revealed a two-step structure in sea level fall during the

LGM that is not captured in any of the GMSL or RSL sea level reconstructions discussed

so far. After the initial rapid sea level fall around 31 ka, GMSL was relatively constant

from 28–22 ka (at which time GBR shelf-edge reefs were thriving) around -113±6 m,

much shallower than previously estimated (Yokoyama et al., 2018). Sea level dropped

again by ∼20 m around 21.5 ka to a low of -130 m to -125 m before rising toward the

deglaciation (Yokoyama et al., 2018).

If the GBR is representative of LGM coral ecosystems globally (or at least in the key

regions like the Indo-Pacific), perhaps environmental conditions and the aragonite satu-

ration state were favorable for reef development even during the LGM low stand. Min-

imal changes in reef accumulation between the LGM and Holocene could explain why

the carbonate saturation horizon did not deepen significantly during the LGM (Carta-

panis et al., 2018; Catubig et al., 1998; Farrell & Prell, 1989; M. Wood et al., 2023;

Yu, Anderson, & Rohling, 2014) as would be expected if alkalinity removal by shallow

carbonate burial was greatly reduced. GBR fringing reefs initiated around 27 ka, which

is approximately when seawater δ88/86Sr increased after decreasing from ∼50–33 ka. The

decrease in δ88/86Sr from peak LGM values also coincides with the ∼20 m sea level fall

reported by Yokoyama et al. (2018), which lowered sea level to a -130 m low stand at

21.5 ka. We postulate that this sea level drop may have tapped into a deep Sr reservoir

in low stand corals from previous glacial cycles that had not since been exposed by sea

level cycles. The recrystallization of these deep fossil reefs resulted in the low seawater

δ88/86Sr values observed following the LGM before seawater δ88/86Sr increased to the

modern value due to postglacial carbonate accumulation, which likely peaked ∼10 ka

(Husson et al., 2018).
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4.5.7 A refined shelf carbonate burial/recrystallization hypothesis

The connections between seawater δ88/86Sr and patterns of coral reef accumulation in

the GBR region are merely speculative because observational constraints are insufficient

to determine if LGM carbonate burial fluxes would have been large enough to drive

the observed δ88/86Sr change, or if deep fossil reefs below about -120 m had accumu-

lated a large Sr reservoir during prior glacial cycles. However, the complexities of reef

development potentially explain why seawater δ88/86Sr changes are not clearly linked

to sea level changes despite shelf carbonate burial and recrystallization being the most

likely drivers. That is, seawater δ88/86Sr trends are not a simple function of sea level

rise and the expansion of the shelf area, but instead arise from the integrated effect of

coral growth, shelf carbonate burial, and aragonite recrystallization. The shelf carbon-

ate burial/recrystallization hypothesis can be extended beyond the simple model based

on sea level and shelf area to a more nuanced mechanism that depends on episodic reef

development in relation to rates of sea level change, environmental conditions, and the

history of reef platforms over many glacial cycles.

We propose that sea level is the dominant control on the Sr recrystallization flux, with

a secondary factor of accumulated carbonate volume in the habitatable depth range

(e.g., 0–50 m below sea level). For sea level to drive a seawater δ88/86Sr decrease, a

sufficiently large reservoir of Sr must be mobilized and not immediately reburied in

the new habitatable depth range. This could occur if a deep reservoir of Sr buried

during a previous low stand was tapped, or if the sea level fall coincides with a period

of reduced carbonate accumulation (as in our initial conceptual model). In contrast to

our original hypothesis, we postulate that the removal of Sr via neritic carbonate burial

is not directly controlled by sea level, because the conditions of reef establishment,

accumulation, and persistence are much more complicated. Consequently, significant

increases in seawater δ88/86Sr may indicate convergence of reef growth factors on ideal

conditions, for example, high aragonite saturation states, extensive substrate, rates of

sea level rise equal to reef accretion rates, and shallow calcifier communities capable of

migrating seaward or landward. We can also imagine an intermediate scenario where

Sr is rapidly recycled between exposed coral reefs and those growing just below them,

leading to a cascade effect as Sr is transferred to deeper shelf intervals as sea level

drops with little seawater δ88/86Sr response. Such a scenario could explain why seawater
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δ88/86Sr change was muted during the penultimate glacial cycle.

This model implies there should be an ultimate sink of Sr in low stand reefs and the

timing of recrystallization fluxes (indicated by decreasing δ88/86Sr) might provide insight

to preceding periods of carbonate accumulation. While geological observations of low

stand reefs are sparse and reconstructing global neritic carbonate burial fluxes in the past

remains challenging, we identified three potential test cases for our refined hypothesis.

First, the beginning of Northern Hemisphere ice ages ∼2.7 Ma should coincide with

a significant decrease in δ88/86Sr as coral reefs built over the Oligocene and Pliocene

were exposed and recrystallized. Second, the shift from 41-kyr glacial cycles to 100-kyr

cycles at the Mid Pleistocene Transition (MPT) is associated with increased severity

(amplitude) of glacial cycles (Clark et al., 2006); hence the largest Cenozoic sea-level

changes have occurred over the past 800 kyr with ∼100-kyr glacial terminations (Miller

et al., 2020). Accordingly, Sr buried at sea level low stands prior to the MPT should

have become mobilized when subsequent low stands exceeded the depth of the deepest

reef deposits. Finally, unusually high sea levels at the MIS 11 (∼400 ka) and MIS 31

(∼1,070 ka) "super-interglacials" are predicted to have supported exceptionally high reef

productivity compared to most interglacials (Husson et al., 2018). At MIS 31 sea level

was higher than it had been for the preceeding 400 kyr, and the MIS 11 high stand

exceeded that of MIS 31. At these times, the reef platforms built during the preceding

interglacial periods were simultaneously flooded and likely provided ideal substrate and

accommodation space for extensive reef accumulation (Husson et al., 2018). We would

consequently expect MIS 11 and MIS 31 to be associated with high seawater δ88/86Sr

values.

4.6 Conclusions

By reconstructing seawater δ88/86Sr over the past 250 kyr, we have shown that the

ocean Sr budget was dynamic over glacial/interglacial cycles. The systematic varia-

tions in seawater δ88/86Sr occurred independently of 87Sr/86Sr, indicating that carbon-

ate burial fluxes rather than weathering likely drove Sr mass imbalances on <50-kyr

timescales. This finding adds to the accumulating evidence in favor of the shelf carbon-

ate burial/recrystallization mechanism of Sr cycling during the Pleistocene. However,
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we also demonstrated that a simple model linking carbonate burial/recrystallization to

flooded/exposed shelf area does not adequately explain the magnitude and timing of

the seawater δ88/86Sr variations in relation to sea level fluctuations. In light of the mis-

match between our observations and model predictions, we developed a more nuanced

hypothesis for the cycling of Sr over glacial cycles and proposed a refined shelf carbonate

burial/recrystallization mechanism that could be tested with records of seawater δ88/86Sr

extending further back into the Pleistocene. Obtaining higher-resolution data spanning

the LGM through the last deglaciation with wider geographic sampling coverage (e.g.,

using carbonate archives carefully screened for diagenetic alteration) would also provide

better insight to the exact timing and global nature of the observed minima and max-

ima in seawater δ88/86Sr relative to sea level and climate changes, helping to elucidate

mechanisms underlying the fluctuations we observe.
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Chapter 5

Seawater stable strontium isotope

ratios during the Eocene-Oligocene

Transition

This chapter has been submitted to Geology : Wood, M.M., Kolevica, A., Eisenhauer,

Hain, M., A., Paytan, A. Seawater stable strontium isotope ratios during the Eocene-

Oligocene transition.

5.1 Abstract

The greenhouse-to-icehouse climate shift at the Eocene-Oligocene Transition (EOT) was

marked by global cooling, ice sheet growth, and a carbon cycle perturbation evident in

the ∼1 km deepening of the Pacific Ocean carbonate compensation depth (CCD). The

favored mechanism for the carbon perturbation is a shelf-to-basin shift in carbonate

(CaCO3) burial and increased CaCO3 weathering from exposed continental shelves dur-

ing sea level fall. We investigated the impact of these carbon cycle changes on the

ocean strontium (Sr) budget and seawater stable Sr isotopic composition (δ88/86Sr), re-

constructed from marine barite in deep sea sediment cores. Our record shows minimal

change in seawater δ88/86Sr (mean 0.38±0.03‰) indicating that the mechanisms re-

sponsible for deepening the CCD did not alter Sr sources or sinks sufficiently to perturb
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the Sr isotopic mass balance. Shelf-to-basin repartitioning of CaCO3 burial is consistent

with the δ88/86Sr data only if Eocene shelf ecosystems were devoid of aragonitic calcifiers

such as scleractinian corals and Halimeda macroalgae, which dominate neritic CaCO3

production and Sr burial in the modern ocean. Eocene carbonate sequences composed

almost entirely of low-Sr calcite instead held a small Sr inventory that was released to

the ocean when sea level dropped. Further, the lack of a trend in seawater δ88/86Sr in

the million years following the EOT suggests that geologic sources of Sr from weather-

ing remained within ±10% of the CaCO3 burial flux, without significantly upsetting the

long-term ocean Sr isotope budget.

5.2 Introduction

A permanent ∼1 km deepening of the carbonate compensation depth (CCD) coincided

with the expansion of the Antarctic ice sheet at the Eocene-Oligocene Transition (EOT,

∼34 Ma) (Coxall et al., 2005; Taylor et al., 2023). The CCD, below which calcium

carbonate (CaCO3) is no longer preserved, reflects the ocean’s carbonate saturation state

that adjusts on ∼4-kyr e-folding timescales to balance the ocean alkalinity budget (Hain

et al., 2024). The EOT CCD deepening roughly doubled the seafloor CaCO3 deposition

area (Rea & Lyle, 2005), implying a significant imbalance in carbonate sources and sinks.

The favored EOT carbon cycle perturbation mechanism is "shelf-basin fractionation,"

or repartitioning of CaCO3 burial from the shallow to the deep ocean due to ∼75 m

sea level fall (Armstrong McKay et al., 2016; Coxall & Wilson, 2011; Merico et al.,

2008; Miller et al., 2020; Opdyke & Wilkinson, 1988). Box models require an ∼80%

reduction in global neritic CaCO3 burial and a CaCO3 weathering pulse to match the

CCD deepening (Armstrong McKay et al., 2016; Merico et al., 2008). Such changes

in global CaCO3 burial and weathering are expected to impact the concentration and

isotopic composition of strontium (Sr) in seawater. We investigated the impact of EOT

sea level fall and shelf-to-basin repartitioning of CaCO3 burial on the stable Sr isotopic

composition (δ88/86Sr) of seawater, which has been shown to respond to secular changes

in neritic CaCO3 burial and weathering over the past 35 Ma (Paytan et al., 2021).

Strontium enters the ocean by rivers, groundwater, release from the oceanic crust, and

diagenetic alteration of marine sediments, and is removed by CaCO3 burial in the shal-
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Figure 5.1: (A) Steady state sources and sinks of Sr in the Eocene ocean. (B) Hypoth-
esized perturbation of the ocean Sr fluxes by the shelf-basin fractionation mechanism.
The isotopic fractionation of δ88/86Sr between seawater and carbonate raises the possi-
bility that changes in the neritic carbonate burial and weathering fluxes could impact
seawater δ88/86Sr at the EOT, depending on the timescale of the perturbation and the
mineralogy of the neritic carbonate fluxes.
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low and deep ocean (Figure 5.1A). Preferential incorporation of 86Sr over 88Sr in CaCO3

means that increased (decreased) Sr removal from the ocean due to increased (decreased)

CaCO3 burial will drive seawater δ88/86Sr to higher (lower) values, while increased

CaCO3 weathering will both increase the supply of isotopically-light Sr to the ocean

(Krabbenhöft et al., 2010; Paytan et al., 2021) and increase the oceanic CaCO3 burial

flux. Sea level fall reduces shelf area and shallow CaCO3 burial while increasing weath-

ering from exposed shelf CaCO3 sediments, lowering seawater δ88/86Sr until deep ocean

CaCO3 burial has compensated for the weathering and shelf burial changes (Hain et al.,

2024), ocean alkalinity mass balance is reestablished, and Sr burial matches the geologic

sources.

The sink and supply of Sr also depend on CaCO3 mineralogy. Aragonite, the dominant

form of CaCO3 in the modern shallow ocean, contains ∼10x more Sr than calcite which

dominates pelagic sediments (Krabbenhöft et al., 2010). Thus, shelf mineralogy deter-

mines the magnitude of neritic Sr burial and weathering fluxes (greater for aragonite than

calcite) and variable aragonite-calcite partitioning can alter seawater Sr concentration

([Sr]) and δ88/86Sr (Paytan et al., 2021). Secular variations in seawater Mg/Ca suggest

a transition from calcite to aragonite seas just prior to the EOT (Sandberg, 1983; Stan-

ley, 2006; Stanley & Hardie, 1998); increasing Mg/Ca throughout the Paleogene implies

that the Late Eocene ocean became more favorable for aragonitic producers following a

prolonged period of calcite seas throughout the Jurassic and Cretaceous. The timing of

this transition is not precisely known relative to the EOT (Stanley, 2006), but the Late

Eocene CaCO3 sink mineralogy and ecological turnover are important considerations for

Sr cycling in addition to sea level change.

We considered the following scenarios for possible seawater δ88/86Sr responses to the

EOT carbon cycle perturbation:

1) Aragonite-calcite shelf-to-basin repartitioning: an efficient aragonite-hosted shelf Sr

sink was replaced by a less efficient calcite-hosted deep ocean sink via carbonate compen-

sation, permanently reducing the ocean Sr sink with net zero change in global CaCO3

burial before and after the transient compensation event. The resulting large secular Sr

budget deficit would drive a persistent long-term decline in seawater δ88/86Sr.

2) Calcite-calcite shelf-to-basin repartitioning: reduced calcite-hosted shelf Sr burial was
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fully balanced by increased deep ocean calcite-hosted Sr burial after carbonate compen-

sation. Seawater δ88/86Sr may decline while the ocean is experiencing a transient budget

surplus of alkalinity and low-δ88/86Sr strontium, but the deepening of the lysocline and

CCD (Hain & Sigman, 2024) would increase the deep ocean calcite-hosted Sr burial flux

to reestablish a balanced Sr budget without a long-term deficit and hence without a

secular declining trend in seawater δ88/86Sr.

3) Changes in global silicate weathering may drive changes in seawater δ88/86Sr either

by causing an imbalance in the ocean Sr budget (weathering > burial) or via shifting

input δ88/86Sr at steady state (Paytan et al., 2021). That is, a secular δ88/86Sr trend

may have occurred with changes in geological source δ88/86Sr without a sustained Sr

budget imbalance.

The only available record of seawater δ88/86Sr for the late Cenozoic suggests that sea-

water δ88/86Sr was slightly lower in the Early Oligocene compared to the Late Eocene

(Paytan et al., 2021) (Figure 5.2C). Though these few data show long-term δ88/86Sr

change, it is possible that this shift occurred rapidly during the EOT coincident with

the CCD deepening. We aimed to obtain additional data between 32 and 36 Ma to eval-

uate whether and at what rate seawater δ88/86Sr responded to the EOT carbon cycle

perturbation.

5.3 Methods

We reconstructed seawater δ88/86Sr between 32 and 36 Ma at about 500-kyr or better

resolution using marine barite extracted from sediment cores at Integrated Ocean Drilling

Program Site U1333 and Ocean Drilling Program Site 1218 in the Equatorial Pacific.

We also analyzed coeval bulk CaCO3 samples from Site U1333, which we expect to show

similar trends to barite δ88/86Sr in the absence of diagenetic alteration or changes in

CaCO3-seawater Sr fractionation. Detailed methodology is provided in Appendix B.

Analyses of δ88/86Sr and radiogenic Sr isotope ratios (87Sr/86Sr) were made by double

spike thermal ionization mass spectrometry at GEOMAR Helmholtz Center for Ocean

Research Kiel (Germany) using the method detailed by Krabbenhöft et al. (2009). Sea-

water δ88/86Sr ratios were calculated from barite δ88/86Sr using a constant seawater-
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Figure 5.2: (A) Global mean sea level (GMSL) (Miller et al., 2020). (B) Carbonate
compensation depth (CCD) in the equatorial Pacific (Pälike et al., 2012; Taylor et al.,
2023). (C) Barite δ88/86Sr (right axis) from this study and Paytan et al. (2021) at
IODP Site U1333, ODP Site 1218, and DSDP Site 574 with inferred seawater δ88/86Sr
(left axis) calculated by adding the seawater-barite offset of 0.536‰ (Paytan et al.,
2021). (D) Barite and bulk carbonate 87Sr/86Sr. (E) Bulk carbonate δ88/86Sr at IODP
Site U1333. Replicate analyses are plotted as the average with error bars given by the
long-term external reproducibility. Vertical shading shows the timing of the EOT after
Hutchinson et al. (2021).
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barite offset of 0.536‰ (Paytan et al., 2021).

5.4 Results

Combined with the published data from Paytan et al. (2021), our δ88/86Sr data show

small but statistically insignificant differences in barite δ88/86Sr across the EOT (Figure

5.2C). We observe some variability in barite δ88/86Sr values between sites; specifically,

Site U1218 δ88/86Sr values are consistently lower than those from Site U1333 and Site

574 between ∼35 and 33.7 Ma (though within error). However, the overall trend across

all sites is statistically indistinguishable from a slope of zero (p-value=0.158, Appendix

B). We consider one sample from Site U1333 at 32.4 Ma to be an outlier (excluded

from Figure 5.2) and the remaining differences between sites to be natural variability

consistent with that observed for core-top barite samples (Paytan et al., 2021).

The average seawater δ88/86Sr for the duration of the record, determined by adding a

constant offset of 0.536‰ to barite δ88/86Sr values, is 0.38±0.03‰ (mean±2σ). Com-

parison of the Late Eocene mean δ88/86Sr (0.39±0.04‰) and Early Oligocene mean

δ88/86Sr (0.38±0.03‰) confirms that there is no statistically significant difference in

seawater δ88/86Sr as recorded in all three cores between these time periods (Appendix

B). Similarly, no notable trend is observed in coeval bulk carbonate δ88/86Sr (mean±2σ

= 0.22±0.06‰) at Site U1333 (Figure 5.2E). The offset between barite and carbonate

δ88/86Sr (∆carbonate−barite) varies between 0.33‰ and 0.44‰ over the duration of the

record, most likely due to post-burial alteration of the primary carbonate composition or

possibly due to small local changes in CaCO3-seawater fractionation during this interval

as observed for calcium isotopes by Griffith et al. (2011). These data do not suggest

any significant change in the δ88/86Sr of the carbonate sink during the carbon cycle

perturbation although a small change within error may be inferred (see Appendix B for

further discussion).

5.5 Discussion

The lack of trend in seawater δ88/86Sr across the EOT indicates that the mechanism(s)

responsible for the CCD change did not significantly alter Sr sources or sinks at the

99



timescale represented by our record. The Sr budget was balanced following carbonate

compensation with a maximum 10% contribution from the transfer of low-δ88/86Sr shelf

Sr to the ocean allowed by the analytical uncertainty (0.02‰).

Our data suggest that any shelf-to-basin shift in CaCO3 burial was not associated with

a major change in the global proportion of aragonite to calcite in the ocean. For a shelf

that is two-thirds aragonite (Krabbenhöft et al., 2010), an 80% loss of shallow CaCO3

burial would result in a permanent Sr mass imbalance of approximately 50 Gmol yr−1

after carbonate compensation, changing seawater [Sr] by +13% and δ88/86Sr by -0.02‰

over 500 kyr (for modeling, see Appendix B). A pulse of CaCO3 weathering would

exacerbate the persistent Sr budget imbalance causing +22% seawater [Sr] and -0.03‰

δ88/86Sr over the course of 500 kyr. Such a systematic trend in seawater δ88/86Sr is not

apparent in our data. In this scenario, deep ocean calcite-associated Sr burial balances

only ∼10% of the loss of the shallow Sr sink, so the mass imbalance is sustained after

the CCD deepening; the full magnitude of the δ88/86Sr response would depend on the

duration of the Sr budget imbalance and the initial ocean Sr inventory.

Instead, our reconstruction is consistent with calcite-calcite shelf-to-basin repartitioning,

which allows for a shelf-to-basin shift of CaCO3 burial without significant seawater

δ88/86Sr change on timescales greater than that of carbonate compensation. That is,

the transient excess of alkalinity and low-δ88/86Sr strontium from the loss of shelf calcite

burial was balanced by increased deep ocean calcite burial as the lysocline and CCD

deepened, restoring the alkalinity and Sr isotope mass balances without driving a secular

trend in seawater δ88/86Sr. A pulse of CaCO3 weathering could slightly decrease seawater

δ88/86Sr (<0.01‰ over 500 kyr for 100% stepped increase in CaCO3 weathering after

Armstrong McKay et al. (2016)) but is not sufficiently large relative to the oceanic Sr

inventory to produce a measurable transient change.

Changes in silicate weathering rates during and in the 2 Myr following the EOT are

not supported by the seawater δ88/86Sr record. Any variation in weathering fluxes must

have remained within 10% of the Sr burial flux while maintaining the long-term Sr

isotope mass balance, consistent with explanations that attribute the early Cenozoic

rise in 87Sr/86Sr to changes in weathering patterns rather than fluxes (Misra & Froelich,

2012; Ravizza & Peucker-Ehrenbrink, 2003; Zachos et al., 1999). Variable input δ88/86Sr
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may have driven a secular trend in seawater δ88/86Sr at steady state, which requires

balanced rather than constant weathering and burial fluxes, but the net δ88/86Sr of all

geological sources must have remained within ±0.02‰ of the long-term flux or any

secular weathering trend was cancelled by changes in the CaCO3 fluxes.

We suggest that Eocene seawater δ88/86Sr was largely insensitive to shelf-to-basin repar-

titioning of CaCO3 burial due to a calcite-dominated shallow CaCO3 factory. While

the secular seawater Mg/Ca trend suggests that the calcite-to-aragonite sea transition

occurred before the EOT, paleoecological surveys indicate that aragonitic reef builders

had not yet taken hold. Rudists were the dominant reef builders before their extinc-

tion at the K-Pg boundary (Stanley, 2005) while reef-building corals remained sparse

in the Paleocene and declined following the Paleocene-Eocene boundary (Scheibner &

Speijer, 2007), leaving only scattered reef deposits in the Western Tethys throughout the

Early-Middle Eocene (Pomar et al., 2017; Tosquella et al., 2022). Tethyan carbonate

platforms were instead dominated by calcitic larger benthic foraminifera (LBF) dwelling

on carbonate ramps (Coletti et al., 2022; Pomar et al., 2017), rather than modern coral

reef tracts that create back-reef habitat and depocenters for fragile aragonite-producers

such as Halimeda. Although reef development increased starting in the Late Eocene and

large coral buildups were present during the formation of ephemeral Antarctic ice sheets

in the lead up to the EOT, their main expansion throughout the Tethys was during the

Oligocene (Pomar et al., 2017). Modern corals emerged as the dominant reef builders

only in the Late Miocene (Pomar & Hallock, 2008).

The EOT δ88/86Sr record demonstrates a significant role for ecological turnover in sea-

water Sr cycling. Though seawater chemistry implies that the ocean was favorable

for aragonite producers around the EOT, aragonite deposition was not yet widespread

enough to significantly impact the Sr cycle when perturbed by sea level change. We

conclude that only with the development of modern barrier reef systems did the shal-

low ocean accumulate sufficient aragonite to become the ocean’s dominant Sr sink and

hence a driver of seawater δ88/86Sr change over the Late Cenozoic, in general agreement

with the interpretation of secular variations in seawater δ88/86Sr since the Oligocene by

Paytan et al. (2021).

A calcite-dominated shallow Eocene ocean also has implications for the interpretation
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of a ∼1.0‰ positive excursion in EOT benthic δ13C values (Coxall et al., 2005). Model

experiments suggest that weathering of relatively 13C-enriched shelf CaCO3 (∼1.5 to

3‰) is needed to explain the δ13C excursion (Armstrong McKay et al., 2016). These

CaCO3 δ13C values imply an aragonite-dominated shallow ocean, since aragonite-rich

sediments have higher δ13C values (∼1 to 6‰) compared to pelagic sediments (∼0 to

1‰) (Swart, 2008). Paleorecords of neritic CaCO3 δ13C reach only the latest Oligocene

(∼2‰) but show that δ13C is strongly correlated with aragonite content (Swart & Eberli,

2005). Our δ88/86Sr record is more consistent with calcite-dominated neritic sediments

that may have had δ13C values like pelagic sediment (∼0 to 1‰), underscoring the need

for data on Paleogene neritic CaCO3 δ13C to refine EOT carbon cycle models.

5.6 Conclusions

The EOT record of seawater δ88/86Sr shows that shelf-to-basin repartitioning of CaCO3

burial, considered the best explanation for the observed CCD deepening, did not sig-

nificantly perturb the ocean Sr budget. Our findings indicate that this mechanism did

not involve a major shift in the proportion of aragonite to calcite burial in the ocean

and suggest a calcite-dominated shallow CaCO3 factory during the Eocene; aragonitic

reef builders were not yet prevalent enough to influence the Sr cycle substantially when

perturbed by sea level change. The lack of secular trend in seawater δ88/86Sr further

implies that any long-term changes in silicate weathering rates were minimal, maintain-

ing balanced Sr fluxes during this major climate transition. Overall, we have shown

that the evolution of the shallow marine CaCO3 factory has important implications for

the Sr isotope mass balance and the response of seawater δ88/86Sr to past carbon cycle

perturbation.
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Appendix A

Supplementary materials for:

Glacial/interglacial variations in

seawater stable strontium isotope

ratios recorded in marine barite

A.1 Marine barite Sr/Ba ratios

In core TTN013-PC83, where we have the most continuous and highest resolution

sampling coverage, marine barite Sr/Ba ratios varies systematically between ∼30–40

mmol/mol over the past 250 kyr (Figure A.1). This range of Sr/Ba ratios is similar to

the distribution of core top barite Sr/Ba ratios in the Equatorial Pacific and Southern

Oceans (24–40 mmol/mol, Averyt & Paytan, 2003), but the systematic changes suggest

that this trend is a paleoceanographic signal rather than only natural variability. From

250 to 230 ka, Sr/Ba ratios decreased from ∼40 to 36 mmol/mol, then increased back to

40 mmol/mol by 175 ka. Sr/Ba decreased again to ∼35 mmol/mol by 150 ka followed

by a smaller increase to ∼38 mmol/mol at 100 ka, though the data are slightly noisy

between 150 and 100 ka. After 100 ka, there was a large decrease to 30 mmol/mol at 50

ka before Sr/Ba ratios increased back to 40 mmol/mol by present-day.
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The Sr/Ba record shares some notable similarities with the δ88/86Sr record. First, the

two records have similar structures between 250 ka and ∼120 ka, a period that spans

Marine Isotope Stage (MIS) 7 to MIS 5e (the last interglacial). Both δ88/86Sr and Sr/Ba

ratios decreased from 250 to 225 ka, then increased to 200 ka. Increased noise in both

records makes the signal between 200 and 120 ka less clear (more so in the δ88/86Sr

record), but the dip in Sr/Ba ratios during this period is also reflected in the (more

uncertain) δ88/86Sr LOWESS fit. Finally, both δ88/86Sr and Sr/Ba ratios decreased

around the Last Interglacial (LIG, ∼120 ka).

The δ88/86Sr and Sr/Ba records diverge, however, in the last glacial period. While Sr/Ba

ratios decreased from the LIG maximum until 50 ka, δ88/86Sr increased between 66 and

50 ka before decreasing until 33 ka. By 33 ka, Sr/Ba was increasing again and continued

to rise until the present day, but δ88/86Sr only increased from 21–14 ka before the trend

reversed and δ88/86Sr decreased to the present day. There is no statistically significant

correlation between Sr/Ba and δ88/86Sr over the entire duration of the records (Kendall’s

τ = 0.15, p-value = 0.11), indicating no global synchrony between these time series.
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Figure A.1: Marine barite Sr/Ba ratios in core TTN013-PC83 with LOWESS fit. Error
bars represent the analytical uncertainty.

Previous work has suggested that changes in marine barite Sr/Ba ratios may be a qual-
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itative indicator of glacial/interglacial seawater [Sr] (Averyt, 2004). The marine barite

Sr/Ba data from the TTN013-PC83 sediment core show trends similar to reconstructions

of marine barite Sr/Ba ratios in other equatorial Pacific cores (VNTR01-PC8, TTN013-

PC72), which revealed Sr/Ba fluctuations at 100-kyr periodicity and were coherent with

sea level records over the past 500 kyr (Averyt, 2004). The TTN013-PC83 Sr/Ba record

particularly resembles that of TTN013-PC72 (Kendall’s τ=0.50, p<0.001). At both

sites, Sr/Ba ratios increase from minima when glacial sea level drops below ∼-40 to -80

m below present sea level (Figure A.2). Averyt (2004) interpreted the TTN013-PC72

trends as reflecting seawater [Sr] changes due to sea level fluctuations with increased Sr

input from recrystallization of exposed shelf carbonate lagging behind the initiation of

glaciation. A lagged response to shelf exposure is possible given the time dependence

of aragonite recrystallization to calcite, with an approximate decay half life of ∼10–40

ka (Stoll & Schrag, 1998). The VNTR01-PC8 record from Averyt (2004) showed no lag

relative to low stands and less pronounced cyclicity compared to their TTN013-PC72

record, which the author attributed to post-depositional processes or local oceanographic

variations that muted the response to glacial/interglacial forcing at VNTR01-PC8.

The overall consistency of the trends observed across these sites does suggest that barite

Sr/Ba may serve as a qualitative indicator of global seawater [Sr] changes, with addi-

tional local effects possibly driving small differences between sites and complicating the

relationship between the Sr/Ba and δ88/86Sr proxies. We suggest that the Sr/Ba records

provide another line of evidence for sub-Myr variability in the oceanic Sr cycle. How-

ever, it remains possible that environmental factors other than seawater [Sr], such as

thermodynamics, precipitation rates, or depth of barite formation in the water column,

influence the partitioning of Sr in BaSO4, thus limiting our ability to derive quantitative

seawater [Sr] estimates from the Sr/Ba records. Partition coefficients for Sr and Ca in

marine barite have been empirically defined (Averyt & Paytan, 2003) but require broad

assumptions about the consistency of oceanic conditions and the microenvironments of

barite formation. We applied the empirical partition coefficient calculated for Sr to our

TTN013-PC83 Sr/Ba record to infer the magnitude of seawater [Sr] change from the

Sr/Ba variations, with the caveat that the absolute [Sr] values remain uncertain and

natural variability of barite Sr/Ba may change through time.

The range of reconstructed barite Sr/Ba over the last glacial cycle (30–40 mmol/mol) im-
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plies a seawater [Sr] range of ∼83–110 µM (DSr = 2.9x10−5, Averyt and Paytan (2003)).

A 10 mmol/mol increase in barite Sr/Ba (e.g., from ∼50 ka to present) would correspond

to a 30% increase in [Sr], a greater change than most previous estimates of seawater

Sr/Ca variations (1–3%) and seawater [Sr] variations (∼10–25%) over similar timescales

(Chapter 3, Paytan et al., 2021; Stoll & Schrag, 1998). A ∼30% change in seawater

[Sr] is however consistent with the [Sr] change predicted by the isotope mass balance of

pore fluid δ88/86Sr solutions presented in Chapter 3 Section 5.2. Thus, the magnitude

of [Sr] variation remains uncertain though we qualitatively conclude from these multiple

lines of evidence that seawater [Sr] measurably varied on 100-kyr timescales. Teasing

apart the relative contributions of the background seawater composition versus other

environmental factors to barite Sr/Ba ratios may support more quantitative estimates

and will require additional records from other oceanographic settings (i.e., beyond the

equatorial Pacific) where it would be unlikely for conditions of barite formation (e.g.,

microenvironment chemistry) to change simultaneously in the same way.
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Figure A.2: Marine barite Sr/Ba ratios at TTN013-PC83 (LOWESS fit to the data with
the 95% CI given by the shaded ribbon) and TTN013-PC72 (Averyt, 2004) compared
to GMSL fluctuations reconstructed from δ18O (solid line, Spratt & Lisiecki, 2016)
and GIA modeling (dashed line, Pico et al., 2017). Key transitions are highlighted by
vertical shading, including the Last Glacial Maximum (LGM), Last Interglacial (LIG),
and Penultimate Glacial Maximum (PGM).

A.2 Modeling seawater δ88/86Sr response to sea level change

The model consists of a well-mixed ocean box coupled to a spatially-resolved continental

shelf model (Figure 4.1). For a given eustatic sea level or relative sea level (RSL) history,
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the model predicts spatially-resolved changes in aragonite burial and recrystallization

on continental shelves as a function of paleotopography and calculates the effect of

these variable shelf fluxes on the ocean Sr isotope mass balance. The carbonate sink

is represented based on best estimates for carbonate burial fluxes in modern neritic

environments (e.g., coral reefs, bays, and carbonate-rich shelves) and carbonate hot

spots (O’Mara & Dunne, 2019), with the simplifying assumption that shallow carbonate

burial changes through time solely as a function of shelf area within neritic habitat depth

ranges. We also incorporated a post-glacial pulse of silicate weathering after Mokadem

et al. (2015), allowing non-steady state variations in the riverine flux of <±15% over

glacial/interglacial cycles. We forced the model with four different sea level histories to

evaluate how the extent and timing of continental shelf flooding and exposure impacts

the seawater Sr response to sea level change.

A.2.1 Ocean box model

Sr sources

The box model ocean is a well-mixed reservoir that receives Sr from riverine, ground-

water, hydrothermal, and diagenetic sources, plus an additional source from aragonite

recrystallization when sea level fall exposes carbonate on the continental shelf. The

recrystallization flux depends on RSL and the Sr inventory of the continental shelf, de-

scribed in more detail in Section A.2.2. The groundwater, hydrothermal, and diagenetic

fluxes are based on modern estimates and were assumed constant over a glacial cycle

(Table A.1). The riverine flux was allowed to vary by ±15% of the modern flux with

the diffuse post-glacial silicate weathering peak modeled by Mokadem et al. (2015).

Non-steady-state silicate weathering

Applying modern Sr fluxes for groundwater, hydrothermal, diagenetic, and riverine

sources produces modeled seawater 87Sr/87 values that increase at a faster rate (0.000425

Myr−1) than observed over the past few million years (0.000054 Myr−1) (Vance et al.,

2009). To address this mismatch, Mokadem et al. (2015) modeled a diffuse post-glacial

silicate weathering peak that produced non-steady-state variations in the riverine flux of

<±15% without violating the constraint of the seawater 87Sr/87 reconstructions (Figure
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Figure A.3: Weathering forcing from Mokadem et al. (2015).

A.3). We took the variable weathering flux from Mokadem et al. (2015) and similarly

applied the variations in our model by dividing the riverine flux into a steady-state

component and a non-steady-state component.

As in Mokadem et al. (2015), we assumed 70% of the riverine flux is carbonate weathering

with an isotopic composition similar to the average of Phanerozoic limestones (87Sr/87

= 0.7080, δ88/86Sr = 0.16‰). Silicate weathering, equal to 30% of the riverine flux,

is split into steady-state (30%) and non-steady-state (70%) terms and has an isotopic

composition determined by mass balance to achieve a modern riverine flux with 87Sr/87

= 0.71144 and δ88/86Sr = 0.317‰ (Mokadem et al., 2015; Paytan et al., 2021; Vance

et al., 2009).

Sr sinks

Strontium is removed from the ocean by carbonate burial in the deep sea and shal-

low ocean. The deep sea is dominated by calcite burial with a lower Sr content (1800

ppm Sr) relative to the the shallow (neritic) sink which we assume is dominantly arag-

onite (9000 ppm Sr). Though a portion of the neritic non-reef carbonate burial flux

is calcite, the partitioning of carbonate burial between aragonitic and calcitic species

is uncertain, as are carbonate production and accumulation rates of different species

(Krabbenhöft et al., 2010; Milliman, 1993; M. Wood et al., 2023). Previous work has

relied on carbonate accumulation rates with large uncertainties and arbitrarily assumed

non-reef shelf mineralogy (e.g., 2/3 aragonite, 1/3 calcite) (Krabbenhöft et al., 2010).

We based our assumption of shallow mineralogy on recent work that has shown that the
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pelagic calcite contribution to the total shallow carbonate flux is quite small (0.0013 Pg

C yr−1) compared to the benthic contribution which is mainly aragonitic corals and sea-

grasses (0.163 Pg C yr−1) (O’Mara & Dunne, 2019). We leveraged O’Mara and Dunne’s

(2019) updated, spatially explicit neritic carbonate accumulation rates for corals, sea-

grass bays, and carbonate-rich shelves to calculate Sr burial in aragonite within assumed

continental shelf depth ranges and hot spot regions (Figure A.4) (described in detail in

Section A.2.2). For the deep sea sink, we held the Sr burial flux constant based on the

compilation of 230Th-normalized carbonate burial fluxes by M. Wood et al. (2023) that

showed no significant difference in the global pelagic carbonate flux between the LGM

and Holocene.
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Table A.1: Strontium fluxes and isotope values used in the ocean box model. Fluxes that are calculated within the model depend
on continental shelf exposure, submerged area with habitat depth ranges, and the isotopic composition of seawater and shelf
carbonates at model time t.

Variable Sr δ88/86Sr (‰) 87Sr/86Sr Refs

Initial Seawater 125x106 Gmol 0.38 0.70916 1, 2
Shelf aragonite 93x104 Gmol 0.21 0.709 2, 3, 4

Sources Rivers (Friv) 33.7±15% Gmol/yr 0.317 0.71144 1, 2, 5
Groundwater (Fgw) 11.5 Gmol/yr 0.3 0.709 1
Hydrothermal (Fhyd) 3.1 Gmol/yr 0.24 0.70366 1
Diagenesis (Fdia) 3.4 Gmol/yr 0.39 0.7087 1
Aragonite recryst. (Frecryst) calc. calc. calc.

Sinks Pelagic CaCO3 burial (Fcalcite) 20 Gmol/yr calc. calc. 1
Neritic CaCO3 burial (Faragonite) calc. calc. calc.

References: 1. Paytan et al. (2021) 2. Mokadem et al. (2015) 3. Hinestrosa et al. (2022) 4. Krabbenhöft et al. (2010) 5. Vance

et al. (2009)
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Isotope mass balance

The global ocean Sr inventory (Srsw) and seawater δ88/86Sr (δsw) were tracked over time

according to isotope mass balance:

∆Srsw
∆t

= Fin − Fout (A.1)

∆(δsw ∗ Srsw)
∆t

= δin ∗ Fin − δout ∗ Fout (A.2)

where δin and δout represent the δ88/86Sr values of the total input (Fin) and output fluxes

(Fout), respectively. The input and output terms of Equation A.2 can be decomposed

into the fluxes (F ) and δ88/86Sr (δ) for each of the sources and sinks in Table A.1:

δin ∗ Fin = δriv ∗ Friv + δgw ∗ Fgw + δhyd ∗ Fhyd + δdia ∗ Fdia + δrecryst ∗ Frecryst (A.3)

δout ∗ Fout = δcalcite ∗ Fcalcite + δaragonite ∗ Faragonite (A.4)

The isotopic composition of the output fluxes (calcite and aragonite burial) depends on

the δ88/86Sr of seawater and the seawater-carbonate isotope effect (ε = -0.18‰), such

that Equation A.4 can be rewritten as:

δout ∗ Fout = (δsw + ε) ∗ (Fcalcite + Faragonite) (A.5)

Likewise, the evolution of seawater 87Sr/86Sr (87Sr/86Srsw) was calculated by:

∆(87Sr/86Srsw ∗ Srsw)
∆t

= 87Sr/86Srin ∗ Fin − 87Sr/86Srout ∗ Fout (A.6)

The 87Sr/86Sr of the total input (87Sr/86Srin) incorporates the known input flux com-

positions (Table A.1) and the time-dependent 87Sr/86Sr of recrystallized shelf carbonate,

while 87Sr/86Srout is equal to 87Sr/86Srsw (no fractionation of 87Sr/86Sr between sea-

water and carbonate).

Non-steady-state behavior

By assigning well-constrained estimates for all model fluxes except the shallow car-

bonate burial and recrystallization fluxes, which are calculated as a function of sub-

merged/exposed shelf area, we consequently did not require that the Sr budget be at

steady state. While earlier models have required that carbonate budgets balance over
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a glacial cycle (Stoll & Schrag, 1998; Walker & Opdyke, 1995), the most recent com-

pilations of deep-sea sedimentary records indicate that global pelagic burial rates did

not change substantially over the last glacial cycle to offset sea level-driven changes in

shallow carbonate burial (Cartapanis et al., 2018; Hayes et al., 2021; M. Wood et al.,

2023). Instead, the ocean carbon and alkalinity inventories may have undergone large

changes over the relatively short timescales of glacial/interglacial sea level changes, with

important implications for carbonate compensation and atmospheric carbon dioxide con-

centrations (Cartapanis et al., 2018). Variable input from non-steady-state weathering

processes could further exacerbate or offset this imbalance (Vance et al., 2009). We in-

corporated non-steady-state weathering as allowed by seawater 87Sr/86Sr after Mokadem

et al. (2015), but it is not necessarily the case that the weathering input was balanced by

the global carbonate output or that all Sr mobilized from the exposed shelf was re-buried

within a glacial cycle. The result of the allowed imbalances in Sr sources and sinks is

small degree of long-term drift in the seawater Sr inventory and δ88/86Sr. Given the

frequency of sea level changes during glacial cycles and the variability in high stand and

low stand elevations, it is reasonable to expect that the Sr budget was rarely balanced

on 10–100 ka timescales even over an entire cycle. We focus primarily on the timing of

transient seawater [Sr] and δ88/86Sr changes with respect to sea level rather than po-

tential secular changes over the Pleistocene, since reasonably constraining the long-term

trend will require additional observations over more glacial cycles.

A.2.2 Continental shelf model

The shallow ocean fluxes Faragonite and Frecryst are calculated at each model time step

by our continental shelf model. The spatially explicit model uses RSL to determine

flooded and exposed shelf areas that bury and recrystallize aragonite, respectively.

The shelf model has a spatial resolution of 1°x1° and extends from 45°N to 45°S; we ex-

cluded the high latitudes where shallow carbonate accumulation is minimal and marine-

terminating ice sheets might impact our shelf exposure calculations during glacial pe-

riods. The model tracks the shelf carbonate Sr inventory (Srshelfi), δ
88/86Sr (δshelfi),

and 87Sr/86Sr (87Sr/86Srshelfi) in each grid cell (shelfi) through time by isotope mass

balance:
∆Srshelfi

∆t
= Faragonitei − Frecrysti (A.7)
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∆(δshelfi ∗ Srshelfi)
∆t

= (δsw + ε) ∗ Faragonitei − δrecrysti ∗ Frecrysti (A.8)

∆(87Sr/86Srshelfi ∗ Srshelfi)
∆t

= 87Sr/86Srsw ∗ Faragonitei − 87Sr/86Srrecrysti ∗ Frecrysti

(A.9)

The isotopic composition of Faragonitei depends on that of seawater at time t (as in Equa-

tions A.5 and A.6) while Frecrysti has the 87Sr/86Sr and δ88/86Sr of the recrystallizing

shelf carbonate in grid cell shelfi.

At each model time step, Faragonitei and Frecrysti depend on paleotopography (i.e.,

whether shelfi is exposed or submerged), regional neritic carbonate burial fluxes, and

the recrystallization rate. One of three conditions will be met: 1) shelfi is exposed

(paleotopography>RSL) and will release Sr to the ocean via aragonite recrystallization,

2) shelfi is submerged within a defined depth range for aragonite burial (e.g., 0 to 50

meters below sea level (mbsl) for corals) and will remove Sr from the ocean, or 3) shelfi
is submerged at >200 mbsl and remains unchanged. The sum of all shelf grid cell fluxes

at model time t yields the global Faragonite and Frecryst fluxes used in the ocean model.

Paleotopography

To determine the flooded area and exposure of the continental shelf over a glacial cycle,

we predicted paleotopography at 1°x1° spatial resolution using four different sea level

histories:

1. Idealized sea level fluctuations between modern day sea level and -120 m below

modern sea level (given by a sinusoid)

2. δ18O-derived global mean sea level (GMSL) estimates from Spratt and Lisiecki

(2016) (SpLi16, Figure A.5)

3. Glacial isostatic adjustment (GIA) model estimates of RSL based on the ICE-PC2

global ice history (Pico et al., 2017) (ICE-PC2, Figure A.6). The ICE-PC2 ice

history extends only to 122 ka, so we replicate the last glacial cycle back in time

to model 244 kyr.
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4. GIA model estimates of RSL based on a combination of the ICE-PC2 global ice

history (Pico et al., 2017) (0–122 ka) and the Spratt and Lisiecki (2016) GMSL

reconstruction (122–250 ka). The SpLi16 GMSL curve was used to extend ICE-

PC2 and approximate an ice volume history for the penultimate glacial cycle. The

reconstructed ice sheet history for 122–250 ka assumes that whenever GMSL is a

certain value, the ice sheets have the same configuration as for the same GMSL

during the past deglaciation.

The paleotopography of each grid cell at model time t was found by subtracting the

RSL at time t from modern bathymetry (Figure A.4). For the GMSL histories (sinusoid

and SpLi16), RSL is equal to GMSL everywhere. For the RSL histories (ICE-PC2,

ICE-PC2-SpLi16), each grid cell experiences local paleotopography changes depending

on glacial isostatic adjustment.

Topography (m)

Modern global topography and carbonate hot spots

CAR

EI

WP

Figure A.4: Modern topography from the “ETOPO 2022 15 Arc-Second Global Relief
Model” (2022) and carbonate hot spot regions identified by O’Mara and Dunne (2019):
Western Pacific (WP), Eastern Indian (EI) and Caribbean (CAR).
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Figure A.5: Modern topography and predicted paleotopography based on the SpLi16
sea level history at the LGM and MIS 3 high stand in three hot spot regions for shallow
carbonate burial. The modern shoreline is shown by the white line on the paleotopog-
raphy maps.
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Figure A.6: Modern topography and predicted paleotopography based on the ICE-
PC2 sea level history at the LGM and MIS 3 high stand in three hot spot regions
for shallow carbonate burial. The modern shoreline is shown by the white line on the
paleotopography maps.
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Neritic carbonate recrystallization

The recrystallization of aragonite to calcite results from subaerial exposure of carbonate

shelves by RSL fall and releases Sr to the ocean. In the model, Frecrysti depends on

Srshelfi and the half decay time for recrystallization (τ1/2) :

Frecrysti =
−ln2

τ1/2
∗ Srshelfi (A.10)

We ran our simulations with a maximum τ1/2 of 20 kyr and minimum of 5 kyr to capture

the sensitivity of the seawater Sr response to this parameter. Up to 90% of the shelf

inventory was allowed to be recrystallized, simulating the conversion of Sr-rich aragonite

to Sr-poor calcite.
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Table A.2: Total modern carbonate accumulation (Pg CaCO3 yr−1) in neritic environments for model regions (O’Mara and Dunne,
2019).

Region Corals (0 to -50 m) Bays (0 to -50 m) CaCO3 shelves (0 to -200 m)
Western Pacific 0.37 0.10 0.11
Eastern Indian 0.11 0.04 0.03
Caribbean 0.07 0.07 0.05
Other 0.14 0.15 0.11
Total 0.7 0.36 0.31
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Neritic carbonate burial

We leveraged the spatially explicit neritic carbonate budget by O’Mara and Dunne (2019)

to parameterize Faragonite in our model. Neritic carbonate accumulation is unevenly dis-

tributed across modern continental shelves in a complex mosaic of neritic environments

that remains poorly quantified and difficult to model (Husson et al., 2018; Kleypas, 1997;

M. Wood et al., 2023). Fortunately, for the purpose of these simulations it was not criti-

cal to capture the precise magnitude or location of these fluxes but rather to approximate

changes associated with RSL variations. We chose to define three "hot spot" regions

of carbonate accumulation after O’Mara and Dunne (2019): Western Pacific (120°E to

180, 25°N to 45°S), Eastern Indian (90°E to 120°E, 25°N to 15°S), and Caribbean (90°W

to 60°W, 8°N to 31°N) (Figure A.4). We assigned carbonate burial rates for each of

three depositional environments (corals, bays, and carbonate-rich shelves) based on the

fractional contribution of each region to the global flux (Table A.2). The depositional

environments are defined by depth ranges in the model: corals and bays cover shelf areas

from 0 to 50 mbsl, while carbonate shelves are shallower than 200 mbsl. This approach

maintained a degree of spatial heterogeneity in carbonate accumulation while achieving

regional average fluxes that were readily incorporated into our model framework.

Our strategy achieves a global interglacial carbonate burial flux in the model that

matches modern estimates and is broadly representative of the relative contributions

of each neritic environment type and hot spot region. The model assumes that changes

in shelf area (as determined by RSL) is the only driver of changes in neritic carbonate

burial on glacial/interglacial timescales, though there are many secondary factors that

can influence carbonate production and accumulation rates (e.g., water temperature,

light, nutrients, saturation state, reef morphology, vertical vs. horizontal reef growth).

We also assumed that the LGM substrate depths are approximately the same as the

present-day shelf bathymetry, neglecting any changes in sediment thickness which are

generally small (Hinestrosa et al., 2022).

120



A.3 Supplemental tables and figures

time (ka)

A

B

C

D

Figure A.7: For the sinusoidal sea level simulations (SINE-F, SINE-S): (A) Shelf area
submerged between 0–50 m (assumed coral reef and bay depth range), (B) Calculated
shallow carbonate (Sr) burial fluxes, (C) Shelf area exposed above sea level relative to
present day, (D) Calculated aragonite recrystallization fluxes for decay half-lives of 5
kyr (SINE-F) and 20 kyr (SINE-S).
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time (ka)

A

B

C

D

Figure A.8: For the global mean sea level simulations (GMSL-F, GMSL-S): (A) Shelf
area submerged between 0–50 m (assumed coral reef and bay depth range), (B) Calcu-
lated shallow carbonate (Sr) burial fluxes, (C) Shelf area exposed above sea level relative
to present day, (D) Calculated aragonite recrystallization fluxes for decay half-lives of 5
kyr (GMSL-F) and 20 kyr (GMSL-S).
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time (ka)

Figure A.9: For the relative sea level simulations (ICEPC2-F, ICEPC2-S): (A) Shelf area
submerged between 0–50 m (assumed coral reef and bay depth range), (B) Calculated
shallow carbonate (Sr) burial fluxes, (C) Shelf area exposed above sea level relative to
present day, (D) Calculated aragonite recrystallization fluxes for decay half-lives of 5
kyr (ICEPC2-F) and 20 kyr (ICEPC2-S).
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Figure A.10: For the relative sea level simulations (ICE-PC2-SpLi16-F, ICE-PC2-
SpLi16-S): (A) Shelf area submerged between 0–50 m (assumed coral reef and bay depth
range), (B) Calculated shallow carbonate (Sr) burial fluxes, (C) Shelf area exposed above
sea level relative to present day, (D) Calculated aragonite recrystallization fluxes for de-
cay half-lives of 5 kyr (ICE-PC2-SpLi16-F) and 20 kyr (ICE-PC2-SpLi16-S).
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Figure A.11: Idealized sea level forcing (sine wave) sensitivity to initial Sr inventory of
the continental shelf with a recrystallization half decay time of 10 kyr.
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Figure A.12: (A) 14C ages from Winckler et al. (2008) show that the age model of
Murray et al. (2000) for core TTN013-PC72 is biased toward younger ages by ∼2–7
kyr in the upper 100 cm. (B) and (C) Shifting the observed δ88/86Sr trends (plotted
here as the LOWESS fit to our δ88/86Sr measurements) by our maximum estimated age
uncertainty significantly shifts the timing of δ88/86Sr maxima and minima relative to sea
level changes (see main text for discussion).
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Table A.3: Stable and radiogenic strontium isotope ratios, strontium concentrations, and barium concentrations measured in marine barite

samples from cores TTN013-PC83, TTN013-PC72, and VNTR01-PC8. Replicate samples are denoted by asterisks. Reported errors are the

internal precision of each measurement.

Core Depth (cm) Age (ka) δ88/86Sr (‰) 2σmean n 87Sr/86Sr 2σmean Sr (ppm) RSD Ba (ppm) RSD

TTN013-PC83 0-3 0 -0.153 0.001 4 0.709151 0.000001 10.49 0.9 406 1.0

3-6 3 -0.171 0.012 4 0.709165 0.000015 8.07 0.3 324 1.3

6-9 7 -0.139 0.007 4 0.709147 0.000002 5.80 0.4 260 0.3

12-15 14 -0.139 0.003 4 0.709151 0.000001 7.55 1.5 328 0.9

15-18 17 -0.148 0.002 4 0.709159 0.000004 8.10 0.2 344 1.1

18-20 21 -0.149 0.002 2 0.709168 0.000002 8.13 1.6 374 0.8

24-27 29 -0.163 0.001 2 0.709170 0.000001 6.01 1.1 293 0.4

27-30 33 -0.174 0.009 4 0.709161 0.000001 9.11 1.1 468 0.5

27-30* 33 -0.189 0.001 4 0.709157 0.000002 9.11 1.1 468 0.5

33-36 41 -0.177 0.002 4 0.709164 0.000006 4.40 0.1 239 1.3

36-39 45 -0.167 0.008 4 0.709158 0.000005 5.72 0.4 295 0.1

39-42 49 -0.129 0.001 4 0.709164 0.000000 5.37 0.3 253 0.4

42-45 53 -0.132 0.009 4 0.709166 0.000001 5.97 0.8 276 1.5

45-48 58 -0.139 0.013 4 0.709171 0.000001 7.05 0.7 349 0.9

48-51 64 -0.188 0.009 4 0.709157 0.000000 7.12 0.2 317 0.6

48-51* 64 -0.167 0.002 4 0.709154 0.000003 7.12 0.2 317 0.6

51-54 70 7.48 0.1 320 1.5

54-57 76 6.78 1.3 312 0.8

Continued on next page
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Table A.3 – continued from previous page

Core Depth (cm) Age (ka) δ88/86Sr (‰) 2σmean n 87Sr/86Sr 2σmean Sr (ppm) RSD Ba (ppm) RSD

57-60 82 5.82 1.3 259 1.7

60-63 89 7.97 0.5 341 0.7

63-66 95 -0.167 0.001 4 0.709155 0.000003 6.59 0.8 285 0.3

66-69 101 -0.149 0.006 4 0.709165 0.000015 6.56 0.4 278 0.9

69-72 107 -0.148 0.003 4 0.709160 0.000003 8.25 0.2 342 1.3

72-75 112 -0.163 0.012 4 0.709160 0.000003 8.85 0.6 358 0.6

75-78 116 -0.137 0.009 4 0.709163 0.000007 8.17 0.9 316 0.1

78-81 120 -0.163 0.001 4 0.709165 0.000004 6.96 0.8 302 1.0

81-84 123 -0.139 0.004 4 0.709145 0.000003 6.08 0.6 179 0.3

81-84* 123 -0.156 0.006 4 0.709164 0.000000 6.08 0.6 179 0.3

84-87 127 -0.155 0.012 4 0.709148 0.000001 6.72 0.7 277 0.9

87-90 131 -0.179 0.005 4 0.709153 0.000008 9.55 0.5 354 0.3

90-93 134 -0.121 0.003 4 0.709175 0.000003 7.05 0.1 304 1.1

93-96 138 -0.162 0.002 4 0.709160 0.000001 8.60 0.9 355 0.8

96-99 141 -0.157 0.004 4 0.709171 0.000006 6.09 0.6 251 0.3

99-102 145 -0.163 0.012 4 0.709152 0.000002 8.38 1.0 327 1.2

102-105 148 -0.175 0.001 4 0.709157 0.000002 6.33 0.4 298 1.0

105-108 151 -0.147 0.004 4 0.709156 0.000001 11.11 0.6 477 0.1

108-111 154 -0.159 0.004 4 0.709155 0.000005 9.31 0.7 407 0.5

111-114 158 -0.129 0.004 4 0.709154 0.000001 10.37 0.6 413 0.4

114-117 161 -0.160 0.011 4 0.709155 0.000003 6.13 0.3 270 0.6

Continued on next page
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Table A.3 – continued from previous page

Core Depth (cm) Age (ka) δ88/86Sr (‰) 2σmean n 87Sr/86Sr 2σmean Sr (ppm) RSD Ba (ppm) RSD

114-117* 161 -0.171 0.004 4 0.709146 0.000001 6.13 0.3 270 0.6

117-120 164 -0.173 0.02 4 0.709147 0.000003 7.37 0.5 322 0.3

120-123 167 -0.148 0.012 4 0.709148 0.000000 9.41 0.7 403 0.6

123-126 170 -0.157 0.001 4 0.709150 0.000001 12.38 0.2 503 0.6

126-129 173 -0.142 0.005 4 0.709143 0.000000 8.97 0.3 363 0.9

129-132 176 -0.126 0.004 4 0.709154 0.000002 10.49 0.8 410 1.4

132-135 179 -0.140 0.003 2 0.709152 0.000000 8.78 0.5 339 0.6

135-138 182 -0.174 0.004 4 0.709147 0.000004 10.35 0.7 415 0.9

138-141 186 -0.155 0.009 4 0.709151 0.000004 6.06 0.8 232 0.9

138-141* 186 -0.169 0.006 4 0.709151 0.000000 6.06 0.8 232 0.9

141-144 191 -0.192 0.002 2 0.709152 0.000006 20.16 0.8 791 1.4

144-147 195 -0.141 0.01 4 0.709156 0.000005 10.06 0.5 396 1.1

147-150 200 -0.147 0.008 4 0.709161 0.000004 12.38 0.6 467 0.2

150-153 204 -0.155 0.008 4 0.709153 0.000005 7.72 0.4 309 0.9

150-153* 204 -0.172 0.01 4 0.709154 0.000001 7.72 0.4 309 0.9

153-156 209 -0.139 0.005 4 0.709164 0.000003 6.62 0.6 273 0.4

156-159 213 -0.191 0.001 4 0.709137 0.000003 7.95 1.1 326 0.4

159-162 218 -0.204 0.005 4 0.709147 0.000006 8.78 0.4 392 0.3

162-165 223 -0.207 0.002 4 0.709144 0.000005 6.97 0.0 301 0.3

166-168 230 -0.187 0.004 4 0.709141 0.000004 8.70 0.5 369 1.3

168-171 234 -0.183 0.007 4 0.709149 0.000006 6.66 2.4 290 1.0

Continued on next page
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Table A.3 – continued from previous page

Core Depth (cm) Age (ka) δ88/86Sr (‰) 2σmean n 87Sr/86Sr 2σmean Sr (ppm) RSD Ba (ppm) RSD

171-174 239 -0.156 0.004 2 0.709145 0.000004 8.95 0.2 389 0.4

174-177 245 -0.164 0.005 4 0.709143 0.000003 11.30 0.5 426 1.0

177-180 250 -0.157 0.005 4 0.709140 0.000005 9.26 0.4 375 1.1

TTN013-PC72 46-48 19 -0.150 0.007 4 0.709154 0.000002 1.54 0.9 77 1.4

156-158 67 -0.230 0.001 2 0.709150 0.000003 3.91 0.8 185 1.5

166-168 73 -0.160 0.004 4 0.709167 0.000002 8.41 0.5 398 1.5

176-178 79 -0.160 0.006 4 0.709160 0.000003 6.38 0.6 260 0.4

186-188 88 -0.160 0.007 4 0.709154 0.000009 12.86 1.3 551 1.7

196-198 97 -0.130 0.003 4 0.709149 0.000004 6.65 1.0 292 1.2

206-208 107 -0.150 0.009 4 0.709154 0.000002 12.37 0.3 507 1.0

226-228 121 -0.120 0.002 4 0.709151 0.000004 13.25 0.3 477 0.5

236-238 127 -0.120 0.004 4 0.709150 0.000001 8.93 0.4 291 0.6

284-286 152 -0.170 0.008 4 0.709156 0.000010 2.89 0.5 106 0.8

334-336 170 -0.180 0.004 4 0.709152 0.000001 4.31 1.0 172 1.0

364-366 185 -0.140 0.007 4 0.709160 0.000003 4.51 0.6 163 0.5

394-396 208 -0.157 0.013 4 0.709157 0.000001 5.70 0.4 200 0.1

444-446 240 -0.172 0.004 4 0.709158 0.000000 2.40 0.1 95 0.5

VNTR01-PC8 0-2 0 -0.186 0.006 4 0.709173 0.000013 2.35 0.1 95 0.5

8-10 4 -0.179 0.003 4 0.709170 0.000001 7.49 0.2 259 0.4

15-17 7 -0.164 0.007 4 0.709167 0.000004 28.68 0.4 706 1.1

20-22 9 -0.195 0.009 4 0.709164 0.000007 7.80 0.3 271 0.8

Continued on next page
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Table A.3 – continued from previous page

Core Depth (cm) Age (ka) δ88/86Sr (‰) 2σmean n 87Sr/86Sr 2σmean Sr (ppm) RSD Ba (ppm) RSD

22-24 10 -0.212 0.011 4 0.709157 0.000005 1.59 0.2 57 0.6

35-37 16 -0.156 0.007 4 0.709175 0.000002 33.93 1.2 921 1.1

152-154 62 -0.179 0.004 4 0.709163 0.000000 12.07 0.3 444 0.5

162-174 66 -0.193 0.003 4 0.709158 0.000007 13.03 0.6 462 0.8

202-204 82 -0.170 0.009 4 0.709162 0.000003 2.70 0.1 122 0.1

352-354 146 -0.150 0.005 4 0.709168 0.000005 3.36 0.1 119 0.3

552-554 200 -0.160 0.012 4 0.709160 0.000001 1.90 0.6 66 0.3
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Appendix B

Supplementary materials for:

Seawater stable strontium isotope

ratios during the Eocene-Oligocene

Transition

B.1 Sample preparation and strontium isotope analyses

We selected sediment core samples spanning 32 to 36 Ma from Integrated Ocean Drilling

Program Site U1333 and Ocean Drilling Program Site 1218 in the equatorial Pacific.

Previous studies utilizing marine barite from Site 1218 (Griffith et al., 2010, 2011) and

Site U1333 (Erhardt et al., 2013; Yao et al., 2021) have confirmed that marine barite is

well preserved in these cores and reliably records seawater chemistry.

Barite was extracted from bulk sediments by sequential leaching and checked for purity

by scanning electron microscopy before dissolution by chelation with Mitsubishi MCI®

Gel-CK08P cation exchange resin (Eagle et al., 2003; Paytan et al., 1993). Bulk car-

bonate was leached from sediments using acetic acid following an ammonium acetate

pre-leach after Bailey et al. (2000). Major cations (Ba, Sr, Ca) and trace elements were

measured by ICP-OES and ICP-MS, respectively. Elemental ratios (e.g., Al/Ba, Ti/Ba,
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Mn/Ba) were used to further screen barite samples for contaminating phases.

For each sample, an 87Sr/84Sr-spiked aliquot and an unspiked aliquot of 1200 ng Sr were

prepared for isotopic analysis by column chromatography with Bio-Rad AG®50W-X8

cation exchange resin (barite) or Eichrom’s Sr-Spec resin (carbonate). Procedural blanks

were less than 0.5 ng Sr. Strontium isotope ratios (δ88/86Sr and 87Sr/86Sr) were measured

by double spike thermal ionization mass spectrometry on a Triton™ TIMS (Thermo-

Fisher) at GEOMAR Helmholtz Center for Ocean Research Kiel (Germany) according

to the method detailed by Krabbenhöft et al. (2009). In summary, approximately 600

ng Sr was loaded onto degassed rhenium filaments with a tantalum activator, dried, and

heated briefly at ∼2 A before loading on the TIMS. For a single measurement, separate

analyses of an 87Sr/84Sr-spiked sample and an unspiked sample were performed.

The 88Sr/86Sr ratios were calculated by the double spike correction algorithm and

reported in delta notation as δ88/86Sr (‰) = (88Sr/86Srsample/ 88Sr/86SrSRM987 - 1

) * 1000. We report the traditional radiogenic Sr isotope value 87Sr/86Sr normal-

ized to a 88Sr/86Sr ratio of 8.375209. The typical internal precision for an individ-

ual measurement is <0.00001 for 87Sr/86Sr and <0.01 for 88Sr/86Sr. The external re-

producibility was determined by repeated measurements of the JCp-1 coral standard

(δ88/86Sr =0.19±0.02‰, 87Sr/86Sr,=0.70918±0.00002, n=9), the IAPSO seawater stan-

dard (δ88/86Sr =0.39±0.02‰, 87Sr/86Sr,=0.70917±0.00001, n=8), and NIST® SRM®

987 (δ88/86Sr =0.00±0.02‰, 87Sr/86Sr,=0.71024±0.00002, n=17) processed multiple

times with both AG®50 and Sr-Spec chromatographic separations. Procedural blanks

were less than 0.5 ng Sr.

The 87Sr/86Sr data set was used as an additional screening criteria, as barite and carbon-

ate 87Sr/86Sr should reflect the contemporaneous seawater composition. We discarded

three measurements based on 87Sr/86Sr values that fell outside of the reasonable range

of Eocene-Oligocene seawater values (McArthur & Howarth, 2020).

B.2 Generalized additive model fit to the δ88/86Sr record

To formally test whether barite (and derived seawater) δ88/86Sr values changed with

time, we fit a generalized additive model using the package mgcv in R (S. N. Wood,
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2011) to the combined barite δ88/86Sr values from this study and Paytan et al. (2021).

We estimated a smooth effect of time using 10 knots and a cubic spline basis function

and used the gam.check function to confirm that this number of knots was sufficient.

The spline term was associated with a p-value of 0.158, indicating no support for the

alternative hypothesis of a nonzero trend in time.

B.3 Variability in barite δ88/86Sr between cores

Barite δ88/86Sr values from Site 1218 are consistently lower than those from Sites U1333

and 574 between 35 Ma and 33.7 Ma (though the error bars overlap). For the full dataset,

a t-test comparison of pre-EOT (>33.7 Ma) and post-EOT (<33.7 Ma) δ88/86Sr shows

no significant difference in the means (p-value = 0.28). Removing Site 1218 results in a

statistically significant difference between the means (p-value = 0.02), because the lower

δ88/86Sr values at Site 1218 lower the pre-EOT mean. However, we have no reason to

exclude Site 1218. Even if we did so, the statistically significant difference in pre-EOT

and post-EOT mean δ88/86Sr is small (0.017‰) and does not change our conclusions.

B.4 Strontium isotope mass balance

We used a simple ocean box model to calculate the effect of the shelf-basin fractiona-

tion mechanism on seawater Sr concentration ([Sr]) and δ88/86Sr assuming different shelf

carbonate mineralogies. We tested the same shelf-basin fractionation forcing as Arm-

strong McKay et al. (2016): 1) an 80% reduction in shallow carbonate burial applied in

two steps (33% in step one) and 2) a temporary 100% increase in carbonate weathering

applied in two steps (33% in step one) (Supplementary Figure B.1). We assessed the

changes in ocean [Sr] and δ88/86Sr over ∼500 kyr, the approximate duration of the EOT.

The rate of change in the ocean Sr inventory (Srsw) is given by:

∆Srsw
∆t

= Fin − Fout (B.1)

where Fin is the total of all input fluxes of Sr to the ocean and Fout is the total output

of Sr via carbonate burial.
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The isotope mass balance for seawater δ88/86Sr (δsw) is:

∆(δsw ∗ Srsw)
∆t

= δin ∗ Fin − (δsw +∆88/86Srsw−carb) ∗ Fout (B.2)

where δin represents the δ88/86Sr value of the total input (Fin) flux and the isotopic

composition of the carbonate sink (Fout) has an average isotopic offset (∆88/86Srsw−carb)

of -0.18‰ from seawater δ88/86Sr (Krabbenhöft et al., 2010).

The residence time (τ) of Sr in the ocean is given by:

τ = Srsw/Fout (B.3)

Model scenarios 1–4 assumed an initial steady state Eocene ocean with a Sr inventory

equal to modern day (Srsw = 120x106 Gmol Sr) with an isotopic composition of 0.38‰.

We used an initial global carbonate burial flux of 0.329 Gt C yr−1 with 45% buried in the

shallow ocean (Armstrong McKay et al., 2016). The initial residence time (∼3.8 Myr)

is an important assumption in the model scenarios because the input flux is set based

on the steady state output (Fout) and the seawater δ88/86Sr response to a perturbation

depends on the standing stock of Sr in the ocean (Srsw). For the same perturbation, the

δ88/86Sr response will be greater for a smaller ocean Sr inventory (shorter residence time).

In model scenarios 5 and 6, we used shorter and longer residence times, respectively, to

test the sensitivity of our results to this assumption.

The proportion of aragonite (8000 ppm Sr) to calcite (1000 ppm Sr) in the shallow

carbonate burial flux was varied between different experiments and was maintained for

the duration of each experiment since any global change in dominant polymorph would

occur over longer timescales (Stanley & Hardie, 1998).

Scenario 1: Aragonite-calcite shelf-basin fractionation

We determined the effect of an 80% reduction in shallow carbonate burial as proposed

by Armstrong McKay et al. (2016), assuming that shallow carbonates are 2/3 aragonite

and 1/3 calcite (Krabbenhöft et al., 2010). The 80% reduction in neritic carbonate

burial was applied in two steps following Armstrong McKay et al. (2016) with 33% of

the reduction occurring at 34 Ma and the remainder at 33.7 Ma. The CCD deepening

was approximated as a linear 100% increase in the pelagic carbonate flux over 500 kyr
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(34 to 33.5 Ma), assuming that the change in the pelagic carbonate flux is proportional

to the doubling of the seafloor area above the CCD (Rea & Lyle, 2005). The input flux

of Sr (including weathering) was held constant at the initial steady state value.

This scenario results in a 13% increase in seawater [Sr] and a 0.02‰ decrease in δ88/86Sr

over 500 kyr. Because the increase in pelagic carbonate (1000 ppm Sr) does not fully

offset the reduced sink of Sr in shallow carbonate (8000 ppm Sr), the Sr mass imbalance

is sustained and [Sr] and δ88/86Sr continue to increase and decrease, respectively, for

longer than 500 kyr. After 750 kyr, δ88/86Sr decreased by 0.03‰. The actual magnitude

of the δ88/86Sr response would depend on how long the Sr budget remained out of equi-

librium before the input and output fluxes were eventually re-balanced.

Scenario 2: Aragonite-calcite shelf-basin fractionation + carbonate weathering pulse

We added a pulsed 100% increase in carbonate weathering with a δ88/86Sr value of

0.19‰ to the model configuration used in Scenario 1 after Armstrong McKay et al.

(2016). The weathering pulse was applied in two steps with a 33% increase at 34 Ma

and the remainder at 33.7 Ma.

This model scenario resulted in a 22% increase in ocean [Sr] and a 0.03‰ decrease in

δ88/86Sr over 500 kyr.

Scenario 3: Calcite-calcite shelf-basin fractionation

We applied the 80% reduction in neritic carbonate burial as in Scenario 1 but assumed

that the shallow carbonates were entirely calcite (no aragonite). The pelagic carbonate

flux was linearly increased over 500 kyr until the 80% loss of the shallow carbonate was

fully compensated (Fin = Fout).

The ocean Sr budget was only transiently perturbed by the transfer of carbonate burial

from the shelf to basin and attained a new steady state once the input and output fluxes

equalized. Changes in [Sr] and δ88/86Sr were negligible.

Scenario 4: Calcite-calcite shelf-basin fractionation + carbonate weathering pulse
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The pulsed 100% increase in carbonate weathering with a δ88/86Sr value of 0.19‰ was

included in the same model configuration as Scenario 3.

In this model scenario, [Sr] and δ88/86Sr increased by 4% and decreased by <0.01‰ over

500 kyr, respectively. We note that this scenario does not account for the initial overdeep-

ening of the CCD, which probably rapidly compensated the carbonate weathering pulse

so that the [Sr] inventory increased only transiently (i.e., returned to pre-perturbation

steady state). Even without this extra compensation, the calculated δ88/86Sr change is

too small to be measured given the analytical uncertainty.

Scenario 5: Calcite-calcite shelf-basin fractionation + carbonate weathering pulse +

shorter residence time

We repeated Scenario 4 while reducing the initial ocean Sr inventory so that the resi-

dence time was 2 Myr (similar to modern). The shorter residence time resulted in a [Sr]

increase of 7% and δ88/86Sr decrease of 0.01‰ over 500 kyr, approximately 50% greater

change than calculated in Scenario 4 with a residence time of 3.8 Myr.

Scenario 6: Calcite-calcite shelf-basin fractionation + carbonate weathering pulse +

longer residence time

We increased the initial ocean Sr inventory so that the residence time was 5.4 Myr

([Sr] = 120 umol/kg). A higher ocean [Sr] during the Eocene is suggested by Sr/Ca

reconstructions, though the uncertainty and disagreement between benthic foraminifera,

fossil fish teeth, calcite veins, and gastropods is substantial (Sosdian et al., 2012). The

longer residence time resulted in negligible [Sr] increase (2%) and δ88/86Sr decrease

(<0.01‰) over 500 kyr.

B.5 Supplemental tables and figures
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Table B.1: Stable (δ88/86Sr) and radiogenic (87Sr/86Sr) strontium isotope ratios in ma-
rine barite samples. Replicate analyses are indicated by an asterisk. The standard error
of the mean (2σmean) gives the internal error for each individual measurement. Age
models from Westerhold et al. (2014).

Age (Ma) Sample δ88/86Sr 2σmean n 87Sr/86Sr 2σmean

U1333C 31.96 12-3, 100-102 -0.15 0.006 4 0.707948 0.000002
32.03 12-4, 50-52 -0.17 0.007 4 0.707921 0.000007
32.40 13-3, 148-150 -0.23a 0.007 4 0.707913 0.000007
32.87 13-7, 50-52 -0.18 0.004 4 0.707893 0.000001
33.62 14-3, 117-119 -0.12 0.001 4 0.707848 0.000002
33.80 14-4, 137-139 -0.12 0.006 4 0.707837 0.000008
34.35 14-5, 125-127 -0.10 0.007 4 0.707841 0.000003
34.35 14-5, 125-127∗ -0.13 0.007 4 0.707843 0.000006
35.29 14-7, 45-47 -0.15 0.001 4 0.707819 0.000002
35.29 14-7, 45-47∗ -0.14 0.002 4 0.707823 0.000005
35.52 15-1, 55-57 -0.18 0.003 4 0.707795 0.000007
35.75 15-1, 145-147 -0.14 0.005 4 0.707806 0.000005

1218A 32.29 22-3, 145-150 -0.16 0.004 4 0.707922 0.000000
33.74 24-1, 3-8 -0.17 0.004 4 0.707873 0.000003
33.83 24-1, 90-93 -0.17 0.014 4 0.707843 0.000007
34.29 24-3, 47-50 -0.17 0.002 2 0.707836 0.000002
34.92 24-5, 42-45 -0.17 0.006 4 0.707835 0.000005
35.41 24-6, 102-104 -0.15 0.002 4 0.707849 0.000000
35.52 24-7, 8-11 -0.16 0.006 4 0.707844 0.000010

574C 32.56 31-2, 26-30 -0.15 0.008 4 0.707926 0.000000
aoutlier excluded from Figure 2 in main text

Table B.2: Stable (δ88/86Sr) and radiogenic (87Sr/86Sr) strontium isotope ratios in bulk
carbonate samples. Replicate analyses are indicated by an asterisk. The standard error
of the mean (2σmean) gives the internal error for each individual measurement.

Age (Ma) Sample δ88/86Sr 2σmean n 87Sr/86Sr 2σmean

U1333C 31.96 12-3, 99-101 0.20 0.010 2 0.707901 0.000008
32.03 12-4, 48-50 0.27 0.004 4 0.707874 0.000010
32.40 13-3, 147-148 0.20 0.003 2 0.707880 0.000010
32.87 13-7, 50-52 0.18 0.005 4 0.707847 0.000010
32.87 13-7, 50-52∗ 0.20 0.003 2 0.707903 0.000016
33.62 14-3, 117-119 0.22 0.007 2 0.707817 0.000006
33.80 14-4, 137-139 0.25 0.008 4 0.707799 0.000006
34.35 14-5, 125-127 0.23 0.000 4 0.707832 0.000001
35.29 14-7, 45-47 0.24 0.006 4 0.707783 0.000016
35.52 15-1, 55-57 0.18 0.009 4 0.707769 0.000003

138



N
er

iti
c 

Ca
CO

3 b
ur

ia
l �

ux
%

 v
s 

ba
se

lin
e

Neritic CaCO3 burial
CaCO3 weathering

Ca
CO

3 w
ea

th
er

in
g 

�u
x

%
 v

s 
ba

se
lin

e
Time (Ma)

Figure B.1: Box model scenarios of the shelf-basin fractionation mechanism after Arm-
strong McKay et al. (2016). A two-step 80% reduction in neritic carbonate burial was
applied in all scenarios (blue solid curve). For scenarios that also included a pulse of
carbonate weathering, a two-step temporary 100% increase in carbonate weathering was
added (green dashed curve).
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Figure B.2: Results of model scenarios 1 and 2 assuming 2/3 aragonite, 1/3 calcite
shelf carbonate mineralogy. Abbreviations: SBF = shelf-basin fractionation, CWP =
carbonate weathering pulse.

Figure B.3: Results of model scenarios 3, 4, and 5 assuming calcite-only shelf mineralogy.
Abbreviations: SBF = shelf-basin fractionation, CWP = carbonate weathering pulse.
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