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ABSTRACT OF THE DISSERTATION 

 

Climate Modulations of Air-sea Oxygen, Carbon, and Heat Exchange 
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Ralph Keeling, Chair 
 
 

The exchanges of oxygen (O2), carbon dioxide (CO2), and heat across the air-

sea interface have broad and profound implications for climate and marine ecosystems. 

In this thesis, I use observations and models to improve our process understanding of 

how natural climate variability modulates these exchanges. In chapter 2, I investigate 

the impacts of El Niño Southern Oscillation (ENSO) on air-sea O2 exchange. I use 

atmospheric inversions of global, continuous timeseries of atmospheric O2 and CO2 
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and ocean models to evaluate links between ENSO and air-sea O2 exchange and 

explore driving mechanisms using ocean and atmospheric models. I find that El Niño 

events lead to anomalous outgassing of oceanic O2, a response that is driven primarily 

by changes in the source and intensity of upwelling in the equatorial Pacific. In 

Chapter 3, I examine the impacts of tropical volcanic eruptions on air-sea exchanges 

of O2, CO2 and heat using coupled model simulations and observations. Here, I find 

that volcanic events lead to substantial oceanic heat loss that is accompanied by large 

oceanic uptakes of oxygen and carbon. An El Niño-like pattern emerges following 

tropical eruptions and plays a major role in modulating the oceanic response to 

volcanic forcing. In Chapter 4, I explore the use of global continuous atmospheric 

measurements of O2 and CO2 to evaluate claims that enhanced ocean heat uptake 

caused the recent global surface warming hiatus, based on a potential negative 

relationship between air-sea heat and gas exchange. Here, I find that the relationship 

between air-sea oxygen, carbon and heat fluxes due to natural variability is complex; 

air-sea heat and O2 exchange are positively coupled in the tropical Pacific, but are 

negatively coupled at higher latitudes. This spatially distinct relationship complicates 

the attribution of observed decadal trends in atmospheric O2 and CO2 to changes in 

ocean heat uptake, but may present an opporunitity to develop regional constraints. 

Collectively, the results of this thesis contribute to a quantitative and mechanistic 

framework enabling interpretation of O2 and CO2 trends in the context of ongoing 

ocean warming and deoxygenation.  



 

1 
 

CHAPTER 1: INTRODUCTION 

 

The ocean’s biogeochemistry is tightly intertwined with its physics. In this 

thesis, I explore several aspects of the coupling between climate and ocean 

biogeochemical dynamics, focusing on how forced (e.g., volcanic eruptions) and 

unforced climate perturbations (e.g., ENSO) influence the exchanges of O2, CO2, and 

heat across the air-sea interface. Understanding the underlying mechanisms of how 

climate modulates the cycling of oxygen and carbon is critical to the attribution of 

anthropogenic climate change in the oceans (Gruber, 2011) and the prediction of 

geoengineering effects on marine ecosystems. In turn, changes in biogeochemical 

ocean properties present unique insights for ocean physical processes such as changes 

in ocean circulation (e.g., upwelling and ventilation) and its heat content.  

A major consequence of the coupling between climate and ocean 

biogeochemistry is the oceanic loss of dissolved oxygen ([O2]) due to anthropogenic 

warming. This phenomenon, known as ocean “deoxygenation” (Keeling et al., 2010), 

is driven by the temperature-sensitivity of O2 solubility and the stratification effects of 

warming on ventilation rates (Sarmiento et al., 1998; Keeling and Garcia, 2002). This 

long-term oceanic [O2] decline, however, is superimposed on substantial interannual-

to-decadal variability associated with natural climate variability, challenging the 

detection and attribution of anthropogenic trends in recent observations (Long et al., 

2016).   



 

 
 

2 

The oceanic carbon cycle is also sensitive to climate pertubations on a variety 

of timescales. Past studies argued that the oceanic sink of anthropogenic carbon is 

weakening due to ocean warming (Le Quéré et al., 2007). A more recent synthesis of 

ocean observations, however, suggest a decadal strengthening of the oceanic carbon 

sink in recent decades (Landshützer et al., 2015). Natural variability of the climate 

system on interannual to decadal timescales may play a major role in modulating the 

intensity of the oceanic carbon sink. The attribution of past and present changes in the 

oceanic carbon sink thus require improved understanding of the coupling between 

climate variability and air-sea carbon exchange. 

Specifically, natural modes of internal variability (e.g., ENSO) and externally 

forced climate perturbations (e.g., volcanic eruptions) have been shown to have major 

impacts on ocean biogeochemical cycles (Feely et al., 2002; McKinley et al., 2004; 

Frölicher et al., 2009; Deutsch et al., 2011). The magnitude and mechanisms of their 

influence on [O2] variability and air-sea exchange of O2 and CO2, however, remain 

poorly understood due to substantial gaps in global ocean observations.  

Chapters 2 and 3 of this thesis explore the coupling between climate and the 

oceanic oxygen and carbon cycles due to ENSO and volcanic eruptions, respectively, 

from an atmospheric perspective. Due to the scarcity of global ocean observations that 

can resolve the complex spatial and temporal trends associated with natural modes of 

variabilty and volcanic eruptions, I rely here instead on longterm global measurements 

of atmospheric O2 and CO2, maintained at various stations within the Scripps 

Atmospheric O2 Network (Keeling and Manning, 2014). Due to their tight coupling in 
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terrestrial processes, atmospheric O2 and CO2 can be used jointly to infer changes in 

ocean fluxes using a tracer known as Atmospheric Potential Oxyen (APO). This tracer 

is calculated as APO≃O2 +1.1*CO2 (Stephens et al., 1998), where the sum of  O2 and 

CO2 through the 1.1 terrestrial oxidative ratio makes APO insensitive to biospheric 

influence (Severinghaus, 1995). Due to buffering of CO2 fluxes by carbonate 

chemistry, APO is expected to be dominated by O2 variability on short timescales 

(Keeling and Severinghaus, 2000), making it a potentially ideal tracer for the oceanic 

response to climate variability on the timescales associated with ENSO and volcanic 

eruptions.  

To outline mechanisms driving the ENSO and volcanic modulations of air-sea 

O2 and CO2 exchange and interior distributions, I rely on models of atmospheric and 

ocean circulation and biogeochemistry. I primarily focus on the Community Earth 

System Model (CESM), which couples atmospheric and ocean general circulation 

models and includes a representation of ocean biogeochemistry. Specifically, I make 

use of “hindcast” and “control” simulations of CESM and other models to evaluate the 

ocean biogeochemical response to known modes of variability such as ENSO. To 

isolate the ocean biogoechemical response to external forcing such as volcanic cooling, 

I analyze Large Ensemble (LE) integrations conducted with CESM (Deser et al., 2012; 

Kay et al., 2014) and the Geophysical Fluid Dynamics Laboratory (GFDL) model 

(Rodgers et al., 2015). The combined use of observations and models throughout this 

thesis not only helps improve our process understanding of observed phenomena, but 
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also presents, in turn, a unique opportunity to test model representations of the 

coupling between climate and ocean biogeochemistry.  

As new policy developments continue to impede global efforts to curb 

greenhouse gas emissions, interest in geoengineering has been recently reignited as a 

possible viable “solution” to climate change. Most discussions of geoengineering 

impacts, however, have focused on risks related to atmospheric chemistry and the 

hydrological cycle, with little to no attention given to ocean impacts. The impacts of 

volcanic radiative perturbations, the closest analogs to radiative management (RM) 

proposals, on ocean physical and biogeochemical dynamics presented in Chapter 3, 

provide valuable insights on potential unintended consequences of geoengineering for 

marine ecosystems.  

The sensitivity of oxygen and carbon fluxes to ocean temperature and 

circulation might also allow APO to be used as an integrated tracer of physical ocean 

processes. Ocean warming is expected to lead to a net flux of oceanic O2 to the 

atmosphere, due to warming effects on gas solubility and ventilation. Informed by this 

negative relationship between ocean heat uptake and O2 outgassing, and by the tightly 

negative coupling of O2 and CO2 in ocean biological processes (i.e. photosynthesis 

and respiration), I explore the use of APO on interannual to decadal timescales as a 

tracer for ocean heat uptake in Chapter 4. This is motivated by recent claims that 

enhanced ocean heat uptake may have led to the hiatus in global mean surface 

warming (Meehl et al., 2011; 2013). Evaluating the role of ocean heat uptake in 

observed global mean surface temperature trends is critical to predicting future 
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trajectories of global warming, and is especially relevant given the reliance of climate 

agreements on surface warming targets (e.g., Paris Accord’s 2ºC target). 
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CHAPTER 2: ENSO IMPACTS ON AIR-SEA OXYGEN EXCHANGE: 

OBSERVATIONS AND MECHANISMS 

Abstract 

Models and observations of Atmospheric Potential Oxygen 

(APO≃O2+1.1*CO2) are used to investigate the influence of El Niño Southern 

Oscillation (ENSO) on air-sea O2 exchange. An atmospheric transport inversion of 

APO data from the Scripps flask network shows significant interannual variability in 

tropical APO fluxes that is positively correlated with the Niño3.4 index, indicating 

anomalous ocean outgassing of APO during El Niño. Hindcast simulations of the 

Community Earth System Model (CESM) and the Institut Pierre-Simon Laplace 

(IPSL) model show similar APO sensitivity to ENSO, differing from the Geophysical 

Fluid Dynamic Laboratory (GFDL) model, which shows an opposite APO response. 

In all models, O2 accounts for most APO flux variations. Detailed analysis in CESM 

shows the O2 response is driven primarily by ENSO-modulation of the source and rate 

of equatorial upwelling, which moderate the intensity of O2 uptake due to vertical 

transport of low-O2 waters. These upwelling changes dominate over counteracting 

effects of biological productivity and thermally-driven O2 exchange. During El Niño, 

shallower and weaker upwelling leads to anomalous O2 outgassing, whereas deeper 

and intensified upwelling during La Niña drives enhanced O2 uptake. This response is 

strongly localized along the central and eastern equatorial Pacific, leading to an 

equatorial zonal dipole in atmospheric anomalies of APO. This dipole is further 

intensified by ENSO-related changes in winds, reconciling apparently conflicting 
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APO observations in the tropical Pacific. These findings suggest a substantial and 

complex response of the oceanic O2 cycle to climate variability that is significantly 

(>50%) underestimated in magnitude by ocean models. 

1. Introduction  

 Dissolved oxygen (O2) is essential to life in the ocean. As anthropogenic 

warming reduces O2 solubility and weakens the ventilation of the ocean’s interior, 

oceanic O2 content is expected to decline (Sarmiento et al., 1998; Bopp et al., 2002; 

Keeling and Garcia, 2002), with potentially serious and widespread implications for 

marine ecosystems, global fisheries, and biogeochemical cycles of carbon, nutrients, 

and nitrous oxide (Keeling et al., 2010). Several studies suggest this decline, i.e. 

“deoxygenation”, is already underway (Stramma et al., 2008; Helm et al., 2011; 

Andrews et al., 2013). Regionally, however, the attribution of O2 changes remains 

challenging due to natural climate variability, which drives substantial O2 variations 

on interannual to multi-decadal timescales, obscuring the detection of forced trends 

(Emerson et al., 2004; Frölicher et al., 2009; Deutsch et al., 2011; Rodgers et al., 2015; 

Long et al., 2016). Interannual variability in physical and biogeochemical processes 

and their interactions are especially important as their integrated effects can lead to 

pronounced decadal [O2] variability (Ito and Deutsch, 2010, 2013). Another challenge 

is that models show poor skill in simulating [O2] distributions and change, particularly 

in the tropical Pacific, where models and observations disagree on both magnitude and 

sign of subsurface [O2] change (Stramma et al., 2012; Bopp et al., 2013; Cocco et al., 

2013). These discrepancies arise from deficiencies in model representation of the 
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competing effects of biology, transport, and thermodynamic processes on [O2] 

variability (Cabré et al., 2015). 

The natural variability of the oceanic oxygen cycle also has important 

implications for understanding the global carbon cycle. Atmospheric O2 and CO2 

measurements have long been used to resolve global land and ocean carbon sinks 

(Keeling et al., 1996). This method is based on key differences in terrestrial versus 

oceanic O2 and CO2 exchanges with the atmosphere: Land uptake of anthropogenic 

CO2 is driven by photosynthesis which produces O2, whereas ocean CO2 uptake 

involves carbonate chemistry and no associated O2 exchange (Keeling et al., 1993). A 

complication with this method is that air-sea O2 flux can also vary due to natural 

variability-related processes that are not directly tied to the uptake of anthropogenic 

CO2 (Keeling et al., 1993; Keeling and Garcia, 2002; McKinley et al., 2003; 

Resplandy et al., 2014). These additional fluxes must thus be accounted for to properly 

resolve the land and ocean carbon sinks (Manning and Keeling, 2006). The magnitude 

and processes driving the natural variability of air-sea O2 exchange, however, remain 

poorly understood, involving complex interactions between climate and ocean 

biogeochemical cycles.  

In this study, we investigate the influence of El Niño Southern Oscillation 

(ENSO), the leading mode of interannual climate variability, on the air-sea exchange 

of O2. ENSO phenomena provide an ideal framework to i) understand mechanisms 

driving the upper ocean O2 cycle response to climate forcing on interannual to decadal 

timescales, ii) constrain the role of natural variability in observed atmospheric and 
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oceanic O2 trends; and iii) test models’ representation of coupled climate-

biogeochemical dynamics. 

Figure 2.1 illustrates the major physical and biogeochemical processes driving 

air-sea fluxes of O2 and CO2 in the tropical Pacific. The prevailing easterlies drive 

Ekman upwelling of dissolved inorganic carbon (DIC) rich and O2-depleted waters in 

the eastern tropical Pacific and along the Equator, causing strong outgassing of CO2 

and uptake of O2 (Wanninkhof et al., 1995; Takahashi et al., 1997). This upwelling of 

low-O2 thermocline waters maintains an extensive equatorial band of O2-

undersaturated waters at the surface that extends through the central equatorial Pacific 

(Figure 2.2). These upwelled waters are also rich in nutrients, which fertilize the 

photosynthetic production of O2 in the euphotic zone, thereby counteracting the O2 

deficit caused by upwelling, driving O2 outgassing as these waters spread away from 

the equator (Wanninkhof et al., 1995; Najjar and Keeling, 2000). Concurrently, 

warming of these cold upwelled waters due to surface heating drives the outgassing of 

both CO2 and O2 due to the dependence of gas solubility on temperature (Keeling et 

al., 1993). The net balance of these dynamic, biological, and thermal processes in the 

tropical Pacific results in an intense natural source of both O2 and CO2 to the 

atmosphere (Takahashi et al., 1997; Gruber et al., 2001). This large O2 outgassing in 

the tropical Pacific is balanced globally by uptake at higher latitudes, where poleward 

transport of warm waters and seasonal vertical mixing induce substantial heat loss and 

ventilation of low-O2 waters (Najjar and Keeling, 2000).  
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Figure 2.1. Schematic of major physical and biogeochemical processes driving the mean 
fluxes of O2, CO2, and Atmospheric Potential Oxygen (APO) in the tropical Pacific. The 
Equatorial Undercurrent (EUC) and the South Equatorial Current (SEC) are also shown in 
dark grey arrows. 
 
  ENSO strongly modulates upper ocean dynamics and biogeochemistry in the 

tropical Pacific. At the onset of El Niño, westerly wind anomalies excite the eastward 

propagation of downwelling equatorial Kelvin waves that deepen the thermocline in 

the eastern equatorial Pacific (McPhaden et al., 1998). Ocean-atmosphere feedbacks 

reinforce the full development of El Niño (Bjerknes, 1969), as sea surface 

temperatures (SST) warm, the easterlies slacken, and upwelling weakens, driving 

significant biogeochemical changes. During the well-observed El Niño event of 1997-

1998, for instance, upwelling of nutrients and DIC in the central equatorial Pacific 

appears to have ceased for several months, biological productivity was nearly halved, 
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and surface pCO2 reached values near equilibrium with the atmosphere, significantly 

weakening the typically strong natural outgassing of CO2 in the tropical Pacific 

(Chavez et al., 1999). In the transition to La Niña conditions in mid-1998, strong 

upwelling resumed, biological productivity was enhanced, and CO2 outgassing 

intensified (Feely et al., 2002). Whereas the influence of ENSO on the air-sea flux of 

CO2 has been extensively studied for decades (Bacastow, 1976; Keeling and Revelle, 

1985; Winguth et al., 1994; Chavez et al., 1999; Feely et al., 1999, 2002; McKinley et 

al., 2004; Long et al., 2013), little is known about corresponding impacts on O2 

(McKinley et al., 2003). Detecting the net balance and contributions of the dynamic, 

biological, and thermal processes driving the air-sea O2 flux response is difficult due 

to their competing effects, and is further challenged by the lack of ocean 

biogeochemical observations that resolve the spatial and temporal extent of ENSO. 
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Figure 2.2. Annual mean climatology of O2 anomaly (∆O2=[O2]-[O2]sat) in mmol m-3 
at a) sea surface and b) averaged over the upper 100 m of the ocean, calculated based 
on O2, temperature and salinity data from the World Ocean Atlas, 2013 (Garcia et al., 
2014) and the O2 solubility equations of Garcia and Gordon (1992).  
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The imprints of ENSO on the air-sea exchange of O2, however, are potentially 

detectable in time series of atmospheric O2, measured as the 𝛿(O2/N2) ratio and 

sampled by the Scripps Atmospheric Oxygen Program at stations throughout the 

Pacific basin (Figure 2.3). For instance, an increase of ocean O2 uptake driven by 

cooling or ventilation of low-O2 waters is reflected as a decrease in the atmospheric O2 

content. Terrestrial processes, however, also influence atmospheric O2. To isolate 

variability due to air-sea fluxes, we use Atmospheric Potential Oxygen (APO), a tracer 

of ocean biogeochemistry (Stephens et al., 1998; Gruber et al., 2001). APO is 

calculated as follows: 

δAPO = δ(O2 / N2 )+1.1⋅
[CO2 ]
XO2 , (1) 

where the sum of 𝛿(O2/N2) and CO2 using the 1.1 biospheric -O2:CO2 molar exchange 

ratio cancels out the coupled influence of terrestrial photosynthesis and respiration 

(Severinghaus, 1995), and XO2 (0.2095), the atmospheric mixing ratio of O2, converts 

[CO2] from parts per million to the per meg unit used in 𝛿(O2/N2) measurements. 

While fossil fuel combustion and oceanic uptake of anthropogenic carbon drive the 

observed long-term downward trend in APO (Manning and Keeling, 2006), their 

effects on the variability of APO on interannual timescales are negligible (Hamme and 

Keeling, 2008). Interannual variability in APO, thus, represents mainly changes in 

response to the air-sea fluxes of O2 and CO2. Due to buffering by carbonate chemistry, 

the timescale for CO2 equilibration is about one order of magnitude slower than for O2 
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(Williams and Follows, 2011); consequently, O2 fluxes are likely to dominate APO 

variability on interannual timescales (Keeling and Severinghaus, 2000). APO 

observations thus provide an integrated constraint on the interannual variability of the 

air-sea O2 flux and its coupling to climate variability. 

 

 

Figure 2.3. Location of Scripps APO sampling stations (blue stars) and shipboard 
measurement cruise lines (red line) used in Tohjima et al. (2015). Stations are abbreviated and 
located as follows: Alert, Canada (ALT), Cold Bay, Alaska (CBA), La Jolla, CA (LJO), 
Mauna Loa Observatory, HI (MLO), Kumakahi, HI (KUM), Samoa Island, USA (SAM), 
Cape Grim, Australia (CGO), Palmer Station, Antarctica (PSA), and South Pole Observatory, 
Antarctica, (SPO). 
 

The APO response to ENSO, however, is not well understood. Using APO 

data from Scripps stations over the 1994-2007 period and a global atmospheric 

transport inversion (referred to herein as “atmospheric inversion”), Rödenbeck et al. 

(2008) found a moderate positive correlation between the Multivariate ENSO Index 

and tropical APO fluxes, suggesting that El Niño conditions drive anomalous 

outgassing of APO, likely associated with variations in the ventilation of the tropical 
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Pacific Oxygen Minimum Zone (OMZ). Recently, however, using shipboard 

measurements of APO along the western Pacific (red lines in Figure 2.3) over the 

2002-2012 period, Tohjima et al. (2015) showed a reduction of APO in the tropical 

Pacific during El Niño, and an increase during La Niña. Tohjima and colleagues 

attribute these anomalies mainly to the effects of ENSO-related variations in 

atmospheric transport on surface APO distributions, reinforced by small variations in 

air-sea fluxes of CO2. While the findings of Tohjima et al. (2015) seem to contradict 

the inferred relation between the Scripps APO record and ENSO, they may simply 

reflect complex phenomena that are not resolved by the sparse tropical observations 

network or these studies’ short analysis periods. 

In this study, we focus on the following questions:  

i) How do ocean models simulate the APO flux response to ENSO compared to 

observations-based estimates?  

ii) What drives the APO response to ENSO in ocean models? Specifically, what 

mechanisms govern the O2 flux response to ENSO in the tropical Pacific?  

iii) What is the role of atmospheric transport in driving surface variability of APO due 

to ENSO? 

We address these questions using a combination of observations and models. First, we 

examine the fingerprints of ENSO on APO fluxes estimated using the atmospheric 

inversion method extended thru December 2015, and compare this response to APO 

flux simulations from 3 ocean models. To explore mechanisms driving the O2 

response to ENSO, we focus on a hindcast simulation of the Community Earth System 
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Model (CESM). Next, using an atmospheric transport model and APO fluxes from the 

CESM simulation, we evaluate the role of atmospheric transport and air-sea fluxes on 

surface APO anomalies due to ENSO. We conclude with a summary and a brief 

discussion on the oceanic O2 cycle coupling to climate variability. 

2. Methods  

2.1 APO Observations and Atmospheric Inversion 

We present inverse estimates of air-sea flux of APO based on data from flask 

samples collected by the Scripps O2 Research Program 

(http://scrippso2.ucsd.edu/data) at a network of surface stations (Figure 2.3) over the 

January 1994 thru December 2015 period. At each station, free tropospheric air is 

sampled in glass flasks twice a month, and analyzed for O2 via the 𝛿(O2/N2) ratio using 

interferometry and for CO2 using an infrared analyzer at the Scripps Atmospheric 

Oxygen Program laboratory (Keeling and Manning, 2014). APO time series from Cold 

Bay, Alaska and Palmer Station, Antarctica are excluded due to their shorter 

observational periods, noting their inclusion had no significant impact on the 

interannual trends in APO fluxes. We also exclude the Mauna Loa and the South Pole 

stations because their APO records prior to 1998 were somewhat compromised during 

flask sampling of 𝛿(O2/N2) due to fractionation (Manning, 2001). APO fluxes are 

estimated based on data from 5 Scripps stations (ALT, LJO, KUM, SAM, and CGO, 

shown in Figure 2.3) and a global atmospheric transport inversion using TM3, an 

atmospheric tracer transport model, as detailed in Rödenbeck et al. (2008).  
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To account for autocorrelation when calculating correlations between the APO 

flux from the atmospheric inversion and the Niño3.4 index, statistical significance is 

calculated using a nonparametric method based on creating a large number of 

synthetic timeseries (>100,000) with similar power spectra to the original APO 

timeseries but with randomized phases (Ebisuzaki, 1997). Statistical significance and 

confidence intervals are expressed as p, the fraction of synthetic timeseries that show a 

larger magnitude of correlation with the Niño3.4 index than the original APO flux 

timeseries (i.e. p=0.05 refers to the 95% confidence interval). 

2.2 Ocean Model Simulations  

To evaluate processes driving APO flux variability, and more specifically the 

response of O2 to ENSO, we focus on a hindcast simulation of the ocean and sea-ice 

components of CESM version 1.0 (Gent et al., 2011). CESM simulates reasonably 

well ENSO dynamics (Deser et al., 2012), the seasonal cycle of APO (Nevison et al., 

2015), and the oceanic carbon cycle response to climate variability (Long et al., 2013). 

Similarly to other coarse resolution models, CESM contains significant [O2] biases. 

The volume and spatial extent of OMZs in CESM, for instance, are overestimated, 

including the Indian and tropical Pacific OMZs (Moore et al., 2013). Nevertheless, 

CESM captures well the large-scale spatial pattern distribution of [O2] (Long et al., 

2016) and shows the closest match to observations in the tropical Pacific across 

models (Cabré et al., 2015), providing a useful tool to assess mechanisms driving O2 

variability in the upper ocean. 
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The CESM ocean component is the Parallel Ocean Program 2 (POP2), a z-

level hydrostatic primitive equation model with spherical coordinates, a uniform zonal 

resolution of 1.11º, and a meridional resolution that increases from 0.27º at the 

Equator to 0.54º poleward of 33º (Smith et al., 2010; Danabasoglu et al., 2012). The 

vertical grid has 60 levels with 10 m resolution in the upper 160 m, increasing to 250 

m until 3500 m depth, then remaining constant at 250 m until bottom. The model uses 

the Gent and McWilliams (1990) parameterization for mesoscale eddy transport, and 

an eddy-induced advection coefficient that varies in time and space (Danabasoglu and 

Marshall, 2007). The K-profile parameterization of Large et al. (1994) is used to 

model boundary layer dynamics with a latitude-dependent background internal wave 

diffusivity (Danabasoglu et al., 2012). Sea ice is simulated using the Community Ice 

Code version 4 (CICE4), which operates on the same grid as POP2 (Hunke and 

Lipscomb, 2008). Ocean biogeochemistry is represented using the Biogeochemical 

Elemental Cycle (BEC) model (Moore et al., 2004, 2013). BEC simulates lower-

trophic-level marine ecosystem dynamics using the Nutrient-Phytoplankton-

Zooplankton-Detritus paradigm, including three phytoplankton functional groups 

controlled by light, temperature, and nutrients (N, P, Si, and Fe), one zooplankton type, 

and the CO2 and O2 cycles (Moore et al., 2013; Long et al., 2013).  

In the CESM hindcast simulation, the ocean and sea ice components of CESM 

are forced under the Coordinated Ocean–Ice Reference Experiments (CORE2; Griffies 

et al., 2009, 2012) protocol, which includes interannually-varying radiative and 

freshwater fluxes, as well as atmospheric state variables used to compute fluxes via 
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bulk formulae (Large and Yeager, 2009). Observed climatologies were used to 

initialize the biogeochemical fields, whereas initial conditions for ocean physics were 

based on outputs from a previous physics-only ocean-ice hindcast simulation (Long et 

al., 2013). Four 60-year cycles were run to spin up the model. During the spin up, 

biogeochemistry is simulated continuously whereas physical fields are set back to their 

initial conditions at the start of every cycle to reduce model drift. After the 4th cycle, a 

transient simulation was run corresponding to the 1948–2008 “observed” period. To 

avoid the influence of discontinuities induced at the beginning of the 60-year transient 

simulation, we exclude the initial 12 years and thus limit our analysis to model outputs 

from January 1960 to December 2008. 

In addition to CESM, APO fluxes from the atmospheric inversion and Scripps 

data are also compared to hindcast simulations of ocean components of the Institut 

Pierre-Simon Laplace (IPSL) model, and the Geophysical Fluid Dynamic Laboratory 

(GFDL) model. The IPSL simulation employs the Nucleus for European Modeling of 

the Ocean (NEMO) model (Madec, 2008) coupled to the Pelagic Interactions Scheme 

for Carbon and Ecosystem Studies (PISCES) biogeochemical model (Aumont et al., 

2015). The model has 46 vertical levels, a horizontal resolution that ranges between 

0.2° and 0.5° and is forced by the atmospheric fields from the DRAKKAR Forcing Set 

based on the ERA40 and ERA-Interim reanalysis over the 1920-2012 period (Brodeau 

et al., 2009; Bourgeois et al., 2016). The GFDL simulation is based on the GFDL 

Modular Ocean Model version 5 (MOM5) model (Griffies, 2012) coupled to the 

Tracers of Ocean Phytoplankton and Allometric Zooplankton (TOPAZ) 
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biogeochemical model version 2 (Dunne et al., 2010). GFDL-TOPAZ is forced 

similarly to CESM using the CORE-2 protocol (Griffies et al., 2009, 2012) over the 

1948-2007 period, following Rodgers et al. (2009). The hindcast simulations of CESM, 

IPSL, and GFDL differ in their representation of atmospheric forcing, ocean 

circulation, and ocean biogeochemistry, and thus provide a first order estimate of the 

influence of model choice and atmospheric forcing on the simulated APO flux 

response to ENSO.  

2.3 Air-Sea Flux Analysis 

In all ocean models, the simulated air-sea fluxes of O2 (FO2), and CO2 (FCO2) 

are computed based on the air-sea gas exchange parameterization of Wanninkhof 

(1992), as: 

Fg = Kg (1- fice )([g] - [g]sat )      (2) 

where fice is the surface sea ice fraction, [g] is the modeled surface gas concentration, 

and [g]sat is the saturation gas concentration calculated based on surface temperature 

and salinity following Garcia and Gordon (1992) for O2 and Weiss (1974) for CO2. Kg 

represents the gas transfer coefficient, a function of wind speed and the temperature-

dependent Schmidt numbers of O2 and CO2 (Keeling et al., 1998; Wanninkhof, 1992). 

Positive flux denotes sea-to-air flux or “outgassing”, whereas negative flux describes 

air-to-sea flux or ocean “uptake”.  

We evaluate the contributions of FO2 and FCO2 to APO variability, by 

computing the air-sea flux of APO (FAPO), following Rödenbeck et al. (2008), as:  
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FAPO = FO2 +1.1⋅FCO2 −
XO2

XN2

FN2
     (3) 

where XO2 (0.2095) and XN2 (0.7815) represent the atmospheric mixing ratios of O2 

and N2 respectively. FN2, the air-sea flux of Nitrogen (N2), is driven mainly by 

temperature-induced changes in gas solubility, and is computed offline at each ice-free 

surface grid point based on the heat flux scaling formula of Keeling et al. (1993):  

FN2 =
∂N 2

sol

∂T
⋅
Q

ρ ⋅Cp  , (4) 

where 𝜕N2
sol/𝜕T is the derivative of N2 solubility with respect to temperature, 

computed based on Hamme and Emerson (2004). Q is the model net air-sea heat flux 

computed as the sum of short-wave, long-wave, latent and sensible heat fluxes, 𝜌 is the 

density of surface water, and CP (3993 J kg-1 K-1) is the specific heat capacity of 

seawater.  

Air-sea O2 exchange is driven by processes affecting the surface mixed layer 

O2 inventory and saturation state. These include thermally-driven O2 fluxes, net 

community production of O2, and the vertical transport of subsurface low-O2 waters 

into the mixed layer, referred to here as “ventilation”. Assuming instantaneous air-sea 

gas exchange, we estimate the contribution of these processes by decomposing FO2 

into thermal (FTHERM), net community production (FNCP), and ventilation (FVENT) fluxes, 

following Nevison et al. (2015), as: 

FO2 = FTHERM + FNCP + FVENT , (5) 
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Similarly to FN2, the thermal flux of O2, FTHERM, is calculated as: 

FTHERM =
∂O2

sol

∂T
⋅
Q

ρ ⋅Cp , (6) 

where 𝜕O2
sol/𝜕T is the derivative of O2 solubility with respect to temperature at sea 

surface, calculated following Garcia and Gordon (1992). FNCP represents the O2 flux 

due to the net community production of O2 in the mixed layer, which we approximate 

as:  

FNCP = [prod(O2 )− cons(O2 )]dz
0m

100m

∫
, (7) 

where prod(O2) and cons(O2) represent the model source and sink terms of O2 due to 

photosynthesis and respiration, integrated over the upper 100 m of the ocean. This 

depth is close to the annual mean mixed layer depth over most of the ocean, as well as 

the depth of net biological carbon uptake in CESM (Jin et al., 2007; Doney et al., 

2009). This estimate is also adequate for an upwelling zone, such as the equatorial 

Pacific, where waters down to 100 m are upwelled relatively quickly into the mixed 

layer. FVENT, the air-sea flux of O2 driven by ventilation, is calculated as a residual in 

Eq. (5) and represents mainly the component of the air-sea flux driven by upwelling or 

vertical mixing of O2-depleted subsurface waters into the mixed layer. Note that 

upwelling of cold waters also leads to a thermal influx of O2; changes in the 

temperature-dependent solubility of O2 due to upwelling are thus implicitly accounted 

for in FTHERM as heat fluxes involve ocean dynamics.   
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As noted above, this decomposition method assumes that air-sea equilibration 

occurs instantly. Thus, the FVENT residual term likely includes contributions from 

changes in gas exchange efficiency due to the dependence of the gas transfer velocity 

Kg on wind intensity, which is sensitive to ENSO. Analysis of model results indicates 

that the contribution of this effect to FO2 variability is an order of magnitude smaller 

than the contributions of O2 saturation anomalies (∆O2=[O2]-[O2]sat). FVENT also likely 

includes small residuals that arise from the approximate nature of Eqs. (6) and (7), 

which assume that the mixed layer equilibrates instantly in response to heat fluxes and 

biological production, and neglect the effects of mixing and penetration of shortwave 

irradiance below the mixed layer on biological production and gas supersaturation 

(Dietz and Oschlies, 2005). While disequilibrium in air-sea gas exchange was 

suggested to damp the magnitude (by ~20%) and induce a short lag (2 weeks) in the 

annual cycle of air-sea O2 exchange (Dietz and Oschlies, 2005; Jin et al., 2007), its 

contribution on interannual timescales has not been evaluated yet, and a detailed 

analysis of these effects is outside the scope of this study.  

To emphasize interannual variability, air-sea flux anomalies from the 

atmospheric inversion and the hindcast simulations for all models are calculated by 

removing the monthly mean seasonal cycle and a linear trend from all time-series, and 

smoothed using a Lanczos 18-months low-pass filter (Duchon, 1979). The impacts of 

ENSO are quantified using a linear least squares regression of flux anomalies onto the 

standardized Niño3.4 index, calculated following Trenberth (1997) for each hindcast 

simulation. Statistical significance is calculated using a t-test, taking autocorrelation 
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into account by adjusting the degree of freedom using the lag-one autocorrelation of 

the series (Zwiers and von Storch et al., 1995). 

2.4 Atmospheric Transport Simulations 

To evaluate the effects of changes in atmospheric transport on surface APO 

anomalies, we use the TM3 atmospheric transport model (Heimann and Körner, 2003). 

Forward atmospheric simulations are performed using two different fluxes from the 

CESM hindcast simulation: 

1) CLM_FLX transports the climatological annual cycle of FAPO, calculated as the 

long-term mean of linearly detrended FAPO at each month in CESM. This 

simulation isolates the effects of atmospheric transport variability on surface APO 

anomalies since the air-sea fluxes do not vary from year to year. 

2) VAR_FLX transports the APO fluxes, as simulated by the CESM hindcast 

simulation where they vary from year to year. This atmospheric simulation thus 

includes the effects of variability in atmospheric transport as well as in air-sea 

fluxes. 

These atmospheric transport simulations are carried out over the January 1970 to 

December 2008 period using 6-hourly wind fields from the updated NCEP reanalysis 

(Kalnay et al., 1996). The seasonal cycle and long-term trends are removed from all 

transport simulations similarly to the air-sea flux analysis, and smoothed using a 6-

months low-pass filter to reduce noise associated with atmospheric synoptic events.  

3. Results and Discussion 
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a. Comparison of Inversion vs. Ocean Simulations of FAPO Variability  

Figure 2.4 shows the global and tropical air-sea flux of APO inferred from the 

atmospheric inversion and Scripps observations (FAPO_INV), compared to the CESM, 

IPSL, and GFDL “ocean” simulations (FAPO_CESM, FAPO_IPSL, FAPO_GFDL). Note that 

FAPO_INV is scaled down by 50% in Figure 2.4a-c and 4e-g to allow for phase 

comparison with the ocean simulations. FAPO_INV shows significant variability globally 

(1𝜎=±84 Tmol yr-1) as well as in the tropics (1𝜎=±66 Tmol yr-1). The ocean 

simulations capture key features of this variability, including the peaks of 1997-1998, 

2002-2003, and, for the extended IPSL simulation, the peak of 2009-2010. There are, 

however, notable disagreements between the atmospheric inversion and ocean 

simulations. These disagreements include a large negative anomaly during 2000-2001 

and a positive anomaly during 2005 found in FAPO_INV but not in the ocean simulations. 

Across all ocean simulations, the magnitude of interannual variability in FAPO is 

significantly underestimated (>50%) globally and regionally when compared to 

FAPO_INV (Table 1). The underestimate of FAPO variability shown in these models is 

likely related to systemic model biases that we discuss in Section 4. 
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Figure 2.4. Comparison of global FAPO from the atmospheric inversion (black; scaled by 50%) 
vs. a) CESM, b) IPSL, and c) GFDL. d) Regional contributions to FAPO inversion integrated 
over the tropics (blue, 20ºN-20ºS), northern extratropics (NH; orange, 20ºN-90ºN), and 
southern extratropics (SH, purple 20ºS-90ºS). Right panel e)-g) shows a similar comparison of 
FAPO as a)-c) but for the tropical region (20ºN-20ºS). Similarly to the global integral, the 
tropical FAPO estimate from the atmospheric inversion is scaled by 50% to allow for phase 
comparison to the ocean model simulations of FAPO. h) Niño3.4 index over the comparison 
period, (data obtained from NOAA website: http://www.cpc.ncep.noaa.gov). All time series 
are smoothed using an 18-months lanczos low-pass filter. First and last 18 months of time 
series are omitted due to edge effects. Positive flux denotes sea-to-air flux or “outgassing”. 
 

The tropical region (20ºN-20ºS) plays a major role in driving anomalies in the 

global FAPO_INV (Figure 2.4d). We find a positive correlation between anomalies in 

tropical FAPO and the Niño3.4 index in the atmospheric inversion (RAPO_inv=0.46, 5-

months FAPO lead, p<0.01) as well as in the CESM and IPSL simulations (RCESM=0.60 
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at 5-months FAPO lead; RIPSL=0.59 at 4-months FAPO lead). This relation suggests that, 

in both inversion and these ocean simulations, anomalous outgassing of APO in the 

tropics leads El Niño events, and conversely, anomalous drawdown of APO leads La 

Niña.  

 

Figure 2.5. Lag regression of Niño3.4 index vs. a) tropical (20ºN-20ºS) FAPO, FO2 and FCO2 in 
CESM, and b) tropical FO2 including flux components in CESM. c) and d) same as a) but for 
IPSL and GFDL. The atmospheric inverse FAPO is also shown (dashed grey) for comparison. 
All time series are smoothed using an 18-months low-pass filter prior to lag regression. 
Positive flux denotes sea-to-air flux or “outgassing”. 
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The atmospheric inversion shows an estimated APO flux response to ENSO of 

about 34 Tmol yr-1 𝜎-1 (𝜎 here refers to one standard of deviation of the Niño3.4 index). 

Table 1 and Figure 2.5a and 5c show that both CESM and IPSL capture the sign and 

phase of this response to ENSO, but underestimate its magnitude. GFDL, on the other 

hand, is in general disagreement in sign, magnitude and phase with both the inversion 

and other ocean simulations (Figure 2.4e-g and Figure 2.5d), showing a negative 

lagged FAPO response to the Niño3.4 index (RGFDL=-0.67, 7 months FAPO lag). While 

this negative response also exists in CESM and IPSL with different lags, these models 

show a positive APO anomaly leading the Niño3.4 index that is not simulated by 

GFDL (Figure 2.5d). The similar results shown in CESM and IPSL, which are forced 

differently (NCEP vs. ERA-I), contrasted with GFDL, which is forced similarly to 

CESM, suggest that differences in model representation of ocean circulation and/or 

biogeochemistry, rather than atmospheric forcing, drive model divergence in the FAPO 

response to ENSO.  

Table 2.1. Comparison of global and tropical FAPO variability from the atmospheric inversion 
and hindcast model simulations of CESM, IPSL, and GFDL. 

b. Drivers of Tropical FAPO Variability  

In all models, the tropical FAPO response to ENSO is driven primarily by FO2 

(Figure 2.5). In CESM, for instance, the simulated FAPO response to ENSO of 21 Tmol 

APO Flux 
Product 

1𝜎 of Global 
FAPO (Tmol yr-1) 

1𝜎 of Tropical 
FAPO (Tmol yr-1) 

Maximum Lag 
Correlation of 
Tropical FAPO vs. 

Niño3.4  

Tropical FAPO 
Response to 

Niño3.4 Index 
(Tmol yr-1 𝜎-1) 

Atmospheric 
Inversion 

± 84.24 ±66.23 0.46 (5 mon FAPO lead) 33.88 

CESM ±35.77 ±29.87 0.62 (5 mon FAPO lead) 20.79 
IPSL ±40.40 ±23.21 0.59 (4 mon FAPO lead) 15.38 
GFDL ±35.83 ±19.28 -0.67 (7 mon FAPO lag) -14.44 
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APO yr-1 𝜎-1 is driven by anomalous outgassing of O2 (28 Tmol yr-1 𝜎-1), and is 

counteracted by a lagged anomalous uptake of CO2 (-11 Tmol yr-1 𝜎-1) damping the 

APO response (Figure 2.5a). FN2 also serves to damp FAPO variability, though its 

contribution to the total FAPO variability is very small compared to FO2 (Figure 2.6a). 

The dominance of FO2 on the interannual variability of FAPO is expected. Unlike CO2, 

O2 is not buffered by the ocean’s inorganic carbonate chemistry, which allows O2 a 

faster equilibration response timescale and a larger air-sea flux amplitude than CO2, 

lending further confidence in using APO as a proxy for air-sea O2 exchange on 

interannual timescales.  

Due to its central role in driving FAPO variability, we focus on the tropical FO2 

response, which shows an even stronger positive correlation to the Niño3.4 index in 

CESM (RFO2=0.78, 4-months FO2 lead) compared to FAPO (RFAPO = 0.62, 5 months 

lead; Table 1). The 4-months lead of the FO2 response likely reflects the sensitivity of 

surface ∆O2 to changes in ocean dynamics, which lead the full development of El 

Niño events, typically defined by the mean SST anomaly of the Niño3.4 region 

(Trenberth, 1997). This tight ENSO modulation of tropical FO2 variability reflects 

significant changes in the upper equatorial Pacific O2 budget (upper 500m of Pacific 

5ºN-5ºS), whereby the upper ocean anomalously loses O2 to the atmosphere during El 

Niño, and, conversely, gains more O2 during La Niña (Figure 2.6b-c).  
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Figure 2.6. Time series from the CESM hindcast simulation of anomalies in a) tropical FAPO 
(black), FO2 (blue), FCO2 (magenta), and FN2 (dashed grey), scaled by their contributions to 
FAPO following Eq. 3; b) tropical FO2 (blue) vs. volume integrated d[O2]/dt*(-1) over the upper 
500 m of the upper equatorial Pacific (5ºN-5ºS; brown); and c) tropical O2 fluxes (blue) vs. 
Niño 3.4 index (orange). All time series are smoothed using an 18-months low-pass filter. 
First and last 18 months of time series are omitted due to edge effects. Positive flux denotes 
sea-to-air flux or “outgassing”. 
 

 The spatial pattern of the O2 flux response to ENSO, as simulated in CESM, is 

illustrated in Figure 2.7a-b, which shows a regression of SST and FO2 anomalies onto 

the Niño3.4 index. The O2 flux response to El Niño is marked by i) significantly 

reduced O2 uptake (i.e., strong anomalous outgassing) along the equatorial Pacific 
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cold tongue and the upwelling regions of the eastern tropical Pacific, and ii) 

anomalous weak uptake west of 180º and poleward of the Equator. Outside the tropics, 

weaker O2 flux anomalies are also evident, with uptake in the North Pacific and 

outgassing in the Southern Ocean during El Niño. These anomalies are associated with 

changes in sea level pressure (SLP) and SST (Figure 2.7a) driven by ENSO 

teleconnections (Trenberth et al., 2002; Alexander et al., 2002). Similar FO2 response 

patterns are simulated by IPSL and GFDL (Figure 2.7c-d), though regional 

contributions differ between models. IPSL, for instance, shows a less pronounced 

zonal gradient in the equatorial FO2 response than CESM, and a weaker tropical FO2 

response overall. GFDL, on the other hand, shows more confined outgassing along the 

eastern equatorial Pacific, counteracted by a significant opposing response outside the 

cold tongue, likely explaining its negative and weak integrated FAPO response to 

ENSO (Figure 2.5d).  
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Figure 2.7. Zero-lag regression of Niño 3.4 index vs. anomalies in a) sea surface temperature 
(SST; shading) and sea level pressure (SLP; contours), and O2 fluxes from b) CESM, c) IPSL, 
d) GFDL. Dashed contours indicate negative SLP anomalies, contoured every 0.25 hPa. No 
smoothing was performed on time series prior to regression here to highlight spatial character 
of anomalies at the peak of ENSO. Stippling indicates 95% significance. Positive flux denotes 
sea-to-air flux or “outgassing”. 

c. Mechanisms of ENSO-related Variability in Tropical FO2 

We now examine mechanisms driving the O2 response to ENSO in CESM, 

focusing on the tropical Pacific region. ENSO-driven variability in tropical FO2 

involves components that partly counteract each other (Figure 2.5b). FVENT, the 

ventilation component of the O2 flux, contributes an estimated ±44 Tmol yr-1 𝜎-1 (3-

months FVENT lead) to the net FO2 response, which is partly offset by FTHERM, the 

thermal component of O2, and FNCP, the net community production of O2. Figure 2.8a-

d illustrate the spatial extent of these responses in the tropical Pacific, showing a 
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significant reduction of the ventilation-driven uptake of O2 along the equatorial cold 

tongue, that yields a larger flux impact than the concurrent weak reductions in 

biological production and thermal outgassing of O2 during El Niño. Conversely, 

during La Niña, FVENT is intensified significantly more than the counteracting increase 

in FNCP and FTHERM. In the following, we elaborate on mechanisms driving the FO2 

response during El Niño, noting that the reverse describe La Niña conditions. 

 

Figure 2.8. Zero-lag regression of standardized Niño3.4 index vs. anomalies in a) O2 flux and 
its components: b) thermal flux FTHERM, c) net biological production flux FNCP, and d) 
ventilation flux term FVENT, alongside e) SST (shading) and winds (arrows), f) heat flux, g) 
surface chlorophyll concentration (shading) and mixed layer depth (MLD) in contours, and h) 
O2 supersaturation calculated as ∆O2=[O2]-[O2]sat, superimposed on contours of climatological 
mean [O2] (mmol m-3), shown in depth vs. longitude, averaged over the 5ºN-5ºS band. Dashed 
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(Figure 2.8 continued) contours indicate negative MLD anomalies, contoured every 5 m. No 
smoothing was performed on time series prior to regression here to highlight spatial character 
of anomalies at the peak of ENSO. Positive flux denotes anomalous sea-to-air flux or 
“outgassing”. Stippling indicates 95% significance.  
 

Figure 2.8d shows the FVENT response to El Niño as intense anomalous 

outgassing that extends broadly along the Equator from the Peruvian upwelling system 

in the east to 160ºE across the basin to the west. Figure 2.8h shows this FVENT 

anomaly is associated with significant changes in subsurface ∆O2 changes (>10 mmol 

m-3 𝜎-1) down to 400 m in depth. These equatorial ∆O2 anomalies show a strong zonal 

dipole and maxima along the climatological equatorial oxycline (50-150 m in depth), 

driven by the vertical displacement of isopycnals as the thermocline deepens in the 

east and shoals in the west during El Niño. The lack of wind anomalies in the eastern 

tropical Pacific despite large anomalies in FVENT (Figure 2.8d-e) and the 3-month lead 

of the FVENT response suggest that the main physical driver affecting ∆O2 and FVENT in 

this region is remote forcing by the eastward propagation of equatorial Kelvin waves. 

Kelvin waves act to deepen the eastern equatorial Pacific thermocline (McPhaden et 

al., 1998; Feely et al., 2002), leading to shallower upwelling, reduced supply of O2-

depleted waters to the surface, and weakened O2 ingassing. On the other hand, the 

central equatorial Pacific (130ºW-180ºW) exhibits significant weakening of the 

easterlies during El Niño (Figure 2.8e), and is thus sensitive to the localized effects of 

winds on upwelling rates. The central equatorial Pacific anomaly also likely contains 

small contributions from the eastward propagation of warm pool waters (Radenac et 

al., 2005), since these waters were not exposed to intense upwelling and are well 
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equilibrated with the atmosphere. The simulated surface ∆O2 response is in general 

agreement with the observed surface O2 supersaturation reported by Stephens (1999) 

along 120ºW-140ºW during the El Niño of 1997-98, suggesting the elimination during 

this event of the typically high O2 undersaturation observed along the equator 

(Wanninkhof et al., 1995).  

FNCP acts to offset the total FO2 response to ENSO by -14 Tmol yr-1 𝜎-1 (0-lag) 

over the tropical Pacific region (Figure 2.5b). ENSO-related variability in FNCP in 

CESM is localized along the eastern tropical Pacific coast and along the equator thru 

160ºE (Figure 2.8c). The spatial pattern in the FNCP anomalies is accompanied by 

simulated changes in surface chlorophyll concentration (Figure 2.8g), consistent with 

the fact that variability in photosynthesis rather than respiration drives changes in the 

net biological production of O2 in the euphotic zone. Observations show similar 

impacts of ENSO on primary productivity (Chavez et al., 1999; Behrenfeld et al., 

2006), driven by region-specific changes in nutrients supply and light availability. In 

the eastern equatorial Pacific, changes in net primary productivity are especially 

sensitive to the effects of Kelvin waves on the depth of the nutricline (Chavez et al., 

1999). In the central Pacific, reduced solar radiation due to enhanced atmospheric 

convection and the eastward migration of the nutrient-deficient warm pool may also 

weaken biological productivity in this region (Park et al., 2011; Feely et al., 2002).   

FTHERM contributes only weakly to the FO2 response over the tropical Pacific in 

CESM, damping the total FO2 magnitude by -6 Tmol yr-1 𝜎-1 (3-months FTHERM lag). 

The sign of its response is nevertheless intriguing. Given the surface warming of the 
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tropical Pacific during El Niño, reduced surface O2 solubility might be expected to 

drive thermal outgassing of O2 (Rödenbeck et al., 2008, Tohjima et al., 2015). FTHERM, 

however, exhibits a broad anomalous uptake of O2 during El Niño (Figure 2.8b). This 

counterintuitive response arises from the fact that during El Niño, even though tropical 

Pacific SSTs are warmer, positive heat flux anomalies act to cool the upper ocean 

(Figure 2.8f; Wang and McPhaden, 2001; Roemmich and Gilson, 2011). Since 

thermally-driven gas exchange scales with heat fluxes rather than SSTs (Keeling et al., 

1993), reduced equatorial heat uptake leads to thermal O2 flux into the ocean during El 

Niño.  

 In the western equatorial Pacific, the response of FO2 to ENSO is weaker and 

of opposite sign to that of the eastern and central Pacific (Figure 2.8a). The shoaling of 

the western equatorial Pacific thermocline by the westward propagation of Rossby 

waves and the eastward migration of the warm pool erodes the fresh “barrier” layer 

maintained by enhanced precipitation that typically caps upwelling (Feely et al., 2002). 

As a result, O2-poor waters are entrained to the surface, strengthening the ventilation 

component of the O2 flux during El Niño, illustrated in Figure 2.8d and 8g by a 

negative horseshoe-like FVENT feature and shoaling of mixed layer depth in the 

western tropical Pacific. Though weak, the opposite response of FO2 in this region 

creates a significant zonal gradient along the Equator that is relevant to long-term 

atmospheric and ocean observations of the western Pacific (e.g., Tohjima et al., 2015). 

d. APO Modulation by Atmospheric Transport   
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 The influence of ENSO on atmospheric distributions of APO includes 

contributions from variations in air-sea fluxes as well as changes in atmospheric 

circulation (e.g., weakening of easterly winds). We isolate the contribution of 

atmospheric transport by comparing two forward atmospheric transport simulations 

forced by simulated APO fluxes from CESM and NCEP winds as described in section 

2.4: 1) CLM_FLX is an atmospheric transport simulation driven by climatological 

APO fluxes and interannually varying winds, isolating the effects of atmospheric 

transport on surface APO anomalies; and 2) VAR_FLX is an atmospheric transport 

simulation driven by both interannually varying fluxes and winds, containing the 

effects of both atmospheric transport and air-sea flux variability. The CLM_FLX 

simulation shows significant APO variability in the North Pacific and North Atlantic, 

but much weaker variance in the mid and low latitudes (Figure 2.9a). In contrast, 

VAR_FLX shows widespread APO variability globally, with pronounced variations 

over regions of high air-sea flux variability such as the eastern and central equatorial 

Pacific and the Southern Ocean (𝜎>4 per meg, Figure 2.9b). These atmospheric 

transport simulations suggest that while atmospheric transport alone can generate APO 

variability at northern high latitudes, the variability in surface APO at low latitudes 

and in the Southern Ocean is driven primarily by anomalies in air-sea fluxes.  
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Figure 2.9. Effects of atmospheric transport on APO variability, shown here as the standard 
deviation of surface 𝝳APO (per meg) simulated using a) climatological CESM APO fluxes 
(CLM_FLX) and b) variable CESM APO fluxes (VAR_FLX), both transported in TM3. The 
signature of ENSO is shown as regression of Niño 3.4 index vs. anomalies in surface 
atmospheric 𝝳APO from c) climatological and d) variable APO fluxes in per meg 𝜎-1. 
Stippling indicates 95% significance.  
 

 The imprints of ENSO on atmospheric transport of APO are illustrated in 

Figure 2.9c, which shows a regression of APO anomalies from CLM_FLX in the 

lowest layer of the model against the Niño3.4 index. Figure 2.9c shows reduced APO 

in the western equatorial Pacific countered by a small increase in the eastern equatorial 

Pacific during El Niño. This effect is likely driven by weakened easterly winds and 

westerly wind bursts (Figure 2.8e), causing an eastward shift in the climatological 

equatorial APO maximum during El Niño. In the VAR_FLX case, however, 

substantially larger APO increases occur in the eastern and central equatorial Pacific 

(Figure 2.9d), driven by ENSO-related anomalies in the air-sea flux of O2. Figure 2.9c 
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and 9d suggest that the atmospheric transport effects tend to reinforce the zonal 

asymmetry driven primarily by the air-sea APO flux response to ENSO, yielding a 

significant zonal dipole in surface APO distribution during ENSO events.   

We illustrate the regional contributions of atmospheric transport and air-sea 

fluxes in Figure 2.10, which shows the simulated annual mean surface APO 

meridional profile along the eastern (120ºW) and western (160ºE) Pacific during the 

strong El Niño of 1997-98 and La Niña of 1998-99. In both the CLM_FLX and 

VAR_FLX atmospheric transport simulations (Figure 2.10a and 10c), the western 

equatorial Pacific shows a similar increase in APO of about 5 per meg from El Niño to 

La Niña, suggesting changes in atmospheric transport drive most of the surface APO 

variability in this region. In the eastern equatorial Pacific, however, there is a 

substantial decrease of 16 per meg in VAR_FLX from El Niño to La Niña, a value that 

is not replicated by CLM_FLX, which only shows a 5 per meg decrease. Figure 2.10 

suggests that while ENSO-related changes in atmospheric transport drive most of the 

surface APO variability in the western tropical Pacific, air-sea flux anomalies 

dominate the larger surface atmospheric variability of APO found in the eastern and 

central equatorial Pacific. For reference, the VAR_FLX annual mean APO distribution 

for both years are shown in Figure 2.10e and 10f, emphasizing both the zonal shift in 

the equatorial APO maximum, as well as a significant change in the global 

atmospheric APO content due to variability in the equatorial O2 flux. 
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Figure 2.10. Meridional profile of the annual mean surface APO during the 1997-1998 El 
Niño (red), the 1998-1999 La Niña (blue), and the long-term mean (black) along 160ºE (left) 
and 120ºW (right) for CLM_FLX (top) and VAR_FLX (center) simulations. Bottom panel 
show annual mean APO from the VAR_FLX simulation for (e) the 97-98 El Niño year, and 
(f) 98-99 La Niña year, calculated from July thru June. Black lines in maps indicate 160ºE and 
120ºW. 
 

4. Summary and Implications 

The impacts of ENSO on air-sea O2 exchange are significant and complex, 

involving interactions between biogeochemical and physical processes, as illustrated 

in Figure 2.11. The atmospheric inversion and ocean model simulations presented here 

indicate that, in an anomalous sense, the upper ocean loses O2 to the atmosphere 

during El Niño, and gains O2 during La Niña. In CESM, these anomalies are driven by 

significant modulation of the O2 content in the upper equatorial Pacific by coupled 
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ocean-atmosphere dynamics. During El Niño, the deepening of thermocline waters in 

the eastern equatorial Pacific and the weakening of upwelling lead to significant 

reductions in the ventilation of O2-deficient waters, driving anomalous O2 outgassing. 

El Niño is also associated with diminished biological productivity and net ocean heat 

loss, which drives anomalous uptake of O2. Conversely, during La Niña, intensified 

upwelling of shoaling thermocline waters strongly reinvigorates the ventilation of low-

O2 waters while weakly enhancing the biological production and thermal outgassing of 

O2. The net balance of these effects on the O2 flux response is dominated by the 

ventilation effect, so that shallower and weaker upwelling during El Niño leads to 

anomalous O2 outgassing, whereas deeper and intensified upwelling during La Niña 

drives anomalous O2 uptake. Accounting for most of the APO flux variability, these 

O2 flux anomalies are strongly localized along the eastern and central equatorial 

Pacific and are accompanied by a weaker response of the opposite sign in the western 

tropical Pacific, driving a zonal gradient in the air-sea O2 flux response to ENSO.   

In the atmosphere, the zonal dipole in surface APO anomalies driven by 

tropical Pacific FO2 is further reinforced by changes in atmospheric wind patterns, 

reconciling the apparently conflicting APO observations of Tohjima et al. (2015) in 

the western tropical Pacific with the APO inversion of Rödenbeck et al. (2008). In 

agreement with Tohjima et al. (2015), our simulations show that APO variability in 

the western equatorial Pacific is indeed driven primarily by ENSO-related changes in 

atmospheric transport. We find, however, that the dominance of this atmospheric 

transport effect is confined to the western equatorial Pacific, and that variations in air-
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sea fluxes drive the larger surface APO anomalies found in the eastern and central 

equatorial Pacific.  

The magnitude of the APO response in the eastern and central equatorial 

Pacific is likely model-dependent and is currently poorly sampled. Shipboard 

measurements of APO in this region (Battle et al., 2006) continued over the past 

decade may provide improved constraints on the integrated response of the upper 

ocean O2 cycle to tropical climate variability. Atmospheric synoptic events, however, 

can induce substantial variations in this region (Stephens et al., 2003), necessitating 

long-term observations to filter out short-term variability. Kiritimati Island, Kiribati 

(2°N, 157°W), located downwind of the epicenter of air-sea O2 flux variability, is 

ideally situated for constraining the magnitude of APO variability in the tropical 

Pacific and its zonal gradient. A new atmospheric O2 measurement station at 

Kiritimati Island could thus substantially improve the tropical Pacific sampling 

capabilities of the Scripps network shown in Figure 2.3.  
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Figure 2.11. Schematic of anomalies in O2 fluxes and main driving processes in the tropical 
Pacific during a) El Niño and b) La Niña conditions. 
 

Multiple lines of evidence point to significant imprints of ENSO on the spatial 

distribution of APO and the global APO budget, driven by anomalies in tropical 

Pacific air-sea O2 exchange. Our finding are in agreement with results from a hindcast 



 
 

 
 

46 

simulation of the MITgcm that shows global impacts of ENSO-related variability in 

tropical air-sea O2 fluxes (McKinley et al., 2003). Based on the extended APO 

inversion results, variability in APO fluxes of approximately ±34 Tmol yr-1 𝜎-1 due to 

ENSO modulation of air-sea O2 fluxes should be taken into account in calculating 

global carbon sink budgets on interannual timescales. This estimate, however, does 

not take into account the diversity of ENSO phenomena, which may project on the FO2 

response in the tropical Pacific. The eastern equatorial Pacific region, for instance, is 

likely to continue taking up O2 during central Pacific or “Modoki" El Niño events 

(Ashok et al., 2007). We also did not address the potential impact of asymmetry 

between El Niño and La Niña phenomena (Rodgers et al., 2004) on the air-sea O2 flux 

response. These potential sensitivities of APO responses to ENSO diversity might be 

best examined in an extended APO inversion and ocean model simulations that 

include recent ENSO events, such as the large 2015-2016 El Niño.  

The fidelity of ocean model predictions of future O2 changes depends on their 

ability to represent basic aspects of the oceanic O2 cycle and its natural variability. 

Both CESM and IPSL show good agreement with the phase and sign of the APO 

response to ENSO estimated by the atmospheric inversion, whereas the GFDL 

response showed significant inconsistencies. The magnitude of the APO flux 

variability, however, is underestimated in all models globally and regionally by more 

than 50%. This underestimate is in agreement with a previous comparison of the 

atmospheric inversion APO results to an earlier generation ocean model (Rödenbeck 

et al., 2008). A recent study by Long et al. (2016) also shows significantly lower 
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interannual variability (>50%) in interior [O2] in a coupled simulation of CESM when 

compared to available time series from ocean stations in the Subarctic and Subtropical 

North Pacific. These underestimates likely result from systemic model deficiencies in 

representing physical and biogeochemical processes and their interactions. For 

instance, inadequate representation of Equatorial Intermediate Currents in coarse 

resolution models (Dietze and Loeptien, 2013) or weak vertical mixing in the Subpolar 

North Pacific (e.g., in CESM; Moore et al., 2013) lead to weak ventilation of eastern 

tropical Pacific thermocline waters, driving significant low-O2 biases. Deficiencies in 

representing organic matter remineralization profiles may also drive biases in the 

vertical gradient of [O2] in the upper tropical Pacific (Moore et al., 2013), contributing 

to the large model underestimate in air-sea APO flux variability. 

The weak sensitivity of the oceanic O2 cycle to ENSO in these ocean 

simulations suggests climate models may also be underestimating the magnitude of 

oceanic O2 loss due to anthropogenic warming. In fact, our reported underestimate of 

interannual variability is proportionally similar to an underestimate reported by a 

recent observational analysis of long-term O2 trends, which shows global oceanic O2 

losses of about 1 Pmol (1015 mol) per decade since 1960, exceeding models estimates 

of 0-600 Tmol per decade (Schmidtko et al., 2017). Analysis of hydrographic 

measurements (Keeling and Garcia, 2002) also show a global O2 outgassing to heating 

ratio of about 5 nmol (10-9) per Joule (nmol J-1), which are larger than our model 

estimates of about 3 nmol J-1. These underestimates highlight the need for improved 
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process understanding of subsurface O2 cycling and circulation on various spatial and 

time scales. 

Still, the simulated O2 flux response to ENSO provides useful information on 

the coupling of the oceanic O2 cycle to climate perturbations in the tropical Pacific. 

Recent studies suggest the Walker Circulation may weaken due to anthropogenic 

warming (Vecchi et al., 2006). This may potentially shift the mean state of the tropical 

Pacific towards El Niño conditions (Yeh et al., 2009), though major uncertainties 

remain (Stevenson et al., 2012). Our results indicate a significant and regionally 

complex response of the upper ocean O2 budget to El Niño conditions, whereby 

weakened ventilation leads to oceanic O2 loss to the atmosphere. The relation between 

O2 flux anomalies and changes in interior O2 distribution and budgets, however, is not 

clear, and merits further investigation. Recent model studies invoke changes in O2 

consumption rates (Ito and Deutsch, 2013), as well as reduced ventilation of the OMZ 

by the shallow overturning cells and zonal jets (Duteil et al., 2014), to explain 

subsurface [O2] changes associated with tropical climate variability. The dominance of 

these processes on subsurface [O2] variability is likely to be localized and region-

specific, given the zonally complex responses of FO2 and ∆O2 shown herein. This 

regional complexity motivates a closer examination of the basin-wide impacts of 

tropical climate variability on interior ocean O2 and their integrated effects on decadal 

timescales.  
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CHAPTER 3: AN EL NIÑO-LIKE PHYSICAL AND BIOGEOCHEMICAL OCEAN 

RESPONSE TO TROPICAL VOLCANIC ERUPTIONS 

Abstract 

Volcanic eruptions are expected to have a major influence on ocean physics and 

biogeochemistry. The magnitude, spatial patterns, and mechanisms of volcanic 

impacts on the oceans, however, remain poorly understood due to the confounding 

effects of internal variability and limited observations. Here, the oceanic response 

to recent major tropical eruptions is evaluated in the Large Ensemble experiments 

of the fully coupled Earth system models of CESM and GFDL. Substantial and 

spatially complex ocean heat loss and oxygen and carbon uptake immediately 

follow the Agung, El Chichon and Pinatubo eruptions. These volcanic signals are 

relatively consistent across eruptions and models, and are in general agreement 

with available observations. The oceanic response to tropical eruptions is 

characterized by intense surface cooling over the subtropics and northern high 

latitudes, but is also accompanied by El Niño-like surface warming in the eastern 

and central tropical Pacific initiated by climatological upwelling of warm 

subsurface anomalies in the east. This subsurface warming is driven by the 

thermocline deepening effects of equatorial downwelling Kelvin waves that are 

remotely forced by persistent westerly wind anomalies over the western Pacific. 

These wind anomalies, in turn, are associated with intense cooling and suppressed 

convection over the Maritime Continent, and suggest a more prominent role for 

atmospheric circulation rather than an ocean thermostat effect in initiating the 
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ENSO response. This El Niño response drives ocean heat loss that persists beyond 

the atmospheric lifetime of stratospheric aerosols through enhanced cloud albedo, 

and causes most of the global carbon uptake through reduction of vertical transport 

of  dissolved inorganic carbon (DIC) to the surface in the tropical Pacific. These El 

Niño-like changes in the source and intensity of equatorial upwelling lead to 

anomalous outgassing of O2, but are largely counteracted by intensified ventilation 

at higher latitudes that drive the global oceanic uptake of O2. Volcanic eruptions 

thus induce a complex ocean response that is highly relevant to the attribution of 

recently observed trends in the ocean, and may serve as a powerful analog for the 

unintended consequences of geoengineering in the ocean. 

1. Introduction 

In the absence of global scale geoengineering experiments, explosive volcanic 

eruptions represent the closest analogs to radiative management proposals. Following 

an eruption, the ejection of sulfates into the stratosphere and their consequent aerosol 

scattering of shortwave radiation increase planetary albedo, driving significant cooling 

of the troposphere (Pollack et al., 1976; Dutton and Christy 1992; Robock 2000). 

Concurrently, sulfates also absorb near-infrared solar and outgoing long-wave 

radiation, which warms the lower stratosphere (Stenchikov et al., 1998). These 

radiative perturbations have profound and long-lasting impacts on the climate system, 

particularly in the ocean where volcanic signals are expected to persist well beyond 

the e-folding lifetime of aerosols (Gleckler et al., 2006; Stenchikov et al., 2009). 

Examining the oceanic imprints of recent eruptions may thus hold valuable insights 
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for the prediction of geoengineering impacts on the oceans and the interpretation of 

recently observed trends in the climate system.  

The ocean is expected to respond to volcanic eruptions in two fundamental 

ways. First, an immediate thermodynamic response to aerosol scattering of solar 

radiation is expected to lead to sea surface temperature (SST) cooling (Rampino and 

Self 1982), reduced ocean heat content (Delworth et al., 2005; Stenchikov et al., 2009), 

and decreased thermosteric sea level (Gleckler et al., 2006). It remains unclear, 

however, where heat loss occurs regionally and how feedbacks in the coupled ocean-

atmosphere system amplify or dampen the net change in air-sea heat flux.  

Second, a dynamical ocean response is expected due to volcanic perturbations 

of temperature gradients, influencing ocean circulation and projecting onto modes of 

natural climate variability (Zanchettin et al., 2012). Paleoproxies, for instance, indicate 

El Niño conditions follow major eruptions (Adams et al., 2003). To explain this link, 

Mann et al. (2005) evoke the “ocean dynamical thermostat” mechanism (Clement et 

al., 1996): volcanic radiative cooling at the sea surface is buffered by the 

climatological upwelling of unperturbed thermocline waters and divergence in the 

eastern equatorial Pacific while the western Pacific cools uninhibitedly; the 

subsequent reduction in zonal SST gradient initiates Bjerknes feedbacks wherein 

weakened easterlies yield decreased upwelling and the full development of El Niño 

(Emile-Geay et al., 2008). Ding et al. (2014), however, find no links between 

volcanoes and ENSO across CMIP5 models, while some find La Niña conditions 

emerge in certain models (McGregor and Timmermann 2011; Zanchettin et al., 2012), 
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exposing key differences across models and observations. Recent progress has 

illuminated a complex volcanic modulation of tropical climate that depends on the 

initial state of ENSO prior to eruption (Ohba et al., 2013; Predybaylo et al., 2017; 

Khodri et al., 2017) as well as on the season and location of the eruption (Stevenson et 

al., 2017; Liu et al., 2017). A clear temporal evolution or mechanistic understanding of 

how volcanic eruptions affect the coupled ocean-atmosphere system, however, remain 

obscured by the freely evolving nature of ENSO regardless of external forcing.  

These volcanoes-induced thermodynamic and dynamical changes, in turn, 

impact ocean biogeochemical cycles, as changes in temperature-dependent gas 

solubility and circulation alter the air-sea fluxes and subsurface distribution of oxygen 

(O2) and carbon. Atmospheric CO2 increase, for instance, “stalled” in the years 

following the June 1991 eruption of Pinatubo (Sarmiento 1993), with ambiguous roles 

for terrestrial vs. ocean carbon uptake (Frölicher et al., 2011, 2013; Segschneider et al., 

2013). Oceanic O2 loss due to anthropogenic warming is superimposed on significant 

interannual to decadal variability (Schmidtko et al., 2017; Ito et al., 2017) challenging 

the attribution and detection of anthropogenic forced trends (Long et al., 2016). The 

role of volcanic eruptions in driving changes in air-sea O2 exchange and interior [O2] 

variability remain largely unexplored (Frölicher et al., 2009). Isolating these volcanic 

effects is thus critical to the detection and attribution of anthropogenic impacts in the 

ocean, e.g., warming, deoxygenation, and acidification (Bopp et al., 2013), and is 

highly relevant to discussions of decadal variability in the oceanic heat and carbon 

sinks in recent decades (Balmaseda et al., 2013; Landschützer et al., 2015).  
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The magnitude and mechanisms driving the physical and biogeochemical 

ocean response to volcanoes, however, remain muddied by the confounding effects of 

internal variability and the lack of global continuous ocean observations spanning 

major eruptions. In models, discerning the volcanically-forced ocean response in the 

presence of intrinsic climate variability has been hindered by the limited number of 

ensemble members in past studies (Frölicher et al., 2009, 2013; Ding et al., 2014). 

Multi-model ensemble studies (e.g., CMIP5 archive), despite their large number of 

ensemble members, combine uncertainty due to model structure with internal 

variability, thereby limiting inferences regarding “forced” signals (Kay et al., 2014; 

McKinley et al., 2016; Long et al., 2016).  

In this study, we focus on a Large Ensemble (LE) suite from a single climate 

model, the Community Earth System Model LE (CESM LE), to effectively isolate the 

volcanic forced component, as described in Section 2. We evaluate model differences 

by comparing results from a similar LE experiment using the Geophysical Fluid 

Dynamics Laboratory model (GFDL LE). Specifically, we examine the recent major 

tropical eruptions of Agung, El Chichon, and Pinatubo (table 1), given their relatively 

similar region (tropics) and time of year (spring-summer) of eruption, and their 

relevance to observed ocean trends in recent decades. In section 3, we evaluate the 

global mean and spatial patterns of SST, heat, O2, and CO2 air-sea exchanges and 

budgets as indicators of the ocean’s physical and biogeochemical state following 

tropical eruptions. Due to microbial respiration at depth, dissolved oxygen [O2] and 

dissolved inorganic carbon (DIC) show pronounced vertical gradients and their 
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variability tends to be negatively correlated. Assessing biogeochemical and physical 

variables in concert thus offers a comprehensive and unique view on governing ocean 

processes that may not be evident from temperature alone (e.g., changes in ventilation 

rates). In Section 4, we evaluate similarities and differences across models and 

observations, and examine driving mechanisms in Section 5, focusing on Pinatubo, the 

largest and most well observed eruption of the last 100 years. We conclude with a 

summary and discussion of our results. 

Table 3.1. Description of recent major volcanic eruptions examined in the CESM and GFDL 
LE experiment.  Volcanic intensities are based on the Ice-Core Volcanic Intensity Index of 
Gao et al. (2008). We also show the Volcanic Explosivity Index (VEI) of Simkin and Siebert 
(1994), and the Dust Veil Index (DVI) of Lamb (1983), as updated by Robock and Free 
(1995).   

Volcanic Eruption Date Location 

 

Intensity 
(Pg) 

 

VEI DVI 

 

Agung, Indonesia March 1963 8◦S 115◦E 17 4 800 

El Chichon, Mexico April 1982 17◦N 93◦W 14 5 800 

Pinatubo, Philippines June 1991 15◦N 120◦E 30 6 1000 

 

2. Methods 

a. The Large Ensemble Experiment  

The LE framework brought significant and novel advances in the area of 

attribution and detection of anthropogenic forced trends in the presence of natural 

variability (Kay et al., 2014; McKinley et al., 2016; Long et al., 2016). Here, we use 

the LE framework as a modeling platform to examine the climate response to the 
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external forcing induced by volcanic eruptions. In the LE experiment, a large number 

of ensemble members from the same Earth system model were forced with identical 

external forcing from historical anthropogenic and volcanic emissions, but were 

initialized with unique small perturbations to the initial conditions. Modes of internal 

variability are thus effectively randomized across the ensemble within about a decade 

and averaging across a sufficiently large number of ensemble members isolates the 

externally forced response due to eruptions and anthropogenic greenhouse gas 

emissions (Kay et al., 2014).  

The CESM LE configuration is run at the 1ºx1º nominal horizontal resolution 

of CESM version 1, which couples the Community Atmosphere Model version 5 

(Hurrell et al., 2013) to the Parallel Ocean Program version 2 (Danabasoglu et al., 

2012) and the Los Alamos Sea Ice Model version 4 (Hunke et al., 2008). Ocean 

biogeochemistry is also coupled in the ocean model and simulated using the 

Biogeochemical Elemental Cycling model (Moore et al., 2013). We evaluate 41 

ensemble runs for physical variables, and 30 runs for biogeochemical fields for the 

period of 1950-2005. Ensemble runs were initialized from a 600-year spin-up model 

solution and were forced with identical prescribed CO2 mixing ratio based on 

observations. Initial conditions for each ensemble member were perturbed with a 

round-off level perturbation (10−14 K) to atmospheric surface temperatures, which 

randomizes modes of variability within a decade across ensembles. The LE mean is 

then evaluated for volcanic and anthropogenic forcing components. Volcanic radiative 

forcing is incorporated in the CESM LE using the forcing dataset of Ammann et al., 
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(2003). Here, stratospheric sulfate aerosol loading, characterized herein using aerosol 

optical depth (AOD) at 0.5 micron (500 nm), is based on total sulfates ejected from 

each eruption and the resulting sulfate aerosol temporal evolution and latitudinal 

distribution due to the seasonally dependent stratospheric transport. A more detailed 

description of the CESM LE experiment and model configuration and validation may 

be found in Kay et al. (2014) and Long et al. (2016).  

For the GFDL model, we analyze 30 ensemble members for the period of 

1950-2005 for both physical and biogeochemical fields. Here, ensemble runs 2-30 are 

initialized with slightly different initial conditions by using snapshots from days 1-29 

from ensemble run 1. The GFDL-LE configuration was based on the GFDL-ESM2M 

(Dunne et al., 2012, 2013) in its 1ºx1º nominal resolution, where the atmospheric 

model AM2 (Anderson et al., 2004) is coupled to the ocean component MOM4p1 

(Griffies et al., 2009) and a model of ocean biogeochemistry, Tracers of Ocean 

Phytoplankton and Allometric Zooplankton version 2 (Dunne et al., 2010). The 

revised aerosol loading product of Sato et al. (1993) is used in the GFDL LE, which 

results in a lower AOD than obtained from Ammann et al. (2003). Further description 

of the GFDL LE configuration can be found in Rodgers et al. (2015). The different 

model components and volcanic forcing used in GFDL vs. CESM LE allow us to 

evaluate the impacts of model structure and choice of volcanic forcing on our results.  

To isolate the effects of volcanic eruptions on the carbon cycle, we use a 

“natural” or “preindustrial” CO2 tracer, which is exposed to a constant 284.7 ppm 

atmospheric concentration. We also briefly evaluate volcanic effects on contemporary 
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carbon (which is the sum of natural and anthropogenic components) in our comparison 

of CESM and GFDL, but focus our mechanistic and spatial analysis on the natural 

carbon cycle for clarity. Monthly anomalies are derived for all series by removing the 

long-term monthly mean. To characterize spatial anomalies following eruptions, we 

show annual mean anomalies in the years following eruption, referring to the 12 

months following the eruption date as year 0 (months 1-12), and subsequent years as 

year 1 (months 13-24), and year 2 (months 25-36). Similarly, the seasonal evolution of 

atmospheric and oceanic conditions are presented as seasonally averaged anomalies 

following eruption, with SON(0), for instance, referring to the September-October-

November directly following the eruption, and SON(1) referring to the subsequent 

year (year 1). To highlight the volcanic signal in the spatial analysis and mechanism 

section, the long-term linear trend due to anthropogenic warming computed from the 

LE mean is removed and anomalies are computed relative to the 5 years prior to 

eruption. Statistical significance of volcanic anomalies in the LE mean is evaluated 

across the ensemble members at the 95% confidence level using a two-tailed Student’s 

t-test. Throughout the paper, a positive anomaly in the air-sea flux of heat, O2 or CO2 

indicate anomalous flux out of the ocean, while a negative flux denotes ocean uptake. 

b. Observations  

Due to limited global continuous ocean observations prior to the 1990’s, we 

focus our model-to-observations comparison to the Pinatubo eruption. Specifically, we 

evaluate SST anomalies from the NOAA Reynolds product (Reynolds et al., 2002), 

and mixed layer depths from the Global Ocean Data Assimilation System (GODAS) 
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reanalysis product (Behringer and Xue 2004). We compare the simulated net air-sea 

heat flux to the Liu et al. (2015) product, which employs a mass-adjusted energy 

divergence method, satellite measurements of top-of-atmosphere energy fluxes, and 

energy transport and atmospheric energy tendencies from an atmospheric reanalysis 

product (Allan et al., 2014).   

We compare O2 fluxes to estimates of air-sea O2 exchange based on time series 

of Atmospheric Potential Oxygen (APO = O2 + 1.1*CO2), an atmospheric tracer based 

on measurements of atmospheric O2 and CO2 (Stephens et al., 1998), where 1.1 is the 

biospheric −O2:CO2 molar exchange ratio (Severinghaus 1995). Due to tight coupling 

of terrestrial O2 and CO2 exchange, APO is insensitive to terrestrial perturbations. On 

interannual timescales, APO is dominated by variability in air-sea O2 fluxes, and thus 

constrains the oceanic O2 response to volcanic eruptions. The globally integrated air-

sea flux of APO (FAPO) can be inferred from the observed global mean APO as: 

𝐹APO = 𝑀!"# 𝑋O2
!APOGLB

!"
, where MATM is the number of moles in the atmosphere (1.8 

× 1020 mol) and XO2 is the atmospheric mixing ratio of O2 (0.2095), and APOGLB is the 

mean APO anomaly calculated from La Jolla and Cape Grim stations where 

observations have been maintained prior to the Pinatubo eruption (Keeling and 

Manning 2014). Owing to fast atmospheric mixing on interannual timescales, we find 

these two stations to be adequate to resolve global air-sea APO flux changes. We 

compare the simulated carbon flux response to an observational product based on the 

Surface Ocean Carbon Atlas (SOCAT) dataset and a mixed layer scheme (Rödenbeck 

et al., 2014). To put the observed APO and CO2 fluxes within the context of observed 
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natural variability, we also evaluate fluxes from a hindcast simulation of CESM (Long 

et al., 2013), which simulates the expected ocean biogeochemical response to 

observed atmospheric conditions.  

 

Figure 3.1. CESM LE anomalies in a) global mean SST, b) globally integrated air-sea heat 
flux (Q), c) O2 flux (FO2), c) natural (i.e. preindustrial) CO2 flux (FCO2), and d) stratospheric 
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(Figure 3.1 continued) Aerosol Optical Depth (AOD) at 500nm. Thin lines denote individual 
ensemble runs, while thick lines represent the LE mean. Time series are seasonally detrended 
(i.e. seasonal cycle is removed) and smoothed with a 12-month running mean, and anomalies 
are calculated from 1950-1959 mean. Positive flux denotes flux out of the ocean.   

3. Oceanic Imprints of Tropical Eruptions  

a. Global Mean Response  

Figure 3.1 illustrates the CESM response in global mean SST and air-sea heat 

flux, and the globally integrated O2 and CO2 fluxes following the eruptions of Agung, 

El Chichon, and Pinatubo. The LE mean (bold lines) isolates clearly the effects of 

volcanic and anthropogenic forcing from internal noise, which dominates interannual-

to-decadal variability in individual ensemble members (thin lines). The multi-decadal 

rise in global mean SST due to greenhouse gas forcing (~0.4 ºC) from 1950 to 2010 is 

punctuated by sharp declines of about 0.1-0.2 ºC in the year following the eruption. 

Similarly, the long-term oceanic uptake of heat is disrupted by massive ocean heat loss 

events of about 2 W m−2 within 6-9 months following eruptions. Substantial oceanic 

uptake of O2 up to 60 Tmol.yr−1 also follow volcanic events, acting in the opposite 

sense of the long-term anthropogenic outgassing of O2 due to enhanced stratification 

and reduced gas solubility. “Natural” CO2 uptake of up to 0.3 Pg C yr−1 following 

eruptions is evident as well, opposing a weak long-term outgassing trend due to 

anthropogenic warming.  

The global ocean response for each variable is relatively consistent across 

eruptions and scales with eruption magnitude, with Pinatubo showing the largest 

response across all variables. Key differences, however, do arise in the timing and 

signal-to-noise ratio of physical and biogeochemical ocean anomalies. Whereas the 
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volcanic heat flux anomaly emerges clearly from internal noise, the O2 flux response 

is well within the 2σ ensemble members spread due to internal variability, likely due 

to regional cancellation effects or greater O2 sensitivity to unforced variability. The 

recovery periods also vary between variables, with faster recovery in heat and natural 

CO2 fluxes (~ 2 years) compared to a slower relaxation in SST and O2 (4-6 years) that 

induces decadal-like variability.  

 

Figure 3.2. Globally averaged vertical profile of CESM LE mean anomalies in a) temperature, 
b) [O2], and c) DIC. AOD (right axis) is also shown within each panel. Anomalies are 
calculated from the 1950-1959 mean and are smoothed with a 12-month running mean. 
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These air-sea flux anomalies have profound and persistent integrated effects on 

vertical profiles of heat, [O2], and DIC globally (Figure 3.2). The long-term ocean 

impacts of anthropogenic greenhouse gas forcing are evident through gradual heat 

uptake and oxygen and DIC loss in the upper ocean, and are punctuated by volcanic 

events. These volcanic impacts are particularly visible following the Agung eruption, 

when the anthropogenic signal is largely absent. Substantial cooling occurs after each 

event in the upper 100 m, propagating down to 500 m in depth through advective and 

diffusive mixing processes, and persists for more than a decade post-eruption. [O2] 

anomalies show maxima below 100 m in depth, suggesting a biological or dynamical 

response, and persist for 6-7 years post eruption. Figure 3.2 shows that the gradual 

penetration of anthropogenic heat, and [O2] and natural DIC loss is immediately, 

though only temporarily, interrupted by the El Chichon and Pinatubo eruptions, acting 

to significantly delay the advance of ocean warming, deoxygenation and natural 

carbon loss in the upper ocean over the second half of the 20th century.  

b. Spatial Patterns  

Figure 3.3 illustrates the spatial response in the CESM LE mean during the 3 

years following the Pinatubo eruption. Ocean heat loss is strongest during the first 

year (year 0, 1-12 months post eruption) following the eruption with extensive heat 

flux anomalies and SST cooling over the tropics (Figure 3.3a), as expected from the 

immediate effects of stratospheric aerosol scattering. SST cooling intensifies in the 

subsequent year (year 1) over most of the North and South Pacific, particularly over 
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the Northwest Pacific subpolar region where extensive ocean heat loss also occurs 

(Figure 3.3b). El Niño-like tropical Pacific surface warming accompanies this cooling, 

and is associated with significant ocean heat loss along the equatorial region. In the 

following year (year 2), air-sea heat fluxes anomalies are largely subdued, while 

negative SST anomalies persist over the northwest subpolar and equatorial Pacific and 

the north Atlantic. We also note surface warming over the Southern Ocean that 

persists throughout the three years following eruption, inducing an asymmetrical SST 

response between hemispheres.  

 

Figure 3.3. Evolution of annual mean anomalies in SST, Heat flux, FO2, and FCO2 in the CESM 
LE mean during, a) 1-12 months (year 0), b) 13-24 months (year 1), c) 25-36 months (year 2) 
after the eruption of Pinatubo. Anomalies here are calculated as annual mean differences at 
specified years from the 5-year mean prior to the eruption year. Positive flux denotes flux out 
of the ocean. Green triangle indicates eruption location. 
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The ocean biogeochemical response is more regionally focused and varies less 

over time (right two panels of Figure 3.3), with the largest anomalies occurring during 

year 1 (13-24 months post eruption). Persistent and intense O2 drawdown is evident 

over regions of intermediate and deep water formation such as the Northwest Pacific, 

North Atlantic, and the Southern Ocean. At lower latitudes, anomalous O2 outgassing 

along the Pacific cold tongue acts to reduce the global oceanic O2 uptake. CO2 flux, on 

the other hand, is dominated by broad and intensive uptake in the tropical Pacific, and 

is accompanied by weak outgassing at higher latitudes. The low latitude ocean 

biogeochemical response to Pinatubo is reminiscent of El Niño impacts on air-sea O2 

and CO2 exchanges that are typically dominated by equatorial ocean dynamics 

(Eddebbar et al., 2017; Feely et al., 2002).  
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Figure 3.4. Anomalies in in SST, Heat flux, FO2, and FCO2 in the CESM LE mean for the 
calendar year (i.e. 6-17 months) following the eruptions of a) Agung, b) El Chichon, and c) 
Pinatubo. d) is same as c) but for the GFDL LE mean. Anomalies are calculated as annual 
mean differences from the 5-year mean prior to the eruption year. Eruption locations are 
shown in green triangles. Stippling indicate statistically significant anomalies at the 95% 
confidence level. Positive flux denotes flux out of the ocean. 
 

Figure 3.4 shows the oceanic response across all three eruptions. As found in 

the global response (Figure 3.1), the intensity of these patterns scales with the volcanic 

magnitude, with Pinatubo showing the most striking response. Similar patterns emerge 

for all variables across volcanic events, suggesting a relatively consistent response to 

tropical eruptions driven by similar governing mechanisms. These distinct spatial 

patterns at high latitudes and the El Niño-like response at low latitudes emerge despite 

a)

b)

c)

d)
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a zonally uniform volcanic forcing. Before we examine processes driving this 

response in detail, we first compare these CESM LE results to the GFDL LE response, 

and evaluate observations for these volcanic imprints. 

 

Figure 3.5. Comparison of CESM LE mean (solid line) and GFDL LE mean (dashed line) in 
a) global mean SST, b) air-sea heat, c) O2 flux, d) CO2 flux, and e) stratospheric AOD at 
500nm. Right panels show a comparison of CESM LE mean to observations-based estimates 
during the Pinatubo period for f) global mean SST from the reynolds product (dashed black) 
and simulated SST (thick grey line), g) air-sea heat flux from the Liu et al (215) product and 
simulated heat flux (orange), h) O2 flux (simulated LE in blue) vs. the observations-based flux 
of APO scaled down by 50% (black dashed) and hindcast simulation flux of APO (purple), 
and i) CO2 flux (LE simulation in red) vs. observations-based (black dashed) and hindcast 
simulation (purple). The observations-based APO flux is normalized (by 50%) to visualize 
phase comparison with simulated APO variability in the hindcast simulation. Series are 
seasonally detrended and smoothed with a 12-month running mean. Anomalies in 
observations are aligned with models using the CESM LE 1990-91 mean as a reference period. 
Color shadings indicate 2𝜎 across ensemble members. Positive flux denotes flux out of the 
ocean. 
 

4. Comparison of Models and Observations  

a. Comparison to the GFDL LE  
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A comparison of the CESM LE and GFDL LE means in Figure 3.5a-e shows a 

similar ocean response despite differences in model structure and volcanic forcing. We 

note, however, slightly larger SST cooling, ocean heat loss and O2 uptake in GFDL LE 

(Figure 3.5a-c, dashed line), particularly following Agung even though AOD values 

used in the GFDL simulations are actually lower. A slightly larger response to the 

long-term anthropogenic forcing is also found in GFDL LE, suggesting a higher 

sensitivity to volcanic forcing in this model.  

Due to the lack of a natural carbon tracer in GFDL, we compare the 

contemporary carbon flux response (i.e., anthropogenic and natural) in both models, 

and find noticeable interannual-to-decadal variability associated with volcanic events 

(Figure 3.5d). Similar to natural carbon, contemporary carbon uptake is initially 

intensified after eruptions, followed by a multiyear recovery. The Pinatubo eruption 

decade shows an intriguing deceleration of ocean carbon uptake when compared to 

volcanically weak decades (e.g., 1970’s), especially in GFDL where recovery seems to 

overcompensate for the initial response.  

The spatial patterns of the oceanic response are similar between the GFDL and 

CESM LE means following the Pinatubo eruption (Figure 3.4c-d), including the El 

Niño-like response at low latitudes and the convective patterns found at higher 

latitudes. More intensive SST cooling is evident in GFDL LE over the northern 

subtropical Pacific as well as a more confined warming in the equatorial Pacific region. 

The hemispheric response is more symmetrical in GFDL than in CESM due to broad 

cooling over the Southern Ocean and the Atlantic. In both models, these patterns are 
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statistically significant at the 95% confidence level across eruptions, with the 

exception of the weak equatorial Pacific warming following Agung in CESM, and the 

El Chichon and Agung eruptions (not shown) in GFDL, potentially due to their 

weaker forcing or earlier eruption season (Stevenson et al., 2017).  

b. Comparison to Observations  

Given the consistent global mean response across models, we focus our model-

observation comparison on the CESM LE response after Pinatubo (Figure 3.5f-i). 

Similar to an individual ensemble member, volcanic imprints in observations (dashed 

black lines) are embedded within the climate system’s internal variability, which we 

characterize here using the 2σ spread across ensemble members (shading).  

Observed global SST cooling and ocean heat loss following the Pinatubo 

eruption are in general agreement in phase and magnitude with the CESM LE mean 

response  (Figure 3.5f-g). A potentially longer heat flux recovery emerges in the 

observations-based product compared to the CESM LE mean response, though this 

behavior is well within the 2σ spread and may be influenced by internal variability. 

Global SST cooling is also observed despite the occurrence of an El Niño event during 

the eruption year, which typically tends to warm global SST. Similar spatial patterns 

emerge in observations during peak cooling (year 1), including the counterintuitive El 

Niño-like warming over the eastern and central equatorial Pacific and the Southern 

Ocean (Figure 3.6), revealing potentially detectable regional volcanic imprints in the 

ocean following Pinatubo.  
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Next, we compare the O2 flux response to APO flux anomalies inferred from 

atmospheric measurements of O2 and CO2 (dashed black line in Figure 3.5h). APO 

variability on interannual timescales is largely dominated by changes in air-sea O2 flux 

(Eddebbar et al., 2017), and thus APO can be used to compare models and 

observations of air-sea O2 flux anomalies following eruptions. A noticeable APO 

drawdown is observed followed by large variability, which is in line with the expected 

volcanic response and the low signal-to-noise found in CESM LE (Figure 3.1c). A 

hindcast simulation of CESM (purple line in Figure 3.5h) which independently 

simulates the ocean response to “observed” atmospheric forcing, shows a similarly 

delayed APO drawdown, recovery, and enhanced variability that are driven primarily 

by O2 fluxes, lending further confidence in the observed APO features. We note that 

the “observed” APO flux has been normalized by 50% to visualize phase comparison 

with the CESM LE and hindcast simulation and that the actual magnitude of the APO 

anomaly following Pinatubo exceeds 170 Tmol.yr−1, which is well outside the 2σ 

ensemble spread.  

The SOCAT-based CO2 flux anomaly (dashed black line in Figure 3.5h) also 

shows vigorous ocean carbon uptake following Pinatubo that is in phase with the 

CESM LE and hindcast results (red and purple lines respectively). This observed CO2 

uptake represents the largest flux anomaly during the 1990’s which includes the 

reduced outgassing due to the 1997-1998 El Niño event (Feely et al., 2002), and is 

well outside the 2σ spread, independently supporting a larger biogeochemical 

sensitivity to eruptions in observations. 
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Figure 3.6. Spatial SST anomalies in the a) CESM LE mean, b) GFDL LE mean, and c) 
observations, during year 1 (13-24 months post eruption). Anomaly is calculated as annual 
mean difference from the 5-year mean prior to eruption year. Stippling indicate statistical 
significance at the 95% confidence level using a two-tailed Student's t-test. 

5. Mechanisms 

The general consistency of the ocean response across eruptions, models and 

observations (Figure 3.4-3.6) indicates distinct and robust mechanisms driving the 

oceanic response to tropical eruptions. The emergence of an El Niño-like response is 

a)

b)

c)
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especially of interest, given its central role in modulating the SST, heat and CO2 flux 

anomalies and buffering the global O2 uptake. Next, we examine governing processes 

driving the physical and biogeochemical ocean response, focusing again on the 

Pinatubo eruption.  

a. ENSO Response  

The time evolution of equatorial Pacific (2ºN-2ºS) SST and mixed-layer depth 

anomalies after Pinatubo is shown for the CESM and GFDL LE means and 

observations in Figure 3.7. In both models, initial cooling in the eastern and central 

Pacific directly follows eruption (year 0). This is quickly followed by considerable 

warming (~ 1ºC) 12 months later (year 1) peaking in early winter in CESM and late 

winter in GFDL, before cooling takes over again in subsequent years (year 2 and 3). 

These SST changes are preceded in both models by anomalies in mixed layer depth 

that propagate from the western and central Pacific, suggesting a dynamic source of 

SST anomalies. In contrast to the simulations, observations show substantial warming 

during the eruption year (Figure 3.7b-d), likely due to an El Niño event that was 

already underway prior to eruption. Similarly to the models, a subsequent moderate 

SST warming and mixed layer deepening is also observed in the central and eastern 

Pacific. This observed warming peaks in late winter of the year following the eruption 

(year 1) and exhibits El Niño-like global patterns (Figure 3.6c). Figure 3.7 illustrates a 

temporally rich and complex equatorial SST response that is consistent between 

models and with potentially detectable imprints in nature.  
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Figure 3.7. Hovmöller of a) AOD from CESM (black) and GFDL (gray), and anomalies in 
SST (shading) and mixed layer depth (contour) averaged over the equatorial Pacific band 
(2ºN-2ºS) following Pinatubo for the b) CESM LE mean, c) GFDL LE mean, and d) 
observations from the NOAA Reynolds product and GODAS reanalysis. e) Mixed layer heat 
budget over the Niño3.4 equatorial region (2ºN-2ºS) showing only dominant terms for visual 
clarity, including heating tendency (black), thermocline feedback term (dotted dark blue), 
Ekman upwelling feedback (cyan), heat flux (dashed red), and zonal advective term (orange 
dashed). Mixed layer heat budget terms are smoothed with a 3-month running mean. Mixed 
layer anomalies are contoured every 3m for models and every 10 m for observations. 20ºC 
isotherm depth is used to represent mixed layer depths for the GFDL LE and observations. 
Stippling indicates significance at the 95% confidence level using a two-tailed Student's t-test.  
 

To understand the counterintuitive warming response to volcanic radiative 

cooling, we examine the mixed layer heat budget over the equatorial Niño3.4 region in 

the CESM LE mean, following Huang et al. (2010) as:  
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𝜕𝑇
𝜕𝑡 =

𝑄
𝜌𝐶!𝐻

− 𝑢
𝜕𝑇
𝜕𝑥 − 𝑣

𝜕𝑇
𝜕𝑦 − 𝑤!

𝑇 − 𝑇!
𝐻 − 𝐷 

where T represents the mixed layer mean temperature and TH represents temperature at 

the base of the mixed layer, Q represents the net air-sea heat flux going into the mixed 

layer, ρ is seawater density, Cp is seawater heat capacity, H is the mixed layer depth, u 

and v represent zonal and meridional current velocities respectively averaged over the 

mixed layer, D represents residual contributions from diffusive mixing and mesoscale 

processes, and we is the entrainment velocity, calculated as:  

𝑤! =
𝜕𝐻
𝜕𝑡 + 𝑢!

𝜕𝐻
𝜕𝑥 + 𝑣!

𝜕𝐻
𝜕𝑦 + 𝑤! 

where uh , vh , wh represents velocities at the base of the mixed layer.  

For visual clarity, only dominant terms driving !!
!

!"
 (black line) are shown in 

Figure 3.7e, where a prime notation (e.g., 𝑇!) represents an anomaly while a bar 

notation (e.g., 𝑤!) indicates a long-term mean. Figure 3.7e shows that the mixed layer 

heating tendency !!
!

!"
 (black line) is driven in the 12 months following eruption 

primarily by the thermocline feedback term (−𝑤!
(!!!!)!

!
, dotted dark blue), which 

represents the upwelling by the mean entrainment velocity transporting anomalies in 

the vertical temperature contrast at the base of the mixed layer. Warming of the mixed 

layer is later reinforced and eventually dominated by the Ekman upwelling feedback 

term (−𝑤!!
!!!!
!

, dashed cyan), which represents the weakened upwelling of cold 

thermocline waters. The zonal advective term (−𝑢! !"
!"

, dashed orange) also contributes 
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to warming, albeit to a much lesser extent. In addition to initiating the warming 

response, the thermocline feedback term (−𝑤!
(!!!!)!

!
) also drives the termination of 

the warming event and subsequent cooling. The important role of the thermocline 

feedback in the initiation of the warming response and lagged dominance of the 

Ekman upwelling feedback reflects two possible and distinct mechanisms:  

i) upwelling of unperturbed subsurface waters weakens surface cooling thereby 

reducing the zonal SST gradient (i.e., ocean thermostat mechanism), and 

initiating Bjerknes feedbacks that lead to El Niño; or  

ii) upwelling of warm subsurface anomalies (e.g., due to deepening of the 

thermocline by internal waves) warms SST in the east, and leads to El Niño 

through initiation of Bjerknes feedbacks.  

 

Figure 3.8. Seasonal evolution of anomalies following the eruption of Pinatubo in a) rainfall 
and SLP, b) surface air temperatures, and winds, and c) ocean temperatures in longitude vs. 
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(Figure 3.8 continued) depth averaged over the equatorial Pacific sector (2ºN-2ºS) in the 
CESM LE mean. Blue contours in panel a) show SLP anomalies contoured every 0.2 hPa. 
Vectors show wind anomalies with 2 m reference wind in upper right box; wind anomalies 
weaker than 0.5 m.s-1 are omitted for visual clarity. Black contours in panel c) show 
climatological mean ocean temperature averaged over 2ºN-2ºS, contoured every 2ºC. 
 

To visualize which mechanism is at play, Figure 3.8 illustrates the seasonal 

evolution in the CESM LE mean of precipitation, sea level pressure, surface air 

temperature and wind anomalies and equatorial ocean temperature anomalies at depth 

following Pinatubo. In contrast to what is expected from the dynamical thermostat 

mechanism (Mann et al., 2005; Emile-Geay et al., 2008), the equatorial Pacific zonal 

SST gradient actually increases in fall [SON(0)] and winter [DJF(0)] following 

eruption through surface cooling in the east (Figure 3.8b, upper two panels). This SST 

cooling overlays an increasingly large subsurface warming in the eastern and central 

Pacific associated with a gradual deepening of the thermocline (Figure 3.7a and 3.8c). 

No significant surface wind anomalies in the eastern Pacific superpose this initial 

subsurface warming, indicating remote forcing via the ocean from the western Pacific, 

where persistent westerly wind anomalies drive the eastward propagation of 

downwelling Kelvin waves from fall [SON(0)] through spring [MAM(0)] following 

the eruption. This subsurface warming feeds eastern and central equatorial Pacific SST 

warming, which reduces the zonal SST gradient and significantly weakens the Walker 

circulation during the subsequent summer [JJA (+1)] and fall [SON (+1)], leading to 

the full development of El Niño conditions by winter [DJF(+1)] of the following year. 

Figure 3.8 thus illustrates that the initial surface wind anomalies over the western 
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Pacific play a more prominent role in initiating the El Niño response than the 

buffering effects of the ocean dynamical thermostat evoked by Mann et al. (2005).  

These initial and persistent westerly wind anomalies initiating El Niño are 

associated with dry conditions and cold surface air temperatures over the Maritime 

Continent and South Asia (Figure 3.8a-b upper three panels). An expected 

consequence of volcanic radiative forcing is faster cooling over land relative to ocean 

(Ohba et al., 2013), due to its lower heat capacity and distinct surface feedbacks, 

resulting in a striking land-ocean temperature gradient between the Maritime 

Continent and the western Pacific. Following the Gill model, which predicts an 

eastward propagation of easterly wind-inducing atmospheric Kelvin waves following 

heating of equatorial convective regions (Gill 1980), the intense volcanic cooling of 

the Maritime Continent suppresses convection and induces anomalous divergence and 

eastward atmospheric Kelvin waves propagation of westerly wind anomalies over the 

western Pacific. These persistent westerly wind anomalies continue to excite oceanic 

downwelling Kelvin waves throughout the eruption year (year 0) until the Bjerknes 

feedbacks take over [JJA(0) onward], when surface warming and weakened walker 

circulation dominate, along with increased rainfall over most of the equatorial Pacific 

and a southward migration of the Inter-Tropical Converge Zone (ITCZ). 
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Figure 3.9. Anomalies in total heat, shortwave, latent heat fluxes, and cloud forcing 
during a) the Pinatubo eruption year (0-11 months post eruption), and b) a year after 
the eruption year (12-23 months). Panel c) shows the globally integrated heat flux 
budget, decomposed by region (top) and by flux component (2nd from top), including 
short-wave, long-wave, sensible, and latent heat fluxes. Third panel shows latent heat 
fluxes decomposed into atmospheric and Newtonian terms. Lower panel shows 
latitudinal distribution of AOD at 500 nm. Thin lines indicate unfiltered series, while 
bold lines show 12-month running means. Positive anomalies denote anomalous flux 
out of the ocean. 
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b. Ocean Heat Response  

While oceanic heat loss is expected following eruptions due to reduced short-

wave radiation, it is unclear how feedbacks in the ocean-atmosphere system amplify or 

dampen the total air-sea heat flux response or what determines its distinct spatial 

patterns and evolution. We examine the contribution of different components of the 

net air-sea heat flux (QT ) in the CESM LE mean, which is calculated as:  

𝑄! = 𝑄!" + 𝑄!" + 𝑄!" + 𝑄!" 

where QSW and QLW represent short-wave and long-wave radiative fluxes respectively, 

and QLH and QSH represent turbulent latent heat and sensible heat fluxes respectively. 

Latent heat fluxes are driven by two distinct processes: a Newtonian term (QNT), i.e. 

the ocean’s SST damping response, and an atmospheric term (QATM) due to changes in 

surface humidity, winds, and other atmospheric properties. We isolate contributions 

from QNT following (Xie et al., 2010) as:  

𝑄!" =
𝐿

𝑅!𝑇!
𝑄!"𝑇! 

where L is the latent heat of evaporation, Rv is the water vapor gas constant, QLH 

represent the mean latent heat flux, T’ is the SST anomaly, and calculate QATM as a 

residual (𝑄!"# = 𝑄!" − 𝑄!").  

The initial heat flux response (year 0) is dominated by shortwave anomalies 

over the tropics (Figure 3.9a), as expected due to the immediate and direct effects of 

aerosol scattering following a tropical eruption. However, the anomalies in QSW are 

not latitudinally uniform as expected from zonally uniform volcanic forcing, but are 
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modified regionally by a widespread decrease in cloud radiative forcing due to 

reduced cloud cover and weakened albedo. Cloud feedbacks, thus, act initially to 

dampen the volcanic radiative cooling effects in CESM, weakening the initial oceanic 

heat loss.  

The subsequent response (year 1) involves a more subtle balance between heat 

flux components (Figure 3.9b-c). QSW still dominates the total response despite a 

significantly diminished tropical AOD. QSW anomalies are localized over the 

equatorial Pacific region and are driven largely by enhanced cloud albedo due to El 

Niño-related shifts in convection (Figure 3.8a). This heat loss is reinforced globally by 

widespread anomalies in QLW and to a smaller extent by sensible heat flux anomalies 

over the north subpolar Pacific (not shown). Latent heat anomalies further reinforce 

the tropical Pacific QT anomalies in the east, but act to buffer the net heat flux 

response globally through the buffering effects of QNT (Figure 3.9c), analogously to 

the ocean response to anthropogenic forcing (Xie et al., 2010).  
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Figure 3.10. Anomalies following Pinatubo in a) O2 flux, decomposed by b) biodynamical and 
c) thermal contributions, d) depth-averaged [O2] in the upper 0-1000 m ocean, e) zonally 
averaged [O2] change in the upper 1000 m. Right panel, shows global O2 flux decomposition 
by f) regional contributions and g) process contributions. h) Globally averaged 500 nm AOD. 
Spatial anomalies are annual mean differences during two years after eruption from the 5-year 
mean prior to eruption. Thin lines indicate unfiltered series, while bold lines show 12-month 
running means. Positive flux denotes anomalous O2 flux out of the ocean.  
 

c. Oxygen Response  

The simultaneous global uptake of O2 and CO2 shown in Figure 3.1 initially 

suggests thermal effects as a dominant driver of O2 and CO2 response, since cooling 

would increase solubility and drive influx in both gases. However, the spatial patterns 

of O2 and CO2 uptake are negatively correlated (Figure 3.3), suggesting that biological 

and dynamical processes (e.g., convection and upwelling of O2-depleted, DIC-rich 
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waters) may play a more prominent role (Figure 3.10). We decompose the 

contribution of these effects as:  

𝐹!! = 𝐹!!!"# + 𝐹!"#$%& 

where FTherm, the thermal component of O2 flux, is calculated following (Keeling et al., 

1993) as:  

𝐹!!!"# =
𝜕 O2 !"#

𝜕𝑇
𝑄!
𝜌.𝐶!

 

where [O2]sol represents surface O2 solubility, QT is the net air-sea heat flux, ρ is water 

density, and Cp is seawater heat capacity. FBioDyn, the O2 flux component due to 

biological and dynamical processes, is computed as a residual.  

As noted in Chapter 1, the heat scaling formula of Keeling et al. (1993) 

assumes that mixed layer oxygen equilibrates instantly in response to heat fluxes, and 

neglect the effects of mixing and penetration of shortwave irradiance below the mixed 

layer on gas supersaturation, which is suggested to lead to ~20% reduction in the 

amplitude of the seasonal cycle of O2 flux (Dietz and Oschlies, 2005; Jin et al., 2007). 

We re-evaluate these effects on interannual timescales using a 100-year coupled 

simulation of CESM using an abiotic O2 tracer that is inactive biologically and thus 

acts like an inert gas. Figure 3.11a shows that, similarly to Jin et al. (2007) and Dietz 

and Oschlies (2005), the heat scaling formula of Keeling et al. (1993) overestimates 

the thermal exchange of O2 by about 20%. However, on interannual timescales, this 

method performs strikingly well (Figure 3.11b), likely due to disproportionately 

smaller effects of disequilibrium on interannual timescales. We conclude that the O2 
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flux decomposition used in this study is robust for the volcanic timescales considered 

here. 

 

 

Figure 3.11. a) Seasonal cycle and b) interannual variability in abiotic (thermal) O2 
flux (black) and heat-derived thermal flux (cyan) vs. heat flux (orange) from a 100 
year unforced coupled (control) simulation of CESM. 
 

 Figure 3.10g shows that thermal and “biodynamical” effects reinforce each 

other and contribute nearly equally to the global response, but that the FBioDyn response 

persists longer. Whereas the global FTherm response is the sum of relatively uniform but 
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weaker spatial anomalies, the FBioDyn response is a net balance of intense O2 uptake at 

high latitudes and anomalous outgassing along the equatorial Pacific (Figure 3.10b-c). 

This anomalous equatorial O2 outgassing reflects the suppression of climatological 

ocean O2 uptake along the cold tongue due to ENSO-related weakening of vertical 

transport of O2-depleted waters by reduced upwelling rates and deepening of 

thermocline as illustrated in Figure 3.7b and Figure 3.8. Weaker anomalous O2 uptake 

also occurs as these waters diverge off the equator, likely due to El Niño-induced 

reduction in primary productivity (Eddebbar et al., 2017).  

At higher latitudes, the FBioDyn response is associated with intense surface 

cooling and large sensible heat and carbon fluxes to the atmosphere (Figure 3.3), 

indicating vigorous convection and upwelling due to weakened stratification during 

anomalously cool winter seasons following eruptions. These ventilation events lead to 

significant O2 drawdown and introduction of new [O2] into the subtropical thermocline 

through mode and intermediate water mass formation, as shown by the depth-

integrated [O2] anomalies and vertical profile of zonally averaged [O2] (Figure 3.10d-

e). Over the tropical Pacific, a strong dipole in [O2] anomalies emerges due to ENSO-

related isopycnal heaving and contraction of the eastern tropical Pacific Oxygen 

Minimum Zone following eruption. Figure 3.10 describes yet another complex ocean 

response to tropical eruptions, whereby intensified convection and ventilation of 

interior waters drives substantial O2 drawdown that is compensated in the global 

integral by the opposing effects of the El Niño response at lower latitudes.  
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Figure 3.12. Anomalies in a) CO2 flux decomposed by contributions from gas exchange piston 
velocity (PV'), ∆pCO2', and cross terms, and b) pCO2 anomalies decomposed into thermal, 
DIC, and alkalinity contributions. c) Shows anomalies in zonally averaged DIC with depth, 
averaged during the two years following eruption. Right panel shows d) regional flux 
contributions, e) process contributions to tropical Pacific pCO2 anomalies including 
temperature, DIC, Alkalinity, freshwater, and salinity effects, and f) AOD at 500 nm with 
latitude. Spatial anomalies are annual mean differences during two years after eruption from 
the 5-year mean prior to eruption. Thin lines show unfiltered series, while bold lines show 12-
month running means. Positive flux denotes anomalous CO2 flux out of the ocean. 

 

d. Carbon Response  
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In contrast to the O2 flux response described above, CO2 uptake occurs 

primarily in the tropical Pacific, dominating over small outgassing anomalies at high 

latitudes (Figure 3.12a and 3.12d). Various processes influence the air-sea exchange of 

CO2, which is calculated in the models following Wanninkhof (1992) as 𝐹CO! =

𝐾Δ𝑝CO! where K is the gas exchange piston velocity, a function of wind, ice fraction, 

and the Schmidt number, and ∆pCO2 is the atmospheric-ocean difference in the partial 

pressure of CO2. We use a Taylor expansion to separate the effects of gas piston 

velocity due to changes in winds and sea ice fraction vs. changes in ∆pCO2, following 

Long et al. (2013):  

𝐹!"!
! = 𝐾Δ𝑝CO!! + 𝐾!Δ𝑝CO! + ( 𝐾!Δ𝑝CO!! − 𝐾!Δ𝑝CO!! ) 

Figure 3.12 shows that ∆pCO2 drives most of the CO2 flux anomaly and that 

reduced piston velocity, due to weakened easterlies (Figure 3.8b), reinforces those 

changes in the central equatorial Pacific. We examine the contribution of different 

processes driving the surface ocean pCO2 anomaly, including changes in surface 

temperature (T’), DIC (DIC’), alkalinity (ALK’), salinity (S’) and freshwater fluxes 

(fw’), following Lovenduski et al. (2007), as: 

𝑝CO!! =
𝜕𝑝CO2
𝜕𝑇 𝑇! +

𝜕𝑝CO2
𝜕DIC DIC! +

𝜕𝑝CO2
𝜕𝐴𝐿𝐾 𝐴𝐿𝐾! +

𝜕𝑝CO2
𝜕𝑆 𝑆! +

𝜕𝑝CO2
𝜕𝑓𝑤 𝑓𝑤! 

where ALK and DIC are salinity-normalized to isolate effects of fresh water on DIC 

and alkalinity.  
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Figure 3.12b and 3.12e show that DIC effects in the tropical Pacific dominate 

surface pCO2 changes. This DIC influence is regionally counteracted by the alkalinity 

effect over the western Pacific and by weak warming effects along the equator, while 

pCO2 changes due to freshwater fluxes and salinity effects are of minor importance. 

DIC effects, however, act in the opposite sense outside of the tropical Pacific, likely 

due to enhanced convection and upwelling at higher latitudes where they are largely 

canceled by strong cooling effects.  

The El Niño-like response to Pinatubo thus explains most of the changes to 

global carbon uptake, as a deepened thermocline and reduced upwelling rates weaken 

DIC transport to the surface and suppresses the outgassing of natural CO2 in the 

tropical Pacific. The zonally-averaged vertical DIC anomalies shown in Figure 3.10c 

reflect the effects of these dynamical processes and further indicate that positive 

anomalies in DIC occur primarily in the subtropical upper waters as anomalously 

under-saturated equatorial waters take up CO2 and diverge poleward where cooling 

intensifies carbon uptake. Figure 3.12, thus, illustrates that volcanic eruptions lead to 

anomalous CO2 uptake primarily through reduced tropical Pacific outgassing of 

natural CO2 via ENSO modulation of DIC transport to the surface. 

6. Discussion and Summary 

In this study, we evaluate the physical and biogeochemical ocean response to 

tropical eruptions in the Large Ensemble suites of CESM and GFDL. We find intense 

ocean cooling and O2 and CO2 uptake immediately follow eruptions in both models. 

These volcanic events act to significantly interrupt the advance of ocean warming, 
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deoxygenation, and natural carbon loss in the ocean’s interior, and drive pronounced 

interannual-to-decadal variability in heat, O2 and carbon fluxes and budgets. The 

spatial patterns associated with tropical eruptions in the CESM and GFDL LE suggest 

intensified convection and ventilation at higher latitudes and the development of El 

Niño-like conditions in the tropical Pacific. This El Niño-like response maintains 

persistent ocean heat loss beyond the lifetime of aerosols scattering through 

modulation of tropical clouds, and suppresses natural CO2 outgassing in the tropical 

Pacific while buffering the oceanic O2 uptake at high latitudes, thus playing a major 

role in the physical and biogeochemical ocean response to tropical eruptions.  

The tropical climate evolution following Pinatubo shown here may help 

reconcile the immediate cooling found in certain models (McGregor and Timmermann 

2011) with the subsequent El Niño warming indicated by paleoproxies (Adams et al., 

2003; Li et al., 2013). Initial cooling in the tropical Pacific, however, is short-lived and 

weak in the CESM LE whereas the El Niño warming is robust, similar to paleoproxy 

findings (Stevenson et al., 2017). Here, we also note the existence of warm anomalies 

in observations that are consistent with the simulated response following Pinatubo, 

peaking in late winter/early spring winter of 1993, and occurring alongside intense 

cooling globally. The El Niño warming shown in CESM and GFDL LE is in general 

agreement with recent findings by other models, including the Model for 

Interdisciplinary Research on Climate (MIROC; Ohba et al., 2013), Institut Pierre-

Simon Laplace model (IPSL; Khodri et al., 2017), the GFDL Climate Model, version 

2.1 (CM2.1; Predybaylo et al., 2017), as well as the Last Millennium Ensemble (LME) 
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experiment of CESM described in Stevenson et al. (2017). We note, however, that the 

peak El Niño warming occurs during boreal winter in CESM and GFDL LE rather 

than boreal summer as found in other models (Khodri et al., 2017), consistent with a 

seasonally phased-locked response. We also note that the ENSO evolution described 

here is evident in both models following Pinatubo, and is less clear after the Agung 

and El Chichon eruptions, likely due to their weaker radiative forcing effects. The 

inter-model differences in the temporal evolution of ENSO and lack of a strong SST 

response in weaker eruptions may explain the lack of a robust El Niño response in 

CMIP5 ensemble studies (Ding et al., 2014).  

Whereas a coherent volcanic response of ENSO is emerging across model-

based and paleoproxy-based studies, proposed mechanisms remain at odds. Our results 

show a prominent role for the thermocline feedback in initiating surface equatorial 

warming, followed by a dominance of the Ekman upwelling feedback, while other 

processes (e.g. horizontal advection) play a minor role. This is in contrast to the 

dominance of meridional advection reported in the CESM LME (Stevenson et al., 

2017) despite model similarity, signaling perhaps distinct processes for volcanic 

events of higher magnitudes or of different timing of eruptions. We also stress that the 

CESM LE mechanism described here is distinct from the ocean dynamical thermostat, 

where upwelling of unperturbed waters buffer volcanic cooling and reduces the 

equatorial zonal SST gradient (Mann et al., 2005; Emile-Geay et al., 2008). Here, 

significantly warmer waters, rather than “pristine” thermocline waters, are initially 

upwelled in the eastern and central equatorial Pacific leading to the full development 
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of El Niño through Bjerknes feedbacks. This subsurface warming is remotely forced 

by downwelling Kelvin waves that are excited by westerly wind anomalies over the 

western Pacific. Ohba et al. (2013) first reported the prevalence of these westerly wind 

anomalies following eruptions, but proposed their role in ENSO through direct 

weakening of the Walker circulation. The subsurface temperature evolution shown 

here suggests an oceanic link through the propagation of downwelling Kelvin waves 

that lead to a warmer source of upwelling. This mechanism is in general agreement 

with the model findings of Khodri et al. (2017) who report similar westerly wind 

anomalies, but which they link to a weakening of the western African monsoon. We 

do not find major changes in atmospheric circulation over the African continent 

(Figure 3.8), and suggest instead a localized source for westerly wind anomalies due to 

intense cooling and suppression of convection over South Asia and the Maritime 

Continent. The major role and persistence of these westerly wind patterns highlight the 

need for improved understanding of the atmospheric response to tropical eruptions 

over the tropical Indo-Pacific.  

The CESM and GFDL LE results also indicate a significant role for ocean 

dynamics in driving the biogeochemical response to tropical eruptions. This is 

especially evident in the anomalous CO2 uptake following eruptions, which is driven 

here primarily by El Niño-induced deepening of thermocline and weakening of 

upwelling rates, rather than the temperature-dependent solubility effects as currently 

understood (Brovkin et al., 2010; Frölicher et al., 2011, 2013). The CO2 flux response 

shown here, in turn, indicates a robust El Niño-like ocean response, even when the 
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SST anomaly is ambiguous (e.g., Agung), providing similar insights gained from sea 

surface heights anomalies which show El Niño-like patterns following eruptions even 

in the absence of corresponding El Niño-like SST warming (Maher et al., 2015). 

Further, the early initiation and persistence of the CO2 flux response suggest that 

volcanically forced El Niño behavior is distinct from internally generated El Niño.  

The larger volcanic impacts on O2 and CO2 fluxes found in observations 

suggest a weak biogeochemical response to volcanic eruptions in models. Similar 

weak sensitivity in models has also been reported in comparisons of simulated vs. 

observed long-term [O2] trends (Schmidtko et al., 2017) and interannual variability of 

[O2] and APO fluxes (Rödenbeck et al., 2008; Long et al., 2016; Eddebbar et al., 

2017). A possible source of the underestimate in the biogeochemical response to 

volcanoes is the lack of iron deposition from volcanic ash in models, as iron 

fertilization would lead to enhanced photosynthesis, and further CO2 uptake (Hamme 

et al., 2010; Langmann et al., 2010). While the larger CO2 uptake response found in 

observations supports a potential role for the neglected effects of iron fertilization in 

the models, the large observed APO uptake is not coherent with these effects, as iron 

fertilization would drive APO outgassing instead. The net balance of enhanced 

biological production vs. convection and ventilation on O2 in the presence of iron 

fertilization however is not clear and merits further investigation.  

The volcanic impacts presented here have important implications for 

interpreting recently observed trends in the ocean. The volcanic modulation of tropical 

climate, for instance, puts the multi-decadal variability of ENSO reported in coral-
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based paleo-proxies (Sanchez et al., 2016) within the geologic context of variability in 

volcanic activity, as enhanced volcanic periods would be dominated by a positive 

phase of ENSO. Further, the strong volcanic modulation of oceanic O2 in the north 

subpolar and subtropical Pacific during the 1960’s, 1980’s, and 1990’s may have 

contributed to the well-observed bi-decadal variability of [O2] in this region (Keeling 

et al., 2010). Similarly, the trend towards reduced carbon uptake during the recovery 

period (i.e., 1993-1997) following Pinatubo found in both CESM and GFDL LE is in 

line with the weakening of the ocean carbon sink during the 1990’s reported by recent 

synthesis of the SOCAT pCO2 data (Landschützer et al., 2015). Finally, enhanced 

ocean heat uptake remains the leading explanation for the decadal “hiatus” in global 

surface warming (Yan et al., 2016). While attention has been given primarily to 

anomalies in the 2000’s decade, weaker ocean heat uptake in prior decades (1980s-

1990’s) due to the integrated effects of the Agung and Pinatubo eruptions may also 

play a role in modulating decadal variability in the ocean heat content and surface 

trends. While evaluating the signature of volcanic events in interior ocean properties 

remain challenged by sparse sampling and instrument calibration error, the volcanic 

signals emerging in the CESM and GFDL LE provide an important first step in 

evaluating trends and spatial patterns from externally forced variability and its 

interaction with ENSO.  

Tropical eruptions reveal a complex ocean response to uniform radiative 

forcing that is highly relevant to discussions of geoengineering, which rarely address 

potential impacts on the oceans. One possible unintended consequence of a Pinatubo-
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scale anthropogenic injection of sulfate aerosols in the stratosphere includes a 

counterintuitive El Niño-like warming over the tropical Pacific due to westerly wind 

anomalies arising from intense cooling and suppressed convection over the Maritime 

Continent. Systemic deepening of the central and eastern equatorial thermocline and 

weakening of equatorial upwelling may also lead to reduced nutrient supply to the 

surface, thereby reducing primary productivity. Similarly to volcanic eruptions, 

radiative management may also have positive outcomes for marine ecosystems, 

through immediate cooling and oxygenation of an increasingly warming and de-

oxygenated ocean in the 21st century. Radiative management schemes, however, will 

likely involve subsequent injections that are maintained over several decades. The 

ocean response to radiative management, thus, likely defies a simple comparison to 

short-lived perturbations described here, and motivates a closer examination of 

geoengineering impacts on the oceans. 
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CHAPTER 4: ATMOSPHERIC OXYGEN AND CARBON CONSTRAINTS ON 

DECADAL TRENDS IN OCEANIC HEAT UPTAKE 

Abstract 

Global mean surface temperature (GMST) warming slowed down during the 

past decade and a half (~ 2000-2015). A leading explanation for this surface warming 

“hiatus” is the redistribution of energy within the climate system through intensified 

ocean heat uptake. Estimates of ocean heat uptake, however, differ significantly prior 

to global Argo coverage (~2006). Here we explore the use of continuous global time 

series of Atmospheric Potential Oxygen (APO=O2+1.1*CO2) to infer decadal changes 

in ocean heat uptake, based on potential negative coupling between air-sea exchanges 

of heat and APO. Observations show that APO is declining at a slower rate than is 

expected from fossil fuel combustion and oceanic uptake of anthropogenic carbon. 

This anomalous excess of APO, known as APOClimate and calculated as the difference 

between expected and observed APO, is driven by the outgassing effects of ocean 

warming, and has been recently introduced as an independent tracer for ocean heat 

uptake. Observations show a decadal trend towards weakened outgassing of APOClimate 

since 2000, in direct contrast to what is expected from enhanced ocean heat uptake 

during the hiatus. This inference, however, assumes that heat and APO fluxes are 

tightly and negatively coupled on interannual to decadal timescales. We examine this 

relation in coupled and hindcast simulations of CESM and GFDL, and find a weak 

coupling globally under natural variability. The weakening of this global relationship 

arises mainly due to equatorial dynamics, which positively couple heat and APO 
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exchange in the tropical Pacific, while APO and heat exchange remains negative at 

higher latitudes. These spatially distinct relationships suggest that APO trends are 

inconsistent with a dominant role for enhanced ocean heat uptake in the North Atlantic 

during the hiatus, but leave open the possibility for intensified sequestration of heat in 

the tropics, where O2 and heat fluxes are modulated in the same direction. Due to 

different ratios of APO-to-heat exchange in each basin and potential regional 

cancellation effects in the global mean, the observed slowdown in the outgassing of 

APOClimate during the hiatus also allows for the possibility for no net change or even 

reduced rates of ocean heat uptake globally during this period.  

1. Introduction 

Global mean surface temperature (GMST) warming significantly slowed down 

at the turn of the 21st century, despite the continued build-up of carbon dioxide (CO2) 

in the atmosphere (Trenberth and Fasullo, 2010). The decadal persistence of this 

surface warming slowdown (~2000-2015), termed the “hiatus”, and its divergence 

from model projections, raised broad and profound questions for quantifying climate 

sensitivity and the planetary energy imbalance (e.g., the concept of the “missing heat”) 

and the attribution of observed surface warming trends in past decades (Trenberth and 

Fasullo, 2010; 2014). The hiatus also has important implications for international 

climate policy (Victor and Kennel, 2014), which continue to rely on GMST as a major 

climate indicator and policy target (e.g., the 1.5ºC and 2ºC targets within the Paris 

Agreement). Although the recent large El Niño event of 2015-2016 seems to have put 

an end to the hiatus, the driving cause for this warming pause remains widely debated. 
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A leading explanation for this slowdown in surface warming involves the 

redistribution of energy within the climate system through accelerated ocean heat 

uptake (Meehl et al., 2011; 2013; Watanabe et al., 2013; Balmaseda et al., 2013). The 

location and driving mechanisms for this enhanced ocean heat uptake, however, 

remain ambiguous (Yan et al., 2017). Numerous studies, for instance, have argued for 

enhanced heat uptake over the low latitudes, where intensification of the easterlies 

associated with a negative phase of the Inter-decadal Pacific Oscillation (IPO) 

accelerated the sequestration of heat in the tropical Pacific thermocline (Meehl et al., 

2011; 2013; Balmaseda et al., 2013; England et al., 2014) and the Indian ocean 

(Nieves et al., 2015; Liu et al., 2016). Using in-situ ocean observations and data 

assimilation methods, others have pointed instead at intensified ocean heat uptake at 

higher latitude basins, where decadal variability associated with the Meridional 

Overturning Circulation has supposedly led to more ocean heat uptake in the North 

Atlantic and the Southern Ocean (Chen and Tung, 2014; Drijfhout et al., 2014).  

Observational estimates of the oceanic heat content (OHC), however, differ 

substantially prior to global Argo coverage (~2006) due to large uncertainties 

associated with substantial sampling gaps and instrumentation biases (Abraham et al., 

2013), limiting the degree to which definitive conclusions can be drawn from in-situ 

observations and data assimilation estimates of OHC in studies of the hiatus. Further, 

models exhibit hiatus events in the absence of enhanced ocean heat uptake (Kanel et 

al., 2017). Theoretical and modeling evidence were also recently proposed for reduced 

ocean heat uptake during hiatus periods, whereby planetary energy imbalance and 
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GMST can be decoupled under natural variability, in contrast to their assumed tight 

coupling under anthropogenic forcing (Xie et al., 2016). A decadal-scale enhancement 

of low-level clouds, for instance, may act to reduce shortwave energy at the surface, 

driving GMST cooling and reduced ocean heat uptake simultaneously.  

We evaluate here the role of changes in ocean heat uptake rates during the 

hiatus using a method that is independent of in-situ ocean observations or satellites, 

based on global continuous measurements of atmospheric 𝛿(O2/N2) (referred to herein 

as atmospheric O2) and CO2 (Resplandy et al., submitted to Nature, 2017, referred to 

herein as “Resplandy et al., submitted”). This method is based on the well-known 

negative relationship between gas solubility and ocean temperature. Simply put, warm 

water holds less gas than colder water; as the ocean warms, atmospheric gas content is 

expected to increase (Keeling et al., 2004). To isolate oceanic effects from the 

influence of terrestrial processes, atmospheric O2 and CO2 time series are combined 

into an "Atmospheric Potential Oxygen" tracer (Stephens et al., 1998), calculated as: 

APO= O2 + 1.1*CO2, where the sum of O2 and CO2 using terrestrial oxidative ratio of 

1.1 (Severinghaus, 1995) renders APO largely insensitive to terrestrial biospheric 

effects. Correcting for the influence of fossil fuel combustion, anthropogenic aerosol 

deposition, and the long-term trend in ocean uptake of anthropogenic carbon on 

atmospheric O2 and CO2 yields an APO residual or “APOClimate” that reflects primarily 

the combined oceanic fluxes of O2 and CO2 due to ocean warming and other ocean 

processes (Keeling and Manning, 2014; Resplandy et al., submitted). On long 

timescales (multidecadal-to-centuries), changes in ocean biological and circulation 
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processes lead to opposing exchanges of O2 and CO2 due to their tight coupling in 

photosynthesis and respiration, analogously to land processes. Ocean warming, on the 

other hand, drives outgassing in both O2 and CO2 due to the temperature dependence 

of solubility in both gases. This reinforcing effect of temperature along with the 

cancellation effect of biological processes allows APOClimate to behave similarly to an 

inert gas, controlled primarily by ocean heating and cooling (Resplandy et al., 2016). 

This emerging strong relationship between the oceanic heat content and APOClimate is 

further supported by a well-constrained relationship from models and observed 

distributions of O2 and DIC in the ocean’s interior (Resplandy et al., 2016).  

Resplandy and colleagues show that APOClimate has increased at a rate of 1.2 

+/-0.5 permeg.yr-1 over the APO observations period (1991-2015). Using a model-

derived APO-to-heat ratio of -3.8 nmol.J-1, they estimate a long-term ocean warming 

rate of 1.3 +/-0.3 1022 J.y-1, which corresponds to a planetary energy imbalance of 0.8 

+/-0.2 W.m-2, a value that is at the higher end, but within the uncertainty range, of 

estimates from in-situ ocean observations and satellites. The APO method provides a 

much needed estimate of ocean warming that is independent of ocean temperature 

measurements, thus improving confidence in those measurements. This study, 

however, leaves open the question of how APO and heat are coupled on time-scale 

shorter than ~25 years. 

Here, we examine decadal trends in APOClimate in light of recent claims that 

accelerated ocean heat uptake led to the hiatus. The relationship between heat and 

APO exchange, however, has only been established for the long-term trends in ocean 
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warming (Resplandy et al., submitted), and their coupling due to externally forced 

(e.g., volcanoes) and unforced (e.g., ENSO) natural variability on interannual-to-

decadal timescales has not been previously evaluated. This is especially relevant given 

the suggested central role for natural variability in driving the hiatus, whereby La 

Niña-like conditions (i.e. negative phase of the IPO) have been linked to the observed 

spatial anomalies in surface air and sea surface temperatures and the flattening of 

global mean temperature since 2000 (Kosaka and Xie 2013; Meehl et al., 2011) while 

prior decades were marked by more frequent El Niño events and a positive phase of 

the IPO. The first decade of the APO record (i.e., the 1990's) coincided with the June 

1991 eruption of Pinatubo and the El Niño of 1997-1998, respectively the largest 

volcanic and ENSO events of the last 100 years, while the second decade of the APO 

record (i.e., 2000’s) was dominated by La Niña-like conditions. Modes of natural 

variability such as ENSO and volcanic eruptions are known to have substantial and 

complex impacts on air-sea heat, O2 and CO2 exchange (McKinley et al., 2003; 2004; 

Resplandy et al., 2015; Frölicher et al., 2009; 2011; Eddebbar et al., 2017), and the 

subsequent coupling between heat and APO exchange due to these phenomena is not 

well understood. Finally, carbonate chemistry significantly buffers CO2 flux variability 

on seasonal-to-interannual timescales (Keeling and Severinghaus, 2000), and thus the 

biological cancellation effect and the inert gas-like behavior of APO is likely to be 

reduced, as O2 variability tends to dominate APO on shorter timescales.  

In this study, we examine changes in decadal trends in the APOClimate and 

evaluate the relationship between air-sea heat and APO exchange in forced vs. 
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unforced variability on interannual-to-decadal timescales. Similar to Chapter 3, the 

Large Ensemble (LE) experiment of CESM and GFDL is used to isolate the structure 

of relationships between air-sea heat and APO exchanges arising from the “forced” 

component of variability, i.e., that due to increasing greenhouse gases and volcanic 

eruptions (LE mean response), from the coupling between heat and APO exchanges 

driven by internal variability. The response due purely to internal variability is 

evaluated in unforced control integrations (no anthropogenic or volcanic forcing used), 

which simulate the natural exchange of heat and APO due to internal variability of the 

climate system. To provide context for the analysis of observed APOClimate trends 

during the hiatus, we also examine a hindcast simulation of CESM over the 1960-2015 

period. Finally, we explore mechanisms driving the coupling of heat and APO 

focusing on the tropical Pacific, and conclude with a brief summary.    

2. Methods 

a) Observations 

In this chapter, we isolate APO variability due to ocean processes using an 

approach that is similar to Resplandy et al. (submitted), but using monthly resolution 

rather than annual means evaluated by Resplandy and colleagues. A global mean APO 

(APOGLB) is calculated using regionally-weighted atmospheric O2 and CO2 time series 

from Scripps O2 Network stations that span both the pre-hiatus and hiatus periods 

(1991-2016). These include the La Jolla, CA (32.9°N, 117°W), Alert, Canada (82.5°N, 

62.5°W), and Cape Grim, Australia (40.5°S, 144.5°E) stations (Figure 2.2). O2 and 
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CO2 time series from other locations in the Scripps O2 Network are not used in the 

global estimate due to their shorter observational periods, as detailed in the methods 

section of Chapter 2. Given the relatively fast timescale of mixing in the atmosphere 

(~1 year), the decadal trends evaluated here are unlikely to be sensitive to the number 

of stations used in the global APO mean. Atmospheric O2 and CO2 measurements at 

each location are obtained from flask samples collected twice a month during the 

January 1991 through December 2015 period, and are analyzed using interferometry 

for the 𝛿(O2/N2) and an infrared analyzer for CO2 at the Scripps Atmospheric Oxygen 

Program laboratory, respectively (Keeling and Manning, 2014).  

Fossil fuel and cement production influence on APOGLB are accounted for 

using fuel-specific oxidative ratios (Keeling, 1988) and fossil fuel consumption 

estimates from Boden et al. (2016) and Le Quéré et al. (2016). We correct for the 

influence of ocean uptake of anthropogenic carbon on APOGLB using the pulse 

response function method of Joos et al. (1996), which is based on the HILDA model 

scaled by the integrated carbon uptake estimate of Sabine et al. (2004), following 

Rafelski et al. (2009). Figure 4.1a shows that this method achieves strikingly similar 

estimates as more complex methods such as the ocean data assimilation of Devries 

(2014) used in the Resplandy et al. (submitted) method, and coupled general 

circulation models like CESM and GFDL. We note that the influence of climate 

variability on ocean processes driving changes in air-sea carbon flux is not included in 

the ocean carbon uptake correction, since this is considered under the “natural” 

oceanic CO2 flux, which contributes to APOClimate. Similarly to the Resplandy method, 
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the influence of atmospheric deposition and fertilization effects of anthropogenic 

aerosols on APO is accounted for using simulations of the Institut Pierre Simon 

LaPlace (IPSL) ocean model with and without anthropogenic aerosols inputs. This 

term exerts a relatively minor influence on the APO trend (Figure 4.1b). 

 

Figure 4.1. a) Estimates of anthropogenic carbon uptake by the ocean using the HILDA model 
pulse response function (black thick line) of Joos et al. (1996) scaled following Rafelski et al. 
(2009), data assimilation method (grey thin line) of Devries (2014), and CESM (cyan) and 
GFDL (red dashed) LE means. b) APOGLB trends induced by fossil fuel effects (blue), ocean 
carbon uptake (cyan), and atmospheric deposition of aerosols (orange), and their total net 
effect on APOGLB (red), along with observed APOGLB (black). 
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The contribution of each of these processes to the APOGLB trend is illustrated 

in Figure 4.1b, which shows that the total sum of fossil fuel burning, anthropogenic 

carbon uptake by the ocean, and atmospheric aerosol deposition result in an expected 

APOGLB downward trend (red line) that is larger than observed (black line). The 

difference between expected and observed APOGLB, referred to by Resplandy et al. 

(submitted) as “APOClimate” shows a long-term increase that is in line with the long-

term effects of ocean warming on O2 and CO2, as previously suggested in Keeling and 

Manning (2014). Large uncertainties accompany the corrections of fossil fuel burning, 

atmospheric deposition, and ocean uptake of anthropogenic carbon, in addition to 

observational uncertainty due to random and systematic error. These are estimated in 

Resplandy et al. (submitted) using a combination of an autoregressive model and a 

Monte Carlo approach. The global APO flux (FAPO), which represents the weighted 

sum of air-sea O2, CO2, and N2 fluxes (see next section), can be estimated from 

APOClimate as 𝐹APO = 𝑀!"# 𝑋O2
!APOClimate

!"
, where MATM represents the number of moles 

in the atmosphere (1.8 × 1020 mol), and XO2 represents the atmospheric mixing ratio of 

O2 (0.2095).  

b) Models 

To evaluate the relation between air-sea heat and APO exchange due to 

externally forced and internally generated natural variability, we evaluate APO and 

heat fluxes from the CESM LE experiments (Kay et al., 2014). The CESM LE is 

forced by historically observed CO2 concentrations (1920-2005) and the RCP8.5 

scenario (2006-2100) to simulate anthropogenic forcing, and uses the Amman et al. 
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(2003) volcanic AOD dataset to simulate volcanic forcing. As detailed in Chapter 3, 

averaging a large number of ensemble members isolates the impacts of anthropogenic 

and volcanic forcing in the LE mean since volcanic and anthropogenic forcing are 

similar across the ensemble, while modes of natural variability are randomized across 

ensemble members, due to the use of slightly different initial conditions (Deser et al., 

2012).   

The same CESM LE configuration used in Chapter 3 is employed here, namely 

the 1ºx1º nominal resolution of CESM version 1 which couples the Community 

Atmosphere Model, version 5 (Hurrell et al., 2013) to the Parallel Ocean Program, 

version 2 (POP2; Danabasoglu et al., 2012), and the Los Alamos Sea Ice Model, 

version 4 (Hunke and Lipscomb, 2008). Ocean biogeochemistry is coupled to POP2 

using the Biogeochemical Elemental Cycling model (Moore et al., 2013). The LE 

mean is calculated for heat, APO, O2, and CO2 fluxes and other physical variables by 

averaging across 30 ensemble members for the period of 1920-2100. All ensemble 

runs were initialized from a 600-year spin-up model solution and were forced with an 

identical observed CO2 mixing ratio evolution. Each ensemble member was initially 

perturbed with a round-off level perturbation (10-14 K) to atmospheric surface 

temperatures, which randomizes modes of variability within a decade across 

ensembles (Kay et al., 2014). To evaluate the coupling between heat and APO fluxes 

due to internal variability, we evaluate a 200-year control (unforced) simulation from 

the CESM LE experiment, where no external forcing is used (i.e. no anthropogenic, 

solar, or volcanic forcing).  The GFDL LE (also described in Chapter 3) and an 
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unforced control simulation of GFDL (Dunne et al., 2012; 2013) spanning a 150-year 

period are also evaluated for model comparison.  

To examine the behavior of APO flux and its relation with ocean heat uptake 

within the specific context of the hiatus, we evaluate a hindcast simulation of CESM 

conducted using the CORE2 forcing protocol (Griffies et al., 2009) as detailed in 

Chapter 2 but extended here through December 2015 using the updated NCEP 

reanalysis product. We focus on the 1990-2015 period and examine changes in heat 

and APO fluxes, which are calculated similarly to Chapter 2, as: 𝐹!"# = 𝐹!! +

1.1𝐹!!! −
!!!
!!!

𝐹!!, where XO2 (0.2095) and XN2 (0.7815) represent the atmospheric 

mixing ratios of O2 and N2 respectively. FN2, the air-sea flux of Nitrogen (N2), is 

calculated following the heat flux scaling formula of Keeling et al. (1993). N2 fluxes 

have a minor influence on APO, acting to slightly buffer the net outgassing effects of 

O2 and CO2 on APO. Similarly to Chapter 3, a preindustrial or “natural” CO2 flux is 

used to calculate APO, in order to isolate the effects of climate variability on the 

natural carbon cycle. Monthly anomalies are derived for all series by removing the 

long-term monthly mean. Leading modes of natural variability associated with ENSO 

and the IPO are calculated in the unforced simulation using the Niño3.4 index, and the 

1st Empirical Orthogonal Function of 9-year low pass filtered SST over the Pacific 

basin, respectively. Mode indices are linearly regressed against anomalies in heat and 

APO fluxes to evaluate their signature on the coupling between heat and APO.  

Throughout this chapter, a positive anomaly in the air-sea flux of heat, O2 or CO2 

indicate anomalous flux out of the ocean, while a negative flux denotes ocean uptake.  
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Figure 4.2. Observations during the January 1990-December 2014 period of a) global mean 
surface temperature (GMST) from the Hadcrut product (Morice et al., 2012; orange) vs. the 
CESM LE mean (black), where spread denotes 1σ across ensemble members; b) OHC 
estimates for the upper 0-2000 m ocean from the World Ocean Atlas product (cyan; Levitus et 
al., 2012), ORAP5 (navy blue; Zuo et al., 2017), Scripps Argo float (Roemmich et al., 2015) 
product (dashed grey), and CERES/ERBES-based ocean heating estimate (orange; Trenberth 
and Fasullo, 2014); and c) global APOClimate which represents the APO anomaly due to ocean 
warming and other ocean processes, accounting for the effects of fossil fuel combustion and 
cement production, anthropogenic ocean CO2 uptake, and anthropogenic aerosol deposition 
(see Methods), using ocean carbon uptake estimates from Devries (2014) and annual mean 
APO time series in Resplandy et al. (submitted) and the scaled Hilda model ocean carbon 
estimate and monthly resolutions in this study. Shading indicates +/-2𝜎 uncertainty as 
estimated in Resplandy et al. (submitted). 
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3. Results and Discussion 

a) Observations 

Figure 4.2 shows the APOClimate, .i.e. the anomalous APOGLB residual due to 

ocean processes, along with observed and simulated GMST and estimates of OHC 

from the World Ocean Atlas (WOA; Levitus et al., 2012), CERES-ERBES satellite-

based energy imbalance scaled by 90% to reflect ocean heat uptake (Trenberth and 

Fasullo, 2014), and the Ocean Reanalysis Product, version 5 (ORAP5; Zuo et al., 

2017).  As noted in the introduction, estimates of OHC diverge substantially prior to 

global coverage of Argo floats (~2006).  In line with Argo float observations, the 

long-term increase in APOClimate (1.19 permeg.yr-1 over the 1991-2014 period) 

suggests that the ocean continued to warm during the hiatus period, and that there is 

no pause in global planetary warming during this period. However, the rate of increase 

of APOClimate slows down by about 50% during the hiatus decade when compared to 

the previous decade. This slowdown in the APOClimate increase during a period of 

accelerated heat uptake is contrary to the expected coupling between APO and heat, 

whereby enhanced ocean heat uptake would drive larger APO release from the ocean. 

To maintain consistency in decadal comparisons with other studies, we use the 

decadal periods adopted in Drijfhout et al. (2014) who synthesize estimate of changes 

in heat uptake rates during the hiatus from various reanalysis products (Table 4.1), 

using the January 1992 thru December 2000 period for the pre-hiatus or “warming” 

decade, and the January 2001 thru December 2009 period for the hiatus decade. Table 

4.1 also summarizes the APO fluxes associated with decadal changes in heat uptake 
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rates from reanalysis products using the -3.8 nmol.J-1 APO-to-heat ratio found in 

models by Resplandy et al. (submitted).  

Table 4.1. Decadal change in ocean heat uptake rates (Drijfhout et al., 2014) and APO fluxes 
between the hiatus decade (2001-2009) and the pre-hiatus period (1992-2000). Expected APO 
change from each product are estimated using the -3.8nmol.J-1 APO-to-heat flux ratio reported 
in Resplandy et al. (submitted), and inversely, the same ratio is used for estimating changes in 
ocean heat uptake from the observed change in the APOClimate trend. 

 
ERA-I CORE2 ORAP5 

Change in ocean heat uptake rate (W.m-2) 0.80 0.60 1.10 
∆APOClimate Expected (Tmol.yr-1) 34.51 25.88 47.46 
∆APOClimate Observed (permeg.yr-1) -0.49 
∆APOClimate Observed (Tmol.yr-1) -18.48 
Observed ∆APOClimate-derived  
Heat Uptake Rate Change (W.m-2) -0.29 

  

In all reanalysis products, Drijfhout et al. (2014) report enhanced ocean heat 

uptake of 0.6 to 1.1 W.m-2 during the hiatus, corresponding to an expected enhanced 

APO outgassing of about 26 to 48 Tmol.yr-1. In contrast, the observed decadal 

difference in APOClimate trends yields a reduced outgassing (or anomalous uptake) of -

19 Tmol.yr-1. This slowdown of APOClimate outgassing corresponds to a net reduced 

ocean heat uptake of about -0.3 W.m-2, assuming a tight negative relationship (-3.8 

nmol.J-1) on interannual-to-decadal timescales between heat and APO.  

The APOClimate uncertainties (2𝜎) estimated by Resplandy et al. (submitted) 

shown in Figure 4.2 are substantial and are dominated by uncertainties in fossil fuel 

consumption and ocean carbon uptake. A slowdown in the upward trend of APOClimate 

over the hiatus decade, for instance, may arise from fossil fuel correction biases due to 

underreporting of fossil fuel consumption over this period. A recent synthesis of 

SOCAT-based dataset (Landschützer et al., 2015) have suggested the oceanic carbon 
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sink may have intensified since ~2000 due to natural variability in the Southern Ocean. 

Such a change would be reflected in the APOClimate trends as a natural CO2 flux 

contribution in the APO flux calculation, which is not well understood on decadal 

timescales. While underreporting of fossil fuel consumption during the hiatus or 

intensification in ocean carbon uptake may play a role in this counterintuitive decadal 

trend in APOClimate, an even more pressing and important uncertainty is whether the 

same tightly negative relationship between heat and APO exists on these timescales. 

We, thus, evaluate next the coupling between heat and APO due to anthropogenic 

warming and volcanic cooling (i.e. “forced coupling”), and their emerging relationship 

due to natural variability (i.e. “unforced coupling”).  

b) Forced vs. Unforced Coupling of Air-sea Heat and APO Exchange  



 
 

 
 

127 

 
 
Figure 4.3. Coupling between air-sea heat and APO fluxes in forced vs. unforced simulations 
of CESM. Time series (a-b) and scatter (c-d) of globally integrated anomalies in APO (black), 
O2 (blue), CO2 (red), and thermal O2 (O2 therm) fluxes (cyan), vs. heat (orange) fluxes in the LE 
mean (left) and control run (right) of CESM. Also shown in c) and d) are linear regression 
coefficients (nmol.J-1) representing APO-to-heat ratios, and correlation coefficients (r) 
between heat and gas fluxes. a) and c) are derived from the mean of the LE, while b) and d) 
represent flux anomalies from a single unforced simulation. Panel b) shows years 0-40 from a 
200 years control simulation for clarity, while panel d) shows the scatter from the full 
simulation period. The LE mean series were smoothed with an 18-month low-pass filter, while 
the control run series were smoothed with 1.5-20-year band-pass filter to isolate interannual-
to-decadal variability. A positive flux indicates anomalous flux out of the ocean, and vice 
versa, a negative flux indicates ocean uptake. 
 

Figure 4.3 shows the relationship between global APO and heat fluxes in the 

CESM LE mean and a CESM control simulation. In the LE mean, anthropogenic 

warming leads to APO outgassing (Figure 4.3a), while volcanic cooling leads to 

uptake of APO (Agung, El Chichon, and Pinatubo eruptions represented as triangles in 
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Figure 4.3a). Figure 4.3c indicates a tightly negative linear relationship emerges under 

this forced setting (r2=0.98), with an APO-to-heat flux ratio of about -3.15 nmol.J-1, a 

value that is smaller but within the spread of the ratio of -3.8 +/-0.8 nmol.J-1 reported 

across models in Resplandy et al. (submitted). The components of the APO flux are 

also shown, indicating much larger outgassing of O2 than CO2, since thermal fluxes 

and biodynamical fluxes are reinforced in O2, but largely cancel out for CO2. The 

thermal component of O2 accounts for about 50% of total O2 outgassing. 

In the unforced setting (Figure 4.3b and d), however, the strength of the 

relation between air-sea heat and APO exchange due to natural variability is reduced 

substantially (r2=0.22). We note, for instance, periods of large APO variability that are 

not associated with major changes in heat flux (e.g., control simulation years 12-16 

and 28-32 in Figure 4.3b). Note that the same axis scale is used in forced and unforced 

panels, which shows larger noise-to-anthropogenic signal in APO than for heat. This 

larger sensitivity of APO to internal variability processes is likely due to steeper 

vertical gradients in O2 and DIC than for temperature. Similarly to the forced coupling, 

the relation between APO and heat fluxes is dictated mainly by O2, though the thermal 

component of O2 (cyan line in Figure 4.3b) plays a much weaker role in the unforced 

variability of APO.  
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Figure 4.4. Air-sea flux anomalies of APO, O2, CO2 and heat due to anthropogenic forcing, 
shown as differences between the 2090-99 and 2000-09 decades in a) APO, b) heat, c) O2, and 
d) CO2 flux in the CESM LE mean. Panel e) shows globally integrated APO (black) and heat 
(orange) flux in the CESM LE mean, decomposed by dominant basins, including the north 
Atlantic (20ºN-70ºN), North Pacific (20ºN-70ºN), Tropical Pacific (20ºS-20ºN), and Southern 
Ocean (40ºS -90ºS). 
 

Figure 4.4 shows the spatial patterns and regional contribution to the global 

flux of APO and heat due to anthropogenic warming, illustrated by decadal differences 

in anomalies in APO, O2, CO2 and heat fluxes between the beginning and the end of 

the 21st century in the CESM LE mean. Greenhouse gas radiative forcing drives heat 

uptake and APO outgassing primarily at higher latitude basins, with prominent roles 

for the Southern Ocean, north Atlantic, and to a smaller extent the north Pacific 

(Figure 4.4e). The spatial patterns of APO outgassing are dominated by O2 outgassing 

(Figure 4.4c), which is in turn driven by reduced O2 ventilation due to enhanced 

stratification during winter months and thermal outgassing due to warming effects on 
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gas solubility. CO2 is also outgassed globally though at a smaller rate and with less 

pronounced spatial anomalies (Figure 4.4d). Thus, a major reason for the tight 

negative relation between heat and APO fluxes due to long-term warming is the 

dominance of high latitudes processes on the global flux (Figure 4.4e), where O2 

ventilation and thermal effects reinforce each other.  

 

Figure 4.5. Air-sea flux anomalies of APO, O2, CO2 and heat due to volcanic forcing, shown 
as anomalies in the CESM LE mean in a) APO, b) Heat, e) O2, and f) CO2 flux following the 
Pinatubo eruption of June 1991. Panel e) shows globally integrated APO (black), O2 (blue), 
thermal O2 (cyan), and CO2 (red) flux, global mean heat (orange) flux anomalies in the CESM 
LE mean and Aerosol Optical depth (AOD, grey shading). Spatial anomalies are calculated as 
the average difference between the 2-year period following Pinatubo and the 5-yr period prior 
to eruption. 

 

Figure 4.5 highlights anomalies in APO and heat fluxes during the Pinatubo 

period (1991-1997) in the LE mean, noting similar responses and spatial patterns 

emerge in other tropical eruptions (see Figure 3.5). Following eruption, the oceanic 
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loss of heat primarily due to reduced shortwave fluxes via aerosol scattering leads to 

uptake of APO globally (Figure 4.5e). This uptake is driven by increased O2 solubility 

due to thermal effects, intensified O2 ventilation at high latitudes due to enhanced 

convection, and reduced natural outgassing of CO2 in the tropical Pacific due to an El 

Niño-like ocean response. The reinforcing effects of net global O2 and CO2 uptake 

(Figure 4.5e) despite their negative correlation in space (Figure 4.5c-d) lead to strong 

negative coupling globally between heat and APO under volcanic forcing. 

Figure 4.6. Coupling between air-sea APO and heat exchange due to natural variability in the 
CESM control simulation. Scatter of APO and heat flux anomalies in basins of high variability 
are shown for a) the north Pacific, b) the equatorial Pacific, e) the north Atlantic, and f) the 
Southern Ocean. APO-to-heat flux ratio (slope of linear regression) and correlation 
coefficients are also shown in c) and d) respectively. All series have been smoothed with a 
1.5-20 year band-pass filter to highlight interannual-to-decadal variability.  
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 We have already noted that the global relationship between APO and heat due 

to natural variability is weak on interannual-to-decadal time scales, as shown in Figure 

4.3c-d. This coupling is resolved spatially in Figure 4.6 for time-scales between 1.5 

and 20 years. The results show that the weak global relationship arises because of 

distinct, but still strong APO-heat coupling in different regions. Whereas a strongly 

negative relationship emerges at higher latitude basins (e.g., the North Pacific and 

North Atlantic), the coupling between heat and APO is strongly positive along the 

equatorial Pacific (Figure 4.6c-d). The Southern Ocean also shows a negative 

relationship with a high APO-to-heat exchange ratio, albeit with a weaker correlation 

than found at northern high latitudes (Figure 4.6c-d).  

 

Figure 4.7. Same as Figure 4.6c-d but for decadal timescales (band pass filtered at 7-20 years) 
in a-b) CESM and c-d) GFDL control simulations.  
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On decadal timescales, we find a spatially variable response that is similar to 

the patterns found on interannual timescales (Figure 4.7a-b and Figure 4.6c-d, 

respectively). These distinct relationships in space are also found in the GFDL control 

simulation (Figure 4.7c-d), suggesting robust and distinct mechanisms driving heat 

and APO exchange in these different regions. Clearly, the complex relation between 

heat and APO that emerges under natural variability complicates the use of APO as a 

tracer for global OHC change on interannual to decadal timescales.   

Still, these distinct relationships may provide useful constraints on the location 

of ocean heat uptake proposed by different studies. The slowdown in APOClimate 

increase, for instance, is inconsistent with a dominant role for enhanced ocean heat 

uptake at higher latitudes, as suggested by Drijfhout et al. (2014). Such a scenario, 

whereby enhanced ocean heat uptake occurs primarily over the North Atlantic (Chen 

and Tung, 2014), would induce an acceleration in the upward trend of APOClimate of 

about 0.56 permeg.yr-1 for the CORE2 forced estimate of 0.6 W.m-2 over the 2001-

2009 period, based on the APO-heat flux ratio averaged over this region (~ -3.97 

nmol.J-1). The observed slowdown in APOClimate increase during the hiatus, however, 

does not preclude a dominant role for enhanced heat uptake over the tropical Pacific 

(Meehl et al., 2011; 2013; England et al., 2014, Liu et al., 2016), as heat and APO 

fluxes are modulated in the same direction in this region. Using the positive APO-to-

heat flux ratio averaged over this region (+2.40 nmol.J-1) from the CESM control 

simulation for the CORE2 decadal ocean heat uptake change, assuming 100% uptake 
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in the equatorial Pacific (5ºN-5ºS), yields a change in APOClimate of about -0.43 

permeg.yr-1, a value that is close to the observed slowdown of -0.49 permeg.yr-1.  

Providing a clear constraint on net ocean heat uptake using APOClimate on interannual-

to-decadal timescales, however, remain challenged by the simultaneous contributions 

of different basins to global heat and APO exchange. We thus evaluate the APO 

response to changes in ocean heat uptake rates reported by Drijfhout et al. (2014) in 

the CORE2 forcing product using a hindcast CORE2-forced simulation of the ocean 

component (POP2) of CESM. 
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Figure 4.8. Anomalies from a hindcast CESM simulation of a) globally integrated fluxes of 
heat (orange; top panel), b) APO flux (black) and heat-derived APO flux (orange) calculated 
using -3.14 nmol.J-1 (global APO-to-heat ratio from the control simulation of CESM), c) 
residual flux (black) calculated as difference between simulated APO flux and the expected 
APO flux, alongside the O2 flux integrated over the equatorial Pacific (5ºN-5ºS) and the 
Southern Ocean (south of 40ºS). Differences in b) heat and c) O2 flux and zonally integrated 
d) ocean heat content and e) [O2] between the hiatus decade (2001-2009) and pre-hiatus 
decade (1992-2000) are also shown. Anomalies are seasonally detrended and smoothed with a 
12-month running mean, with Jan-Dec 1990 as a reference period. No linear detrending has 
been applied. 
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c) Hindcast Ocean Simulation of the Hiatus  

Figure 4.8a show the heat and APO fluxes simulated in the CORE2-forced  

hindcast simulation of the ocean component of CESM. In this model run, the ocean is 

forced by atmospheric conditions that are constrained by observations (see methods 

section 2.2 in chapter 2), and thus simulate the coupling between heat and APO 

exchange due to anthropogenic forcing as well as natural variability. Throughout the 

CORE2-forced (“hindcast”) simulation, APO and heat exchanges are negatively 

related (r=-0.73) due to a combination of volcanic forcing, anthropogenic forcing, and 

natural variability. We show an “expected” APO, calculated based on the global 

negative APO-to-heat relation (-3.14 nmol.J-1) found in CESM, and find that the 

simulated APO flux deviates during the hiatus from a tightly negative relation with 

heat as expected from anthropogenic and volcanic forcing. The residual or deviation 

from this negative coupling arise mainly from O2 fluxes over the equatorial Pacific 

and Southern Ocean (blue line; Figure 4.8c), which show large uptake of O2 in these 

regions over the hiatus period.  

Figure 4.8b-c shows that simultaneous uptake of O2 and heat indeed occurs 

during this period, leading to an increase in the ocean heat content and [O2] below the 

mixed layer in these regions during the hiatus (Figure 4.8d-e). Over the tropical 

Pacific, heat and [O2] are simultaneously sequestered into the tropical Pacific 

thermocline and are accompanied by significant cooling and reduced [O2] in the upper 

100 m, suggesting enhanced ventilation during this period, whereby intensified 

upwelling brings up cold waters that are also depleted in [O2], driving vigorous uptake 
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of heat and APO. We also note large changes in the ocean heat content and [O2] over 

the Southern Ocean, although these anomalies are not spatially coherent. The hindcast 

simulation, therefore, suggests that enhanced heat uptake over the tropical Pacific is 

not inconsistent with the observed slowdown in the APOClimate increase during the 

hiatus. The deviation of the APO flux from a tight negative relationship with heat 

during the hiatus is also relevant to studies of ocean deoxygenation (Keeling et al., 

2010), which suggest that as ocean warming drives a loss of [O2]. This anomalous 

increase in oceanic O2 uptake during the hiatus in the CESM hindcast simulation in 

the equatorial Pacific is in agreement with a recent study that suggests a pause in 

ocean deoxygenation in recent decades due to intensified ventilation of the Pacific 

thermocline by easterly-induced acceleration of the shallow overturning circulation 

(Duteil et al., 2014). 

Figure 4.9. Power spectrum of seasonally detrended anomalies in a) APO (black), O2 
(blue), O2therm (cyan), and CO2 (red) flux, and b) heat flux (orange) and Nino3.4 index 
(grey) in the CESM control simulation. 
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d) Mechanisms of Positive Coupling Between Heat and APO 

The counterintuitive positive coupling between heat and APO on interannual-

to-decadal time scales (Figure 4.6 and 4.7) in the equatorial Pacific is intriguing. 

Warming of the upper ocean is expected to reduce gas solubility and increase 

stratification, leading to O2 outgassing. The unique relationship shown in the 

equatorial Pacific indicates different processes dominate in this region. We thus 

evaluate driving mechanisms of this coupling on interannual to decadal timescales 

over the equatorial Pacific. Global and equatorial APO variability is largely driven by 

O2 flux on these timescales, while CO2 becomes relevant on longer timescales (>15 

years Figure 4.9). We thus focus our mechanistic analysis on O2. 

Figure 4.10a-d shows anomalies in SST, heat, O2, and CO2 flux, mixed layer 

depth, and zonal wind during an El Niño event followed by La Niña in a control 

unforced coupled simulation of the CESM LE. During the El Niño event, surface 

warming is accompanied by anomalous ocean heat loss, O2 loss, and small CO2 uptake. 

This El Niño event is followed by a La Niña event, which shows cool SST, anomalous 

heat uptake, O2 ingassing, and weak CO2 outgassing. Eddebbar et al. (2017) find that 

the change in O2 flux is driven primarily by a reduction in transport of low [O2] waters 

to the surface due to deepening of the thermocline and weakening of upwelling during 

El Niño. This effect dominates the APO response to ENSO, as also shown in Figure 

4.10e-f, and leads to lagged (~3 months APO lead) positive coupling between heat and 

APO anomalies on interannual timescales.   
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Figure 4.10. Response of air-sea heat, O2 and CO2 exchange due to ENSO in the equatorial 
Pacific (2ºN-2ºS). a) Hovmollar of SST, heat flux, FO2 superimposed by mixed layer depths in 
contours, and FCO2 and surface wind stress (dyne/cm2); e) and f) show lagged correlation and 
regression of equatorial Pacific FAPO (including FO2 and FCO2 components), and heat flux vs. 
Niño3.4 index from an unforced control simulation of CESM.  

 

On decadal timescales, the IPO operates essentially in a similar fashion, with 

intensified upwelling leading to uptake of heat and O2, while a positive phase is 

associated with heat and O2 loss. Figure 4.11 shows that the IPO modulates [O2] and 
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heat in the same direction in the upper eastern tropical Pacific Ocean. During a 

positive phase of the IPO, the deepening of the thermocline in the eastern Pacific leads 

to upwelling of warmer waters with higher [O2] content, weakening the climatological 

intense uptake of O2 and heat along the equatorial cold tongue. Inversely, a negative 

phase of the IPO leads to an intensification of O2 and heat uptake along the equatorial 

Pacific. This positive coupling between equatorial Pacific heat and O2 exchange, along 

with the suggested dominance of the tropical Pacific in driving global flux variability 

from atmospheric inversions (Rödenbeck et al., 2008) and ocean models (Eddebbar et 

al., 2017), might help explain the hindcast simulation behavior of APO and observed 

slowdown in APOClimate during the hiatus, when a negative phase of ENSO and IPO 

dominate. 

 

 

Figure 4.11. Regression of the IPO index vs. anomalies in a) temperature and b) [O2] over the 
equatorial Pacific in a 200 year control simulation of CESM. Contours indicate climatological 
means while color shading show regression coefficients.   
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Conclusions 

In this study, we evaluate decadal trends in atmospheric O2 and CO2, using 

APO as a potential tracer of decadal changes in ocean heat uptake rates. An anomalous 

decadal downward shift in the long-term APOClimate outgassing trend initially seems to 

suggest that ocean heat uptake has weakened during the hiatus. However, upon closer 

examination of the relationship between heat and APO exchange on interannual-to-

decadal timescales, we find a distinct coupling that emerges due to natural variability. 

This coupling is characterized by a positive relationship between heat and APO fluxes 

in the equatorial Pacific and negative relation at higher latitudes; the APO fluxes on 

these timescales are dominated by O2 and the distinct regional relationships lead to a 

weakening of the global relation between heat and APO.  

This regional complexity complicates the interpretation of decadal trends in 

APOClimate but still provides important constraints on the location of ocean heat uptake. 

The slowdown in the upward increase in APOClimate, for instance, is inconsistent with a 

dominant role of enhanced heat uptake over the North Atlantic as suggested by Chen 

and Tung (2014), since this region displays strong negative heat-APO coupling and 

would thus be associated with intensified APO outgassing. On the other hand, the 

APOClimate trends do not preclude enhanced ocean heat uptake over the tropical Pacific 

(Meehl et al. 2011; 2013; England et al., 2014) where natural variability modulates 

oceanic O2 and heat fluxes and budgets in the same direction. Additionally, due to 

regionally distinct APO-heat ratios and their potential cancellation effects in the global 

mean, large anomalies of APO flux may occur in the absence of major anomalies in 
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heat flux, and thus APOClimate trends do not rule out a scenario in which no change in 

the rate of ocean heat uptake have taken place during the hiatus. 

Still, these emerging relationships between heat and APO and the observed 

APOClimate trends suggest that the tropical Pacific may have become more ventilated 

during the hiatus. This is in general agreement with the findings of Duteil et al. (2014) 

which suggest that the intensification of the easterlies in recent years may have lead to 

increased ventilation of the tropical thermocline and a pause in deoxygenation in this 

region. Mechanisms driving changes in interior [O2] in the tropical Pacific, however, 

remain ambiguous in the absence of well-resolved observations and in the presence of 

large model biases. The APOClimate trends and the counterintuitive relationship 

described herein motivate the need for improved observations and a closer look at the 

coupling between climate variability and [O2] in this region. 
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